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Abstract 
 

Subduction zone processes are fundamental for Earth’s evolution, with (i) slab pull being the 

main force triggering plates’ movement according to the plate tectonics theory; (ii) the sinking of 

slab material down into the deep mantle being one of the main sites where mantle heterogeneities 

are induced; and (iii) the arc growth process being one of the key sites of Earth’s crust 

generation. Several aspects of subduction zone evolution including its initiation and magmatic 

arc growth are addressed in this thesis by means of numerical modelling. 

 Despite the importance of subduction for the geodynamics its initiation was not entirely 

understood.  Particularly the conversion of a passive continental margin into a subduction zone is 

a widely accepted evolution scenario, which however has not been proven by numerical or 

analytical methods. The possibility of such transformation was studied numerically in this thesis 

as a function of several key parameters: age of the oceanic plate, thickness of the continental 

lithosphere and crust, and density contrast between subcontinental and suboceanic lithospheric 

mantles.  Numerical results showed that stability of passive margin is controlled mainly by the 

strength of the continental part of the lithosphere and its depletion compared to the adjacent 

oceanic lithospheric mantle. Transition from passive into active continental margin goes through 

the overthrusting of the continental crust over the oceanic lithosphere and is achieved if the 

oceanic lithosphere is negatively buoyant (older than 20-50 Ma), and continental lithospheric 

mantle is rather depleted (density difference >25-50 kg/m3) and weakened (Moho temperature 

>660ºC). Such conditions can be attributed to the passive margin exposed to rifting and/or 

thermal-chemical plume activity. 

 The developed numerical model was then extended to investigate the possibility of 

subduction initiation along the Atlantic passive margins by using the topography and lithospheric 

and crustal structures of North and South American plates. Atlantic margins of North and South 

America are ideal objects for analysing the probability of subduction initiation because they are 

characterised by great variations in continental lithospheric thickness (from 75 to 150 km) and 

hence Moho temperature, in addition to the presence of both the old oceanic lithosphere and the 

topography, all of which induce forces favouring subduction. According to the numerical results 



proper subduction will likely start during the next 10-20 million years along the southern part of 

the Brazilian margin, while other Atlantic margins of North and South America are stable under 

the present geodynamic conditions. 

 The dynamics of crustal growth in the subduction zone was studied for the first time 

numerically for intraoceanic settings. It was demonstrated how different physical factors affect 

the arc magmatism, such as convergence velocity of the plates and age of the subducted plate, 

which both control water supply and temperature regime, melting efficiency and fluid velocity. 

Our numerical experiments suggest that the rate of arc crust formation depends on subduction 

velocity, age of subducted plate and intensity of melt extraction. The composition of newly 

formed crust is controlled mainly by subduction velocity, which determines the appearance of 

different source components in arc basalts. 

 Subduction zone magmatism typically displays geochemical signatures attributed to (i) 

partial melting of variously depleted mantle wedge, (ii) fluid and/or melt fluxes from the 

downgoing slab, and (iii) subduction sediment contribution. Although the main sources of 

volcanic outputs are thus established, considerable uncertainties remain in the nature and timing 

of material transport to the surface. U-series disequilibria data provide important temporal 

constraints on the production and ascent of magmas in arc settings, including timing of addition 

of different components. Our 2D numerical crustal growth model was therefore upgraded further 

to account for U-Pa system evolution, including ageing of isotopes and elements partitioning 

between solid and liquid phases. Numerical experiments showed that the uranium-protactinium 

disequilibrium is a result of two contrasting processes: addition of fluid enriched in uranium and 

partial melting leading to protactinium-excess in the erupted magmas. However the magnitude of 

produced Pa-U disequilibrium is much lower than expected for the real subduction zones system 

that points toward further development of 2D and 3D geochemical-thermomechanical models of 

subduction pioneered in this thesis. 

 

 



Kurzfassung 

 
Subductionsprozesse sind von grundlegender Bedeutung für die Evolution der Erde, 

wobei (i) der Plattenzug die Hauptantriebskraft für die Plattenbewegung ist, (ii) das 

Absinken von Plattenmaterial Mantelheterogenitäten induziert und (iii) die Bildung von 

Vulkanbögen von grundlegender Bedeutung für das Wachstum der kontinentalen Kruste 

ist. Die Initiation des Subduktionsprozesses und die Bildung von magmatischen Bögen, 

sowie einige weitere Aspekte der Entwicklung von Subduktionszonen werden in dieser 

Arbeit mittels numerischer Modellierung untersucht. 

Trotz der großen Bedeutung von Subduktionsprozessen für die Geodynamik ist 

deren Initiierung nicht abschließend verstanden. Der Übergang von einem passiven 

Kontinentalrand in eine Subduktionszone ist ein akzeptiertes Evolutionsszenarios, konnte 

aber bis heute weder durch numerische, noch durch analytische Methoden nachgewiesen 

werden. In dieser Arbeit wurde die Möglichkeit einer solchen Transformation in 

Abhängigkeit von einigen wichtigen Parametern untersucht: Alter der ozeanischen Platte, 

Mächtigkeit der kontinentalen Lithosphäre und Kruste, Dichtekontrast zwischen 

subkontinentalen und subozeanischen lithosphärischen Mantel. Die numerischen 

Ergebnisse zeigen, dass die Stabilität der passiven Kontinentalränder im Wesentlichen 

abhängig ist von der Festigkeit der kontinentalen Lithosphäre und deren Verarmung in 

Relation zur benachbarten ozeanischen Lithosphäre. Die Überschiebung der 

kontinentalen Kruste über die ozeanischen Lithosphäre verursacht den Übergang von 

einem passiven- zu einem aktiven Kontinentalrand. Dies geschieht bei Abtrieb der 

ozeanische Lithosphäre (älter als 20-50 Ma), sowie einem relativ „geschwächten“ (Moho 

Temperatur> 660 ° C) und verarmten Mantel der kontinentalen Lithosphäre (Dichte 

Differenz> 25 -50 kg/m3). Solche Bedingungen beobachtet man bei passiven 

Kontinentalrändern, die entweder einer Riftung und/oder eines thermisch-chemischen 

Plumes ausgesetzt sind. 

Um die Möglichkeit einer Initialisierung der Subduktion entlang der passiven 

Atlantikküste zu testen, wurde das numerische Model erweitert. In Folge dessen, wurde 

die Topographie, sowie die Struktur der Lithosphäre und der Kruste der  nord- und 



südamerikanischen Platte implementiert. Die Kontinentalränder der nord- und 

südamerikanischen Platte eignen sich hervorragend für die Untersuchung, einer 

möglichen Initialisierung der Subduktion. Diese Kontinentalränder sind durch große 

Variationen in der Mächtigkeit der Lithosphäre (75 bis 150 km) und der damit 

verbundenen Moho-Temperaturschwankung, sowie einer kalten ozeanischen Lithosphäre 

und deren Topographie gekennzeichnet. Diese Faktoren begünstigen im Wesentlichen die 

Initialisierung einer Subduktionszone. Den numerischen Ergebnissen nach wird sich 

wahrscheinlich eine Subduktionszone während der nächsten 10-20 Millionen Jahren 

entlang des südlichen Teils des brasilianischen Kontinentalrandes ausbilden, während der 

Nord- und Südamerikanische Kontinentalrand unter den gegenwärtigen Bedingungen 

geodynamisch stabil bleibt. 

Zum ersten Mal wurde die Dynamik des Krustenwachstums entlang von intra-

ozeanischen Subduktionszonen numerisch untersucht. Es konnte gezeigt werden, dass die 

Konvergenzgeschwindigkeit der Platten und deren Alter, das Wasserangebot, das 

Temperaturfeld, die Schmelzfähigkeit und die Strömungsgeschwindigkeit der Fluide bei 

der Bildung des magmatischen Bogens wesentlich beteiligt sind. Unsere numerischen 

Experimente deuten darauf hin, dass die Rate mit der ein magmatischer Bogen gebildet 

wird, abhängig von der Subduktionsgeschwindigkeit, dem Alter der subduzierenden 

Platte und der Intensität der Schmelzextraktion ist. Die Zusammensetzung der neu 

gebildeten Kruste wird hauptsächlich durch die Subduktionsgeschwindigkeit bestimmt, 

die das Vorkommen der unterschiedlichen, basaltischen Komponenten prägt. 

             Magmatismus an Subduktionszonen zeigt typische geochemische Signaturen, die 

auf Folgendes zurückzuführen sind: (i) partielles Aufschmelzen des unterschiedlich 

verarmten Mantelkeils (ii) Fluid und Schmelzfluss aus der abtauchenden Platte, und (iii) 

dem Beitrag der subduzierten Sedimente. Obwohl hiermit die wichtigsten Quellen der 

vulkanischen Erträge festgestellt wurden, bleiben erhebliche Unsicherheiten bezüglich 

der Art und des Zeitpunktes des Stofftransports an die Erdoberfläche. Ungleichgewichte 

in U-Serien liefern wichtige zeitliche Beschränkungen für die Produktion des Magmas 

und dessen Aufstieg in die magmatischen Bögen, inklusiv der unterschiedlichen 

Komponenten im Magma. Um die Entwicklung des U-Pa System, inklusive dem 

Isotopenzerfall und der Partitionierung von Elementen in Fest- und Flüssigphasen zu 



berücksichtigen, haben wir unser numerisches 2D Modell des Krustenwachstums 

erweitert. Die numerischen Experimente zeigten, dass das Uran-Protactinium 

Ungleichgewicht durch zwei gegensätzliche Prozesse verursacht wird: Einerseits durch 

die Anreicherung von uranhaltiger Flüssigkeit und andererseits ein Protactinium-

Überschuss im magatischen Bogen verursacht durch partielles Aufschmelzen. Jedoch ist 

das Ausmaß des produzierten Pa-U Ungleichgewichtes wesentlich geringer, als an realen 

Subduktionszonen zu erwarten wäre. Somit ist diese Arbeit eine hervorragende 

Grundlage für weitere Entwicklungen von 2D und 3D Modellen von Subduktionszonen. 
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Chapter 1 

Introduction 
 

1.1 Subduction zones 

 
The key role of subduction zones for Earth’s tectonic regime and element exchange 

between crust and depleted lithosphere and deep mantle is well known (Stern, 2004; Hofmann, 

1997; Woodhead et al., 1993). When and how does subduction start is a question which truly 

deserves the impressive and growing literature dedicated to it (e.g. Sizova et al., 2009; Stern, 

2004; Mueller and Phillips, 1991; Erickson, 1993; Pascal and Cloetingh, 2009).  

It is widely accepted that gravitational instability of an old (>20-50 Ma) oceanic plate 

leads to its sinking beneath the underlying asthenosphere. Many other factors affect this process 

and can preclude the subduction initiation though, as it is inferred particularly from survival of 

some oceanic lithospheres for more than 100-150 Ma (e.g. along most of Atlantic passive 

margins). Among these preventing factors the most important is the lithosphere strength 

(Cloetingh et al., 1989; Gurnis et al., 2004). The lithosphere may be weakened by fracture zones 

and/or existing transform faults (Uyeda and Ben-Avraham, 1972; Casey and Dewey, 1984; 

Muller and Phillips, 1991; Toth and Gurnis, 1998; Hall et al., 2003), addition of water 

(Regenauer-Lieb et al., 2001; Van der Lee et al., 2008), topographic (e.g. sedimentary) loading 

(Dewey, 1969; Fyfe and Leonardos, 1977; Erickson, 1993; Pascal and Cloetingh, 2009), lateral 

buoyancy contrast (Niu et al., 2003; Mart et al., 2005), small-scale convection in the sub-

lithospheric mantle (Solomatov, 2004) or rising mantle plume (Ueda et al., 2008). Conversion of 

passive margins into subduction zones is of considerable interest to the geoscientific community 

since it is required for the closing phase of the Wilson cycle. The abundance of active continental 

margins seem to support this hypothesis, however as it was shown by Gurnis and others (2004), 

Erickson (1993), Kemp and Stevenson (1996), McKenzie (1977) some weakening mechanism to 

overcome lithospheric strength and achieve this conversion is still necessary.  



 

 

2

Once subduction starts and becomes self-sustaining the reconstruction of its early stage 

from the geological records becomes difficult if possible at all (Stern, 2004). Some insights can 

be given by investigation of young intraoceanic subduction systems typically characterized by 

the lack of deformations and the absence of thick sedimentary cover, a good example of such 

subduction zones is IBM system (Stern and Bloomer, 1992). Nevertheless, analog and numerical 

modeling remain the best tools to study dynamics of subduction nucleation (Mart et al., 2005; 

Goren et al., 2008; Ueda et al., 2008; Gurnis et al., 2004).  

Dynamics of on-going subduction is another key issue of crust and mantle evolution, 

since it is accompanied by intensive mass transfer which consists in recycling of oceanic 

lithosphere into the mantle from one hand and building up a new crust from both mantle source 

and a fraction of material escaped from the slab from another hand (Stracke, 2008; Arai and 

Ishimaru, 2008). Our understanding of these processes benefited a lot by geochemical studies of 

ophiolites, mantle xenoliths and especially of arc lavas (Turner at al., 1997; Encarnacion, 2004; 

Turner et al., 2006; Straub, 2003; Stern et al., 2006; Gordienko et al., 2007). 

Subduction zone magmatism typically displays geochemical signatures attributed to (i) 

partial melting of variously depleted mantle wedge, (ii) fluid and/or melt fluxes from the 

downgoing slab, and (iii) subduction sediment contribution (Tera et al., 1986; Elliott et al., 1997; 

Hawkesworth et al., 1993; Kelemen et al., 1998; Plank and Langmuir, 1993; Turner et al., 1997; 

Morris et al., 1990). Although the main sources of volcanic outputs are thus established, 

considerable uncertainties remain in the nature and timing of material transport to the surface 

(Hawkersworth et al., 1993; Elliott et al., 1997; Turner et al., 2001). These issues will be 

discussed in details in the subsection 1.2. 

Numerical modeling was used to study different aspects of subduction zones evolution, 

such as small-scale convection within the mantle wedge (Honga and Saito, 2003), water 

migration (Arcay et al., 2005; Rupke et al., 2004; Jwamori, 1998), slab melting (Peacock et al., 

1994; Gerya and Yuen, 2003; Gerya et al., 2004), mantle wedge melting and related seismic 

features (Gerya et al., 2006; Gorczyk et al., 2006) and sub-arc magmatic productivity (Gorczyk 

et al., 2007a,b). Only few numerical models include evolution of geochemical signatures arising 

from slab dehydration and melting, interaction between mantle wedge and material flux coming 
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from slab and mantle melting (Ayers, 1998; Thomas et al., 2002; Bourdon et al., 2003; Kincaid 

and Hall, 2003; Kimura et al., 2009). Moreover those studies are either 1D (Ayers, 1998; 

Thomas et al., 2002) or have oversimplified models of geodynamic processes (Kincaid and Hall, 

2003), e.g. considering only P-T paths of the slab rocks to constrain the composition of arc lavas 

(Kimura et al., 2009). 

 

1.2 Insights into natural processes of convergent margins from U-series 

isotopes 
 

The uranium and thorium decay series (hereafter “U-series”) include the nuclides of ten 

elements, all of which can be found at trace levels in rocks and minerals. Owing to the differing 

half-lives and differential fluid and melt mobility of the various U-series nuclides they become a 

powerful tool in obtaining information on time scales and nature of physical processes related to 

convergent margin magmatism. The following pairs of isotopes are of particular importance 

since they can be used to decipher rates and mechanisms of fluid and sediments addition, partial 

melting of mantle wedge and melts extraction (Turner et al., 2003):  230Th – 238U, 231Pa – 235U 

and 226Ra – 230Th.  

 

1.2.1 Fluid addition 

The relative order of decreasing fluid compatibility according to empirical observations (Gill et 

al., 1992; Gill and Williams, 1990; Hawkesworth et al., 1997a, b; Condomines and Sigmarsson, 

1993) and experimental constraints (Tatsumi et al., 1986; Brenan et al., 1994, 1995; Keppler 

1996; Ayers et al., 1998; Johnson and Plank, 1999; Lundstrom et al., 1994) is Ra (inferred from 

Ba studies) > U > Th > Pa (inferred from Nb studies). However the relative fractionation of 

elements depends on the thermal structure of the subducting plate and its chemical composition. 

For example the presence of residual rutile will significantly decrease the U/Th disequilibrium 

(Turner et al., 2003). Additional complexities arise from fluid-mantle wedge interactions which 

serve to increase fractionation of all three pairs of isotopes we are focused on (Navon and 

Stolper, 1987; Stolper and Newman, 1994; Hawkesworth et al., 1993). The magnitude of such 
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effects is unknown and is lessened in case of fast fluid transport or other factors preventing 

significant equilibration between fluid and mantle peridotite. Several studies were focused on 

obtaining information about timing of fluid release (Sigmarsson et al., 1990; Elliot et al., 1997). 

The U-Th time scales, as well as timing inferred from 226Ra systematics, imply that fluid addition 

occurs prior to partial melting, and the estimates for different arcs indicate that the time since 

fluid addition varies from 10 to 200 ka prior to magma eruption (Turner et al., 2003). 

 

1.2.2 Sediment addition 

There is strong empirical evidence that most of Th content in arc lavas comes from sediment 

influx, while U is added by both sediments and fluids coming from subducted plate (Plank and 

Langmuir, 1993). Thus, as long as the subducting sediments can be assumed to be in secular 

equilibrium the 230Th/232Th ratio in sediment-wedge mixture can be estimated from 238U/232Th 

ratio of subducted sediments. This provides a mean of determining the rate of transfer of the 

sediment component (Elliott et al., 1997; Reagan et al., 1994; Turner and Hawkesworth, 1997). 

There is permissive evidence that the sediment component is added to the mantle wedge before 

the fluid addition and melting (Turner et al., 2003). Although the mechanism of sediments 

transfer remains a subject of debates (Turner et al., 2003), geochemical evidences based on U/Th 

systematics suggest that sediment component is added as a partial melt (Nichols et al., 1994; 

Johnson and Plank, 1999; Elliott et al., 1997).   

  

1.2.3 Partial melting process 

Another line of observations concerns with the element fractionation due to partial melting of the 

mantle wedge. Most of arc lavas show deficit of 235U with respect to 231Pa and excess of 238U 

over 230Th (Lundstrom, 2003), reverse sense of fractionation is not absent though (Bourdon et al., 

1999). Since addition of U by fluids will produce excess of U over Pa the [231Pa]/[235U] ratio >1 

provides unequivocal evidence for U/Pa fractionation during the partial melting process (George 

et al., 2003; Kincaid and Sacks, 1997; Pickett and Murrell, 1997; Bourdon et al., 1999). This is a 

crucial point because the melting signature of arc magmas has been rather elusive in other 

geochemical tracers (Turner et al., 2003). 
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1.3 Thesis structure  
 

In this thesis the results of several numerical studies devoted to different aspects of subduction 

process from its initiation to the evolution of magmatic arc composition are presented. The 

numerical experiments were performed with I2VIS and I2ELVIS codes and the modeling results 

are preceded with a description of the employed numerical methods.  

 

Chapter 2 – Numerical methods 

In this chapter the numerical methods used in experiments are described. The models of 

subduction process are based on coupled thermo-mechanical and petrological approach. The 

fundamental thermo-mechanical equations and the computational strategy of combining Eulerian 

grid and Lagrangian advected markers are first presented followed by description of petrological, 

rheological, water migration and partial melting models. Two numerical codes were used in the 

numerical experiments I2VIS and I2ELVIS. The first one, I2VIS, accounts for visco-plastic 

rheology, while in I2ELVIS rheological model elasticity is included. Since other features of two 

codes are identical description of I2ELVIS consists only of combined visco-elasto-plastic 

rheological model. Finally, a geochemical model and a new melting model implemented by the 

author of this thesis are presented. 

 

Chapter 3 – Subduction initiation at passive margins: numerical modeling 

Chapter 3 is dedicated to one of the key questions of Earth science: how subduction zones are 

born. This study was focused on subduction initiation at passive margins since transition from 

passive to active continental margin is a widely accepted evolution scenario which however was 

not reproduced by any quantitative geodynamical model. Experimental results showed that 

transition from stable margin to the subduction zone occurs through overthrusting stage and is 

controlled mainly by continental lithospheric strength and depletion while the oceanic plate 

strength plays the minor role as soon as its negative buoyancy is achieved. Favorable conditions 

for subduction initiation correspond to passive margins where chemically buoyant (depleted) 
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continental lithosphere becomes thin and hot (Moho temperatures >660ºC) due to some 

superimposed external processes such as rifting and/or thermal-chemical plume activity. 

 

Chapter 4 – Numerical analysis of subduction initiation risk along the Atlantic American 

passive margins 

In chapter 4 findings previously discussed in chapter 3 are applied to the Atlantic American 

passive margins in order to evaluate the possibility of subduction initiation there. We used 

published data on topography and lithospheric and crustal structure of these passive margins to 

constrain several profiles across the margins from the mountains at the eastern edge of the 

continents to the Mid-Atlantic Ridge. The possible future evolution of these sections was then 

analyzed by means of numerical modelling. According to the experimental results proper 

subduction will likely start during the next 10-20 million years along the southern part of the 

Brazilian margin (where the continental lithospheric thickness is < 80km), while other Atlantic 

margins of North and South America (where the continental lithosphere is > 100km) are stable 

under the present geodynamic conditions.  

 

Chapter 5 – Numerical modelling of crustal growth in intraoceanic volcanic arcs 

Chapter 5 illustrates the dynamics of crustal growth in the subduction zone. For these 

experiments intraoceanic subduction zone model was used to avoid additional complexities 

related to the presence of the thick continental crust and depleted continental lithospheric mantle. 

Our numerical experiments show that the rate of plate retreat (which corresponds to the 

subduction rate in this type of experiments) influences both the rate of crust formation (which is 

higher with high subduction rate) and composition of newly formed crust. Four major magmatic 

sources can contribute to the formation of the crust: (1) hydrated partially molten peridotite of 

the mantle wedge, (2) melted subducted sediments, (3) melted subducted basalts, and (4) melted 

subducted gabbro. Crust produced from the first source is always predominant in the 

experiments, while significant amount of crust produced from other three sources appear only if 

subduction velocity is low (<1 cm/a) or at the beginning of subduction due to melting of the slab 
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nose. The amount of magmatic products depends on both the intensity of melt extraction and the 

age of the subducted oceanic plate. 

 

Chapter 6 – Numerical modelling of geochemical tracers in subduction zones 

Chapter 6 is focused on the geochemical features of subduction zones magmatism particularly on 

the evolution of 235U-231Pa system. The general results of numerical experiments are not 

inconsistent with the real arcs data, although the model does not reproduce the typical Pa-excess 

of arc basalts.  

 

Chapter 7 – Conclusions and outlook 

In this chapter final conclusions are presented as well as open issues for further research. It 

contains a brief review of the work presented in chapters 3-6 and highlights some on-going and 

possible future research related to the topic. 
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Chapter 2 

Numerical methods 

 
Most of numerical models are based on I2ELVIS code (Gerya and Yuen, 2007) with exception 

of models of intraoceanic subduction dedicated to magmatic arc growth which run with I2VIS 

code (Gerya and Yuen, 2003a). Both I2ELVIS and I2VIS are 2D finite difference codes using 

marker-in-cell technique. The codes are different in a rheological model employed: I2VIS 

accounts for visco-plastic rheology while in I2ELVIS rheological model elasticity is additionally 

included. All abbreviations used in this chapter are listed in Table 2.1. 

The initial model geometry and setup vary for different geodynamical process of 

investigation and will be described in the following chapters for each study performed.  

 

2.1 I2VIS 

 
2.1.1 Fundamental equations 

I2VIS is a coupled petrological-thermomechanical code that solves numerically the 

equations of conservation of mass, momentum and energy (Gerya and Yuen, 2003a). 

 Conservation of mass 

 The equation establishes the balance of mass within an elementary volume during the 

displacement of continuous medium. The Eulerian continuity equation (i.e. for fixed elementary 

volume) has the form: 

( ) 0div
t
ρ ρυ∂

+ =
∂

,                                                      (2.1) 

where ρ is local density and υ  is local velocity. In the model the material is assumed to be 

incompressible (i.e. density of material points does not change with time) – the condition known 

as Boussinesq’s approximation. And, thus, in 2D continuity equation has the form: 

( ) 0x zdiv
x z

υ υυ ∂ ∂
= + =

∂ ∂
,                                                (2.2) 
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where vx and vz are, respectively, the horizontal and vertical velocity component, x and z denote 

horizontal and vertical Cartesian coordinates. 

 Conservation of momentum 

 The relationship between internal and external forces acting on the material and 

deformation of material is governed by:  

ij i i
i j

j j

g v
x t x
σ υ υρ ρ

⎛ ⎞∂ ∂ ∂
+ = +⎜ ⎟⎜ ⎟∂ ∂ ∂⎝ ⎠

,                                           (2.3) 

or in Navier-Stokes formulation: 

ij i i
i j

j i j

P g v
x x t x
σ υ υρ ρ

⎛ ⎞′∂ ∂ ∂ ∂
− + = +⎜ ⎟⎜ ⎟∂ ∂ ∂ ∂⎝ ⎠

                                    (2.4) 

where xi and xj are coordinates, ijσ  is stress tensor, ijσ ′  is deviatoric stress tensor, gi is gravity 

acceleration component, P is pressure, vi and vj are velocity vector components. Taking into 

account the fact that rock behaves as a highly viscous fluid in geological time scales and thus the 

right-hand side is negligible compared to the term ρgi in the left-hand side (Ranalli, 1995), the 

deformation can be accurately described by the Stokes equation of slow flow: 

0ij
i

j i

P g
x x
σ

ρ
′∂ ∂

− + =
∂ ∂

                                                      (2.5) 

which in 2D reads: 

0xx xz P
x z x

σ σ′ ′∂ ∂ ∂
+ − =

∂ ∂ ∂
                                                    (2.6) 

zz xz
z

P g
z x z

σ σ ρ
′ ′∂ ∂ ∂

+ − = −
∂ ∂ ∂

                                                (2.7) 

The density ρ is explicitly calculated as a function of pressure, temperature, composition and 

degree of melting. 

Conservation of energy 

The temperature changes in a continuum are due to either internal heat generation or 

advective and conductive heat transport. The balance of heat is described by the heat 

conservation equation, which in 2D Eulerian frame is: 
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( ) ,x z
P r a s l

q qTC grad T H H H H
t x z

ρ υ ∂ ∂∂⎛ ⎞+ ⋅ = − − + + + +⎜ ⎟∂ ∂ ∂⎝ ⎠
           (2.8) 

( , , ) ,x
Tq k T P C
x

∂
= −

∂
                                                       (2.9) 

( , , ) ,z
Tq k T P C
z

∂
= −

∂
                                                    (2.10) 

,a x z
P PH T
x z

α υ υ∂ ∂⎛ ⎞= +⎜ ⎟∂ ∂⎝ ⎠
                                                (2.11) 

2s xx xx zz zz xz xzH σ ε σ ε σ ε′ ′= + + ,                                              (2.12) 

where xq  and zq  are heat flux components; ( , , )k P T C  is thermal conductivity which depends on 

the pressure-temperature conditions and composition (Hofmeister, 1999); Hr is radioactive heat 

production which has a fixed value dependent on the rock type (Turcotte and Schubert, 2002); 

Ha, Hs, Hl are, respectively, adiabatic, shear and latent heat production. The effect of latent 

heating related to the phase transformations in rocks (e.g. melting/crystallization) is included 

implicitly by increasing the effective heat capacity ( PeffC ) and the thermal expansion ( effα ) of 

the melting/crystallizing rocks, calculated as (Burg and Gerya, 2005): 

Peff   , l
P const

MC Cp H
T =

∂⎛ ⎞= + ⎜ ⎟∂⎝ ⎠
                                        (2.13) 

eff   , l

T const

H M
T P =

∂⎛ ⎞α = α + ρ ⎜ ⎟∂⎝ ⎠
                                        (2.14)  

where Cp is the heat capacity of the solid rock and Hl is the latent heat of melting of the rock, M 

is volumetric melt fraction.  

 

2.1.2 Marker-in-cell technique 

The code is based on a combination of marker-in-cell algorithm (e.g. Brackbill, 1980; Oran and 

Boris, 1987; Brackbill et al., 1988; Moresi et al., 2003) with a conservative finite difference (FD) 

scheme of first order accuracy. An Eulerian/Lagrangian primitive variable formulation is 

combined with a moving markers technique (Woidt, 1978; Christensen, 1982; Schmeling, 1987; 
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Weinberg and Schmelling, 1992). This technique is based on both the control volume method 

(e.g. Patankar, 1980; Albers, 2000) and accurate trajectories behind the concept of the method of 

characteristics (Malevsky and Yuen, 1992). Advection of markers is done using a fourth-order in 

space /time explicit Runge-Kutta interpolation scheme applied to the globally calculated velocity 

field on the Eulerian grid (Gerya and Yuen, 2003a). 

 The conservative finite-difference scheme is designed over a non-uniformly spaced fully 

staggered grid in the Eulerian form configuration (Fig. 2.1). Discretization of thermo-mechanical 

equations of the fully staggered grid is very natural, gives simple FD formulas (Gerya, 2010), 

prevents pressure oscillations and leads to a notably higher accuracy (up to four times, Fornberg, 

1995) than that on a non-staggered grid. The non-uniform grid is extremely useful in handling 

geodynamical situations with multiple-scale character, such as in a subducting slab and the 

wedge flow above it (Davies and Stevenson, 1992).  

 
Fig. 2.1. Schematic representation of non-uniform rectangular staggered 

Eulerian grid used for the numerical solution of Eq. 2.2, 2.5, 2.8. gx and gz 

are components of gravitational acceleration in the x-z coordinate frame. 

Different symbols correspond to the nodal points for different scalar 

properties, vectors and tensors. i, i+1/2, etc. and j, j+1/2, etc/ indexes 

represent the staggered grid and denote, respectively, the horizontal and 

vertical positions of four different types of nodal points. Many variables 

( , , , , , , , , , , , , , ,x z xx xz zz xx xz zz pP T k Cυ υ σ σ σ ε ε ε η ρ  etc.), up to around 

25 at grid point, are part of the voluminous output in this code (Gerya and 

Yuen, 2003). 

   

The material properties are initially distributed on Lagrangian points advected according 

to a computed velocity field. The material properties are then interpolated from displaced 

Lagrangian points to the Eulerian grid by using a weighted-distance averaging (fig. 2.2) to solve 

Eqs. 2.2., 2.5, 2.8. 
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(a) (b)  
Fig. 2.2 Schematic representation of geometrical relations used for the adopted first-order of accuracy interpolation 

schemes of a parameter B (a) from the markers to Eulerian nodes and (b) from Eulerian nodes back to markers. Each 

marker holds information concerning the temperature T, position coordinates, three components of the strain tensor, 

representing the deformation history and the chemical components C. 

 The adopted computation strategy is shown schematically in figure 2.3.  

 
Fig. 2.3. Scheme of adopted computational strategy used in the programming of the computer code I2VIS. Panel for 

step 6 shows for interpolating the calculated temperature changes from the Eulerian grid to the moving markers 

(Gerya and Yuen, 2003). 

 

2.1.3 Boundary conditions 

For all models presented in this thesis the velocity boundary conditions are free slip with 

except of the permeable lower boundary along which infinity-like external free slip and external 

constant temperature conditions are imposed (Burg and Gerya, 2005) implying free slip and 
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constant temperature conditions to be satisfied at 1000 km below the bottom of the model. Free 

slip conditions for all boundaries including the lower one are imposed for the models of Atlantic 

passive margins (chapter 4).  

Additionally, while the actual upper boundary of the model is free slip, the upper surface, 

i.e. topography, is modeled as an internal free surface by using a layer of low viscosity (1019 Pa 

s) and density (1 kg/m3 for “air”, z<10 km, and 1000 kg/m3 for “water”,  z>10km). The interface 

between this weak layer and the underlying crust can be deformed due to erosion and 

sedimentation processes according to the transport equation (Gerya and Yuen, 2003a): 

es es
z x s e

z z
t x

υ υ υ υ∂ ∂
= − − +

∂ ∂
                                             (2.15) 

where zes is the vertical position of the surface as a function of the horizontal distance x, vx and vz 

are the vertical and horizontal components of the material velocity vector at the surface; vs and ve 

are imposed sedimentation and erosion rates, which correspond to the relation: 

0 / 0.3 / 10
0.03 / 0 / 10

s e es

s e es

mm a mm a when z km
mm a mm a when z km

υ υ
υ υ

= = <⎧
⎨ = = >⎩

                        (2.16) 

Enhanced sedimentation rate (up to 1 mm/a) is used in the trench area to preclude excessive 

steepening of the continental/arc slope. 

 

2.1.4 Rheological model 

A viscoplastic rheology is obtained by combining viscous and plastic rheological relations.  

In case of incompressible viscous deformation law of friction is: 

2 2 2
1
2

xx eff xx xz eff xz zz eff zz

x x z z
xx xz zzx z x z

σ η ε σ η ε σ η ε
υ υ υ υε ε ε

′ ′ ′= = =

∂ ∂ ∂ ∂⎛ ⎞= = + =⎜ ⎟∂ ∂ ∂ ∂⎝ ⎠

                           (2.17) 

where effη  is the effective viscosity which is defined as a function of pressure-temperature 

conditions, composition, and stress: 

1

1 exp
2 ( )eff n

D II

E PV
A RT

η
σ −

+⎛ ⎞= ⎜ ⎟
⎝ ⎠

                                        (2.18) 
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where AD, E, V and n are experimentally determined flow law parameters (Ranalli, 1995), which 

stands for material constant, activation energy, activation volume and stress exponent, 

respectively; R is the gas constant; P is pressure; T is temperature; IIσ is the second invariant of 

the deviatoric stress tensor. The effective viscosity of partially molten rocks was calculated as 

(Pinkerton and Stevenson, 1992; Bittner and Schmeling, 1995): 
0.48

0
1exp 2.5 (1 )M M

M
η η

⎧ ⎫⎡ ⎤−⎪ ⎪⎛ ⎞= + −⎢ ⎥⎨ ⎬⎜ ⎟
⎝ ⎠⎢ ⎥⎪ ⎪⎣ ⎦⎩ ⎭

                                (2.19) 

where η0 is an empirical parameter dependent on rock composition, being 1013 Pa s for molten 

mafic rocks and 5×1014 Pa s for molten felsic rocks; M is a volumetric melt fraction. 

 The strength of solid rocks in the brittle/plastic field is implemented as a limiting 

maximum viscosity: 

max

0.5 yield

II

σ
η

ε
=                                                     (2.20) 

1 2( )(1 )yield lithN P Nσ λ= + −                                           (2.21) 

where σyield is the yield stress; Plith is the lithostatic pressure dependent on depth; N1 and N2 are 

empirical constants (Brace and Kohlstedt, 1980); λ is the pore fluid coefficient fluid

solid

P
P

⎛ ⎞
⎜ ⎟
⎝ ⎠

 that 

varies with depth according to (Gerya and Stökhert, 2002): 

0

10

(10 )
0 10

10
10

topo
topo

topo

z
when z km

when z km

λ
λ

λ λ

− Δ⎧
= ≤ Δ ≤⎪

⎨
⎪ = Δ >⎩

                              (2.22) 

where λ0 =0.4 correspond to the hydrostatic pore pressure at the surface, and λ10 corresponds to 

the pore fluid pressure at 10 km depth (λ10=0.9 for sediments and hydrated mantle and λ10=0.5 

for all other rocks).  The model allows for strain localization due to the thermal weakening 

effects of shear heating. 

 Knowing ηeff and ηmax viscoplastic rheology is assigned to the model by means of a 

Christmas tree-like criterion, where the rheological behavior depends on the minimum viscosity 

attained between the ductile and brittle fields (Ranalli, 1995). 
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 We apply the minimum and maximum values of viscosity that rocks may have, i.e. 

viscosities lower than 1017 Pa s or higher 1025 Pa s are set to be equal to these lower and upper 

limits, respectively. 

 

2.1.5 Petrological model 

The stable mineralogy and in-situ water content for each lithology was computed as a function of 

local pressure, temperature and composition by free energy minimization (Connolly and Petrini, 

2002; Connolly, 2005; Piazzoni et al., 2007; Hebert et al., 2009). Thermodynamic properties of 

fluids, melts and minerals for this calculation are taken from an internally consistent 

thermodynamic database (Perplex; Gerya et al., 2006). This was done by using of pre-computed 

look-up tables for each rock type where phase relations were resolved in P-T space on a grid 

with a resolution of 3K and 200 bars. Examples of such phase diagrams are discussed by Kerrick 

and Connolly (2001). The range of physical and chemical conditions considered here requires 

extrapolation of the silicate melt model (Ghiorso et al., 2002). Therefore to ensure consistency 

with employed experimentally constrained melting boundaries (Gerya and Yuen, 2003b), 

calculations were done for each lithology with and without the silicate melt model. Physical 

properties are computed from these results depending upon whether melt is predicted to be stable 

from the experimentally constrained phase relations. 

 

2.1.6 Water transport 

Initially water is present as free pore-fluid at shallow depth (0-50km) and as bounded in hydrous 

minerals. After the beginning of the oceanic plate bending and subsidence the connate water is 

released due to compaction: 

2 2( ) ( 0) (1 0.02 )H O z H O zX X z= − Δ ,                                                 (2.23) 

where XH2O(z0) = 2 wt %, is the connate water content at the surface, Δz is depth below the surface 

in km. The timing of water release by dehydration reactions is determined by the model 

physicochemical conditions and assumption of thermodynamic equilibrium. The water expelled 

from the slab migrates upward until it reaches mantle rocks, which can consume an additional 

amount of water by hydration/melting reactions. To account for incomplete hydration of the 
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mantle wedge (Davies, 1999), we assign 2 wt.% water as an upper limit for the mantle wedge 

hydration, while the true water saturation is predicted as ~ 8 wt.% (Connolly, 2005).  

To simulate water migration we use independently moving rock and fluid markers 

(Gorczyk et al., 2007). If water is found to be released in a particular location, a fluid marker 

with the respective water amount is generated. Velocity of fluid markers is computed from the 

kinematic transport condition: 

( ) ( ) ( ),x water x z water z z percolationυ υ υ υ υ= = − ,                                     (2.24) 

where vx and vz are local velocities of the mantle and vz(percolation) is the prescribed relative velocity 

of upward propagation of water through the mantle. Since the water propagation velocity may 

notably vary in low- and high-temperature domains of the mantle wedge where aqueous fluids 

and melts are respectively responsible for water transport in some cases we used different values 

of vz(percolation) in the domains of solid and partially molten rocks. 

 

2.1.7 Partial melting 

Due to incomplete hydration of the mantle wedge the mantle solidus is intermediate between the 

wet and dry peridotite solidi. Volumetric melt fraction M is assumed to be a linear function of 

temperature and pressure (Burg and Gerya, 2005): 

0

1

solidus

solidus
solidus liquidus

liquidus solidus

liquidus

M at T T
T TM at T T T

T T

M at T T

⎧ = ≤
⎪

−⎪ = ≤ ≤⎨ −⎪
⎪ = >⎩

                                    (2.25) 

where Tsolidus and Tliquidus are the wet solidus and dry liqudus temperature of the given lithology 

obtained experimentally (Table 2.2). 

 Consequently the effective density ρeff of partially molten rocks varies with the amount of 

melt fraction and P-T conditions according to the relations: 

( )eff solid solid moltenMρ ρ ρ ρ= − −                                           (2.26) 

[ ][ ], 0 0 01 ( ) 1 ( )P T T T P Pρ ρ α β= − − + −                                    (2.27) 
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where ρsolid and ρmolten are the densities of the solid and molten rock, respectively; ρ0 is the 

density at P0=0.1 MPa and T0=298 K; α and β are the thermal expansion and compressibility 

coefficients, respectively. 

 

2.2 I2ELVIS 
 

I2ElVIS is an extension of I2VIS, which contains the effects of visco-elasto-plastic rheology 

(Gerya nad Yuen, 2007). I2ELVIS is able to solve several computationally challenging problems 

in geodynamics, such as shear localization with large strains, crustal intrusion emplacement of 

magmas and bending of realistic visco-elasto-plastic plates. This code indeed was used to study 

subduction initiation where bending of the slab and stress transmission by elastic lithosphere 

play essential role. 

 

2.2.1 Rheological model 

Visco-elasto-plastic rheology is employed with deviatoric strain rate ijε  including the three 

respective components: 

( ) ( ) ( )ij ij viscous ij elastic ij plasticε ε ε ε= + +                                  (2.28) 

where 

( )
1

2ij viscous ijε σ
η

= ,                                                      (2.29) 

( )
1

2
ij

ij elastic

D
Dt
σ

ε
μ

= ,                                                   (2.30) 

( )

( )

0

2

ij plastic ij yield

ij
ij plastic II yield

II

for

for

ε σ σ
σ

ε χ σ σ
σ

= <⎧
⎪
⎨ = =⎪⎩

,                                 (2.31) 

1
21

2II ij ijσ σ σ⎛ ⎞= ⎜ ⎟
⎝ ⎠

                                                (2.32) 
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where η is effective viscosity for dislocation and diffusion creep; μ is the shear modulus; ijD
Dt
σ

 is 

the objective co-rotational time derivative of the deviatoric stress components σij; σyield is the 

plastic strength of a given rock determined with a Drucker-Prager yield criterion; σII is the 

second deviatoric stress invariant and χ is the plastic multiplier. 

 The deviatoric stress components of 2D Stokes equation are formulated from the visco-

elasto-plastic constitutive relationship by using an explicit first-order finite-difference scheme in 

time in order to represent objective derivatives of visco-elastic stresses (Moresi et al., 2003): 
0

ij ij ijD
Dt t
σ σ σ−

=
Δ

                                                      (2.33) 

0
( )2 (1 )ij p ij vep ijZ Zνσ η ε σ= + −                                      (2.34)  

where 

vp

tZ
t

μ
μ η
Δ

=
Δ +

 

and     
vp II yield

II
vp II yield

II

for

for

η η σ σ
ση η σ σ

ηχ σ

= <⎧
⎪
⎨ = =⎪ +⎩

 

ηvp is a viscosity-like local Lagrangian parameter computed iteratively at each time step for every 

marker point to satisfy the plastic yielding criterion and the interpolated from markers to the 

respective computational grid nodes (Gerya and Yuen, 2007); ∆t is the computational time step; 
0
ijσ  is the deviatoric stress tensor from the previous time slice corrected for advection and 

rotation by using a non-diffusive marker-in-cell technique (Moresi et al., 2003; Gerya and Yuen, 

2003a); Z is the visco-elasticity factor (Schmalholz et al., 2001).  

 

2.3 Further numerical implementations 
 

I2ELVIS code was further extended by the author of this thesis to account for more realistic 

melting model of peridotite and to include the evolution of trace elements composition within the 

subduction zones.  
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2.3.1 Melting model 

Generation and the geochemical characteristics of arc magmatism are explained by presence of 

water in the peridotite source (Yoder and Tilley, 1962, Ulmer, 2001). As it was described above 

in I2VIS and I2ELVIS codes the degree of wet melting of peridotites was calculated as a linear 

function of pressure and temperature. We used experimental data of P. Ulmer (2001) and L. Hall 

(1999) to build a parameterization for wet melting of the form F=f (P,T,XH2O) where F is a 

weight fraction of melt present, P is pressure in GPa, T is temperature in degrees Celsius, XH2O is 

weight fraction of water in the rock. For simplicity in the following parameterization we do not 

consider the effect on melt productivity of the exhaustion of the garnet, clinopyroxene and 

orthopyroxene as we apply this model for pressures below 2.5 GPa, and the loss of opx, cpx at 

such conditions typically occurs at melt fractions beyond what we expect in arc setting. In a new 

melting model the melt fraction for anhydrous conditions is calculated depending on pressure 

and temperature (fig. 2.4a).  

 

 
Figure 2.4 Melt fraction versus temperature relationships:  a) for anhydrous conditions, b) for different water content 

in the system at 1.5 GPa. 

 

Parameterization of dry melting incorporates that a) temperature of partial melting for a given 

melt fraction increases with pressure that is reflected by the positive slope of the anhydrous 

mantle solidus and b) increasing amount of Ol and Opx components that contribute to the partial 

a) b) 
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melts leads to increase in the melting efficiency with increasing pressure (i.e. ∂F/∂T=cP, where c 

> 0). The solidus temperature is then assumed to decrease by 50ºC for each 0.2 wt % of water 

added to the system (Burnham, 1979), and taking into account the strong dependency of melt 

production on the solubility of water in the melt for low degree melting (note, the hinge at low 

melt fraction in the fig. 2.4b). 

 

2.3.2 Geochemical model 

One of approaches to understand arc magma genesis is to study trace elements and radiogenic 

isotope geochemistry. Marker method used in our numerical models allows us to trace spatial 

and P-T trajectories of rocks, fluids and melts together with their geochemical characteristics. In 

set up of numerical experiments initial contents of U-series isotopes are assigned to each marker. 

At each time step the content of radioactive and radiogenic isotopes is altered according to the 

general solution of a radioactive decay equation (Bateman, 1910) for a decay chain containing n 

members (for example 4-member chain for decay of 238U through 234U and 230Th into 226Ra): 

1
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where Ni is number of atoms of isotope i which is a daughter isotope of i-1 isotope and decays 

into i+1 isotope; Ni0 is initial concentration of the isotope i; iλ  is its decay constant. Note that the 

eq. 2.35 is written for situation where only first isotope is initially present (i.e. N10≠0, while N20= 

N30=…= Nn0=0). In our case usually the previous time step is taken as initial time, so most of the 
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chain members are present. For this situation the overall solution is obtained by adding to the 

solution above for Nn(t) in an n-member chain, a solution for Nn(t) in an (n-1)-member chain 

with now isotope 2 as the parent nuclide, therefore N2(t) = N20 at t=0, and a general solution for 

Nn(t) in an (n-2)-member chain, and the process is repeated. 

During the numerical experiment at each dehydration/hydration or melting event (see 

details of these processes implementations in the section 2.1) content of each element is 

distributed between solid and liquid phase according to the element partition coefficient. To 

calculate bulk partition coefficient we use the sum of weighted mineral/fluid or mineral/melt 

coefficients: 

1

n

bulk a aD X D= ×∑                                                        (2.36) 

where Xa is a mole fraction of a mineral in the rock (
1

1
n

aX =∑ ) and Da is a partition coefficient 

of an element between fluid or melt and mineral. Thus we take into account changing of 

mineralogical composition of a rock with temperature and pressure, but we do not consider 

dependency of partition coefficient between mineral and liquid phase on the pressure and 

temperature (although, see Kessel et al., 2005). For simplicity we assume that melt and residual 

solid phase are in equilibrium before the melt extraction but it may be need to be reconsidered in 

further studies. Composition of arc magmas is assumed to be equal to the composition of 

extracted melts.  

For analyzing results of numerical experiments we often calculate activities or activity 

ratios instead for concentrations by: 

A(t) = λ  × N(t)                                                               (2.37) 

where A(t) is activity of an element at the moment of time t,λ  is its decay constant and N(t) is a 

number of atoms of the element. 
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Symbol Meaning 

A actvity (Bq) 

AD Material constant (MPa-n s-1) 

Cp Isobaric heat capacity (J/kg/K) 

C Cohesion (Pa) 

E Activation energy (kJ mol-1) 

F Weight melt fraction  

gi gravitational acceleration (m s-2) 

Hr,Ha,Hs,Hl radioactive, adiabatic, shear and latent heat (W m-1) 

k thermal conductivity (W m-1 K-1) 

M volumetric fraction of melt 

n Stress exponent 

P Dynamic pressure (Pa) 

Pfluid Pore fluid pressure (Pa) 

qx, qz Horizontal and vertical heat flux (W m-2) 

R Gas constant (J mol-1 K-1) 

t time (s) 

T temperature (ºC or ºK) 

υx, υz horizontal and vertical components of velocity vector (m s-1) 

υe, υs erosion and sedimentation rates (m s-1) 

V activation volume (J MPa-1 mol-1) 

XH2O(p) weight percent of pore-water 

α thermal expansion coefficient (K-1) 

β compressibility coefficient (Pa-1) 

η Viscosity (Pa s) 

η0 material constant for viscosity in molten rocks (Pa s) 

 
Table 2.1. Abbreviations and units 
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Symbol Meaning 

λ Pore fluid pressure coefficient 

λ10 Pore fluid pressure coefficient at 10 km depth 

λ  radioactive decay constant (year-1) 

ρ material density (kg m-3) 

χ Plastic multiplier (s-1) 

ijε  strain rate tensor (s-1) 

φ internal friction angle (º) 

μ Shear modulus (Pa) 

ijσ ′  deviatoric stress tensor (Pa) 

σII Second invariant of the deviatoric stress tensor (Pa) 
 
Table 2.1 (continued) 
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Material Thermal 
conductivity 
(Wm−1 K−1) 

Rheology cohesion
C (MPa) 

Tsolidus (K) Tliquidus (K) 

Sedimentary 
rocks 

0.64 + 807/(T+77) Wet 
quartzite, 
sin(ϕ)=0 

3-10 889 + 17900/(P+54) 
+ 20200(P+54)2 at 
P<1200MPa,  
831+0.06P at 
P>1200MPa 
 

1262 + 
0.09P 

Upper 
oceanic crust 
(altered 
basalt) 

1.18 + 474/(T+77) Wet 
quartzite 
sin(ϕ)=0 

3-10 973−70400/(P + 
354) + 
77800000/(P+354)2  
at P < 1600MPa,  
935 + 0.0035P + 
0.0000062P2 at 
P>1600MPa 

1423 + 
0.105P 
 

Lower 
oceanic crust 
(gabbro) 

−//− Plagioclase 
(An75) 
sin(ϕ)=0.15 

3 −//− −//− 

Hydrated 
mantle 

0.73 + 
1293/(T+77) 

Wet olivine  
sin(ϕ) = 0 

3-10 1240 + 49800/(P + 
323) at P<2400MPa, 
1266−0.0118P + 
0.0000035P2 at 
P>2400MPa 

2073 + 
0.114P 

Dry mantle −//− Dry olivine 
sin(ϕ) = 0.6 

1   

References Clauser and 
Huenges (1995) 

Rannalli 
(1995) 

  Schmidt and Poli 
(1998) , Poli and 
Schmidt (2002) 

Schmidt 
and Poli 
(1998), 
Poli and 
Schmidt 
(2002) 

 
Table 2.2 Material properties used in the numerical experiments 
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Chapter 3 

Subduction initiation at passive margins: numerical modelling1 

 

Abstract 
Subduction is a key process for the terrestrial plate tectonics but its initiation is still not entirely 

understood. In particular, despite the abundance of both passive and active continental margins 

on Earth, no obvious cases of transition between them have been identified so far. It has been 

shown that at most passive margins elastic and frictional forces exceed gravitational instability 

and ridge-push forces, which precludes subduction initiation. Therefore, additional factors are 

needed to start subduction there. We investigated numerically in 2D factors controlling passive 

margins stability such as age of the oceanic plate, thickness of the continental lithosphere and 

crust, and density contrast between subcontinental and suboceanic lithospheric mantles. Our 

numerical experiments show that three subsequent tectonic regimes can develop at a passive 

margin: (1) stable margin, (2) overthrusting and (3) subduction. Transition from stable margin to 

the overthrusting regime is mainly controlled by ductile strength of the lower continental crust. 

Further transition from overthrusting to subduction regime is governed by the ductile strength of 

the subcontinental lithospheric mantle and its chemical density contrast with the suboceanic 

lithospheric mantle. Our experiments also demonstrate that the age of the oceanic plate is a factor 

of secondary importance for subduction initiation and only plays a role if other parameters are of 

critical values. Favorable conditions for subduction initiation thus correspond to passive margins 

where chemically buoyant (depleted) continental lithosphere becomes thin and hot (Moho 

temperature > 660oC). This situation can be occasionally created due to superimposed external 

processes such as e.g. rifting and/or thermal-chemical plume activity. 

 
1 This work was published in: Nikolaeva, K, Gerya, T., and Marques, F.O, 2010. Subduction initiation at passive 

margins: numerical modelling. Journal of geophysical research 115, B03406, doi:10.1029/2009JB006549. 
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3.1 Introduction 

 
Subduction has been discussed since the development of the plate tectonics theory. 

Although numerous publications were dedicated to it, subduction in many aspects is still an 

enigmatic process. One question of great interest is how subduction zones are born (Stern, 2002). 

Answering this crucial question will, in particular, notably advance our understanding of how 

and when the unique global dynamic regime governed by plate tectonics started on Earth. The 

gravitational instability of an old oceanic plate is believed to be the main reason for subduction 

(Vlaar and Wortel, 1976; Davies, 1999a). Oceanic lithosphere becomes denser than the 

underlying asthenosphere within 10 – 50 Ma after it forms in a mid-ocean ridge due to the 

cooling from the surface (Oxburg and Parmentier, 1977; Cloos, 1993). However, as was very 

well posed by McKenzie (1977), despite the favorable gravitational instability and ridge-push, 

the bending and shear resistance of the lithosphere prevent subduction from arising 

spontaneously. Consequently, the following question arises: what forces can trigger subduction 

(besides the negative buoyancy and ridge-push)? At least eleven hypotheses have been proposed 

to answer this question: (1) plate rupture within an oceanic plate or at a passive margin (e.g. 

McKenzie, 1977; Dickinson and Seely, 1979; Mitchell, 1984; Müeller and Phillips, 1991). (2) 

Reversal of the polarity of an existing subduction zone (e.g. Mitchell, 1984). (3) Change of 

transform faults into trenches (e.g. Uyeda and Ben-Avraham, 1972; Hilde et al., 1976; Karson 

and Dewey, 1978; Casey and Dewey, 1984). (4) Sediment or other topographic loading at 

passive margins (e.g. Dewey, 1969; Fyfe and Leonardos, 1977; Karig, 1982; Cloetingh et al., 

1982; Erickson, 1993; Pascal and Cloetingh, 2009). (5) Forced convergence at oceanic fracture 

zones (e.g. Mueller and Phillips, 1991; Toth and Gurnis, 1998; Doin and Henry, 2001; Hall et al., 

2003; Gurnis et al., 2004). (6) Tensile decoupling of the continental and oceanic lithosphere due 

to rifting (Kemp and Stevenson, 1996). (7) Rayleigh-Taylor instability due to a lateral buoyancy 

contrast within the lithosphere (Niu et al., 2003). (8) Addition of water into the lithosphere 

(Regenauer-Lieb et al., 2001; Van der Lee et al., 2008). (9) Spontaneous thrusting of the buoyant 

continental crust over the oceanic plate (Mart et al., 2005). (10) Small-scale convection in the 
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sub-lithospheric mantle (Solomatov, 2004). (11) Interaction of thermal-chemical plumes with the 

lithosphere (Ueda et al., 2008).  

In the frame of these hypotheses several detailed studies were dedicated to the possible 

sites of subduction nucleation. It has been shown, for example, that breaking of the mature 

passive margin is less probable than the lithosphere collapse within the oceanic plate, e.g. on 

transform faults, fracture zones, and spreading ridges (McKenzie, 1977; Mueller and Phillips, 

1991; Toth and Gurnis, 1998; Hall et al., 2003). However, passive margins seem to be the logical 

sites for subduction initiation. The Wilson cycle supposes that the closure of oceanic basins 

occurs by subduction of the oceanic plate under the continental plate. Indeed, on the Earth 

nowadays most of subduction zones are located along continental margins. One way to account 

for both an abundance of existing active continental margins and apparent difficulty to transform 

a passive continental margin into an active one is to assume that subduction is triggered by 

another subduction zone originated in more favorable conditions (Stern, 2004; Niu et al., 2003). 

Existing subduction can lead to development of a new subduction zone either by lateral 

propagation (Niu et al., 2003) or by weakening another continent–ocean contact, e.g. due to 

water addition (van der Lee et al., 2008).  

A different way to initiate subduction on passive margins was proposed by Mart et al. 

(2005). Based on the results of analog experiments these authors suggested that the key factor for 

subduction generation is a chemical density contrast between continental and oceanic 

lithospheres. They proposed that the buoyancy contrast within the lithosphere induces secondary 

extension and compression due to tendency of less dense material to “float” and dense material 

to “sink”, which leads to developing of reverse (inclined continentward) fault thus breaking the 

lithosphere. Recently, Goren et al. (2008) supported this conclusion by analytical calculations 

and additional analog experiments. However, due to methodological limitations of the analog 

experiments, the model development has not demonstrated proper one-sided subduction 

associated with deep sinking of the oceanic slab into asthenospheric mantle, but rather showed 

various overthrusting scenarios when positively buoyant continental lithosphere creeps over the 

deflecting oceanic plate.  
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In this paper we elaborate ideas of previous workers and test numerically the possibility 

for triggering proper one-sided subduction at a passive continental margin. By performing 

systematic 2D numerical experiments with visco-elasto-plastic rock rheology, we investigated 

the effects of several factors that can control the process of subduction initiation: lithospheric 

thickness, chemical density contrast between the continental and oceanic lithospheric mantles, 

age of oceanic plate, and plastic strength and thickness of the continental crust (Table 3.1). From 

the numerical results we conclude that density contrast between continental and oceanic 

lithospheric mantles and ductile strength of the continental lithosphere have a major impact on 

subduction initiation at passive margins, while an age of the oceanic plate plays a role only if 

other parameters are of critical values. 
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Experi-
ment 

Density 
contrast 

(difference) 
between 

continental 
and oceanic 
lithospheric 

mantles 
(kg/m3) 

Thick-
ness of 

the 
conti-
nental 
plate  
(km) 

Tempe-
rature at 
the base 
of the 
conti-
nental 
litho-
sphere 
(oC) 

Age of 
the 

oceanic 
plate  
(Ma) 

Internal 
friction 
angle of 

the 
conti-
nental 
crust, 
sin(φ) 

Pore fluid 
pressure 

factor 
λ 

Thick-
ness 

of the 
conti-
nental 
crust 
(km) 

Tempe-
rature at 
Moho on 

the 
continent 

 (oC) 

1 0 80 1340  40 0.1 0.0 44 904 
2 0 90 1345  40 0.1 0.0 44 807 
3 0 100 1350  40 0.1 0.0 44 729 
4 0 110 1355  40 0.1 0.0 44 665 
5 0 120 1360 40 0.1 0.0 44 612 
6 0 130 1365 40 0.1 0.0 44 567 
7 0 140 1370 40 0.1 0.0 44 528 
8 0 150 1375 40 0.1 0.0 44 495 
9 25 80 1340  40 0.1 0.0 44 904 
10 25 90 1345  40 0.1 0.0 44 807 
11 25 100 1350  40 0.1 0.0 44 729 
12 25 110 1355  40 0.1 0.0 44 665 
13 25 120 1360 40 0.1 0.0 44 612 
14 25 130 1365 40 0.1 0.0 44 567 
15 25 140 1370 40 0.1 0.0 44 528 
16 25 150 1375 40 0.1 0.0 44 495 
17 50 80 1340  40 0.1 0.0 44 904 
18 50 90 1345  40 0.1 0.0 44 807 
19 50 95 1348 40 0.1 0.0 44 766 
20 50 100 1350  40 0.1 0.0 44 729 
21 50 105 1353 40 0.1 0.0 44 696 
22 50 110 1355 40 0.1 0.0 44 665 
23 50 120 1360 40 0.1 1.0 44 612 
24 50 140 1370 40 0.1 1.0 44 528 
25 50 150 1375 40 0.1 1.0 44 495 

 
Table 3.1. Parameters of conducted numerical experiments  
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Experi
ment 

Density 
contrast 

(difference) 
between 

continental 
and oceanic 
lithospheric 

mantles 
(kg/m3) 

Thickn
ess of 

the 
contine

ntal 
plate  
(km) 

Temperat
ure at the 
base of 

the 
continent

al 
lithosphe

re 
(oC) 

Age of 
the 

oceanic 
plate 
(Ma) 

Internal 
friction 
angle of 

the 
continen
tal crust, 

sin(φ) 

Pore fluid 
pressure 

factor 
λ 

Thick
ness 

of the 
contin
ental 
crust 
(km) 

Temperat
ure at 

Moho on 
the 

continent 
 (oC) 

26 75 80 1340  40 0.1 1.0 44 904 
27 75 90 1345  40 0.1 1.0 44 807 
28 75 100 1350  40 0.1 1.0 44 729 
29 75 110 1355  40 0.1 1.0 44 665 
30 75 120 1360 40 0.1 1.0 44 612 
31 100 80 1340  40 0.1 1.0 44 904 
32 100 90 1345  40 0.1 1.0 44 807 
33 100 100 1350  40 0.1 1.0 44 729 
34 100 110 1355  40 0.1 1.0 44 665 
35 100 120 1360 40 0.1 1.0 44 612 
36 100 150 1375 40 0.1 1.0 44 495 
37 50 80 1340  20 0.1 1.0 44 904 
38 50 90 1345  20 0.1 1.0 44 807 
39 50 95 1348 20 0.1 1.0 44 766 
40 50 100 1350  20 0.1 1.0 44 729 
41 50 105 1353 20 0.1 1.0 44 696 
42 50 110 1355 20 0.1 1.0 44 665 
43 50 120 1360  20 0.1 1.0 44 612 
44 50 80 1340  60 0.1 1.0 44 904 
45 50 90 1345  60 0.1 1.0 44 807 
46 50 95 1348 60 0.1 1.0 44 766 
47 50 100 1350  60 0.1 1.0 44 729 
48 50 105 1353 60 0.1 1.0 44 696 
49 50 110 1355  60 0.1 1.0 44 665 
50 50 120 1360 60 0.1 1.0 44 612 
51 50 80 1340  80 0.1 1.0 44 904 
52 50 90 1345  80 0.1 1.0 44 807 
53 50 100 1350 80 0.1 1.0 44 729 
54 50 105 1353 80 0.1 1.0 44 696 
55 50 110 1355  80 0.1 1.0 44 665 
56 50 120 1360 80 0.1 1.0 44 612 
57 50 100 1350 90 0.1 1.0 44 729 
58 50 105 1353 90 0.1 1.0 44 696 

 
Table 3.1. (continued)  
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Experi
ment 

Density 
contrast 

(difference) 
between 

continental 
and oceanic 
lithospheric 

mantles 
(kg/m3) 

Thickn
ess of 

the 
contine

ntal 
plate  
(km) 

Temperat
ure at the 
base of 

the 
continent

al 
lithosphe

re 
(oC) 

Age of 
the 

oceanic 
plate 
(Ma) 

Internal 
friction 
angle of 

the 
continen
tal crust, 

sin(φ) 

Pore fluid 
pressure 

factor 
λ 

Thick
ness 

of the 
contin
ental 
crust 
(km) 

Temperat
ure at 

Moho on 
the 

continent 
 (oC) 

59 50 110 1355  90 0.1 1.0 44 665 
60 25 70 1335 40 0.1 1.0 40 953 
61 25 70 1335 40 0.1 1.0 35 858 
62 25 70 1335 40 0.1 1.0 30 763 
63 25 80 1340 40 0.1 1.0 40 837 
64 25 80 1340 40 0.1 1.0 35 754 
65 25 80 1340 40 0.1 1.0 30 670 
66 25 90 1345 40 0.1 1.0 40 747 
67 25 90 1345 40 0.1 1.0 35 672 
68 25 90 1345 40 0.1 1.0 30 598 
69 25 100 1350 40 0.1 1.0 40 675 
70 25 100 1350 40 0.1 1.0 35 607 
71 25 110 1355 40 0.1 1.0 35 554 
72 50 60 1330 40 0.1 1.0 30 887 
73 50 70 1335 40 0.1 1.0 35 858 
74 50 70 1335 40 0.1 1.0 30 763 
75 50 80 1340 40 0.1 1.0 40 837 
76 50 80 1340 40 0.1 1.0 35 754 
77 50 90 1345 40 0.1 1.0 40 747 
78 50 95 1348 40 0.1 1.0 35 638 
79 50 105 1353 40 0.1 1.0 40 644 
80 50 105 1353 40 0.1 1.0 35 580 
81 50 105 1353 40 0.1 1.0 30 515 
82 50 110 1355 40 0.1 1.0 35 554 
83 50 110 1355 40 0.1 1.0 30 493 
84 20 70 1335 40 0.1 1.0 40 954 
85 20 70 1335 40 0.1 1.0 35 858 
86 20 80 1340 40 0.1 1.0 40 837 
87 20 80 1340 40 0.1 1.0 35 754 
88 20 90 1345 40 0.1 1.0 44 807 
89 20 90 1345 40 0.1 1.0 40 747 
90 0 100 1350 40 0.2 1.0 44 729 
91 25 90 1345 40 0.4 1.0 44 807 

 
Table 3.1. (continued)  
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Experi
ment 

Density 
contrast 

(difference) 
between 

continental 
and oceanic 
lithospheric 

mantles 
(kg/m3) 

Thickn
ess of 

the 
contine

ntal 
plate  
(km) 

Temperat
ure at the 
base of 

the 
continent

al 
lithosphe

re 
(oC) 

Age of 
the 

oceanic 
plate 
(Ma) 

Internal 
friction 
angle of 

the 
continen
tal crust, 

sin(φ) 

Pore fluid 
pressure 

factor 
λ 

Thick
ness 

of the 
contin
ental 
crust 
(km) 

Temperat
ure at 

Moho on 
the 

continent 
 (oC) 

92 25 90 1345 40 0.6 1.0 44 807 
93 25 100 1350 40 0.4 1.0 44 729 
94 25 100 1350 40 0.6 1.0 44 729 
95 25 110 1355 40 0.2 1.0 44 665 
96 25 110 1355 40 0.3 1.0 44 665 
97 25 110 1355 40 0.4 1.0 44 665 
98 25 110 1355 40 0.6 1.0 44 665 
99 50 90 1345 40 0.4 1.0 44 807 
100 50 95 1348 40 0.2 1.0 44 766 
101 50 100 1350 40 0.4 1.0 44 729 
102 50 105 1353 40 0.2 1.0 44 696 
103 50 110 1355  40 0.2 1.0 44 665 
104 50 110 1355 40 0.3 1.0 44 665 
105 75 100 1350 40 0.4 1.0 44 729 
106 75 110 1355 40 0.2 1.0 44 665 
107 75 110 1355 40 0.3 1.0 44 665 
108 100 90 1345 40 0.4 1.0 44 807 
109 100 100 1350 40 0.4 1.0 44 729 
110 100 110 1355 40 0.2 1.0 44 665 
111 100 110 1355 40 0.3 1.0 44 665 
112 100 110 1355 40 0.4 1.0 44 665 
113 100 110 1355 40 0.6 1.0 44 665 
114 100 120 1360 40 0.2 1.0 44 612 
115 100 120 1360 40 0.3 1.0 44 612 
116 25 90 1345 40 0.1 0.75 44 807 
117 25 90 1345 40 0.1 0.7 44 807 
118 25 90 1345 40 0.1 0.6 44 807 
119 25 90 1345 40 0.1 0.5 44 807 
120 25 110 1355 40 0.1 0.95 44 665 
121 100 100 1350  40 0.1 0.75 44 729 
122 100 100 1350  40 0.1 0.6 44 729 
123 100 100 1350  40 0.1 0.5 44 729 
124 100 110 1355 40 0.1 0.75 44 665 

 
Table 3.1. (continued)  
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3.2 Model description 

 
3.2.1 Numerical implementation 

The model is based on the I2ELVIS code (Gerya and Yuen, 2007), which combines 

conservative finite differences with non-diffusive marker-in-cell techniques (chapter 2). In our 

model we employ visco-elasto-plastic rheology of the rocks (e.g., Ranalli, 1995). The plastic 

strength of a rock is determined as 

sin( )yield C Pσ ϕ= + ,                                                      (3.1) 

 sin( ) sin( )(1 )dryϕ ϕ λ= − ,                                                  (3.2) 

where C is the cohesion, φ is the effective angle of an internal friction (φdry is φ for dry rocks), P 

is the dynamic pressure, and  λ=Pfluid/P is the pore fluid pressure factor. For dry crystalline rocks 

sin(φ) typically varies from 0.2 to 0.9, depending on pressure, temperature, and mineralogical 

composition (Brace and Kohlestedt, 1980; Moore et al., 1997). Following Gerya et al. (2008), we 

combine high plastic strength of dry mantle (sin(φ)=0.6) and crust (sin(φ) =0.1-0.6) with low 

plastic strength of hydrated rocks (sin(φ)=0-0.1) forming at the upper interface of the subducting 

plate in response to oceanic crust dehydration. 

Experi
ment 

Density 
contrast 

(difference) 
between 

continental 
and oceanic 
lithospheric 

mantles 
(kg/m3) 

Thickn
ess of 

the 
contine

ntal 
plate  
(km) 

Temperat
ure at the 
base of 

the 
continent

al 
lithosphe

re 
(oC) 

Age of 
the 

oceanic 
plate 
(Ma) 

Internal 
friction 
angle of 

the 
continen
tal crust, 

sin(φ) 

Pore fluid 
pressure 

factor 
λ 

Thick
ness 

of the 
contin
ental 
crust 
(km) 

Temperat
ure at 

Moho on 
the 

continent 
 (oC) 

125 100 110 1355 40 0.1 0.6 44 665 
126a 25 90 1345 40 0.1 1.0 44 807 
127a 75 100 1350 40 0.1 1.0 44 729 
128a 75 100 1350 40 0.1 1.0 44 729 
129a 75 100 1350 40 0.1 1.0 44 729 
130a 75 110 1355 40 0.1 1.0 44 665 

 
Table 3.1. (continued) 
 
a experiments with sediment loading, see Table 3.9 
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3.2.2 Initial and boundary conditions 

The 2D model (Fig. 3.1), representing a lithospheric/upper mantle section of a continental 

margin, is 3000 km wide and 200 km deep. The continental crust consists of two granitic layers 

of different densities and is 44 km thick in total. The oceanic crust is represented by a 2-km thick 

upper layer of hydrothermally altered basalts overlying 6 km of gabbroic rocks.  

To investigate the effect of density contrast between continental and oceanic lithospheric 

mantles we vary a chemical density of the continental lithospheric mantle, which is known to be 

generally more depleted than the oceanic lithospheric mantle, from 3200 to 3300 kg/m3, and 

keep chemical densities of the oceanic lithospheric mantle and the asthenosphere constant and 

both equal to 3300 kg/m3 (Table 3.1). Material properties and chemical composition of each rock 

type are listed in Tables 3.2 and 3.3, respectively. 

The initial temperature field for oceanic plate is an oceanic geotherm (Turcotte and 

Schubert, 2002) for different lithospheric ages (Table 3.1). In our experiments composition and 

flow law for the mantle part of the oceanic lithosphere and for the asthenospheric mantle are 

taken identical (difference in color between them in Fig. 3.1 is used for better visualization of 

slab deformation). The actual thickness of the oceanic lithosphere is therefore determined by the 

imposed temperature structure depending on the cooling age. Temperature structure of the 

continental plate is controlled by the thickness of the lithosphere and is defined by a linear 

profile from 0ºC at the surface to prescribed temperature at the base of the lithosphere (Table 

3.1). The initial temperature gradient in the asthenospheric mantle is 0.5 ºC/km.  

Geometry of the model and particularly ocean-continent transition depicted on Fig. 3.1 is 

based on the conceptual model of a passive margin generation (e.g. Whitmarsh et al., 2001). 

According to this model the initial rising of the asthenosphere leads to thinning of the overlying 
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 Sediment Upper 
oceanic crust

Lower 
oceanic crust

Continental 
crust 

Mantle 

SiO2 61.1 47.62 53.49 66.12 45.55 
Al2O3 12.43 14.48 14.07 15.24 4.03 
FeO 5.43 10.41 6.86 4.52 7.47 
MgO 2.59 6.92 12.07 2.21 37.42 
CaO 6.21 13.39 10.73 4.21 3.18 
Na2O 2.54 2.15 1.22 3.91 0.33 
K2O 2.13 0.58 0.09 3.38 0.03 
H2O 7.60 2.78 1.47 2.0 1.98 

 
Table 3.3. Model rock compositions in weight percenta 
 
a Sediment is the GLOSS average (global subducted sediment from Plank and Langmuir [1998]). Basalt is an 
average for the upper 500 m of the igneous section of the oceanic crust [Staudigel et al., 1989]. Gabbro is a synthetic 
composition for the gabbroic section of the oceanic crust [Behn and Kelemen, 2003], modified to contain up to 1.5 
wt % water to represent the effects of lower crustal hydrothermal alteration [Carlson, 2001]. Peridotite is the 
LOSIMAG composition (low silica magnesium mantle composition with respect to the Ca and Al in chondrites 
[Morris and Hart, 1986]) chosen to represent mantle peridotite. The compositions have been simplified by the 
omission of minor elements such as Mn, P, Ti, and Cr and the assumption that all Fe is ferrous; additionally, CO2 
has been removed from the GLOSS sediment composition. 

 
Material 

Thermal 
conductivity, 

W/(mK) 

 
Flow law 

Cohesion, C 
(MPa) 

Internal 
friction, 
sin(φ) 

Sediments 8070.64
77T

+
+

 
Wet quartzite 3 – 10 0.1 

Upper oceanic 
crust 

4741.18
77T

+
+

 
Wet quartzite 3 – 10 0.1 

Lower 
oceanic crust 

4741.18
77T

+
+

 
Plagioclase 

(An75) 
3 0.2 

Continental 
crust 

8070.64
77T

+
+

 
Wet quartzite 3 – 10 0.1-0.6 

Dry mantle 12930.73
77T

+
+

 
Dry olivine 3 0.6 

Hydrated 
mantle 

12930.73
77T

+
+

 
Wet olivine 3 0.2 

References Clauser and 
Huenges, 1995 

Rannalli, 1995 

 
Table 3.2. Material properties used in the numerical experiments 
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lower continental crust before the break-up of the continent. Then the asthenosphere ascends 

close to the surface, which results in melting, formation of the oceanic lithosphere (including 

both crust and the mantle part of the lithosphere), and spreading of the ocean floor. A boundary 

between two lithospheres is, thus, inclined towards the continent. 

 

 3.3 Numerical results 

 
In order to investigate factors controlling subduction initiation at passive margins, we 

carried out around 100 numerical experiments with varying physical parameters (Table 3.1). The 

numerical experiments show that three distinct geodynamic regimes can form at a passive 

Figure 3.1. Initial configuration of numerical model (a) without sediment loading and (b) with sediment loading 

(see text for details). Staggered grid resolution: 801 × 101 nodes and 10 million randomly distributed markers. 

Grid step varies from 2 km × 2 km close to the boundary between plates (X is from 500 to 2400 km) to 15 km × 2 

km outside of this area. Composition and flow law for the mantle part of the oceanic lithosphere and for the 

asthenospheric mantle are taken to be identical; the difference in color between them is used for better 

visualization of slab deformation. 
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margin (Fig. 3.2): (1) stable margin (Fig. 3.2a), (2) overthrusting (Fig. 3.2b), (3) subduction (Fig. 

3.2c). We will now describe tectonic regimes observed in the experiments and then present the 

effect of each studied parameter on the model development. 

 

3.3.1 Tectonic regimes 

Stable margin 

Strong density contrast between continental crust and adjacent oceanic lithosphere forces 

continental crust to thrust over the oceanic crust. We term the margin as “stable” when the 

position of the continent/ocean boundary does not change notably (< 30 km) during the entire 

numerical experiment (> 40 Ma). If the plates’ boundary is shifted for more than 30km, the 

model is characterized by general overthrusting development. 

Overthrusting 

Continental crust thrusts over the oceanic plate due to the inherent gravitation instability 

of the passive margin, where the continental crust lies in contact with the denser upper part of the 

oceanic lithosphere. This results in a thinning of the continental crust at the margin and 

deflection of the oceanic plate, which indeed remains attached to the continental plate (Fig. 3.3). 

In this geodynamic regime plates are re-equilibrated at a new position, which causes convective 

instability at the base of deflected oceanic lithosphere producing small scale convection within 

the asthenospheric mantle. 

Subduction 

We use the term “subduction” only when there is a breaking of the mantle lithosphere 

and sinking of spontaneously forming retreating subducting slab overridden by the mantle wedge 

asthenosphere (Turcotte et al., 1977; Cloos, 1993). Subduction in the experiments is always 

preceded by an overthrusting period (Fig. 3.4, 0.3 – 3.6 Ma) and starts only when stresses at the 
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 continent/ocean boundary are high enough to overcome the ductile resistance of the continental 

mantle lithosphere. Subduction starts by ductile shearing of oceanic-continental mantle boundary 

driven by stress-sensitive dislocation creep in the mantle. 

Figure 3.2. Three tectonic regimes observed in the numerical experiments: (a) stable margin (experiment 28, 

Table 3.1), (b) overthrusting (experiment 22), and (c) subduction (experiment 6). Color grid is as in Figure 3.1. 

Time is dated from the beginning of the experiment. 
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Figure 3.3. Typical overthrusting development (experiment 22). Evolution of lithological and temperature fields 

with corresponding topography profiles is shown. Continental crust thrusts over the oceanic one. Forming thrust 

surface is hydrated by water released from the downgoing oceanic crust. The load exerted from shifted continental 

crust deflects the oceanic plate and causes convective instability at its base (5.5 Ma). The frontal part of the 

moving continental crust is deflected and forms a bulge at ~120 km from the oceanic trench. Small-scale 

convection within the asthenospheric mantle induced by instability at the base of the oceanic plate goes on until 

the end of the experiment, while the overthrusting stops at ~14 Ma. 
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Figure 3.4. Typical subduction initiation development (experiment 28). At the beginning of the experiment, 

continental crust thrusts over the oceanic one, causing deflection of the oceanic plate, convective instability, and 

delamination of the oceanic lithospheric mantle (time is 0.3–5 Ma). At ~5 Ma, subcontinental lithospheric mantle 

starts to shear along the plates’ boundary, and in less than 1 Ma, proper subduction starts. As oceanic plate sinks 

into the asthenosphere, it releases water and hydrates the overlying continental crust and mantle. 
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Figure 3.5. Slow mode of subduction initiation (experiment 20). Continental crust thrusts over the oceanic one 

from the beginning of the experiment, causing oceanic plate deflection and inducing the convective instability at 

the base of the oceanic lithosphere (time is 2.5 Ma). Subsequent prolonged shear of subcontinental lithospheric 

mantle ultimately results in the lithosphere failure and subduction initiation (times are 16.4 and 18.1 Ma). 
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 To simplify comparison between different experiments, we determine a conventional time of 

subduction initiation, which is the time when oceanic crust reaches the depth of 175 km. Timing 

of subduction initiation differs for different experiments. Two modes of subduction initiation can 

be distinguished: (i) slow, when a significant overthrusting of the continental crust results in a 

convective instability at the base of the deflected oceanic plate and then (after ≥ 15 Ma) is 

followed by slow sinking of the oceanic lithosphere and initiation of proper subduction (Fig. 

3.5), and (ii) fast mode, when the overthrusting stage is fast and is immediately followed by 

sinking of the oceanic plate. Different modes of subduction initiation cause different initial angle 

of subduction, which is steeper for slow subduction initiation mode. Experiments generally show 

different intermediate types of subduction initiation between these end-member modes. 

 

3.3.2 Investigated parameters 
Thickness of the continental crust and entire continental lithosphere 

We carried out experiments with different thickness of the continental crust and thickness 

of the entire continental lithosphere (Tables 3.4, 3.5 and 3.6) to test the influence of the 

temperature structure of the continent. Experiments consecutively show transition from fast to 

slow subduction mode with increasing thickness of the continental lithosphere (from 80 to 100 

km; Fig. 3.6), until its critical thickness is reached. After this critical thickness (95–105 km 

depending on over parameters) is reached no subduction occurs and experiments are 

characterized by overthrusting tectonic regime (Figs. 3.7 and 3.8). Experiments with further 

increasing continental thickness show less amount of overthrusting (Figs. 3.9 and 3.10) and 

ultimately only a small part (<30 km) of continental crust is perturbed and, thus, we term such 

margin stable. The thickness of continental crust has an opposite effect: i.e. thinner continental 

crust prevents subduction and thus shift the maximum lithosphere thickness required for 

subduction initiation (Fig. 3.11, Table 3.6).  
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Experiment Density 
contrast 
(kg/m3) 

Thickness of 
the continental 

plate (km) 

Geodynamic 
regime 

Time of 
subduction 

initiation (Ma) 

Thrust sheet 
length (km) 

1 0 80 subduction 1,1 - 
2 0 90 subduction 8,4 - 
3 0 100 overthrusting - 250 
4 0 110 overthrusting - 100 
5 0 120 stable margin - 30 
6 0 130 stable margin - 15 
7 0 140 stable margin - 0 
8 0 150 stable margin - 0 
9 25 80 subduction 0,8 - 
10 25 90 subduction 2,7 - 
11 25 100 subduction 34,2 - 
12 25 110 overthrusting - 250 
13 25 120 overthrusting - 110 
14 25 130 overthrusting - 70 
15 25 140 stable margin - 30 
16 25 150 stable margin - 0 
17 50 80 subduction 0,7 - 
18 50 90 subduction 1,7 - 
19 50 95 subduction 5,8 - 
20 50 100 subduction 19,4 - 
21 50 105 overthrusting - 350 
22 50 110 overthrusting - 320 
23 50 120 overthrusting - 180 
24 50 140 overthrusting - 85 
25 50 150 overthrusting - 50 
26 75 80 subduction 0,7 - 
27 75 90 subduction 1,3 - 
28 75 100 subduction 6,8 - 
29 75 110 overthrusting - 350 
30 75 120 overthrusting - 280 
31 100 80 subduction 0,6 - 
32 100 90 subduction 1,2 - 
33 100 100 subduction 4,1 - 
34 100 110 subduction 20,1 - 
35 100 120 overthrusting - 280 
36 100 150 overthrusting - 110 

 
Table 3.4. Description of numerical experiments 1–36 with varying density contrast between subcontinental and 
suboceanic lithospheric mantle and thickness of the continental lithospherea 
 
aThe age of the oceanic plate is 40 Ma, sin(ϕ) of the continental crust equals 0.1, and thickness of the continental 
crust equals 44 km. 
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Experiment Age of the 
oceanic 

plate  
(Ma) 

Thickness of 
continental 

plate  
(km) 

Geodynamic 
regime 

Time of 
subduction 
initiation 

(Ma) 

Thrust sheet 
length  
(km) 

37 20 80 subduction 0,6 - 
38 20 90 subduction 1,9 - 
39 20 95 subduction 10,2 - 
40 20 100 overthrusting - 420 
41 20 105 overthrusting - 370 
42 20 110 overthrusting - 350 
43 20 120 overthrusting - 280 
44 60 80 subduction 0,8 - 
45 60 90 subduction 2,0 - 
46 60 95 subduction 4,0 - 
47 60 100 subduction 18,2 - 
48 60 105 overthrusting - 320 
49 60 110 overthrusting - 270 
50 60 120 overthrusting - 150 
51 80 80 subduction 0,9 - 
52 80 90 subduction 2,2 - 
53 80 100 subduction 17,9 - 
54 80 105 overthrusting - 320 
55 80 110 overthrusting - 200 
56 80 120 overthrusting - 140 
57 90 100 subduction 18,1 - 
58 90 105 subduction 45,1 - 
59 90 110 overthrusting - 200 

 
Table 3.5. Description of numerical experiments 37–59 with varying age of the oceanic plate and thickness of the 
continental lithospherea  
 
aThe density contrast between continental and oceanic lithospheric mantle is Δ ρ = 50 kg/m3 , thickness of the 
continental crust equals 44 km, and sin(ϕ) of the continental crust equals 0.1. 
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Experiment Density 
contrast 
(kg/m3) 

Thickness 
of the 

continental 
plate (km) 

Thickness 
of the 

continental 
crust (km) 

Geodynamic 
regime 

Time of 
subduction 
initiation 

(Ma) 

Thrust 
sheet 
length 
(km) 

60 25 70 40 subduction 0,8 - 
61 25 70 35 subduction 5,02 - 
62 25 70 30 overthrusting - 70 
9b 25 80 44 subduction 0,8 - 
63 25 80 40 subduction 3,3 - 
64 25 80 35 overthrusting - 150 
65 25 80 30 stable margin - 30 
10b 25 90 44 subduction 2,7 - 
66 25 90 40 overthrusting - 230 
67 25 90 35 overthrusting - 60 
68 25 90 30 stable margin - 0 
11b 25 100 44 subduction 34,2 - 
69 25 100 40 overthrusting - 180 
70 25 100 35 stable margin - 0 
12b 25 110 44 overthrusting - 250 
71 25 110 35 stable margin - 0 
72 50 60 30 subduction 20.9 - 
73 50 70 35 subduction 4,9 - 
74 50 70 30 overthrusting - 110 
75 50 80 40 subduction 1,86 - 
76 50 80 35 overthrusting - 150 
18b 50 90 44 subduction 1,7 - 
77 50 90 40 subduction 20,4 - 
19 b 50 95 44 subduction 5.8 - 
78 50 95 35 stable margin - 30 
21b 50 105 44 overthrusting - 350 
79 50 105 40 overthrusting - 100 
80 50 105 35 stable margin - 5 
81 50 105 30 stable margin - 0 
22b 50 110 44 overthrusting - 320 
82 50 110 35 stable margin - 0 
83 50 110 30 stable margin - 0 
84 20 70 40 subduction 0,9 - 

 
Table 3.6. Description of numerical experiments 60–89 with varying thickness of the continental crusta 
 
aThickness of the continental lithosphere, density contrast between suboceanic and subcontinental lithospheric 
mantles, and age of the oceanic plate are taken from corresponding reference models with the thickness of the 
continental crust as 44 km (Table 3.4). 
bResults of reference experiments with 44 km thick continental crust listed also in Table 3.4. 
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Figure 3.6. Time of subduction initiation as a function of the thickness of the continental lithosphere. Density 

contrast between suboceanic and subcontinental lithospheric mantles is 50 kg/m3. Note that age of the oceanic 

plate does not notably affect the time for subduction initiation.  

Experiment Density 
contrast 
(kg/m3)

Thickness 
of the 

continental 
plate (km) 

Thickness 
of the 

continental 
crust (km) 

Geodynamic 
regime 

Time of 
subduction 
initiation 

(Ma) 

Thrust 
sheet 
length 
(km) 

85 20 70 35 subduction 6,1 - 
86 20 80 40 subduction 4,8 - 
87 20 80 35 overthrusting - 180 
88 20 90 44 subduction 3,9 - 
89 20 90 40 overthrusting - 280 

 
Table 3.6. (continued) 
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Figure 3.7. Area diagram representing changes of tectonic regime in reference to density contrast between 

continental and oceanic lithospheric mantle and thickness of the continental lithosphere. Different symbols 

correspond to different tectonic regimes shown by the numerical experiments: open circles denote subduction, 

solid circles denote overthrusting, and solid squares denote stable margin. Red lines mark transitions between 

regimes. Numbers below each symbol indicate either time of subduction initiation in Ma (in the subduction field 

of the diagram) or the thrust sheet length in kilometers (in the overthrusting and stable margin fields of the 

diagram). Contour dotted lines of equal time of subduction initiation and of equal length of the thrust sheet are 

shown in the subduction and overthrusting fields, respectively.  
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Figure 3.8. Area diagram representing change of tectonic regime in reference to the age of the oceanic plate and
thickness of the continental lithosphere. Open circles denote experiments with subduction initiation, and solid
circles denote experiments that showed overthrusting. The red line marks the transition between these regimes.
Numbers beside each symbol indicate either time of subduction initiation in Ma (in the subduction field of the
diagram) or the thrust sheet length in kilometers (in the overthrusting field of the diagram). Contour dotted lines of 
equal time of subduction initiation (5 Ma) and of equal length of the thrust sheet (200 and 300 km) are shown in the
subduction and overthrusting fields, respectively. 
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Figure 3.9. Thrust sheet length for experiments with different thicknesses of the continental plate, keeping other 
model parameters constant: (a) experiment 40 (continental lithosphere thickness equals 100 km), (b) experiment 42 
(110 km), and (c) experiment 43 (120 km). The thrust length is measured as the distance from the beginning of the 
buried oceanic crust to the end of the frontal hydrated part of the continental crust. The length of overthrusting 
decreases with increasing thickness of the continental lithosphere (from 100 to 120 km) and respectively decreasing 
Moho temperature (from 630°C to 525°C). 
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Figure 3.11. Transition from the subduction geodynamic regime to overthrusting and stable margin regimes as a
function of both thickness of the continental crust and thickness of the continental lithosphere. Maximum thickness
of the continental lithosphere required for successful subduction initiation decreases with decreasing continental
crust thickness. Solid, dashed, and dotted lines represent the transition between tectonic regimes shown by 
experiments with the density contrast between suboceanic and subcontinental lithospheric mantles of Δρ = 50, 25, 
and 20 kg/m3, respectively. 

Figure 3.10. Length of thrust sheet as a function of thickness of the continental lithosphere for different (a) age of 
the oceanic plate (for experiments where density contrast between lithospheric mantles equals 50 kg/m3) and (b) 
density contrast between continental and oceanic lithospheric mantle (for experiments with 40 Ma old oceanic 
plate). 
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Density contrast between subcontinental and suboceanic lithospheric mantle 

We studied the influence of the density contrast between two lithospheric mantles by 

varying the density of continental lithospheric mantle from 3200 to 3300 kg/m3 (Table 3.4). 

Experiments show that the effect of density contrast is opposite to that of the thickness of the 

continent (Fig. 3.7). Larger density contrast favors transition from stable margin to overthrusting 

tectonic regime or, in case of auspicious thickness of the continent, transition from overthrusting 

to subduction development. If the continent is relatively thin and an experiment is characterized 

by subduction development then larger density contrast promotes fast subduction mode; in case 

of the overthrusting tectonic regime, larger density contrast supports the formation of longer 

thrust sheet (Fig. 3.10b). 

Age of the oceanic plate 

Age of the oceanic plate in experiments was 20, 40, 60, 80, and 90 Ma (Table 3.5). Its 

effect on the overthrusting tectonic regime is similar (but less strong) to the thickness of the 

continent: younger (and thus hotter) oceanic lithosphere provides more favorable conditions for 

formation of longer thrust sheet (Figs. 3.8 and 3.10a). The age of the oceanic plate is the factor of 

secondary importance for the subduction initiation: it only plays a role if other parameters are of 

critical values (Figs. 3.6 and 3.8). 

Plastic strength of the continental crust 

To test the influence of the continental crust strength we carried out experiments with 

different values of effective internal friction angle for anhydrous crustal rocks keeping other 

parameters constant (Table 3.7). Not surprisingly stronger crust causes formation of shorter 

thrust sheet (Fig. 3.12). On the other hand, influence of the continental crust strength on the 

subduction initiation process is not so straightforward. General development of the subduction 

process in experiments with stronger crust remains the same as for the reference experiments 

with sin(φ) = 0.1, but the time needed for subduction initiation changes depending on the mode 

of this process (“slow” or “fast”). Stronger crust (sin(φ) = 0.2 – 0.6) increases the initiation time 

by 0.3–2.5 Ma if other model parameters favor fast mode of subduction initiation (Fig. 3.13). In 

contrast, in slow subduction initiation mode stronger plastic crust speeds up the process by 4 – 7 

Ma (Fig. 3.14). 
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Experiment Reference 
experiment 

(with 
sin(φ)= 0,1) 

Internal 
friction of 
continental 
crust sin(φ) 

Geodynamic 
regime 

Time of 
subduction 
initiation 

(Ma) 

Thrust sheet 
length (km) 

90 3 0,2 overthrusting - 130 
91 10 0,4 subduction 3,1 - 
92 10 0,6 subduction 3,4 - 
93 11 0,4 subduction 26,7 - 
94 11 0,6 subduction 18,7 - 
95 12 0,2 overthrusting - 100 
96 12 0,3 overthrusting - 50 
97 12 0,4 stable margin - 15 
98 12 0,6 stable margin - 10 
99 18 0,4 subduction 5,1 - 
100 19 0,2 subduction 6,5 - 
101 20 0,4 subduction 16,5 - 
102 21 0,2 subduction 32 - 
103 22 0,2 overthrusting - 205 
104 22 0,3 overthrusting - 150 
105 28 0,4 subduction 9,6 - 
106 29 0,2 overthrusting - 300 
107 29 0,3 overthrusting - 250 
108 32 0,4 subduction 1,5 - 
109 33 0,4 subduction 5,1 - 
110 34 0,2 subduction 20,5 - 
111 34 0,3 subduction 19,2 - 
112 34 0,4 subduction 20,6 - 
113 34 0,6 subduction 20,4 - 
114 35 0,2 overthrusting - 250 
115 35 0,3 overthrusting - 220 

 
Table 3.7. Description of numerical experiments 90–115 with varying friction coefficient of the continental crusta 
 
a All other model parameters are taken from the reference experiments with sin(ϕ) = 0.1 (Table 3.4). 
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Figure 3.12. Influence of the plastic strength of the continental crust on the overthrusting process. Stronger crust 
causes formation of shorter thrust sheets (experiments 12, 93, 94, and 95, from top to bottom). Thickness of the 
continental lithosphere in all experiments was 110 km, age of the oceanic plate was 40 Ma, density contrast between 
lithospheric mantles was 25 kg/m3, and time was 30 Ma. 
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Figure 3.13. Influence of the plastic strength of the continental crust on the typical mode of subduction initiation 
(experiment 102). General development remains unchanged, but the time needed for lithospheric failure increases 
(compare with Figure 3.4). 
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Figure 3.14. Influence of the plastic strength of the continental crust on the slow mode of subduction initiation 
(experiment 98). General development remains unchanged, but the time needed for lithospheric failure decreases 
(compare with Figure 3.5). 



 

 

67

 
Plastic strength of hydrated rocks 

Fluid released from the oceanic crust (due to either subduction or thrusting of continental 

crust over the oceanic one) hydrates the overlying lithospheric rocks and weakens the slab 

interface which has a crucial role in the development of self-sustained one-sided subduction 

(Gerya et al., 2008). In most experiments we used zero values of friction coefficient for rocks in 

presence of fluid (Gerya et al., 2008). However, most of fluids may be dismissed at shallow 

depth, particularly in case of prolonged initial overthrusting, leading to increased coupling 

Internal friction 
sin(φ)b 

of hydrated 

Experi-
ment 

Pore fluid 
pressure 

factor 
λ conti-

nental 
crust 

mantle 

Density 
contrast 
(kg/m3) 

Thickness 
of the 

continental 
plate 
(km) 

Geo-
dynamic 
regime 

Time of 
subduction 
initiation 

(Ma) 

Thrust 
sheet 
length 
(km) 

10c 1,0 0,0 0,0 25 90 subduction 2,7 - 
116 0,75 0,025 0,05 25 90 subduction 5,0 - 
117 0,7 0,03 0,06 25 90 subduction 5,8 - 
118 0,6 0,04 0,08 25 90 subduction 7,6 - 
119 0,5 0,05 0,1 25 90 subduction 10,0 - 
12c 1,0 0,0 0,0 25 110 over-

thrusting 
- 250 

120 0,95 0,005 0,01 25 110 stable 
margin 

- 5 

33c 1,0 0,0 0,0 100 100 subduction 4,1 - 
121 0,75 0,025 0,05 100 100 subduction 4,7 - 
122 0,6 0,04 0,08 100 100 subduction 6,7 - 
123 0,5 0,05 0,1 100 100 subduction 7,9 - 
34c 1,0 0,0 0,0 100 110 subduction 20,1 - 
124 0,75 0,025 0,05 100 110 subduction 15,2 - 
125 0,6 0,04 0,08 100 110 subduction 16,0 - 

 
Table 3.8. Description of numerical experiments 116–125 with varying pore fluid pressure factor of the continental 
crusta 
 
a The age of the oceanic plate is 40 Ma, thickness of the continental crust equals 44 km, and the internal friction of the 
continental crust is sin(ϕ) = 0.1. 
b internal friction of hydrated rocks is calculated from friction coefficient of dry rocks and fluid pressure factor as 
sin( ) sin( )(1 )dryϕ ϕ λ= −

 
c experiments with zero friction at upper slab interface listed also in Table 3.4 
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between plates. To test the possible influences of stronger coupling between plates (e.g. Sobolev 

and Babeyko, 2005) we ran additional experiments with varying pore fluid pressure factor λ 

which is related to the effective friction angle φ through equation (2) (Table 3.8). Experiments 

show that increasing friction atop the slab leads to formation of shorter thrust sheets. If 

experiments showed “fast” subduction development mode then stronger coupling between plates 

postpones the initiation of subduction and leads to steeper angle of slab sinking. In case of 

“slow” mode of subduction initiation increasing friction between plates leads to the earlier 

subduction initiation. Our experiments show that concerning the initial stage of subduction the 

effect of increasing plastic strength of hydrated rocks is very similar to that of increasing plastic 

strength of the continental crust only (cf. Figs. 3.15 and 3.16), although higher strength of 

Figure 3.15. Time of subduction initiation as a function of the continental crust strength (see text for details). 
Number of the reference experiment with the sin(ϕ) = 0.1 is shown at the beginning of each curve. The increase in 
strength of the continental crust influences the time of subduction initiation differently depending on its mode: 
Experiments that showed a rather fast mode of subduction initiation (lower group of curves: experiments 32, 18, 10, 
33, 19, and 28) are characterized by a slower evolution of subduction zone with increasing crustal strength. 
Experiments that showed a slow mode of subduction initiation (upper group of curves: experiments 11, 34, and 20) 
are characterized by a faster development of subduction zone with increasing strength of crustal rocks. 
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hydrated mantle rocks could also play a role in a long term evolution of the subduction system 

(Sobolev and Babeyko, 2005; Gerya et al., 2008). 

 Sediment loading 

Another parameter which may control the evolution of passive margins is sediment 

loading (Cloetingh et al., 1984; Cloetingh et al., 1989; Regenauer-Lieb et al., 2001). Sediments 

accumulating at passive margin depress the oceanic plate and, thus, seem to provide the 

favorable conditions for further bending of the plate and the lithosphere break off. Therefore, we 

ran a few additional experiments to test the influence of the sediment loading on the passive 

margin evolution (Table 3.9). In those experiments part of the oceanic plate adjacent to the 

continent was initially deflected and sediments up to 10 km thick were put on top of it (Fig 3.1b). 

Our experiments show that sediment loading promotes overthrusting rather than subduction 

(Table 3.9).  

 

 

 

Figure 3.16. Time of subduction initiation as a function of the strength of hydrated rocks (sin(’) is shown for 
hydrated mantle and crustal rocks). Each curve is marked with the number of the reference experiment with the zero 
strength of hydrated rocks. Similarly to the effect of increasing strength of the continental crust (Figure 15), the 
increase in strength of the slab overlying rocks either decreases (slow mode) or increases (fast mode) the time of 
subduction initiation depending on the mode of the process. 
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3.4 Discussion 
 

3.4.1 Factors controlling stability of the passive margin 

Subduction initiation is triggered by gravitational instability of the oceanic plate and is 

deterred by shear resistance at the plane between subducting and overriding plate. We will now 

discuss what parameters are affecting the balance between these two forces according to 

presented experimental results. 

Subduction is thought to be the consequence of the gravitational instability raised from 

the oceanic lithosphere ageing and cooling. It was generally accepted that the colder, i.e. denser, 

plate sinks into the asthenosphere more readily (Vlaar and Wortel, 1976). More recent studies 

have shown that relationship between density and age of the oceanic lithosphere does not always 

follow the common half-space cooling model, and plate does not become significantly denser 

after 70-100 Ma (e.g., Parsons and Sclater, 1977; Vlaar and Wortel, 1976). Another complexity 

added to the initial concept lies in increasing strength of plate with increasing age. Particularly, it 

has seemed to be more difficult to bend older plate and initiate subduction (Cloetingh et al., 

1982; Mueller and Phillips, 1991). Together these findings lead to the conclusion that growing 

age of the oceanic plate alone does not promote (or even opposes) subduction initiation. The 

Experiment Density 
contrast 
(kg/m3) 

Thickness 
of the 

continental 
plate (km) 

Sediment 
loading 

(km) 

Geodynamic 
regime 

Time of 
subduction 
initiation 

(Ma) 

Thrust 
sheet 
length 
(km) 

10 25 90 0 subduction 2,7 - 
126 25 90 5 overthrusting - 250 
28 75 100 0 subduction 6,8 - 
127 75 100 1 subduction 11,0 - 
128 75 100 5 overthrusting - 350 
129 75 100 10 overthrusting - 250 
28 75 110 0 overthrusting - 350 
130 75 110 10 overthrusting - 210 

 
Table 3.9. Description of numerical experiments 126–130 with varying sediment loadinga 
 
a The age of the oceanic plate is 40 Ma, thickness of the continental crust equals 44 km, and the internal friction of the 
continental crust is sin(ϕ) = 0.1. 
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experimental results showed that the age of the oceanic plate does not determine the tectonic 

regime on a continental margin, although its minimum value is necessary to obtain 

gravitationally unstable negatively buoyant plate (Figs. 3.6 and 3.8). It is seen from Figure 3.8 

that the transition boundary between subduction initiation and overthrusting regimes is very 

steep and does not notably depend on the age of the oceanic plate. Indeed, it has been recently 

demonstrated (Gerya and Yuen, 2007) that even old oceanic plates may be easily bent by 

pressure-dependent viscoplastic failure promoted by deep penetration of localized normal faults 

into the slab.  

In addition to age of the oceanic plate a sediment loading has been proposed as a factor 

inducing oceanic plate flexure and, thus, promoting a plate rupture (Cloetingh et al., 1984; 1989). 

This seems not to be supported by our experiments where subduction starts by ductile flexure of 

the continental lithospheric mantle rather than by brittle/plastic failure of the oceanic plate. 

Consequently, sediment loading in our experiments promotes overthrusting rather than 

subduction by preventing sharp bending of the oceanic plate necessary for the ductile flexure of 

continental lithospheric mantle. 

Shear resistance preventing subduction could be reduced by weakening the plates’ 

boundary, e.g. by warming it up or by water addition (e.g. Van der Lee et al., 2008). One of the 

main conclusions derived from our experiments is that stability of passive margin depends 

mainly on the ductile strength of the continental plate rather than on that of the oceanic plate 

(Figs. 3.6, 3.7, and 3.8). The strength profiles across the continental margins also consistently 

show the common higher strength on the oceanic side and lower strength landward (Steckler and 

ten Brink, 1986).  

In our models subduction is started by shearing between continental and oceanic 

lithospheres, and is controlled by both crustal and mantle deformation. Fast and slow modes of 

subduction initiation observed in our experiments reflect the predominance of one of these 

factors and, thus, respond differently on the changing strengths of crustal rocks. The fast mode of 

subduction initiation depends mainly on the progress of crustal deformation and, consequently, 

an increase in the strength of the continental crust postpones the development of subduction zone 

(Figs. 3.15 and 3.16). Slow mode of subduction initiation is controlled mostly by the progress of 
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the mantle lithosphere deformation. In this case the increase in strength of the upper 

(brittle/plastic) crust results in the shorter and thicker thrust sheet which in turn causes sharper 

deflection of the oceanic plate downward. Sharper deflection promotes faster growth of stresses 

in the continental mantle which speeds up subduction initiation (Fig 3.15 and 3.16).  

In addition to ductile strength of the continental lithosphere, the compositional density 

contrast between continental and oceanic lithospheric mantle strongly affects the coherence of 

the joint lithosphere (Mart et al., 2005). The results of numerical experiments show that larger 

density contrast between lithospheric mantles strongly promotes subduction initiation (Fig. 3.7) 

or provides favorable conditions for formation longer thrust sheet depending on the strength of 

the continental lithosphere (Figs. 3.7 and 3.10b). It is known that typical lithospheric mantle 

beneath continents is compositionally depleted and thus positively buoyant compared to the 

ambient mantle, which contributes to the stability of continents (Jordan, 1978; Sankaran, 2001; 

Carlson et al., 2005). Density of subcontinental lithospheric mantle is related to its 

tectonothermal age (Poudjom Djomani et al., 2001; Deen et al., 2006) and thus varies broadly 

being lowest (∆ρ=80 kg/m3 with respect to the primitive mantle from Poudjom Djomani et al., 

2001) beneath Arcons (i.e. areas experienced their last major tectonothermal event >2.5 Ga ago) 

and highest (∆ρ=30 kg/m3) beneath Tectons (were modified since 1.0 Ga). From this point of 

view, passive margins are likely the potential cites for new subduction zones. However, no 

obvious subduction initiation occurs along passive margins in the Atlantic and Indian Oceans, 

although it has been proposed by some authors (e.g. Lallemand et al., 2001). One reason for this 

lies in the geological structure of passive margins. They are not abrupt boundaries of continental 

and oceanic lithosphere. Rather passive margins represent gradual transitions, which extend over 

a few hundred kilometers. Moreover, many of passive margins characterized by thick sequences 

of basalts and intrusions produced by mantle plumes during continental break-up (Eldholm and 

Coffin, 2000; Stern, 2004). These magmatic sequences are rheologically strong and difficult to 

break and their formation depleted lithospheric roots, making them too buoyant to sink. The 

second reason is that in terms of stability of the passive margin the thickness and degree of 

depletion of the continental lithospheric mantle are counter-interacting (Fig 3.7), while in nature 

these parameters are typically positively correlated (Lee et al., 2001; O’Reilly and Griffin, 2006). 
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Thus, the density contrast between oceanic mantle lithosphere and rather thin continental 

lithosphere is likely to be ≤ 25 kg/m3 (Sobolev et al., 1997). 

To summarize this part of the discussion section, the model predicts that subduction starts 

(i) when the negative buoyancy of the oceanic plate is achieved (already from 20 Ma old plate), 

(ii) when the continental lithospheric mantle is rather depleted (∆ρ ≥ 50 kg/m3) and (iii) when the 

Moho temperature in the large region of the continental plate is notably elevated (>650oC) which 

allows for ductile creep of both the lower continental crust and the lithospheric mantle to be 

simultaneously activated. Note, that such high-temperature conditions may be rarely achieved in 

nature and limited to special cases of strongly thinned/weakened (e.g. rifted and/or affected by 

thermal-chemical plumes) margin lithosphere (Van der Lee et al., 2008).  

 

3.4.2 Topography indications 

Subduction in presented numerical model is always preceded by thrusting of the 

continental crust over the oceanic plate due to the strong density contrast between continental 

crust and adjacent oceanic lithosphere. We studied topography expressions of each tectonic 

regime, in order to obtain a distinction criterion, potentially applicable to nature. 

Both subduction and overthrusting are characterized by development of an oceanic trench 

(Figs. 3.3, 3.4, and 3.17) with the maximum trench depth varying from 8 km to 11 km. Trench 

formation is resulting from the large initial instability at the margin, which forces intense 

thrusting of the continental crust over the oceanic one and related viscoplastic bending of the 

oceanic plate (Gerya and Yuen, 2007; Faccenda et al., 2008). After initiation of subduction this 

trench sustains (Fig 3.17b) due to the growing load arising from the subducting slab. There is no 

undeniable difference in depth between trenches formed by overthrusting and subduction (Figs. 

3.3, 3.4, and 3.17). In case of subduction initiation transition from overthrusting stage to proper 

subduction is characterized by the period of trench depth relaxation associated with prolonged 

ductile shearing of the continental/oceanic lithospheric boundary (cf. Fig. 3.3 and Fig. 3.17b). 

Another remarkable topography feature is a frontal bulge formed at 100 – 300 km from the 

trench landward. It is clearly observed in experiments with large (> 150 km)  overthrusting as 

well as in experiments resulting in subduction initiation (Figs. 3.3, 3.4, and 3.17) and its 
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formation is related to deflection of the thinner frontal part of the forming crustal sheet 

interacting with the bending oceanic plate.  

The experiments show that in case of laterally uniform lithospheric thickness transition 

from overthrusting to subduction is not expressed in any specific topography features, before 

subduction causes development of a back arc basin and an oceanic arc. However, it is important 

to mention that topography development is strongly sensitive to the initial margin geometry and 

may differ for experiments with non-uniform lithospheric thickness. 

Figure 3.17. Topography evolution with time in experiments with (a) overthrusting regime and (b) subduction
initiation. Corresponding evolution of lithological and temperature fields during these two experiments is shown in 
Figures 3 and 4, respectively. In both experiments the initial stage of development is characterized by creeping of 
the continental crust over the oceanic one and formation of an oceanic trench and a frontal bulge. In the case of the 
overthrusting tectonic regime, the model reaches steady state at �18 Ma, whereas in the case of subduction, the 
period of inactivity in topography development (from �1.5 to �4 Ma) is followed by proper subduction [initiation 
accompanied by trench retreat and deepening and back�arc rifting. 
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3.5 Conclusions 
 

We investigated factors controlling passive margins stability such as age of the oceanic plate, 

thickness of the continental lithosphere and crust, and density contrast between subcontinental 

and suboceanic lithospheric mantles. The numerical experiments show that: 

1. Three subsequent tectonic regimes can be distinguished at a passive margin: (1) stable 

margin, (2) overthrusting, (3) subduction.  

2. Stability of a passive margin depends rather on the strength of the continental lithosphere 

than on that of the oceanic one. 

3. Transition from stable margin to the overthrusting regime is mainly controlled by ductile 

strength of the continental crust. However other parameters such as density of the underlying 

lithospheric continental mantle and brittle/plastic strength of the upper continental crust affect 

thrust sheet length and thickness. 

4. Transition from overthrusting to subduction initiation is mainly controlled by ductile 

strength and density of the continental lithosphere. 

5. Age of the oceanic plate is a factor of a secondary importance in subduction initiation: it 

plays a role if other parameters are of critical values. 
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Chapter 4  

Numerical analysis of subduction initiation risk along the Atlantic 

American passive margins2 
 

Abstract 

 
As the oceanic lithosphere ages and cools, its density increases and at some stage exceeds the 

density of the underlying asthenosphere, so that the plate can sink spontaneously under its own 

weight. However, despite the fact that some seafloors are about 170 Ma old, undeniable 

Cenozoic example of a passive continental margin transforming into an active margin by 

subduction initiation is not yet known (Stern, 2004). Cloetingh et al. (1982), Mueller and Phillips 

(1991), and McKenzie (1997) indicated the sources of difficulty of such a transformation 

providing however no evaluation of existing passive margins from the viewpoint of their future 

stability. Indeed, as suggested by recent numerical experiments with generalised passive margin 

structures (Nikolaeva et al., 2010) spontaneous subduction initiation may have a “hidden” initial 

phase which is not expressed in diagnostic features such as trench and magmatic arc. Here we 

analyze numerically the probability of subduction initiation along the Atlantic American passive 

margins based on their topography and lithospheric and crustal structure. According to our 

experimental results proper subduction will likely start during the next 10-20 million years along 

the southern part of the Brazilian margin, while other Atlantic margins of North and South 

America are stable under the present geodynamic conditions.  

 

4.1 Introduction 
 

The main reason for an oceanic plate to subduct is to its negative buoyancy, which is achieved in 

20 – 50 Ma after the oceanic plate formed at the mid-ocean ridge (Cloos, 1993). However, the 

2 This work has been submitted in a slightly modified form in: Nikolaeva, K., Gerya, T., and Marques, F.O. 
Numerical analysis of subduction initiation risk along the Atlantic American passive margins. Geology. 
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negative buoyancy is not enough to overcome frictional resistance along the continent-ocean 

boundary and the coherence of the joint oceanic-continental plate (McKenzie, 1997). In addition 

to the negative buoyancy of the oceanic lithosphere, passive margins are usually characterised by 

at least two additional factors favouring subduction initiation: (i) lateral density difference 

between relatively thick (25-35 km) continental crust and adjacent significantly denser oceanic 

lithosphere (Mart et al., 2005; Goren et al., 2008), and (ii) a chemical density contrast between 

the continental and oceanic lithospheric mantle (Mart et al., 2005; Carlson et al., 2005). Both 

forces generated by these density differences weaken the contact zone and may trigger break-off 

of the joint plate (Carlson et al., 2005; Niu et al., 2003). Moreover, additional topography related 

forces may come into play at passive margins, e.g. sedimentary loading at the margin (Erickson, 

1993) or horizontal push exerted by the topographic loads located within the continent or forces 

coming from another oceanic ridge on the other side of the continent, as happens in North or 

South America.  

It has been shown numerically (Nikolaeva et al., 2010) that during spontaneous 

subduction nucleation at a passive margin, the weaker continental lithosphere is internally 

deformed rather than the stronger oceanic one (Steckler and Brink, 1986), which is only 

subjected to gentle visco-elasto-plastic bending (Faccenda et al., 2009). It has also been shown 

(Nikolaeva et al., 2010) that the strength of the continental lithosphere actually defines the lower 

stress limit needed to be overcome to initiate subduction. The strength of rocks is strongly 

influenced by temperature; therefore the thermal structure of the continent is the key parameter 

for the stability of the passive margin. Temperature at the continental Moho is particularly 

important as it controls the strength of the lower crust and the upper lithospheric mantle, where 

initial plate separation, leading to subduction, is initiated (Nikolaeva et al., 2010).  

Atlantic margins of North and South America are ideal objects for analysing the 

probability of subduction initiation because they are characterised by great variations in 

continental lithospheric thickness (from 75 to 150 km) and hence Moho temperature, in addition 

to the presence of both the old oceanic lithosphere and the topography, all of which induce forces 

favouring subduction (Husson et al., 2008). In particular, topography-related forces come from 

the mass excesses in Andes and North American Cordillera, as well as from Appalachian 
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Mountains and Brazilian Plateau. Both continental margins are affected from the East by the 

push of the Mid-Atlantic Ridge (MAR) and from the West by forces coming from the Pacific 

ridges. Of particular interest is the Brazilian coast where igneous activity as well as considerable 

seismic activity was recognized. This observation was attributed to possible subduction initiation 

already in 1977 by Fyfe and Leonardos, who argued that the deflected downward due to 

sedimentary load or by oceanic floor underthrusting the continent or thickened oceanic crust may 

in fact undergo the basalt-eclogite transition, which would lead to low-velocity subduction. 

 

4.2 Methods 
 

4.2.1 Numerical model  

The numerical experiments were performed with the I2ELVIS code (Gerya and Yuen, 2007). 

The computational domain depends on the actual profiles we model and varies from 6000 × 300 

km to 7980 × 300 km. The maximum vertical resolution was 1 km for the region from depths 6 - 

30 km and was 2 km every where else in the domain. The horizontal resolution was maximal 

around the margin (2 km for 500 km at each side of the continent-ocean boundary) and increased 

gradually to 30 km at the boundaries of the model. The temperature structure of the continental 

part of the plate is controlled by its thickness and is defined by a linear profile from 0 ºC at the 

surface to prescribed temperature at the base of the lithosphere, which is calculated as  

Tbase = 0.5×dlit + 1250,                                                   (4.1) 

where dlit is the thickness of the continental lithosphere. The initial temperature gradient in the 

asthenospheric mantle is 0.5 ºC/km. The temperature profile of the oceanic lithosphere is 

computed from the age of the ocean according to the cooling of a semi-infinite half-space 

equation (Turcotte and Schubert, 2002). The age of the Atlantic Ocean was maximal (170 Ma for 

North American margin and 110 Ma for South American margin) at 300 km offshore and 

decreases linearly towards the right boundary corresponding to the MAR (0 Ma). The oceanic 

plate is thus not attached to the right model boundary and can move. We emphasize that the 

velocity field in the model arises spontaneously due to gravitational and topographic forces. For 

details of numerical model set up see chapter 2. 
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4.2.2 Model design 

Our 2D numerical models simulate the lithosphere-upper asthenosphere sections of North and 

South American plates along different sections as shown on Fig. 4.1a. Models of both plates start 

at mountains at the eastern edge of the continents and ends at MAR to include the main 

topographic forces. To construct the continental lithosphere of North America we used data from 

Artemieva and Mooney (2001) for the lithosphere thickness and data on crustal thickness from 

Hasterok and Chapman (2007). The model of South American continent is based on crustal 

thickness data obtained by Feng et al. (2007) and lithosphere thickness estimated by Artemieva 

and Mooney (2001) (Fig. 4.2). Material properties used in numerical experiments are listed in the 

table 4.1. 

 

Figure 4.1. Location of analysed cross-sections (a) and risk evaluation map (b) for Atlantic margins of North and
South America. Dark solid lines in (a) denote cross-sections analysed with 2D numerical models. As suggested by
results of numerical experiments, the southern part of the Brazilian margin is under risk of subduction initiation 
(Fig. 4.4), while other modelled margins are stable (Fig. 4.3). 
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4.3 Results and discussion 
 

Continental lithosphere of North America is rather thick (> 100 km) along most of its eastern 

margin (Artemieva and Mooney, 2001), which implies less than 500 ºC Moho temperatures at 

the base of 35-40 km thick continental crust (Hasterok and Chapman, 2007). We performed 

several numerical experiments to test the stability of the margin at different latitudes (Fig. 4.1a, 

Table 4.2). The results show that the Atlantic margin of North America will remain stable 

(passive, Fig. 4.3) over the next tens of millions of years, if the compositional and temperature 

structure is not affected by other processes such as rifting or rising mantle plumes. The latter 

scenario was proposed for the passive North American margin due to water addition  

Figure 4.2. The model setup for the cross-section DC. White lines indicate temperature in ºC. All mechanical
boundary conditions are free slip. Oceanic and continental crusts consist of two layers of different densities. 
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Figure 4.3. 2D evolution of the lithological and temperature fields obtained from experiment on cross-section KL 
(Fig. 4.1, enlarged areas from 7050×300 km model). Each snap shot is accompanied by a topographic profile;
isotherms are shown as white lines for each 200ºC; Time is shown starting from the beginning of experiment (i.e.
from present). At 42 Ma the relief is smoother and a small delamination of oceanic lithospheric mantle occurs at the
base of the lithosphere. The oceanic and continental lithospheres remain connected to each other. 

Rock type density 
 (kg m-3) 

thermal 
conductivity  
(W m K-1) 

flow lawa cohesion 
(MPa) 

friction 
angle, 
sinφ 

mafic crust 3200 1.18+474/(T+77) plagioclase An75 3 0.1 
felsic crust 3000 0.64+807/(T+77) wet quartzite 3 0.1 
oceanic 
lithospheric 
mantle and 
asthenosphere 

3300 0.73+1293/(T+77) dry olivine 3 0.6 

continental 
lithospheric 
mantle 

3225-
3250b  

0.73+1293/(T+77) dry olivine 3 0.6 

 
Table 4.1. Material properties used in 2D numerical experiments 
 
a flow laws are taken from Ranalli, 1995.  
b density of the continental lithospheric mantle was variable in our experiments, see Table 4.2. 
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from the subducted Farallon plate (van der Lee et al., 2008). According to this hypothesis, 

aqueous fluids released from the slab may affect the eastern part of the American continental 

lithosphere and form an elongated zone characterised by reduced strength and density parallel to 

the Appalachians. This could cause subduction initiation as argued by van der Lee et al. (2008). 

The Atlantic margin of South America is characterised by a rather thin lithosphere, 

especially for the southern part of the Brazilian margin, as suggested by terrestrial gravity 

(Pérez-Gussinyé et al., 2007; Tassara et al., 2007) and heat flow data (Artemieva and Mooney, 

2001). To evaluate the risk of future subduction initiation along the margin, we constrained 5 

representative profiles across South America, where the continental thermal structure is 

reasonably well defined (Artemieva and Mooney, 2001) (Fig. 4.1a). Results of the numerical 

experiments are different for the northern and southern part of the studied area. The northern part 

of the margin, which is characterised by thick continental lithosphere (125 - 150 km, TMoho=317 

experiment cross-
section 

Hcrust
 

(km) 
Hlith 
(km) 

TMoho 
(ºC) 

ρcont.m 
(kg m-3) 

geodynamic regime 

1 OP 37 110 496 3250 stable margin 
2 OP 37 110 496 3225 stable margin 
3 KL 40 125 325 3250 stable margin 
4 KL 40 125 325 3240 stable margin 
5 KL 40 125 325 3230 stable margin 
6 KM 35 130 376 3250 stable margin 
7 KM 35 130 376 3225 stable margin 
8 NM 35 130 376 3250 stable margin 
9 NM 35 130 376 3225 stable margin 
10 AB 35 150 317 3250 stable margin 
11 AB 35 150 317 3225 stable margin 
12 DB 35 150 317 3250 stable margin 
13 DB 35 150 317 3225 stable margin 
14 FJ 35 125 418 3250 stable margin 
15 FJ 35 125 418 3225 stable margin 
16 DC 38 75 736 3250 subduction 
17 DC 38 75 736 3225 subduction 
18 EC 38 75 736 3250 subduction 
19 EC 38 75 736 3225 subduction 

 
Table 4.2. Parameters and results of conducted experiments 
 
Hcrust and Hlith are thicknesses of the continental crust and continental lithopshere at the margin, respectively; TMoho is 
the continental Moho temperature at the margin; ρcont.m is the density of the continental lithospheric mantle. 
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– 418 oC: points B and J on Fig. 4.1a), is stable for the duration of the experiment (>50 Ma). In 

contrast, the southern part of the margin has a thin lithosphere (75 km: point C on Fig. 4.1a), and 

respectively high estimated continental Moho temperature (~735 ºC), which implies notably 

reduced strength of the continental lithosphere. Under these conditions, the weak lower 

continental crust in respective experiments thrusts over the oceanic crust due to the lateral 

density contrast, and deflects the oceanic lithosphere downward (Fig. 4.4, Time = 4 Ma and 12 

Ma). At a later stage, proper retreating subduction initiates by ductile shearing of oceanic-

continental mantle boundary and becomes self-sustained at ca. 25 million years (oceanic crust 

becoming overridden by the mantle wedge asthenosphere in Fig. 4.4 at 25 Ma). This predicted 

scenario appears to be robust and does not crucially depend on the model profile (Fig. 4.1a, 

Table 4.2), although the beginning of subduction may vary by ±10 Ma. In particular, we tested 

influence of geometry of transition from the continent to the ocean by varying the width of the 

thinned continental crust from 50 to 110 km. Test experiments indicate that subduction initiation 

time varies within the specified limits of ±10 Ma (Fig. 4.5). 

Another important controlling parameter for subduction nucleation at a passive margin is 

the density difference between continental and oceanic lithospheric mantles (Nikolaeva et al., 

2010, Mart et al., 2005). Although the lithospheric mantle beneath continents is known to be 

more compositionally depleted, and thus less dense than the oceanic lithospheric mantle (Carlson 

et al., 2005), the exact value of the mantle rock density at lithospheric conditions is unknown. In 

our experiments, the compositional density difference between subcontiental and suboceanic 

mantle is chosen to be 50 kg/m3 (Table 4.2). For the Brazilian margin this value appears to be 

realistic because the continental lithosphere is believed to be cratonic there (Pérez-Gussinyé et 

al., 2007). For margins of South and North America which showed no sign of subduction 

initiation we performed additional experiments with higher density contrast between oceanic and 

continental lithospheric mantles (up to 75 kg/m3, Table 4.2). Results are irrespective of density 

difference and show that these margins should indeed remain stable. Lower density contrast 

would lead to higher margin stability (Nikolaeva et al., 2010) and, thus, to lower probability for 

subduction initiation at these settings.  
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Figure 4.4. 2D evolution of the lithological and temperature fields obtained from experiment on cross-section DC 
(Fig. 4.1, enlarged areas from 6000×300 km model). After starting the experiment, lateral density contrasts at the
margin promote thrusting of the continental crust over the oceanic (Time=4 Ma and 12 Ma). At that early stage,
stresses are not enough to break the lithosphere. At a later stage, stresses concentrated at the deflected continent-
ocean mantle boundary overcome the ductile strength of the continental mantle, which become sheared along the 
boundary while the oceanic plate starts to sink under the continental lithosphere (Time = 20 Ma). At the final
modelled stage of 25 Ma two plates are fully separated and the proper retreating self-sustaining subduction goes on.
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Figure 4.5. 2D evolution of the lithological and temperature fields obtained from experiment with broader transition 
from continental to oceanic crust on cross-section DC (Fig. 4.1, enlarged areas from 6000×300 km model). The 
general development is the same as in the previous model with steep continental crust edge, however subduction
starts 3 Ma earlier (cf. fig 4.4). 
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The model gives interesting prediction of the future tectonic evolution of the passive 

Brazilian margin that could be in the process of conversion to the active margin. This prediction 

does not disagree with natural data suggesting the present day reverse faulting offshore SE Brazil 

(e.g. Assumpção 1992). Indeed, such initiation should yet be in the very early stage that is 

evidenced by the absence of a noticeable oceanic trench along the margin (Nikolaeva et al., 

2010). 

 

4.4 Conclusions 
 

Based on the numerical experiments conducted, we propose that the southern part of the 

Brazilian margin is under the risk of subduction initiation within the next 20 Ma, while other 

Atlantic margins of North and South America should rather remain stable within the next few 

tens of millions of years (Fig. 4.1b, Table 4.2). Also, according to our data the lower thickness of 

the continental lithosphere underneath SE Brazil, implying the higher Moho temperature, is the 

main factor favouring future subduction initiation in this region. A thicker, colder, and hence 

stronger lithosphere under the rest of studied American passive margins should prevent 

subduction initiation, unless some additional geodynamic force such as rifting and/or thermal-

chemical plume ascent (Burov and Cloetingh, 2010) occur in the future. 
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Chapter 5 

Numerical modelling of crustal growth in intraoceanic volcanic 

arcs3 
 

Abstract 
 
We investigate crustal growth processes on the basis of a 2D coupled geochemical–petrological–

thermomechanical numerical model of retreating intraoceanic subduction. The model includes 

spontaneous slab retreat and bending, subducted crust dehydration, aqueous fluid transport, 

mantle wedge melting, and melt extraction resulting in crustal growth. Our numerical 

experiments show that the rate of plate retreat influences both the rate of crust formation and 

composition of newly formed crust. The rate of trench retreat, which is a manifestation of 

subduction rate, strongly varies with time: retreat rates slow (from 7 cm/a to 1 cm/a) shortly (in a 

few Ma) after the beginning of subduction and then increase (up to 4 cm/a). Subsequently two 

different scenarios can be distinguished: (1) subduction rate decay that leads ultimately to 

cessation of subduction, (2) subduction rate acceleration (up to 12 cm/a), which stabilizes 

subduction. The rate of crust formation positively correlates with rate of trench retreat. Modelled 

average rates of crustal growth (30–50km3/km/Ma) do not include effects of dry mantle melting 

and are close to the lower edge of the observed range of rates for real arcs (40–180km3/(km 

Ma)). The composition of new crust depends strongly on the evolution of subduction. Four major 

magmatic sources can contribute to the formation of the crust: (1) hydrated partially molten 

peridotite of the mantle wedge, (2) melted subducted sediments, (3) melted subducted basalts, (4) 

melted subducted gabbro. Crust produced from the first source is always predominant. In all 

studied cases it appears shortly after beginning of subduction and is a persistent component so 

long as subduction remains active. Significant amount of crust produced from other three sources 

appear (i) in the beginning of subduction due to the melting of the slab “nose” and (ii) at later 

stages when subduction velocity is low(<1 cm/a), which leads to the thermal relaxation of the 

3 This work was published in: Nikolaeva, K., Gerya, T.V., and Connolly, J.A.D., 2008. Numerical modelling of 

crustal growth in intraoceanic volcanic arcs. Physics of the Earth and Planetary Interiors 171, 336–356 
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slab. Both the intensity of melt extraction, which was prescribed by given melt extraction 

threshold, and the age of subducted plate affect the volume of new crust. On a long time scale the  

greatest volume of magmatic arc crust is formed with an intermediate melt extraction threshold 

(2–6%) and medium subducted plate ages (70–100 Ma). 

 

5.1 Introduction 

 
Subduction zones integrate the Earth’s crust with the mantle. This integration occurs by the 

sinking of oceanic crust into the mantle and the formation of new crust by fluids and melt 

released from the slab and suprajacent mantle. We concentrate here on the crustal growth aspect 

of subduction zones. The deformation and metamorphism of crust, contamination and mixing of 

initial magmas, lack of data, and complex geological setting and geodynamics history make 

investigation by natural observations difficult. Yet progress in this topic has been made through 

geochemistry. Isotopic and trace element ratios have established magmatic sources (e.g. Tera et 

al., 1986; Elburg et al., 2004; Kessel et al., 2005; Saal et al., 2005) and the mode of mass 

transport (e.g. Hawkesworth et al., 1997; George et al., 2003; Elliott et al., 1997). The role of 

slab derived melts is debated because subducted oceanic crust in most modern subduction zones 

is thought to be too cold to permit slab melting (Schmidt and Poli, 1998; Peacock et al., 1994). 

Nevertheless, a slab component is necessary to explain geochemical features of arc lavas, e.g. 

high LILE/HFSE and LREE/HFSE ratios as compared to the ratios typical of mantle-derived 

melts in other tectonic settings (Macpherson et al., 2006; Armstrong, 1971; Tera et al., 1986; 

Rosner et al., 2003). Accordingly, some authors explain these features as a consequence of slab 

melting (Kelemen et al., 1990, 2003), while other authors invoke transport by hydrous fluids 

released from the slab (Tatsumi et al., 1986). More recently we have argued that crustal 

component can also be explained by hydrated partially molten diapiric upwellings (cold plumes) 

rising from slabs (Gerya and Yuen, 2003b; Gerya et al., 2006). Another controversial problem in 

the crustal production process within subduction zone is the relation of geodynamics to the 

composition of arc rocks. To some extent, this problem has been resolved by geochemistry (e.g. 

Gordienko et al., 2007; Encarnacion, 2004). Straub (2003) used major element chemistry to 
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explain the transition from boninitic to tholeiitic volcanism in Izu Bonin–Mariana system by 

large scale replacement of mantle wedge material. Stern et al. (2006) speculate that geochemical 

and isotopic variations of Guguan crosschain basalts are result of an increasing role of fluids 

released from serpentinites interacting with relatively enriched OIB-type mantle. 

Various aspects of subduction zone processes related to volcanic arc growth have been 

studied numerically, e.g. initiation of subduction (Regenauer-Lieb et al., 2001; Hall et al., 2003); 

water release and its influence on subduction dynamics (Iwamori, 1998; Gerya et al., 2002; 

Rupke et al., 2004); slab melting (e.g. Peacock et al., 1994; Gerya and Yuen, 2003b; Gerya et al., 

2004a); seismic features related to mantle wedge melting (Gerya et al., 2006; Gorczyk et al., 

2006); and sub-arc magmatic productivity (Gorczyk et al., 2007a,b). However the dynamics of 

crustal growth in 2D has not been modelled numerically. In this paper we study this process with 

a 2D coupled geochemical–petrological–thermomechanical numerical model of retreating 

intraoceanic subduction. The model includes spontaneous slab retreat and bending, subducted 

crust dehydration, aqueous fluid transport, mantle wedge melting, and melts extraction resulting 

in crustal growth. 

 

5.2 Model description 

 
5.2.1 Initial and boundary conditions 

Our 2D model (Fig. 5.1, Table 5.1) simulates initiation and development of intraoceanic 

subduction resulting in volcanic arc growth in a 3000km×200 km lithospheric/upper mantle 

section. The oceanic crust is represented by a 2-km thick upper layer of hydrothermally altered 

basalts overlying 5 km of gabbroic rocks, and the mantle consists of anhydrous peridotite. The 

model oceanic crust does not include sediments, but sediments spontaneously fill the trench after 

its arc-ward slope reaches certain critical steepness. In addition to the water bound in hydrous 

minerals, 2 wt.% connate water is initially present in the basaltic and sedimentary sections of the 

subducted oceanic crust. 

In the model, subduction is initiated by a prescribed weak fracture zone between two 

oceanic plates of different ages (Hall et al., 2003). This zone is 30km wide and 60km thick. It 
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consists of mantle rocks with wet olivine rheology (Rannalli, 1995) and high pore fluid pressure. 

In the course of subduction, these mantle rocks are replaced by weak crustal rocks and hydrated 

mantle thereby naturally preserving the localizing effect of the initially prescribed fracture zone. 

Recent dynamic models of subduction process, with visco-(elasto)-plastic rheology (Hassani et 

al., 1997; Hall et al., 2003; Sobolev and Babeyko, 2005; Tagawa et al., 2007; Gorczyk et al., 

2007b; Gerya et al., 2008) have shown that stable one-sidedsubduction requires a lowstrength 

interface between strong plates. These studies indicate that effective friction coefficient at 

subduction interface must be below 0.1 to enable stable subduction. As such friction coefficients 

are lower than experimental values for dry solid rocks the low strength interface has been 

attributed to presence of metamorphic fluids (e.g. Hall et al., 2003; Gerya et al., 2008). 

Figure 5.1. Initial configuration of numerical model (see text for details). Staggered grid resolution: 651×101 

nodes, 10 million randomly distributed markers. Grid step varies from 2 km×2 km in the subduction zone area to

10km×2 km outside of this area. 
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Following arguments of Gerya et al. (2008) we assumed that pressure of free porous fluid in 

dehydrating subducted crust and hydrated mantle formed along the slab will be close to mean 

stress on solid phases and respectively lowered internal friction angle φ for these rocks to 0 

(Table 5.2). 

 Sediment Upper oceanic crust 

(altered basalt) 

Lower oceanic 

crust (gabbro) 

Mantle 

(peridotite) 

SiO2  61.10 47.62  53.49  45.55 

Al2O3 12.43  14.48  14.07  4.03 

FeO  5.43  10.41 6.86 7.47 

MgO 2.59  6.92  12.07 37.42 

CaO 6.21  13.39  10.73  3.18 

Na2O 2.54  2.15  1.22  0.33 

K2O  2.13  0.58 0.09  0.03 

H2O  7.60 2.78  1.47  1.98 

 

 

In the evolution of the model water is expelled from the subducted oceanic crust as a 

consequence of dehydration reactions and compaction. The timing of water release by 

dehydration reactions is determined by the model physicochemical conditions and the 

assumption of thermodynamic equilibrium. Water transport velocity is computed as (Gorczyk et 

al., 2007b):  

vx(water) = vx, vz(water) = vz − vz(percolation),                                         (5.1) 

where vx and vz are local velocity of the mantle and vz(percolation) is the prescribed relative velocity 

of upward percolation of water through the mantle (0.001, 0.009, 0.09 m/a in our experiments). 

The water expelled from the slab migrates upward until it reaches mantle rocks, which 

can consume an additional amount of water by hydration reactions. We assume incomplete 

hydration of the mantle wedge as a consequence of the channelization of slab-derived fluids 

(Davies, 1999). To account for this behavior, we arbitrarily assign 2 wt.% water as an upper limit 

for mantle wedge hydration. For comparison, Carlson and Miller (2003) argue on the basis of 

Table 5.1. Model rock compositions (wt.%) 
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Material Thermal 
conductivity 
(Wm−1 K−1) 

Rheology Tsolidus (K) Tliquidus (K) 

Sedimentary 
rocks 

0.64 + 
807/(T+77) 

Wet quartzite flow 
law, c = 3–10MPa, 
sin(ϕ)=0 

889 + 17900/(P+54) 
+ 20200(P+54)2 at 
P<1200MPa, 
831+0.06P at 
P>1200MPa 
 

1262 + 
0.09P 

Upper oceanic 
crust (altered 
basalt) 

1.18 + 
474/(T+77) 

Wet quartzite flow 
law, c = 3–10MPa, 
sin(ϕ)=0 

973−70400/(P + 
354) + 
77800000/(P+354)2 
at P < 1600MPa, 
935 + 0.0035P + 
0.0000062P2 at 
P>1600MPa 

1423 + 
0.105P 
 

Lower oceanic 
crust (gabbro) 

−//− Plagioclase (An75) 
flow law, c=3MPa, 
sin(ϕ)=0.15 

−//− −//− 

Serpentinized 
mantle 

0.73 + 
1293/(T+77) 

Wet olivine flow 
law, c=3MPa, 
sin(ϕ) = 0, constant 
viscosity = 1018–
1019 Pa s 

– – 

Hydrated 
unserpentinized 
mantle 

−//− Wet olivine flow 
law, c=3MPa, 
sin(ϕ)=0 

1240 + 49800/(P + 
323) at 
P<2400MPa, 
1266−0.0118P + 
0.0000035P2 at 
P>2400MPa 

2073 + 
0.114P 

Dry mantle −//− Dry olivine flow 
law, c=1MPa, 
sin(ϕ) = 0.6 

– – 

References Clauser and 
Huenges 
(1995) 

Rannalli (1995) Schmidt and Poli 
(1998) , Poli and 
Schmidt (2002) 

Schmidt and 
Poli (1998), 
Poli and 
Schmidt 
(2002) 

 
Table 5.2. Material properties used in numerical experiments 
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seismic data that few mantle wedges achieve average water contents above ~4 wt.% and true 

water saturation is predicted at ~8 wt.% (Connolly, 2005). The hydrated mantle is subdivided 

into two parts: an upper, serpentinized, subduction channel, and a lower, hydrated, but not 

serpentinized zone. The stable hydrous phases in peridotite were calculated (see petrological part 

of model design) for each P–T conditions and equilibrium water content (≤2 wt.%). 

To simulate melt extraction from partially molten rocks we define melt extraction 

threshold Mmax and nonextractable amount of melt Mmin<Mmax remaining in the rock. The 

influence of these parameters on subduction dynamics and crustal growth is investigated for the 

case of constant Mmax/Mmin = 2 ratio. The amount of melt extracted during the model evolution is 

tracked by markers. Total amount of melt M for every marker takes into account amount of 

previously extracted melt and is calculated as 

0 ext
n

M M M= − ∑                                                          (5.2) 

where ext
n

M∑ is the total melt fraction extracted during the previous n extraction episodes. Once 

the total amount of melt M computed from Eqs. (2.25) and (5.2) for given marker exceeds Mmax, 

the extractable melt fraction Mext =M−Mmin is assumed to migrate upward and the value of 

ext
n

M∑ is updated. We assume that melt migration is rapid compared to the deformation of 

unmelted mantle, so that the velocity of the melt is independent of mantle dynamics (Elliott et 

al., 1997; Hawkesworth et al., 1997). Thus, the extracted melt is transported instantaneously to 

the surface forming volcanic arc crust.  

The subducted plate is attached to the right boundary, thus subduction is manifest by the 

retreat of subducted plate. This behavior does not significantly affect dynamics of subduction 

and crustal growth in our models (Appendix A). 

The initial temperature field for oceanic plates is an oceanic geotherm (Turcotte and 

Schubert, 2002) for different lithospheric ages (40, 70, 100Ma for subducted plates and 1Ma for 

young overlying oceanic plate). 

 

 



 

 

103

5.2.2 Petrological model 

The stable mineralogy for each lithology as a function of pressure and temperature was 

computed from thermodynamic data (Table 5.3, for details see Gerya et al., 2006) by free energy 

minimization (Connolly, 2005; Connolly and Petrini, 2002). Seismic velocities were calculated 

as outlined by Connolly and Kerrick (2002), with shear moduli as summarized in (Connolly, 

2005). We computed bulk velocities from volumetrically weighted arithmetic mean of the 

relevant elastic moduli for the stable phases. The bulk velocities include the silicate melt but do 

not include free water, the amount of which is assumed to be negligible (Gerya et al., 2006).  
 

5.3 Results 

 
5.3.1 General development 

To investigate the dynamics of arc growth and displacement we carried out three series of 

numerical experiments systematically varying the age of the subducting plate (40, 70 and 100 

Ma) and the efficiency of melt extraction (melt extraction threshold Mmax values from 0.2 to 30 

vol.%). Another series of experiments was conducted to investigate the influence of the velocity 

of fluid migration (Table 5.4). 

As a consequence of increasing of pressure and temperature during subduction the 

subducted oceanic crust releases water (Figs. 5.2 and 5.3). At the onset of subduction this water 

release is primarily the result of the expulsion of connate water (Iwamori, 1998). At greater 

depths, water is released at somewhat lower rates by metamorphic dehydration. The upper 

oceanic crust releases most of its water at depth <100 km, while the lower oceanic crust 

dehydrates at greater depths releasing water at lower rates (Rupke et al., 2004); and it can retain 

water up to 150–200 km depths (Schmidt and Poli, 1998). The intensity of metamorphic 

dehydration depends on hydrous phase stability and hence on the slab geotherm. As slab 

temperature varies inversely with slab age and subduction rate, dehydration occurs at shallower 

depth for younger slabs (Fig. 5.4) (Iwamori, 1998) and slower subduction (Fig. 5.5); as also 

reported by Rupke et al. (2004). Other factors may also influence the magnitude and dynamics of  
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water release, e.g. duration of subduction (defining thermal structure of the overriding plate) and 

slab dip (e.g. Gorczyk et al., 2007b). 

Water released into the mantle wedge may hydrate the mantle rocks to form a 

serpentinized layer above the slab to a depth of 100–130km (Fig. 5.2). At greater depths, the 

water may induce melting (e.g. Davies and Stevenson, 1992; Stern, 2002; Takahashi and 

Kushiro, 1983). Both processes generate Rayleigh–Taylor instabilities along the slab (Gerya and 

Yuen, 2003b) and induce “cold plume” upwellings (Fig. 5.2). The intensity of these upwellings 

depends on factors such as rate of trench retreat, subducting plate age, and melt extraction 

Phase Formula Source 
 

Antigorite Mg48xFe48(1−x)Si34O85(OH)62 Rupke et al. (2004) 
Clinoamphibole Ca2−2wNaz+2wMg(3+2y+z)xFe(3+2y+z)(1−x) 

Al3−y−wSi7+w+yO22(OH)2, w + y + z≤1 
Wei and Powell 
(2003), White et al. 
(2003) 

Biotite KMg(3−w)xFe(3−w)(1−x)Al1+2wSi3wO10(OH)2, 
x + y≤1 

Powell and Holland 
(1999) 

Chlorite Mg(5−y+z)xFe(5−y+z)(1−x)Al2(1+y−z)Si3−y+zO10(OH)8 
Coesite SiO2 

Holland et al. (1998) 

Clinopyroxene Na1−yCayMgxyFe(1−x)yAlySi2O6 Holland and Powell 
(1996) 

Fluid H2O 
Garnet Fe3xCa3yMg3(1−x−y)Al2Si3O12, x + y≤1 
Kyanite Al2SiO5 
Lawsonite CaAl2Si2O7(OH)2·H2O 
Mica KxNa1−xMgyFezAl3−2(y+z)Si3+y+zO10(OH)2 

 
Holland and Powell 
(1998) 

Melt Na–Mg–Al–Si–K–Ca–Fe hydrous silicate melt Ghiorso et al. (2002) 
Olivine Mg2xFe2(1−x)SiO4 Holland and Powell 

(1998) 
Ortopyroxene Mgx(2−y)Fe(1−x)(2−y)Al2ySi2−yO6 Holland and Powell 

(1996) 
Plagioclase NaxCa1−xAl2−xSi2+xO8 Newton et al. (1980) 
Sanidine NaxK1−xAlSi3O8 
Stishovite SiO2 

Thompson and Hovis 
(1979) 

Talc Mg(3−y)xFe(3−y)(1−x)Al2ySi4−yO10(OH)2 Holland and Powell 
(1998) 

 
Table 5.3. Phases and thermodynamic data sources 
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Model Slab age (Ma) Melt extraction threshold (vol.%) vfl
a (m/a) 

1 40 0.2 0.09 
2 40 0.4 0.09 
3 40 1 0.09 
4 40 2 0.09 
5 40 4 0.09 
5’1 40 4 0.009 
5’2 40 4 0.0009 
6 40 6 0.09 
7 40 10 0.09 
8 40 14 0.09 
9 40 18 0.09 
10 40 30 0.09 
11 70 0.2 0.09 
12 70 0.4 0.09 
13 70 1 0.09 
14 70 2 0.09 
15 70 4 0.09 
15’1 70 4 0.009 
15’2 70 4 0.0009 
16 70 6 0.09 
17 70 10 0.09 
28 70 14 0.09 
19 70 18 0.09 
20 70 30 0.09 
21 100 0.2 0.09 
22 100 0.4 0.09 
23 100 1 0.09 
24 100 2 0.09 
25 100 4 0.09 
25’1 100 4 0.009 
25’2 100 4 0.0009 
26 100 6 0.09 
27 100 10 0.09 
28 100 14 0.09 
29 100 18 0.09 
30 100 30 0.09 
 
a vfl is the constant velocity of upward percolation of water through the mantle. 
 
Table 5.4. Description of numerical experiments 
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Figure 5.2. Common evolution of temperature and lithological fields in our experiments (model 24, Table 4).

Color grid is as on the Fig. 1. Changing of rate of plate retreat and crust accumulation rate with time for this 

experiment is depicted below. Time is dated from the beginning of subduction. Subduction results in a hydration

and partial melting of mantle wedge rocks, which leads to the formation of volcanic arc straightly over the area of 

melting. The melt propagation up to the surface was not modelled here. It can be related to the formation of 

magmatic channels (Gerya and Burg, 2007) and its rate is assumed to be much higher that the rate of mantle rocks 

deformation (Elliott et al., 1997; Hawkesworth et al., 1997). 
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threshold Mmax. The quantity and composition of these plumes strongly influences the dynamics 

of melt extraction and crustal development.  

Melting and melt extraction occur as long as there is fluid release from the subducted 

plate. Thus, some parts of the mantle wedge undergo multiple melting events and become 

depleted. In the Figs. 5.3 and 5.6 mantle wedge depletion is characterized in terms of degree of 

melt extraction. This depleted mantle material may become entrained in plumes and reach the 

surface as xenoliths in arc lavas (e.g. Nimz et al., 1995). Alternatively, it may be re-hydrated and 

Figure 5.3. Evolution of degree of melt extraction (left column) and water content (right column) in the mantle

wedge and subducting oceanic crust. Corresponding lithological field is depicted on the Fig. 5.2. 
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then contribute to generation of the new melts or remains in the colder portions of the wedge as 

hydrated (serpentinized) mantle. In the first case one should find a signature of a more depleted 

mantle component in the arc lavas (e.g. Melcher et al., 2002). In the second case cold re-hydrated 

depleted mantle can be involved into the circulation within serpentinized subduction channel 

where it become mixed with other types of rocks (Fig. 5.6) including subducted oceanic crust, 

non-depleted serpentinized lithospheric mantle of the overriding plate and serpentinites derived 

from the subducting plate (Gorczyk et al., 2007c). Serpentinized channel is another way to 

convey depleted mantle rocks to the surface (Liu and Jin, 2006). 

The subduction rate (which match trench retreat rate for our models with the fixed right 

plate) varies strongly with time. In all our models, this rate slow (from 4 to 7 cm/a to 1–2 cm/a) a 

few Ma after the beginning of subduction and then rises to 4 cm/a. Two scenarios can be 

distinguished: (1) decay and, ultimately, the cessation of subduction, (2) increase in subduction 

rate (up to 12 cm/a) and stabilization of subduction. In several experiments subduction goes 

through both scenarios: it stops in after 10–50My and then resumes later.  

Several experiments in which subduction rate slows to ≤0.8 cm/a are characterized by 

thermal relaxation and partial melting of the slab. This phase is followed by re-initialization of 

subduction due to fore-arc extension and opening of new spreading center. The extension is 

triggered by the rheological weakening of the overriding plate, due to serpentinization in the 

fore-arc region, which leads to the splitting of previously formed crust thereby promoting 

subduction (Fig. 5.7).  

The dynamics of subduction and magmatic arc growth depends strongly on the imposed 

rate of water transport (Table 5.4). A reduction in the rate of fluid expulsion leads to a narrowing 

of the hydration zone that, in turn, causes stronger plate coupling and lowers the rate of trench 

retreat. With only one exception (model 5’1) subduction ceases after 10–40 Ma if the water 

transport speed is <0.09 m/a. 

In agreement with previous studies that explored models with a kinematically prescribed 

subducting plate (Gerya et al., 2002, 2004a,b; Gorczyk et al., 2006) various types of 

serpentinized channel circulation (Fig. 5.8) and rigid body rotation (Fig. 5.9) phenomena occur 
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in our numerical experiments. Prominent rigid body rotation features are observed close to the 

slab and are classified as (Gorczyk et al., 2006): 

• Fore-arc spin: lithospheric part of the overriding plate bounded by new-formed oceanic 

crust, serpentinized mantle and slab (Fig. 5.9, 21.75 Ma). 

• Subduction wheel: fragments of quenched strong dry mantle within hydrated mantle 

wedge found at asthenospheric depth (Fig. 5.9, 16.19 Ma). After crystallization of basalts the 

residue of peridotite becomes heavier and starts to sink, while new parts of buoyant hydrated 

mantle rocks are still arising. In several cases quenched rest of molten peridotite is separated into 

 

Figure 5.4 Water content in the mantle wedge as a function of age of subducting plate (models from top to the

bottom: 24 versus 14, 22 versus 2, and 27 versus 7). 
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small pieces within hydrated mantle and begins to rotate during its continuous descending due to 

the moment between subducted slab and rising plume. 

• Wedge pin-balls: rigid body rotation of crustal material entrained within the 

serpentinized channel (Fig. 5.9, 49.17 Ma). Entrainment of distinct fragments of the crust into 

the serpentinized channel can often be distinguished without quantity analysis of rotation. They 

circulate within serpentinized mantle (Figs. 5.7–5.9) and have two different sources: either this 

Figure 5.5. Water content in the mantle wedge as a function of rate of plate retreat (model 6, Table 5.4). 
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material ascends from the top of subducted plate with reverse flow (Figs. 5.7, 5.8b and 5.9) or it 

can be subsurface material (from a new crust or/and accretion prism) grabbed into the mantle 

(Fig. 5.8a). The second process usually takes place during temporary decay of subduction (when 

the rate of retreat for some period is less than 1 cm/y and then increases). 

 

 

Figure 5.6. Model 21, Table 5.4: degree of melt extraction (mantle depletion) in the mantle wedge (left column)

and corresponding composition and temperature fields (right column, color code is the same as in Fig. 5.1). The 

residue of partially molten peridotite can be re-hydrated by new portions of slab released fluids and then either

contributes to hydrated (serpentinized) mantle or takes part in the next melting event. In the first case it may reach

the surface within the serpentinized channel (time = 59 and 86 Ma). 
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Figure 5.7. Development of an extensional regime and opening of new spreading center following to the relatively

slow rate of retreat and thermal relaxation of the slab. Left column: evolution of lithological field (color grid as on 

the Fig. 5.1); right column: rate of retreat as a function of time; in the insets: zoomed areas of new-formed crust 

structure and circulation of crust material induced within serpentinized mantle. See text for details. 
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Figure 5.8. Frames of two experiments with an entrainment of crustmaterial into serpentinized channel. Types of

source material: (a) subsurface material of the overriding plate (sediments and basalts from accretion prism) 

grabbed into the mantle (model 21, Table 5.4); (b) crustal material ascending from subducting slab (model 24,

Table 5.4). 
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Figure 5.9. Relative intensity of rotation (I) and its changes with time (right column) and corresponding evolution

of lithological field (left column). I = ((∂vz /∂x)(∂vx/∂z))/( 2 IIε ), where ˙ IIε is the second invariant of strain rate 

tensor. Model 5, Table 5.4. Most prominent rigid body rotation features are: fore-arc spin (time = 22 Ma), 

subduction wheel (time = 16Ma and 22 Ma), and wedge pin-balls (49Ma). See text for details. Changes of rate of 

plate retreat and rate of crust production with time for this model is depicted below. 
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5.3.2 Dynamics of crust growth 

Plume development and consequent arc growth rate correlate positively with rate of 

subduction/trench retreat (Fig. 5.10). This rate is calculated from the change in trench position 

with time. The locus of the trench is defined as the lowest point on the surface (Eq. (5.5)) 

between oceanic plate and water. Correlation coefficients between velocity of plate retreat and 

rate of accumulation of newly formed oceanic crust are listed in the Table 5.5. Their values are 

usually higher than 0.7. Low coefficients occur in cases of experiments when subduction 

intermittently ceases. 

This dependence of rate of crust production on the subduction rate follows from the 

relationship between water release and hydrous mantle melting. Faster subduction increases the 

amount of water (i.e. of hydrated crustal rocks) subducted per unit time and therefore increases 

the amount of water released into the mantle wedge per unit time. The high rate of crust 

production does not necessarily result in large crustal volumes during experiment because the 

duration of the corresponding subduction may be short. 

The volume of arc crust also depends on both the efficiency of melt extraction and the 

slab age (Fig. 5.11). With high melt extraction efficiency (Mmax < 2%) the largest amount of crust 

is produced by oldest slabs (~3030km3/km crust after 2100 km of trench retreat, whereas 

younger slabs yield ~2700 km3/km crust at the same conditions). Intermediate extraction 

Age of subducted plate Melt threshold 
40 Ma 70 Ma 100 Ma 

0.2 0.88 0.59 0.83 
0.4 0.78 0.64 0.69 
1 0.94 0.88 0.87 
2 0.78 0.91 0.58 
4 0.76 0.8 0.91 
6 0.39 0.9 0.74 
10 0.92 0.85 0.54 
14 0.76 0.87 0.56 
18 0.87 0.7 0.78 
30 0.7 0.67 0.46 
 
Table 5.5. Correlation coefficient between rate of retreat of subducted plate and rate of accumulation of newly formed 
oceanic crust 
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Figure 5.10. Concordant changing with time of rate of plate retreat (cm/a) and rate of crust production (km3/(km 

Ma)). See correlation coefficients for all experiments in Table 5.5. 



 

 

117

 efficiency (2% < Mmax < 6%) and slab age (70 Ma) maximizes crustal growth (~3511 km3/km 

crust after 2000 km of trench retreat). Low melt extraction efficiency (Mmax > 6%) leads to low 

crustal generation for all slab ages. 

 

5.3.3 Composition of newly formed crust 

The arc crust is composed of rocks that may be derived by melting from the mantle or any of the 

three subducted crustal lithologies (sediments, basalts, gabbroic rocks). The mantle-derived  

Figure 5.11. Area diagrams representing crust 

production (volume per unit width along the 

strike direction of arc, km3/km) as a function of 

both the slab age (40, 70, 100 Ma) and melt 

extraction intensity (melt extraction threshold 

varies from 0.2 to 30 vol.% of melt fraction –

Table 5.4). (a) Volume of crust produced up to 

500km of trench retreat, (b) up to 1000km of 

trench retreat, and (c) up to 1500 km. Note, that 

experiments with high melt extraction threshold 

are usually characterized by shorter duration of

subduction. That is impressed at the pictures by 

absence of value at >18% threshold of melt 

extraction at 1000 km and 1500 km of retreat (b 

and c). 
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Figure 5.12. Two different scenarios of subduction evolution and corresponding newly formed crust

compositions. Left column: evolution of lithological field (color grid as on the Fig. 5.1); in the middle: evolution 

of amount (volume per unit width along the strike direction of arc) of different components building up magmatic

arc as a function of time; right column: both rate of plate retreat and rate of crust production as a function of time. 

(a) Stable subduction and formation of basalts related to the mantle melting (model 25, Table 5.4); (b) cessation 

of subduction and producing of three different types of crust components (model 13, Table 5.4). See text for more 

details and Fig. 5.13 for zoomed pictures. 
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component is always dominant. In all studied cases the mantle component appears shortly after 

beginning of subduction and remains present as long as subduction is active. 

Small amounts of rocks related to subducted oceanic crust melting are also generated 

shortly after the beginning of subduction in all experiments (~16 km3/km). This result is 

explained by melting of the leading edge of the slab (slab nose) due to the large thermal contrast 

with the mantle. This process is documented for young subduction zones (Sajona et al., 1993). A 

more significant slab component appears during later stage of subduction process when 

subduction rate slows causing the slab to heat up, but decreasing subduction rate also reduces the 

water influx to the mantle wedge responsible for promoting melting. Given these counteracting 

factors, a reduction of mantle component and appearance of slab constituent is to be expected 

with time. Under this conjecture the first rock type related to the subducted plate melting should 

Figure 5.13. Structure of new-formed crust. (a) In case of stable subduction (model 25, Table 5.4), (b) in case of 

cessation of subduction (model 13, Table 5.4). Color grid is as on the Fig. 5.1. 
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be from melted sediments (the first layer in oceanic crust). However, the sedimentary component 

in our models is always insignificant, an effect that is explained by small sedimentary input. The 

basalt component first appears for subduction rates <0.9 cm/a (Figs. 5.7, 5.12 and 5.13), and the 

gabbro component appears only in case of cessation of subduction and always after the basaltic 

component (Figs. 5.12 and 5.13, Gerya et al., 2004b). These regularities are consistent with 

common assertions that rock in subducted ocean crust is too cold to melt at sub-arc depth in most 

modern active subduction zones (Peacock et al., 1994; Schmidt and Poli, 1998; Macpherson et 

al., 2006) and that subducted crustal rocks only undergo significant melting when they are 

entrained in hydrous diapiric upwellings rising from the slab into the hot portion of the mantle 

wedge (Gerya and Yuen, 2003b; Gerya et al., 2004a, 2006; Gorczyk et al., 2007a,b). Indeed, 

Kelemen et al. (2003) argue that temperature profile of subduction zones could allow partial 

melting of subducted material even for old slab and fast subduction which is in contrast to our 

models. This discrepancy is due primarily to model configuration, in that Kelemen et al. (2003) 

explored kinematically prescribed models of subduction with strain rate independent mantle 

viscosity. 

 

5.4 Discussion 

 
Synthetic seismic tomographic images generated from our models (Figs. 5.14 and 5.15) provide 

a basis for comparing the models with the observed tomographic structures in mantle wedges. 

Our model results suggest that within subducted oceanic crust seismic velocity anomalies change 

sign with depth due to dehydration. As also inferred from natural and experimental data (Bostock 

et al., 2002; Poli and Schmidt, 1995), the subducted model crust releases large amounts of fluid 

at shallow depth, hence at these depths (ca. <50 km) the velocity profile is highly variable. At 

greater depths, prominent negative anomalies are located in the gabbroic section of the subducted 

crust at depths 100–200 km reflecting the presence of hydrous minerals (e.g. lawsonite and 

phengite) as consistent with experimental phase equilibria data (e.g. Poli and Schmidt, 1995; 

Pawley and Holloway, 1993). 
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Figure 5.14. Synthetic seismic tomographic images and corresponding lithological and temperature field (the

upper picture). Model 25, Table 4, time = 7.63 Ma. Variations in vp (compression wave seismic velocity), vs (shear 

wave seismic velocity), and v (Poisson’s ratio) were computed relative to the vertical profile in the mantle at

x=10km (see left column at the picture). 
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Figure 5.15. Synthetic seismic tomographic images analogous to the images at Fig. 5.13, but representing later 

stage of subduction (time = 23.16 Ma, model 25, Table 5.4). 
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The seismic structure of the mantle wedge changes during subduction and plume propagation. 

The main structural features of our models are 

1. A negative anomaly related to a serpentinite layer located immediately above the slab 

at both shallow and asthenospheric depths (100–150 km, Figs. 5.14 and 5.15). The presence of 

this layer is consistent with natural data (Iwamori, 1998; Bostock et al., 2002; Kawakatsu and 

Watada, 2007). For example, Kawakatsu and Watada (2007) found a negative velocity anomaly 

parallel to the slab beneath northeast Japan. They interpreted the anomaly as a boundary between 

overlying serpentinized low-velocity mantle layer and oceanic crust. At later stages of 

subduction (Fig. 5.15) this negative anomaly broadens in the fore-arc lithosphere. This 

broadening is due to growth of the serpentinized channel (e.g. Gerya et al., 2002). This feature is 

consistent with the seismic data from, e.g. the Cascadia subduction zone, where a negative 

anomaly of comparable extent and position is associated with an inverted Moho signature and 

attributed to the presence of serpentinized peridotite in the overriding plate (Bostock et al., 

2002). 

2. Strong negative anomalies correspond to molten peridotite in the hot portion of the 

mantle wedge (Figs. 5.14 and 5.15). 

3. Strong shallow negative anomalies reveal a back-arc spreading center, where hot 

mantle material raises toward the surface (Fig. 5.14). 

Our models show (Figs. 5.14 and 5.15) strong positive Poisson’s ratio anomalies for 

molten plumes in the mantle wedge (often >10%). At <70 km depth, Poisson’s ratio of the model 

oceanic crust decreases as slab rocks undergo progressive metamorphism, thereafter the crustal 

Poisson’s ratio increases (the deviation from standard profile changes from <−6% to >1%). 

These changes are consistent with the average Poisson’s ratios of basalt (0.29), green-schist and 

amphibolite facies rocks (0.26) and granulite facies rocks (0.28) as reported by Christensen 

(1996) as well as with calculated Vp/Vs ratios reported by Hacker et al. (2003). 

Based on the total arc crust volume divided by the oldest known igneous age, Reymer 

and Schubert (1984) estimated rates of crustal generation as 20–40 km3/(km Ma) for the western 

Pacific region. More recent estimates for the same area by Taira et al. (Izu-Bonin island arc, 

1998), Holbrook et al. (Aleutian island arc, 1999) and Dimalanta et al. (Tonga, New Hebrides, 
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 Marianas, Southern and Northern Izu-Bonin, Aleutian island arcs, 2002) are somewhat higher, 

40–95 km3/(km Ma) and are much higher, 120–180 km3/(km Ma), according to the work of Stern 

and Bloomer (early stage of IBM development, 1992). Our experiments show average rates of 

crust accumulation of 30–50 km3/(km Ma) (Table 5.6). Thus, our values are close to the lower 

limit of the range for real arcs. This is explicable in view of three limitations of our model: 

Model Slab age (Ma) Melt extraction 
threshold (vol.%) 

Rate of plate 
retreat v (km/Ma) 

Rate of crustal growth 
∂V/∂t (km3/(km Ma)) 

1 40 0.2 21.9 30.2 
2 40 0.4 20.7 21.8 
3 40 1 10.7 13 
4 40 2 30.1 35.2 
5 40 4 21.6 23.8 
6 40 6 28.2 28.3 
7 40 10 19.4 20.4 
8 40 14 22.8 25.56 
9 40 18 24.1 13.3 
10 40 30 25.0 5 
11 70 0.2 24.1 33 
12 70 0.4 27.2 36.4 
13 70 1 32.2 51.4 
14 70 2 28.4 49.5 
15 70 4 29.1 49.6 
16 70 6 22.9 40.3 
17 70 10 22.6 28.3 
18 70 14 20.9 23.6 
19 70 18 20.2 12.6 
20 70 30 21.4 2.8 
21 100 0.2 25 34 
22 100 0.4 29.8 44.8 
23 100 1 28.5 38.6 
24 100 2 25.4 38 
25 100 4 25.6 38.9 
26 100 6 24.2 42.9 
27 100 10 22.7 25.2 
28 100 14 22.6 23.9 
29 100 18 30.2 26 
30 100 30 10 0.6 
 
Table 5.6. Average rate of plate retreat and corresponding crustal growth average rate 
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(1) The absence of dry mantle melting (e.g. Cooper et al., 2002). Stern and Bloomer 

(1992) showed that the early stage of IBM subduction was strongly extensional and 

decompression melting gave a substantial contribution to the magmatic activity. Tamura et al. 

(2005) suggested that degree of partial melting of a dry source mantle is ~10%, and degree of 

melting of hydrous source mantle is ~20% in the Simusu magmatic system, Izu- Bonin arc. 

(2) The water content at the wet-solidus for mantle peridotite is assumed to be 2 wt.%. 

This value may be overestimated (Peacock, 1987; Davies, 1999), lower values would increase 

the volume of melt generated by the models. More realistic models of mantle wedge melting 

(e.g. Grove et al., 2006) might also improve accuracy of numerical results. 

(3) Average rates of spontaneous subduction in our experiments (Table 5.6) are roughly 

half those estimated for real arcs. For example, the convergence rate across Tonga trench, where 

average rate of crust addition considered by Dimalanta with co-authors was 56 km3/(km Ma) 

during last 27Ma, varies from 16.5 cm/a in the south to 24 cm/a in the north (Pelletier et al., 

1998; Bevis et al., 1995). In our numerical experiments, the rate of trench retreat is always <10 

cm/a. Our experiments show that increasing in plate velocity would lead to significant increasing 

in rate of crustal growth. 

 

5.5 Conclusions 

 
We have examined the influence of melt extraction intensity, age of subducted plate, and 

velocity of water propagation on the dynamics of subduction and crust development.We 

conclude that: 

1. There is a strong positive correlation between velocity of plate retreat and rate of crust 

accumulation. 

2. Crust formed by mantle wedge melting is predominant in the magmatic arc. The 

contribution from melting of subducted crust is only significant (>60 km3/km) after the cessation 

of subduction, which allows thermal relaxation of the slab. 

3. The volume of new-formed crust is strongly correlated with the age of the subducted 

plate and the threshold for melt extraction. On a 10–100 Ma time-scale magmatic arc growth is 
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maximized by a slab of intermediate age (70–100 Ma) with an intermediate melt extraction 

threshold (2–6%). 
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5.6 Appendix A. Influence of the detached subducting plate 
 

Subducted plate in our model is attached to the right boundary, thus subduction is manifest by 

the retreat of the subducted plate. To check sensitivity of our results to this model feature we ran 

an experiment where the subducting plate was detached from the right model boundary (Fig. 

5.A1). As a reference model we chose model 5, with an intermediate melt extraction threshold 

and slab age of 40Ma. The results (model 5-ad) show no important differences in development or 

crustal production (Fig. 5.A2). The most evident difference being the angle of slab subduction, 

which is steeper in a model 5-ad. 

 

Figure 5.A1. Initial configuration of an additional numerical experiment (model 5-ad). It replicates setup of the 

model 5 except the age (temperature profile) of subducting plate. The age of an older plate diminishes away from 

the initialweak zone between plates to 1 year at the right end of the plate. 
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Figure 5.A2. Frames of two experiments: model 5 with attached subducting plate to the right boundary (right

column), and model 5-ad, where plate is detached from the right boundary (left column). See text for the details. 
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Chapter 6 

Numerical modelling of geochemical tracers in subduction zones  
 

6.1 Introduction 
 

Subduction zones and spreading ridges are the key sites of Earth’s crust generation. Particularly 

arc magmatism constitutes ~15% of the total global volcanic output (Crisp, 1984). Moreover at 

subduction zones part of crustal material is recycled back into the mantle. That means that the 

composition of arc lavas potentially enables the estimation of the relative crust to mantle and 

mantle to crust fluxes and can decipher the global evolution of the crust-mantle system.  

 A distinctive geochemical signature of island arc lavas is that they are enriched in large 

ion lithophile (LILE) and light rare earth (LREE) elements and depleted in high field strength 

(HFSE) and heavy rare earth (HREE) elements (e.g. Gill, 1981; Hawkesworth et al., 1997a). 

Furthermore, Nb and often Zr, Hf and Ti abundances in arc lavas are usually depleted with 

respect to MORB at a given MgO content (Turner et al., 2003). Consequently, at least three end-

member source components are thought to be involved in the magma generation: 1) the mantle 

source which is likely to be more depleted than the MORB source (Turner et al., 2003); 2) slab-

derived aqueous fluids that trigger the mantle partial melting and are responsible for elevated 

volatile contents of magmas and enrichment in fluid mobile elements (Cl, Ba, B, U, Pb etc.) 

(Harris and Anderson, 1984; Sisson and Layne, 1993); 3) subducted sediment component, 

suggested by e.g. the presence of 10Be and negative Ce anomalies, and by high Th/Ce at low 
143Nd/144Nd ratios (Hole et al., 1984; Morris et al., 1990). Debated continues about whether and 

where enriched mantle and basalt melts are involved (Morris and Hart, 1983; Kelemen et al., 

2003; George et al., 2003). 

 U-series disequilibria data provide important temporal constraints on the production and 

ascent of magmas in arc settings, including timing of addition of different components listed 

above. The available U-series isotope data come largely from the 238U-230Th (230Th half-life 75 

ka), 226Ra-230Th (226Ra half-life 1.6 ka) and 235U-231Pa (231Pa half-life 32 ka) systems. Activity 
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ratios for these isotope pairs deviating from one indicate a recent (on the order of the daughter 

half-life) elemental fractionation that can be attributed to melting or fluid addition. Numerous 

studies have shown that first two systems are good indications of fluid addition (Hawkesworth et 

al., 1991; Reagan et al., 1994; Elliott e al., 1997; Turner et al., 2000, 2001; Sigmarsson et al., 

2002), since uranium and radium are much more fluid mobile than thorium; however, partial 

melting may additionally enhance 226Ra-230Th disequilibria (Turner and Hawkesworth, 1997). 

For studying the partial melting of mantle wedge 231Pa/235U disequilibria has distinct advantages. 

Unlike variations in Th/U, Ra/Th the Pa/U disequilibria produced by mantle melting are much 

larger than those related to fluid or sediment addition (Huang and Lundstrom, 2007); moreover 

Pa-U, compared to U-Th system, has less memory of fractionation caused by these processes due 

to relatively short half-live of 231Pa. Furthermore DPa/U is relatively constant within the melt 

column, while relative U-Th partitioning can vary from <1 to >1 (Wood et al., 1999). 

 Progress toward quantitative subduction zone mass balance has been made mainly using 

forward modelling to explain arc basalt compositions (Ayers, 1998; Kelemen et al., 2003b, 

Marschall et al., 2007; McCulloch and Gamble, 1991; Kimura et al., 2009). Here we present a 

2D coupled thermo-mechanical model of intraoceanic subduction and related magmatic arc 

growth. The model accounts for U-Pa system evolution, including ageing of isotopes and 

elements partitioning between solid and liquid phases. Results of numerical experiments show 

the key roles of fluid transport velocity and age of the subducted plate coupled with the rate of 

partial melting in producing the 231Pa/235U disequilibria. The fluid enriched in uranium has to 

arrive prior the main melting event to allow significant protactinium in-growth.  

 

6.2 Model description 
 

6.2.1 Initial and boundary conditions  

Our 2D model (Fig. 6.1, Table 6.1) simulates initiation and development of intraoceanic 

subduction resulting in volcanic arc growth in a 4000km×200 km lithospheric/upper mantle 

section. The grid spacing is non-uniform with a maximum resolution (1 km × 1 km) in a 
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subduction zone area (750 km from plates’ boundary at both sides) and lower resolution (5 km × 

5 km) everywhere else. 

 The oceanic crust is represented by a 2-km thick upper layer of hydrothermally altered basalts 

overlying 5 km of gabbroic rocks, and the mantle consists of anhydrous peridotite. The model 

oceanic crust is initially covered by 0.5-km layer of sediments.  

 
Figure 6.1 The model setup. Colour grid is given for lithological field depicted on figs. 6.1, 6.3, 6.5, 6.6 

 

As in the previous model (chapter 5), subduction is initiated by a prescribed weak 

fracture zone between two oceanic plates (Hall et al., 2003). An imposed convergence velocity 

was prescribed in a small domain in the oceanic lithosphere at the left edge of the model. 

All mechanical boundary conditions are free-slip, except the lower boundary, which is permeable 

in vertical direction (Gorczyk et al., 2007b).  The sea level which affects the erosion and 

sedimentation processes (eq. 2.16) was determined as 12 km in this numerical setup.  

Water migration and melting model are described in the chapter 2, subsections 2.1.6 and 

2.31 respectively. 
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Table 6.1 Material properties and content of uranium in different rock types 

 
a flow laws are taken from Ranalli (1995); 
b initial concentrations of U are taken from Plank and Langmuir (1998) for sediments, from Kelemen et al. (2004) 

for oceanic crust, from Workman and Hart (2005) for the dry mantle; content of U in hydrated mantle is calculated 

from amount of fluid consumed by the mantle rocks and content of U in both fluid and dry mantle rocks. 

 

6.2.2 Geochemistry implementation 

In a set up of numerical experiments initial content of uranium and protactinium is assigned to 

each rock type. Initial content of uranium is listed in a table 6.1, contents of uranium isotopes are 

then calculated through the relationship:  
234U: 235U: 238U = 0.0054: 0.711: 99.283 

Content of 231Pa is assumed to be equal to the content of 235U. Although this is much higher than 

expected natural abundance of protactinium the system reaches secular equilibrium within first 

Ma, before the subduction starts, and thus this assumption does not affect the results of 

calculations. At each time step the content of parent and daughter isotopes is altered according to 

the radioactive decay equation (Bateman, 1910). During dehydration of the slab both uranium 

and protactinium are redistributed between solid and liquid phases according to Rayleigh 

distillation (Ayers, 1998): 
1 1

0 (1 ) bulkD
fluid

bulk

CC F
D

−

= − ,                                                    (6.1) 

0

1
fluid

solid

C C F
C

F
− ×

=
−

,                                                       (6.2) 

Rock type density 
 (kg m-3) 

thermal conductivity 
(W m K-1) 

flow lawa friction 
angle, 
sinφ 

Initial Ub, 
(ppm) 

Sediments 2600 0.64+807/(T+77) Wet Quatzite 0.2 1.68 
Basaltic crust 3000 1.18+474/(T+77) Wet Quartzite 0.2 0.23 
Gabbroic crust 3000 1.18+474/(T+77) Plagioclase An75 0.3 0.23 

Dry mantle 3300 0.73+1293/(T+77) Dry Olivine 0.6 0.0032 
Hydrated mantle 3200  0.73+1293/(T+77) Wet Olivine 0.2 - 
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1

n

bulk a aD X D= ×∑ ,                                                         (6.3) 

where Da is a mineral/fluid partition coefficient (table 6.2), Xa is a mole fraction of a mineral in 

the rock, F is a fluid fraction, C is content of element in either rock (solid) or fluid, C0 is a 

content of element in the rock before the fluid release. Subsequent hydration of the mantle wedge 

rocks (see the previous subsection for water migration model description) changes rocks and 

fluid compositions as well. For elements distribution this process is modeled as dissolving of 

rock minerals by passing fluid and recrystallization of more hydrous assemblage. Subsequent 

compositions of the rocks and the rest of fluid (if any) are (Albarede, 2003): 
1

0 (1 ) bulkD
fluidC C F −= × − ,                                                 (6.4) 

1
0 0 _(1 ) (1 )D

solid bulk solidC C D F F C F−= × × − × + − ,                          (6.5) 

where C0_solid is the element content in the rock before hydration and all other abbreviations are 

the same as in eq. (6.4) and (6.5). The stable mineralogy for each lithology as a function of 

pressure and temperature is computed from thermodynamic data by free energy minimization 

(Connolly, 2005; Gerya et al., 2006). For simplicity we do not consider any additional 

dependency of bulk partition coefficients on the pressure and temperature (although, see Kessel 

et al., 2005). Similarly to distribution of elements between mantle wedge/slab rocks and fluid 

elements are redistributed between rocks and melt phase when partial melting takes place. We 

assume that melt and host rocks are in equilibrium before the melt extraction and thus, elements’ 

content for melt phase is not calculated simultaneously with melting but later when melt is 

extracted (Ayers, 1998): 

0
melt

total bulk total bulk

CC
F D F D

=
+ − ×

,                                               (6.6) 

0

1
melt extracted

solid
extracted

C C FC
F

− ×
=

−
,                                                (6.7) 

where C is content of element in melt or solid, Dbulk is rock/melt partition coefficient of element 

calculated as in eq. (6.6), C0 is content of element in the system before the melt extraction, Ftotal 

is fraction of melt produced, Fextracted is fraction of melt extracted to the surface (Ftotal – Fresidual). 

Composition of magmatic arc rocks is defined by the composition of extracted melts, thus 



 

 

141

ignoring the decay of uranium and protactinium during the melt percolation to the surface and 

keeping the strong geochemical signals originated from elements partitioning during 

dehydration/hydration and melting. This assumption is supported by a very short time of the melt 

migration from the source to the surface shown by 226Ra-230Th systematics (Turner et al., 2001). 

 

uranium Protactiniuma mineral 
KD 

mineral/fluid 
KD 

mineral/melt 
KD 

mineral/fluid 
KD 

mineral/melt 
biotite, mica 0.13 0.0002 0.07 10-8 

clinopyroxene 0.01 0.01 0.127 10-9 
amphibole, lawsonite 0.35 0.008 1.09 10-6 

talk, chlorite, 
orthopyroxene 

0.008 0.0052 0.001 5.2×10-6 

zoisite, clinozoisite 6.83 6.83 2 2 
plagioclase 0.2 0.0006 0.01 10-6 

garnet 0.7 0.15 0.316 4×10-3 
olivine, antigorite 0.008 0.00006 0.03 6×10-8 

spinel 0.05 0.004 0.0004 0.01 
K-feldspar 0.2 0.08 0.01 0.004 

 
Table 6.2 Partition coefficients used in the numerical experiments 

The partition coefficients are taken from Turner et al. (2003) for uranium and protactinium: amph/fluid and 

law/fluid, and uranium for cpx/fluid and grt/fluid; from Ayers (1998) for protactinium: cpx/fluid grt/fluid, and both 

uranium and protactinium for ol/fluid and opx/fluid; from Adam and Green (2006) for protactinium: bio/fluid, 

mica/fluid; from Bea et al. (1994) for uranium: bio/fluid, mica/fluid; from Fieneman et al. (2007) for uranium and 

protactinium: zo/fluid; from Blundy and Wood (2003) all coefficients of uranium and protactinium between mineral 

and melt. 
a due to spare data on protactinium partitioning we mainly use the data for its proxy – niobium. 

 

6.3 Results and discussion 
 

Uranium-235 decays with time to protactinium-231 which in turn decays to lead-207 (if we 

neglect all intermediate nuclides with half-life times <1000 a).  As the half-life of protactinium is 

much shorter than the half-life of its parent nuclide, then without any fractionation of elements 
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the secular equilibrium will be reached with time and activities of parent and daughter isotopes 

will be equal: 

U U Pa PaN Nλ λ× = ×     or     U PaA A=                                      (6.8) 

where iλ  is a decay constant, Ni denotes number of atoms, Ai denotes activity of radioactive 

nuclide i. In the numerical experiments the secular equilibrium state is established very fast, 

before any significant dehydration or melting event occurs (fig. 6.3). 

 
Figure 6.3 Early evolution of subduction zone and associated evolution of Pa-U system in the model 1 (table 6.3). It 

is shown that in spite of large initial Pa-U disequilibrium the system reaches secular equilibrium before any 

significant element fractionation due to water migration or melting occurs.  
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Figure 6.4 Evolution of Pa-U activity ratio observed in arc basalts in the model 6 (table 6.3). 

Each dot on the diagram represents a measured value for one rock marker in the arc crust. 

 

 

Model Oceanic plate 
age, Ma 

Melt extraction 
threshold 

Fluid 
velocity, m/a

Plate velocity, 
cm/a 

Max 
[231Pa]/[235U]

1 40 2 0.09 5 1.8 
2 60 2 0.09 5 1.6 
3 80 2 0.09 5 1.0 
4 40 2 0.009 5 1.0 
5 40 2 0.2 5 1.0 
6 40 2 1.5 5 1.6 
7 40 4 0.09 5 1.0 
8 40 6 0.09 5 1.1 
9 40 8 0.09 5 1.0 
10 40 2 0.09 1 1.0 
11 40 2 0.09 2 1.0 
12 40 2 0.09 6 1.1 
13 40 2 0.09 8 1.2 
14 40 2 0.09 10 1.9 
 

Table 6.3 Parameters of conducted numerical experiments and maximum [231Pa]/[235U] ratio observed in arc basalts 

produced from partial melting of the mantle peridotite 
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Figure 6.5 Maximum 231Pa-235U disequilibrium observed in arc basalts formed from different magma source (model 

14, table 6.3). Significant deviation of the ratio from one results from back-arc basin opening and increased role of 

partial melting compared to the fluid addition. 

 

When subduction starts dehydration of the slab causes distribution of elements between 

fluid and solid phases with uranium being much more incompatible element than protactinium. 

When fluid enters the mantle wedge it alters the mantle peridotite and causes the partial melting. 

The ratio of U and Pa partition coefficients between mantle solid phases and melt likely ranges 

from 100 to 1000 (Lundstrom et al., 1994; Sims et al., 1999). Thus partial melting can result in a 

large Pa excess in arc lavas, while excess of U over Pa is likely to reflect fluid addition (Turner 
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et al., 2003). In our experiments activity ratio ([231Pa]/[235U]) in magmatic arc often varies from 

0.5 to 1.0, with only occasional Pa excess (fig. 6.4). Typically large Pa-excess is observed in 

experimental results in two cases. One cause of Pa-excess is decoupling of plates and upwelling 

of the asthenosphere along the plates’ boundary which results in the substantial melting and the 

back-arc basin opening (fig. 6.5). This can be attributed to the increased role of partial melting 

signal and is consistent with the higher [Pa]/[U] values found in MORB compared to arc lavas 

(Turner et al., 2003). The second situation leading to the enrichment in Pa over U in arc lavas is 

the sporadic dragging of the increased amount of crustal and sedimentary material along the slab 

interface. That leads to the increased role of sediment melting (fig. 6.6), which leads to reduced 

amount of water entering the mantle wedge and, thus, postpones the next melting event allowing 

the in-growth of daughter isotope from parent brought in the mantle wedge by previous fluid 

addition.  

Another interesting observation which can be made from numerical experiments with the 

slab melting is the different 231Pa-235U activity ratio typical for different source materials (fig. 

6.6). The range of activity ratio values produced by partial melting of peridotite is usually greater 

(0.0–1.8) than that for lavas related to the melting of different crust layers and sediments (0.5–

1.01). It is likely to be caused by different rate of melting and different relationship between 

melting of these materials and presence of fluid. Different time spans between fluid addition and 

partial melting of peridotite cause different in-growth of Pa and in case of fast melting rate lead 

to large U-excess ([Pa]/[U] ~ 0). On the contrary, melting of sediments and crustal material does 

not depend of water addition and involves material where a secular equilibrium is reached and, 

thus, does not produce lavas with large U-excess. However this does not explain the typical 

absence of activity ratio greater than one. Although deficit of Pa with respect to U is a rare 

feature in arcs (Turner et al., 2003; Huang and Lundstrom, 2007), it is not absent and was for 

instance identified in Tong-Kermandec arc (Bourdon et al., 1999). Such deficit can be attributed 

to the influence of mantle source composition, e.g. absence of residual Cpx in the melting region. 

In presented numerical experiments it is more likely the result of the higher U content in the 

fluid, than typical one expected for real systems, and perhaps the mineral/fluid partition 

coefficients used in our model should be reconsidered.  
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Figure 6.6 Maximum 231Pa-235U disequilibrium observed in arc basalts formed from different magma source (model 

2, table 6.3). Pa-excess in basalts formed from partial melting of the mantle wedge is associated with the opposite 

Pa-U ratio in basalts related to the melting of sediments. The possible explanation is the temporal decrease of fluid 

flux from the slab due to water consumption by sediment melt. 
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Numerical experiments show the possible negative correlation between age of the 

subducted plate and produced Pa-U disequilibrium (table 6.3). This is consistent with our 

previous results (chapter 5) showed that older slab carries an increased amount of water to a 

depth where melting column starts and, thus, first, causes more significant U enrichment of 

hydrated mantle peridotite and, second, lowers the amount of protactinium in-grown before melt 

extraction. The same effect on the activity ratio should have the rate of plates’ convergence, i.e. 

higher rate should lead to higher rate of melting and subsequently to lower [Pa]/[U] ratio. 

However we could not test the influence of this parameter due to fast back-arc basin opening in 

case of fast subduction rate. As it was described above this process results in increased role of 

dry melting and thus in high Pa-excess observed in arc basalts. Melt extraction threshold was 

another tested parameter, since it affects the rate of melt extraction too. Numerical results 

however do not depend on this factor (table 6.3). Clearly, more work should be done to resolve 

the processes affecting the Pa-U ratio in subduction zone settings. 

 

6.4 Conclusions 
 

Presented here preliminary results on the magmatic arc growth and associated evolution of 231Pa-
235U system show that the uranium-protactinium disequilibrium is a result of two contrasting 

processes: addition of fluid enriched in uranium and partial melting leading to protactinium-

excess in the erupted magmas. However the magnitude of produced Pa-U disequilibrium is much 

lower than expected to the real subduction zones system. Additional improvements of the model 

may include reconsidering of elements’ partition coefficients and its extension to the U-Th-Ra 

system. 
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Chapter 7 

Conclusions and outlook 
 

The overall goal of this thesis was to investigate dynamics of subduction and particularly to 

establish factors controlling initiation of subduction, magmatic arc growth and associated trace 

elements evolution. This was done using I2VIS and I2ELVIS numerical codes and required 

several improvements of the numerical technique. In the following, I will summarize the most 

significant achievements of my thesis work and will outline where I see a need for further 

research. 

 

7.1 Main achievements 
 

7.1.1 Subduction initiation  

Through the thesis the role of subduction for geodynamics was discussed several times from 

different points of view. How to start subduction is a question of great interest and presented 

work provides some insights into it. It is widely accepted that subduction starts due to 

gravitational instability of old and dense oceanic plate (Vlaar and Wortel, 1976; Davies, 1999); 

and, thus, subducting plate properties were believed to be the main controlling parameters. 

However results of our numerical experiments suggest that the overriding plate plays perhaps 

even more important role.  

In passive margin settings, according to the numerical experiments, the weak and 

depleted continental lithospheric mantle promotes the breach of a margin structure. The lower 

density of the continental crust, in comparison to the adjacent upper part of the oceanic 

lithosphere, forces it to thrust over the oceanic plate. Overthrusting of continental crust is 

observed in numerical experiments with depleted continental lithospheric mantle (density 

difference between continental and oceanic lithospheric mantles >0 kg/m3) and with continental 

Moho temperature higher than 500ºC. Such type of process explains, for example, development 

of lithospheric structure of western part of North Iberian margin (Alvarez-Marron et al., 1997). 

In case of sufficiently depleted and weakened continental lithosphere (Moho temperatures 
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>660ºC) the evolution of passive margin includes two stages: first, overthrusting of the 

continental crust and second, the subduction of the oceanic lithosphere into the asthenosphere. 

This evolution scenario is proposed for southern Brazilian margin, which is likely to be at the 

early stage of conversion to the active margin according to the natural data and numerical 

experiments. 

 

7.1.2 Subduction zone magmatism 

Volcanism in these tectonic settings is one of the key for understanding the evolution of crust-

mantle system as well as the local mantle wedge processes. Numerical experiments showed the 

strong dependency of the rate of crust formation and the composition of the newly formed crust 

on the subduction velocity. The melting of subducted crust is only significant (rocks related to 

the crust melting constitute >60 km3/km) after the cessation of subduction, which allows thermal 

relaxation of the slab. The volume of new-formed crust is strongly correlated with the age of the 

subducted plate and the threshold for melt extraction. On a 10–100 Ma time-scale magmatic arc 

growth is maximized by a slab of intermediate age (70–100 Ma) with an intermediate melt 

extraction threshold (2–6%). Results of numerical models are consistent with the temperature 

profile commonly assigned to the mantle wedge, which predicts that rock in subducted ocean 

crust is too cold to melt at sub-arc depth in most modern active subduction zones (Peacock et al., 

1994; Schmidt and Poli, 1998; Macpherson et al., 2006). The seismic tomography of the 

subduction zone and estimation of average crustal growth rates provided by the numerical model 

are shown to be consistent with the natural data as well. 

In recent years there has been a considerable increase in the amount of activity devoted to 

reconciling the seemingly contradictory constraints from geochemistry and geophysics, both at 

the global scale and in the subduction zone/wedge region. Thermal and flow models of the 

subduction zone and mantle wedge have until the last few years been very simple, lacking 

important elements such as a realistic treatment of mantle flow and petrology. In recent years 

important progress has been made, with two-dimensional models being used to show that 

temperature-dependent viscosity (Kelemen, et al., 2003) and non-linear rheology (van Keken, et 

al., 2002) have an important effect on wedge circulation, and to study the migration of water in 
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the mantle wedge (Arcay, et al., 2005), while three-dimensional models have shown the likely 

existence of small-scale convection in the wedge (Honda and Saito, 2003), which may be 

important for understanding the observed ‘fingering’  of surface volcanic activity (Tamura, et al., 

2002). However, none of these studies considered the dynamics associated with compositional 

variations and associated water transport, mineral phase transformations and melting. 

Additionally, only 1D models of subduction include the evolution of geochemical signatures 

arising from both slab dehydration, wedge-fluid interaction and mantle melting (Ayers, 1998; 

Thomas et al., 2002), while 2D models of subduction that take into account geochemistry focus 

only on some of these processes while ignore or oversimplified others (e.g. Kincaid and Hall, 

2003). For example, one of assumptions usually made in works concerned with geochemical 

evolution is neglect the dependence of partition coefficient between a rock and fluid or melt on 

changing pressure and temperature (Ayers, 1998; Thomas et al., 2002; Kincaid and Hall, 2003). 

Voluminous data on geochemical characteristics of subduction-related magmatic arcs published 

in the literature require quantitative comparison with the results of numerical experiments 

predicting the evolution of subduction zones and magmatic arc dynamics in two and three 

dimensions. Presented here numerical model allows the quantitative modelling of the subduction 

zone dynamics along with the tracing of geochemical signatures of different magma components.  

Within this work 231Pa-235U system evolution was implemented into the model. The 

deviation of the system from the secular equilibrium is determined by two contrasting processes: 

addition of fluid enriched in uranium and partial melting leading to protactinium-excess in the 

erupted magmas. Numerical experiments show the possible negative correlation between age of 

the subducted plate and produced Pa-U disequilibrium. This is consistent with our previous 

results showed that older slab carries an increased amount of water to a depth where melting 

column starts and, thus, first, causes more significant U enrichment of hydrated mantle peridotite 

and, second, lowers the amount of protactinium in-grown before melt extraction. 
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7.2 Area of future research 
 

The presented results give insights into the dynamics of some phenomena occurring during 

oceanic plate subduction. Some of these results have posed the basis for further research that 

need to be done in order to better understand dynamics of subduction and associated magmatic 

arc growth. 

 Numerical experiments dedicated to subduction initiation along a passive margin 

predicted that southern part of Brazilian margin is likely to convert into active continental margin 

within next 10-20 Ma. This prediction is important in the light of ‘Wilson cycle’ hypothesis 

particularly since no Cenozoic example of subduction initiation at passive margins is known 

(Stern, 2004). Additional detailed analysis of existed geological, seismological and topography 

data for the Brazilian margin is needed to complete this story and is indeed a subject of a 

separate paper which is now in preparation. 

The models presented in this thesis were solved in 2D, and thus neglected important 3D 

effects, such as different patterns of mantle flow parallel to slab or around the slab edge, 

curvature of the margin, different orientation of the ocean/continent mantle boundary, different 

convergence velocities at different parts of the margin etc. That makes the study of subduction 

initiation in 3D a very promising area of research. Investigation of magmatic arc growth in 3D 

would also be an important step forward as along arc variations in arc lavas composition and 

seismic velocity structure have been reported in many studies for both intraoceanic and ocean-

continent subduction zones (e.g. Obana et al., 2010; Ishizuka et al., 2007; Notsu et al., 1987).  

 The geochemistry model discussed in this thesis needs to be extended to include to the U-

Th-Ra system, since (i) partition coefficients of these nuclides are better constrained than that of 

protactinium and (ii) U-Th and Th-Ra disequilibria can provide supplementary information on 

melting and fluid addition processes. Another necessary component to be added to the model is 

evolution of the major elements (particularly Mg) and isotopic tracers of different magma 

sources including those of subducted sediments (particularly isotopes of Pb and Sr).  
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