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ZUSAMMENFASSUNG

Permafrost bedeckt grosse Gebiete der Schweizer Alpen über ~2500 m Seehöhe. Blockgletscher

sind eine Form von Permafrost die aus Gesteinsblöcken, Eis, Wasser, und Luft bestehen. Sie

entstehen an massig bis stark geneigten Gebirgshängen wo sie, angetrieben von Gravitation¬

skräften, langsam talwärts gleiten. Dieser Kriechvorgang wird durch die Anwesenheit von Eis

beeinflusst. Globale Erwärmungsprozesse verringern den Eisgehalt der Blockgletscher und verur¬

sachen damit Instabilitäten bis zur Auslösung von Felsstürzen, welche angrenzende Siedlungen

gefährden können.

Um unsere Kenntnisse über Blockgletscher zu erweitern wurde der Muragl Gletscher in der

Ostschweiz zur Durchführung detaillierter, wissenschaftlicher Untersuchungen ausgewählt. Die

Wahl basierte auf folgenden Kriterien: (i) die Verfügbarkeit von detaillierten, photogrammetrischen

Analysen, (ii) die hohe Kriechgeschwindigkeit des Gletschers von ~0.5 m/Jahr macht ihn zu einem

dynamisch sehr interessanten Studienobjekt und (iii) er stellt durch seine Grösse ein signifikante

Gefahr dar, kann aber andererseits noch durch ein engagiertes Forscherteam untersucht werden.

Die Ziele der geophysikalischen Untersuchungen waren die Abbildung der Felsoberfläche, die Be¬

grenzung der lateralen Ausdehnung des Gletscherkörpers, Kartierung der Verteilung des Per¬

mafrosts und Abschätzung der petrophysikalischen Parameter des Gletschermaterials. Zu diesem

Zweck wurden neben seismischer- und Georadaruntersuchungen an der Oberfläche auch Mes¬

sungen zwischen Bohrlöchern durchgeführt. Aufgrund unterschiedlichster Probleme (z.B.: man¬

gelhafte Kopplung der seismischen Quelle zum Gletscher und Streuungserscheinungen) lieferten

die Georadaruntersuchungen von der Oberfläche aus sowie die seismischen Messungen zwischen

Bohrlöchern keine brauchbaren Informationen.

Drei untiefe 2D Seismikprofile von ~200-300 m Länge wurden erfolgreich an der schnee- und

eisbedeckten Oberfläche des Muragl Blockgletschers aufgezeichnet. Aufgrund der unregelmässigen

Oberflächenbeschaffenheit des Gletschers waren diese Bedingungen optimal für die Installation

von Geophonen bzw. die Durchführung von Sprengungen zur Generierung von Quellsignalen.

Die Parameter beider Profile wurden so gewählt, dass sowohl seismische Reflexions- als auf Re¬

fraktionsinformationen gewonnen werden konnte. Aufgrund der grossen Wellenlänge (~30 m)

der seismischen Signale und der Dominanz von gestreuten Oberflächen- bzw. geführten Wellen,

konnten keine Reflexionen zur Abbildung des seichten Untergrundes (oberen 50 m) aufgezeichnet

werden. Im Gegensatz dazu lieferten tomographische Inversionen der Ersteinsätze brauchbare

Informationen über den strukturellen Aufbau und petrophysikalische Parameter des Gletschers,

wobei eine Auflösung von ~10 m erzielt wurde. Regionen mit hohem bzw. gerigem Eisgehalt in

den obersten 50 m des Untergrundes konnten abgegrenzt werden. Entlang eines der Profile war

es möglich, der Topographie des Grundgebirges zu folgen und somit die laterale Ausdehnung des
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Blockgletschermaterials zu ermitteln. Eine bislang unbekannte Zone degradierten Permafrosts, in

der das Eis bereits abgeschmolzen ist, wurde auf zwei der Profile detektiert. Zur Abschätzung

der Auflösung der Tomogramme wurden Strahldiagramme verwendet. Um weitere Aussagen über

die Zuverlässigkeit der Tomogramme treffen zu können, wurden Modellierungen basierend auf den

vollen Wellenformen durchgeführt. Anschliessende Vergleiche der aufgezeichneten mit den syn¬

thetischen Daten wiesen die erhaltenen P-Wellengeschwindigkeitsmodelle als angemessene Darstel¬

lung der Struktur des Blockgletschers aus.

Zur Erhöhung der Datenabdeckung und Auflösung des Untergrundes wurden drei 2D Georadar-

datensätze zwischen vier 70 m tiefen Bohrlöchern unter Verwendung eines 22 MHz Radarsystem

akquiriert. Daraus gewonnene Laufzeiten- und Amplitudeninformationen wurden zu elektromag¬

netischen Geschwindigkeits- bzw. Dämpfungstomogrammen invertiert, wobei die Laufzeitinversion

einer Standardprozedur entsprach. Die Inversion der Amplituden jedoch erforderte die Einführung

von Korrekturfaktoren für die Quellen- und Empfängerkopplung. Beide Inversionsschemen liefer¬

ten sowohl redundante als auch ergänzende Informationen, welche in einer Modellauflösung im

Bereich von 5 m resultierten. Hauptsächlich konnten eisreiche, eisarme sowie wassergesättigte

Zonen und das Grundgebirge abgebildet werden. Die Zone schmelzenden Permafrosts, welche bere¬

its mit der seismischen Tomogramme ermittelt wurde, konnte wieder gefunden und bestätigt wer¬

den. Alle Untersuchungsergebnisse korrelierten mit bohrloch-geologischen Resultaten. Strahldia¬

gramme und Resolutionsmatrizen dienten zur Abschätzung der Tomogrammauflösung. Synthetis¬

che Radarsektionen aus Wellenformmodellierungen zeigten sehr gute Uebereinstimmung mit den

aufgezeichneten Datensätzen und lieferten die Bestätigung der Korrektheit der erhaltenen kritis¬

chen Parameter.

Zu Beginn dieser Promotionsarbeit waren kombinierte Inversionen von seismischen- und Geo-

radardatensätzen geplant. Die unzureichende Datenqualität der Oberflächenradar- bzw. Bohrloch¬

seismikdaten verhinderten jedoch ein solches Vorgehen. Ungeachtet dessen wurde ein neuartiger

Inversionsalgorithmus, geeignet für eine Reihe unterschiedlichster Anwendungen(z.B.: Hohlraumde-

tektion, Erzkörper, Schotter- und Eislinsen), entwickelt. Entscheidend für diesen neuen Ansatz

war die Annahme, dass die seismischen- bzw. Georadarwellengeschwindigkeiten limitiert auf

einige wenige, enge Wertebereiche sind. Der Algorithmus basiert auf linearer Programmierung zur

Suche nach zwei bzw. drei vordefinierten Geschwindigkeiten innerhalb der Modelldomäne (Seis¬

mik und Georadar). Korrespondierende Inversionszellen in den beiden Modelldomänen müssen

demnach gleiches, geologisches Material enthalten. Dieses Vorgehen resultiert in vergleichbaren

Strukturen im Georadar- und Seismikmodell. Abschliessend werden zur Demonstration der Ein¬

satzmöglichkeiten des neuen Algorithmus synthetische Datenbeispiele zur Kartierung von Hohlräumen

präsentiert.
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ABSTRACT

Permafrost covers extensive areas of the Alps above ~2500 m elevation. Rock glaciers are a

form of permafrost that are composed of boulders, ice, water and air. They aggregate on gently

to steeply dipping mountain slopes. Subject to gravitational forces, they slowly creep downslope.

The creep process is moderated by the presence of ice. Global warming degrades the ice content of

rock glaciers, causing them to become unstable to the point where they may form rock avalanches

that endanger life and property in nearby populated areas.

To increase our knowledge of Alpine rock glaciers, the Muragl rock glacier in eastern Switzer¬

land was selected for detailed scientific investigation. The reasons for selecting this rock glacier

were: (i) the availability of detailed photogrammetric analyses, (ii) its rapid ~0.5 m/year rate of

creep makes it a dynamically interesting body, and (iii) its size represents a significant hazard,

but it is small enough to be studied by a dedicated team of researchers. The objectives of the

geophysical component of the investigation were to delineate the bedrock surface, determine the

lateral extent of the rock glacier body, map the distribution of permafrost, and estimate the phys¬

ical properties of the rock glacier material. To meet these objectives, surface and crosshole seismic

and georadar data were acquired. For a variety of reasons (e.g., poor coupling of the sources to

the rock glacier, excessive scattering), the surface georadar and crosshole seismic surveys did not

provide useful information.

Three 2-D shallow seismic profiles ~200-300 m in length were successfully recorded on the snow-

and ice-covered surface of the Muragl rock glacier. Due to the ruggedness of the terrain, snow and

ice were optimum surfaces for planting geophones and detonating explosives. The parameters of

the profiles were chosen to provide seismic reflection and refraction information. Unfortunately,

reflections could not be exploited for imaging the shallow subsurface (upper 50 m) because of

the long wavelength (~30 m) character of the signal and the dominance of back-scattered surface

and guided waves. In contrast, tomographic inversions of first-arrival traveltimes yielded useful

structural and physical property information. Resolution of the order of ~ 10 m was achieved. Ice-

rich and ice-poor regions were delineated in the upper 50 m of the subsurface. Along one profile, it

was possible to follow the undulating surface of the bedrock and thus establish the lateral extent

of the rock glacier material. A previously unknown zone of degraded permafrost, where ice had

already melted, was delineated along two of the profiles. Ray diagrams were used to judge the

resolution of the tomograms. To check further the reliability of the tomograms, full-waveform

modeling was performed. Comparisons of the observed and synthetic source gathers indicated

that the derived P-wave velocity models were reasonable first-order representations of the rock

glacier structure.

For improved subsurface coverage and resolution, three 2-D crosshole georadar data sets were
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acquired within four 70-m deep boreholes using a powerful 22 MHz georadar system. Traveltimes

and amplitudes of georadar first-arrivals were inverted to produce electromagnetic velocity and at¬

tenuation tomograms. Whereas the traveltimes were straightforward to invert, it was necessary to

incorporate transmitter and receiver coupling correction factors in the amplitude inversion scheme.

Inversions of the traveltimes and amplitudes provided redundant and complementary information.

Resolution of the order of ~5 m was achieved. The main features identified in the tomograms

were ice-rich and ice-poor zones, water-saturated zones, and the bedrock surface. The region of

degraded permafrost previously identified in the seismic tomograms was also delineated. These

findings could be correlated with borehole geological logs. Ray diagrams and formal resolution

plots were used to assess the resolution of the tomograms. Full-waveform modeling resulted in

synthetic radar sections that closely matched the observed radar sections, providing evidence for

the reliability of the derived critical parameters.

At the beginning of this doctoral project, joint inversions of the seismic and georadar data

sets were planned. Unfortunately, the low quality of the surface georadar and crosshole seismic

data precluded such joint inversions. Nevertheless, a joint inversion algorithm suitable for a broad

class of applications (e.g., cavities, ore bodies, gravel and ice lenses) was developed. Critical to

the new scheme was the assumption that the seismic and georadar velocities were limited to a few

narrow ranges of values. The algorithm makes use of mixed integer linear programming to search

for two or three predefined velocity values within the model domains (seismic and georadar).

Corresponding inversion cells in the two model domains must contain the same material. This

approach yields seismic and georadar models that have the same structure. For demonstration

purposes, synthetic examples for cavity mapping were presented.
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Chapter 1

GENERAL INTRODUCTION

1.1 Motivation

1.1.1 The permafrost problem

Earth material that is maintained at subzero temperatures through years characterized by 'normal'

climatic condition is called permafrost. Such materials exist in extreme northern, extreme southern

and high mountainous regions. Examples of permafrost include ice glaciers, frozen sediments and

frozen rock. A geological formation does not have to contain ice to be defined as permafrost.

In moderately cold regions, for example parts of northern Canada or the high Alpine moun¬

tains, near-surface permafrost can extend to depths of several tens of meters. Deep zones of

permafrost may remain temperature-stable (i.e., seasonal temperature changes have little effect),

whereas shallow zones are subject to annual temperature variations that may cause the top of

the permafrost to shallow during unusually cold seasons and deepen during unusually warm sea¬

sons. In many regions, permafrost has temperatures very near to 0°C, which makes it particularly

susceptible to temperature changes in the atmosphere.

In very cold regions where subzero temperatures have been sustained over thousands of years,

such as Alaska or Spitsbergen, permafrost can extend to depths of several hundred meters or even

kilometers.

Global warming may have important effects on the stability and distribution of permafrost.

A slight increase in average global temperature over several decades could disrupt the freez¬

ing/melting balance, pushing the cycle towards increased melting. The best-known example is

the melting of the polar caps, which may raise ocean levels with catastrophic consequences in

coastal regions. In this thesis, a less severe but more imminent consequence of global warming in

mountainous areas is investigated; some permafrost in the Swiss Alps occurs near communities,

which have to deal with major landslides and rockslides associated with the melting of permafrost.
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Alpine permafrost usually contains a mixture of solid particles, ice, water and air. It is usu¬

ally found at elevations >2500 m in the Alps and is manifest in creeping rock glaciers that are

characterized by side and end slopes steeper than the natural friction angle of the soil particles.

The estimated total volume of Alpine permafrost in Switzerland is ~100 km3. Since annual mean

temperatures in the high Alps are just below 0°C, permafrost structures are susceptible to small

changes in average temperature. Recent trends of global warming are likely to cause degradation

of Alpine permafrost and hence create serious natural hazards in the form of major debris flows.

In 1987, for example, debris flows caused by melting permafrost in the Puschlav, Lukmanier and

Nufenen (Canton Wallis) regions of the Swiss Alps led to massive damage (Zimmermann, 1990;

Haeberli et al., 1990; Haeberli, 1992; Zimmermann and Haeberli, 1992). In the same year, damage

and loss of life was caused by a landslide disaster at Val Pola in the Central Italian Alps (Dramis

et al., 1995); the instability was the result of melting ice.

On the basis of these catastrophic events and the widely accepted prognosis for ongoing global

warming, instabilities of Alpine permafrost have been identified as problems of national significance

in Switzerland (Haeberli et al., 1997; NFP31, 1998). In 1992, a five-year Swiss National Science

Foundation program entitled 'Climate changes and natural disasters' began. Its goals were to

assess the effects of climate change on communities in Switzerland. A major conclusion of the

final report is that the melting permafrost above 2500 m elevation represents the most severe

consequence of global warming for Switzerland.

A national commission for natural disasters has recently been established. An objective of

this commission is to encourage interdisciplinary research on natural hazards that might occur

in Switzerland, with a specific goal to minimize damage and costs. Potential costs from all

natural hazards in Switzerland are difficult to estimate, but an average of SFr 183 million per year

(1972-1997) has been cited by Röthlisberger (1997). In any one year, damage caused by unstable

permafrost may form a significant part of this amount.

1.1.2 Multidisciplinary investigation of the Muragl rock glacier

In order to establish action plans for protecting mountainous areas, with an emphasis on the Swiss

Alps, it is necessary to understand the mechanical behavior of permafrost and its variations with

time and temperature. This should be described by a constitutive model with the appropriate

physical parameters. Presently, little is known about the physical parameters that govern the

kinematic behavior of Alpine permafrost. Furthermore, no specific strategies exist for reliable and

cost-efficient monitoring of particularly endangered regions.

Characterizing the physical properties of Alpine permafrost requires the combined application

of geotechnical, geophysical and glaciological methods. Therefore, three institutes of ETH Zurich

(Institute of Geotechnical Engineering (IGT), Institute of Geophysics (IG) and the Laboratory for
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Hydraulics, Hydrology and Glaciology (VAW)) have worked together over the past three years:

• to understand the mechanical behavior of Alpine permafrost by determining

1. the structure of the fast-moving Muragl rock glacier,

2. its physical properties and state (density, stiffness, strength, in-situ stress),

3. a representative constitutive model,

4. the deformation (creep) mechanisms,

• to delineate how the physical properties vary with temperature and time, and

• to carry out preliminary numerical modeling of glaciological features.

This multidisciplinary approach offers potential for cross-fertilization of the scientific exper¬

tise as well as interdisciplinary stimulation of ideas and solutions to problems. This synergistic

approach includes the development of new technologies, data acquisition, interpretation and anal¬

ysis.

Over the long term, the information derived from the multidisciplinary investigation of the

Muragl rock glacier will be used (i) to model the deformation response and eventual slope failure

of Alpine permafrost as a result of ongoing global warming and (ii) to consider how engineering

measures may be developed and installed to prevent adverse effects from such failure, which have

the potential for causing significant damage as well as loss of life.

Principal participants in the project were three faculty members from the participating insti¬

tutes and two doctoral students, one from the IGT and one from the IG. Technicians and other

personnel were involved at various stages of the project. In addition, a private company was

contracted to perform the drilling and core extraction.

The project was centered on the Muragl rock glacier (see below), where surface georadar and

seismic surveys were initially conducted. Shortly afterwards, four 70-m deep boreholes were drilled

and a program of borehole investigations was initiated. The borehole investigations included stan¬

dard geophysical logging (temperature, sonic, Gamma-Gamma), borehole camera recordings, in¬

clinometer measurements, crosshole georadar measurements and crosshole seismic measurements.

Furthermore, samples extracted from the boreholes were studied in the laboratory. Although

complete core samples could not be extracted, due to the poor integrity of the material (low-ice

content), realistic cores simulated in the laboratory were subjected to triaxial mechanical testing.

Moreover, complete permafrost cores were obtained from a nearby rock glacier. Triaxial tests

were also applied to these natural samples. In order to accomplish the proposed tasks, difficult

logistical obstacles had to be overcome. These included, among others, deployment of geophysical

equipment in the field and transport of necessary infrastructure to the Muragl rock glacier by

helicopter.
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The contributions of the individual components were as follows: IGT - inclinometer measure¬

ments, triaxial tests and borehole camera recordings, IG - surface georadar/seismics and crosshole

georadar/seismics, VAW - borehole logging, temperature measurements and theodolite measure¬

ments. The geophysical contribution comprises this thesis and the geotechnical contribution will

be described in the thesis of Arenson (2002).

1.2 Permafrost Around the World

1.2.1 Polar regions

Permafrost can be found in such polar regions as the Canadian Arctic, Alaska, Siberia, northern

Scandinavia, Spitsbergen, Greenland and the South Pole. As an example, permafrost distribution

in the northern hemisphere is shown in Figure 1.1. There, permafrost is divided into continuous,

discontinuous and sporadic. Borehole locations and depths are also indicated.

Figure 1.1: Permafrost distribution in the northern hemisphere. Boreholes are indicated by colored dots

(http://sts.gsc.nrcan.gc.ca/gtnp/english/location.htm).

In these very cold regions, the mean annual temperature of several degrees below zero is
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sufficient to maintain subsurface temperatures at freezing levels all year. During cold seasons, the

ground is frozen from the surface to the bottom of the permafrost, the depth of which varies widely

from one area to another depending mainly on the latitude. Warm seasons are responsible for near-

surface thawing in the so-called active layer. Deeper zones of permafrost are thermally isolated by

the upper overburden when the temperature is above zero during periods of warm climate. The

extent of near-surface melting depends primarily on the duration of the warm seasons and the

thermal conductivity of the soil/rock. For example, in parts of northern Scandinavia, the upper

2-3 meters are subjected to seasonal freezing/melting.

Permafrost has been studied over the past three decades using geophysical methods at the sur¬

face as well as direct measurements in boreholes. Its distribution has been measured or estimated

at different locations around the world.

Russia and Asia Yakonov and Chernyshea (1972) studied bridge deformation under harsh cli¬

matic conditions. They reported permafrost thicknesses of 30-40 m at a Siberian location with

a mean annual temperature of -0.7 to -4°C. An active layer of 2.7-3.3 m was also mentioned. In

the region of the Baikal-Amur railway, conditions for permafrost occurrence were derived on the

basis of statistical analysis from many years of observations at 170 weather stations (Zabolotnik,

1983). It was established that continuous permafrost occured in regions where the mean annual

temperature was lower than -7°C. No permafrost formed in regions where the mean annual tem¬

perature was above -3°C. In the central part of the Amga basin, a zone of superdeep (up to 880 m)

ground freezing was discovered by drilling (Ivanova and Nikitina, 2000). In the Selenge river basin

Mongolia, ground temperature data collected during the past 25 years showed that mean annual

temperatures were increasing at rates of 0.01-0.02°C/year. Permafrost was degrading in 75% of

the basin. It was projected that most of the permafrost less than 15 m thick will disappear within

50 years (Sharkhuu, 1998).

Scandinavia For Scandinavia, Liestol (1980) reported that permafrost covered the entire area

of Svalbard (northwest of Norway, mean annual temperature of -4°C) with thicknesses varying

between 200 and 450 m. Information from a 102-m deep borehole drilled in May 1998 was used

to infer a permafrost thickness of 220 m, consistent with earlier results. In Tarfala Sweden (mean

annual temperature of about -6°C), permafrost thickness was originally estimated to be ~100 m

(King, 1976, 1984; Kneisel, 1999). However, a borehole drilled in March 2000 showed a tempera¬

ture of-2.8°C at 100 m depth. Linear extrapolation of the borehole temperatures placed the base

of the permafrost at ~350 m (Isaken et al., 2001), a much higher value than previously reported.

In Juvvasshoe Norway (mean annual temperature of about -4.5°C), a 129-m deep borehole was

drilled. Figure 1.2 shows the temperature profile recorded on February 29, 2000. Note, that the

shallow active layer is influenced by the climate and that the low geothermal gradient has resulted
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in a thick permafrost layer.

T«mp»raturê [ C]

Figure 1.2: Temperature profile of a borehole at Juvvasshoe, Norway, from 29.2.2000 (Isaksen et al.

2001).

North America A comprehensive permafrost research program exists in Canada, a country

where large frozen areas are found. Permafrost underlies more than 50% of the Canadian landmass.

The two major divisions of permafrost in Canada are referred to as continuous permafrost and

discontinuous permafrost. In the continuous zones, permafrost occurs everywhere beneath the

surface except large bodies of water. In the far north, it may be more than 500 m thick (Geological

Survey of Canada, 1969). Discontinuous permafrost zones are defined in terms of two divisions:

widespread permafrost zones, where permafrost underlies 50-90% of the land area, and sporadic

permafrost zones, where it occurs mostly in peatlands and underlies 10-50% of the land area.

Permafrost can also occur in localized areas, where it is found in small isolated lenses in peat and

affects less than 10% of the land area.
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In Mayo (Yukon), a widespread zone of permafrost with thicknesses up to 40 m in the valleys

and up to 135 m at higher elevations has been identified (Burn, 1992). Within the Mackenzie

Delta, permafrost was mapped using the transient electromagnetic method along a 30-km-long

profile. Thickness of permafrost was found to vary from less than 100 m to more than 600 m (Todd

and Dallimore, 1998). In the North Bank area, airborne and surface transient electromagnetic

methods have been used for permafrost mapping. The permafrost varied in thickness from 0 to

40 m (Kellett et ah, 2000). In the USA, permafrost is mostly limited to Alaska. For Prudhoe

Bay, Osterkamp et al. (1985) reported that ice-bearing permafrost reached a maximum depth of

629 m. Georadar investigation of an area of discontinuous permafrost near Fairbanks detected ice

at a maximum depth of 47 m (Arcone et ah, 1998).

1.2.2 High mountainous regions

Mountainous regions also provide the necessary regime for permafrost to exist. In moderately high

and high mountains, the average annual temperature can be sufficiently low enough to sustain ice

glaciers and other frozen formations over long periods of time.

China In the Altai Mountains, Tong et al. (1983) divided frozen ground into three regions:

seasonally frozen ground, sporadic permafrost and widespread permafrost. They noted that

widespread permafrost was situated in high-mountain regions above 2800 m. The permafrost

thickness was estimated to be less than 400 m and the mean annual temperature was higher than

-5°C. Permafrost underlay 91000 km in the Qilian mountains. The lower limit of the permafrost

was at 3700-3900 m elevation in the south and at 3494-3650 m in the north. As the latitude

increased by 1° in northerly and easterly directions, the permafrost lower limits descended 124 m

and 57 m, respectively. In one permafrost region, permafrost was generally 25-35 m thick, with

a mean annual ground temperature of 0 to -1.5°C. In the discontinuous permafrost region, per¬

mafrost was 35-39 m thick, with a mean annual ground temperature of -15 to -23°C (Guo and

Cheng, 1983).

Scandinavia Based on ground-temperature measurements and seismic and DC resistivity record¬

ings, King (1983) found extensive permafrost occurrences in the Kebnekaise Massif of northern

Sweden and the Jotunheim area of southern Norway. In the two areas, permafrost thicknesses

>100 m were observed at elevations of 1500 and 2200 m, respectively.

Switzerland On Jungfraujoch (3550 m), challenging construction problems with respect to

alpine permafrost have been encountered. In view of possible destabilization, precise monitoring

of rock temperatures and deformation around a 100-m-long elevator shaft with a diameter of 6.5

meters was necessary. The calculated permafrost thickness based on temperature modeling was
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found to be >200 m and the active layer was observed to be approximately 3 m thick (Wegmann

and Keusen, 1998).

A certain type of permafrost is made up of rock debris. The movement of such debris is largely

controlled by steep topopgraphy. High-ice content in this form of permafrost contributes towards

its significant creep. These viscous creeping features are known as rock glaciers (Wahrhaftig and

Cox, 1959; Giardino et ah, 1987; Barsch, 1996). Investigations of rock glaciers worldwide have

included surface temperature monitoring, geomorphological mapping, deformation modeling and

studies of internal structure (e.g. Canada: Blumstengel and Harris (1998); Scandinavia: Sollid and

Sorbel (1992); Italy: Belloni et al. (1988); France: Evin and Fabre (1990); Kazakstan: Gorbunov

(1978, 1988); Greenland: Humlum (1997); Tian-Shan: Zhu et al. (1996); Austria: Lieb (1996)).

As examples, several rock glaciers from around the world are shown in Figure 1.3.

Figure 1.3: a) The Galena Creek rock glacier, Wyoming, USA. b) A rock glacier in Alaska, USA.

c) A rock glacier in Island, d) The Gruben rock glacier, Switzerland, e) The Schafberg rock glacier,
Switzerland, f ) The Murtél rock glacier, Switzerland, g) A rock glacier in Khazakhstan. h) A rock glacier
in Afganistan (http://www.qub.ac.uk/geosci/documents/research/glacial/rglaciers.html).
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In the Swiss Alps, rock glaciers have been studied using borehole logging (Vonder Miihll and

Holub, 1992; Vonder Miihll, 1993) and repeated aerial photogrammetric measurements (Kääb,

1996a,b, 1998, 2000). Photogrammetry proved to be highly effective in delineating the surface

kinematics of rock glaciers. Surface-based seismic refraction, DC resistivity (permafrost delin¬

eation on the Muragl rock glacier; Vonder Miihll, 1993) and georadar (bedrock delineation on the

Murtél rock glacier; Vonder Miihll et ah, 2000; Lehmann and Green, 2000) methods have also

been employed. Detection of permafrost over large areas has been accomplished by DC resistivity

and electromagnetic surveying of several rock glaciers Switzerland and other regions of Europe as

part of the 'Permafrost and Climate in Europe' project (Hauck et ah, 2001; Hauck et ah, 2002).

Additionally, distribution modeling of permafrost has been performed (Hoelzle, 1994; Keller, 1994)

Boreholes Although many boreholes have been drilled through permafrost in search of hydro¬

carbons in polar regions, only a few scientific boreholes have been drilled in rock glaciers. In

Switzerland, Barsch (1977) and Barsch et al. (1979) drilled down to 10 m in the Murtél and

7 m in the Gruben rock glaciers, respectively. More recently, boreholes in the Murtél (60 m) and

Schafberg (37 m and 65 m) rock glaciers in Switzerland and the Galena Creek rock glacier (10 m,

Clarke et ah, 1996) in the USA have increased our knowledge of their internal structures and im¬

proved our understanding of ongoing processes. Borehole investigations on the Murtél-Corvatsch

rock glacier (Vonder Miihll, 1996) have yielded useful data over the past few years, for example

concerning geological stability of frozen bedrock (Wegmann, 1997) and in designing avalanche

defense structures ('Permafrost CH-2000' project; Phillips et ah, 1997).

In the Yukon Canada, Johnson and Nickling (1979) observed subsurface movements and tem¬

peratures drilled into a 17-m borehole in a rock glacier near Kluane Lake between 1970 and 1976.

While initially the temperatures were negative (-0.6°C) in 1970, most values were at 0°C or warmer

six years later.

1.3 Geophysical Techniques

The shallow subsurface can be investigated using a variety of geophysical techniques (Table 1).

A geophysical technique is chosen according to the region under investigation and the specific

objectives of the project. Because ice-rich zones have markedly different mechanical and electrical

properties than ice-free ones, seismic, georadar, DC resistivity, and electromagnetic methods are

suitable for permafrost studies. Induced polarization is used to detect polarizable material (e.g.,

ore bodies), so that detection of ice would be difficult using this technique. Magnetic methods

are not appropriate because ice is non-magnetic. Gravimetry has been applied on a rock glacier

(Vonder Miihll and Klingele, 1994), but is not well suited for resolving small-scale features in the

shallow subsurface, and nuclear magnetic resonance is not an established technique (only theory
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for 1-D earth models exists). Self-potential methods are typically used for mapping horizontal dis¬

tributions of water flow. Our understanding of mechanisms responsible for self-potential remains

limited, and planting of the necessary non-polarizing electrodes is impractical in many permafrost

regions.

Objectives of geophysical surveys may be to map the lateral extent of targets and/or to image

vertical sections through regions of interest. The latter was the principal objective of our project.

DC resistivity, induced polarization and electromagnetic techniques were not employed, because

their depth resolution capabilities tend to be rather poor and for the former two methods the data

acquisition would be very difficult across a surface covered with boulders.

The seismic and georadar methods were selected for our project, because they can differentiate

between frozen and unfrozen material, are capable of resolving 2-D distributions of permafrost in

the plane of recording and have the required spatial resolution (horizontal and vertical) of 2-10 m.

Both can be employed in a reflection mode on the surface and in a transmission mode between

boreholes. For these two wavefield techniques, optimum data acquisition configurations and fre¬

quencies can be selected according to the goals of the survey. In the reflection mode, they are

widely applicable because reflections are produced wherever velocity contrasts exist, regardless of

whether they are positive or negative. Although structural features may be directly visible in the

processed data, accurate velocity information tends to be more difficult to derive. Tomographic

inversions of surface traveltime data may provide the necessary velocity estimates. The most

commonly used wave types in tomographic inversions are first-arriving direct and refracted phases

(also called diving waves). The resolution is, in general, quite good for high-velocity areas, but can

be poor in areas of low velocity, which refracted energy tends to 'avoid'. Tomographic inversion

is widely used for analyzing crosshole seismic and georadar data. The spatial resolution of cross-

hole data is generally superior to that of surface-based data. Furthermore, ray coverage can be

controlled more readily for the former than the latter. Note, that besides first-arrivals of seismic

and georadar waves, surface and guided seismic waves can be inverted (Roth and Holliger, 1999)

and full-waveform inversions of seismic and georadar data can be undertaken (Pratt, 1999a,b).

For my project, surface-based and crosshole seismic and georadar data were acquired. Surface

georadar data (Figure 1.15 in section 1.5) and crosshole seismic data (Figure 1.16 in section 1.5) did

not provide useful information. In this thesis, surface seismic and crosshole georadar data are used

to image the subsurface. In the following, I review the relevant techniques for reflection seismic

processing and geophysical inversion methods with emphasis on tomographic inversions of first-

arrival surface seismic traveltimes and first-arrival crosshole georadar traveltimes and amplitudes.
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Technique Sensitive Vertical Horizontal Applicable to

property resolution resolution permafrost

Seismic Seismic velocity

Density

Good Good Yes

Georadar Dielectric permittivity
Electrical resistivity

Good Good Yes

DC resistivity Electrical resistivity Moderate Good Yes

Induced polarization Electrical resistivity Moderate Good No

Self-potential Electro-kinetic effect Poor Moderate No

Electromagnetic Electrical resistivity Moderate Good Yes

Nuclear magnetic resonance Electro-kinetic effect ???? ???? Maybe

Magnetic Magnetic susceptibility Poor Good No

Gravimetry Density Poor Moderate Yes

Table 1.1: Geophysical techniques used for subsurface studies.

1.3.1 Reflection seismic techniques

Reflection seismic processing methods have been under development for many decades, driven

mainly by hydrocarbon exploration (Sheriff and Geldart, 1995; Yilmaz, 2001). Rapid technical

developments over the past two decades in multi-channel seismographs (e.g 24-bit systems with

>120 channels), powerful workstations and sophisticated software (e.g. Landmark Graphics Pro-

Max) have enabled a broad community to employ seismic data in various applications. Data

acquisition and processing techniques established for deep seismic surveying have been adapted

and applied to shallow seismic studies. As examples, shallow seismic reflection methods have been

used for near-surface structural investigations (Herber et ah, 1981; Doornenbal and Helbig, 1983;

Miller and Steeples, 1990; Lanz et ah, 1996; Büker et ah, 1998a,b), mapping the depth to bedrock

(Singh, 1983, 1984; Hunter et ah, 1984; Pullan et ah, 1987; Miller et ah, 1989; Goforth and Hay-

ward, 1992), delineating shallow faults (Miller and Steeples, 1986; Myers et ah, 1987; Stephenson

et ah, 1993; Shtivelman et ah, 1998), locating subsurface cavities and tunnels (Steeples et ah,

1986; Kourkafas and Goulty, 1996) and detecting fracture zones in crystalline rocks (Mair and

Green, 1981; Green and Mair, 1983; Kim et ah, 1994; Juhlin and Palm, 1999).

Shallow data acquisition

At the data acquisition stage, certain critical aspects must be considered in order to collect usable

data that meet the objectives of the survey; data processing may be unable to recover useful signal

from poorly collected data. The biggest obstacle to overcome in shallow seismic investigations

is source-generated noise, which may include direct, guided, refracted, surface, ground-coupled

and air waves (Knapp, 1986; Pullan and Hunter, 1990; Robertsson et ah, 1996a,b; Steeples et

ah, 1997; Roth et ah, 1998). These undesired waves may interfere with reflections from the

shallow subsurface. Special precautions should be taken during data acquisition to minimize
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the interference of source-generated noise with the useful signal. Hunter et ah (1984) have

proposed the optimum window technique (Figure 1.4), in which shallow reflections are recorded

in a minimum-noise window between the fast refracted waves and slow groundroll. This approach

requires effort to determine appropriate source-receiver configurations. It results in single-fold

subsurface coverage and poor velocity information.

Distance

Figure 1.4: a) Simple reflection model of homogeneous overburden above bedrock showing position of

optimum window receiver array, b) Time-distance graph associated with model in a). Receiver array is

placed beyond zone of surface waves (ground roll) and is limited in extent by offset of interference between

bedrock refraction and reflection (Hunter et al., 1984).

To obtain multi-fold subsurface coverage, shallow common midpoint (CMP) techniques have

been developed (Figure 1.5) (Green and Mair, 1983; Doornenbal and Helbig, 1983; Steeples, 1984;

Jongerius and Helbig, 1988; Steeples and Miller, 1990). Relative to the optimum window approach,

the CMP technique results in better signal-to-noise ratios with respect to source-generated and

random noise, because reflections are aligned to stack constructively, whereas other components

tend to stack destructively.

Several factors should be considered when defining an acquisition geometry (Knapp and



21

Figure 1.5: Common midpoint (CMP) method. Explosive symbols and open triangles show source

and receiver positions, respectively. For a flat lying interface, reflections on CMP traces with diverse

source-receiver offsets originate from a single common depth point (CDP).

Steeples, 1986; Büker et ah, 1998a,b):

• choice of source and receiver spacings is governed by the maximum CMP spacing ACMP

required to avoid spatial aliasing (Yilmaz, 2001):

ACMP=
Vrms

, (1.1)
^Jraax Sm OLmax

where Vrms is the minimum velocity, fmax is the maximum recorded frequency and amax is

the maximum dip of geological features;

• imaging structures at early traveltimes (<50 ms) requires numerous closely spaced sources

and receivers - a relatively large number of near-offset traces is needed to distinguish reflec¬

tions from source-generated noise and to define top-mute functions;

• maximum source-receiver offsets are controlled primarily by the necessity to obtain reliable

velocity-depth estimates for the deepest features of interest.

Mapping of structures in the shallow subsurface requires higher resolution than is needed

in deep seismic surveys. Vertical resolution can be enhanced by using sources that generate a

broad range of frequencies. High frequencies (>100 Hz) are particularly important, because these

attenuate most rapidly. Hammers and shotguns are possible candidates as sources, depending on

the conditions at the survey site. To reduce the effect of airblast energy, sources can be buried or

silenced (Miller et ah, 1992). Lateral resolution can be increased to the limits defined by the first

Fresnel zone by decreasing the source-receiver spacings.
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Data processing of shallow data

At the data processing stage, most steps employed in deep seismic surveying can be directly

applied to shallow seismic data sets (Figure 1.6). The early processing stage includes: assigning

geometries, trace editing, time-variant scaling, deconvolution, first-break picking and refraction

static corrections. Signal enhancement includes bandpass filtering, multi-channel filtering, normal-

moveout corrections and residual static corrections. The final stage includes stacking, coherency

filtering and migration. Some of these steps are reviewed below.

Q Geometry J

( Editing )

( First break picking J

( Refraction statics J

(_ Scaling J
I

( Spiking deconvolution J
I

( Bandpass filtering j*
I

( Multi-channel filtering J

( Velocity analysis J

(_ Top mute J
I

( NMO correction }

Q Residual statics J—

Q Trace equilization J
I

^

( Stacking J
I

(_ Coherency filtering J

( Migration J

Figure 1.6: A generalized processing flow for shallow seismic reflection data. Note, that this scheme

by no means represents all possible processing tools or flow paths. It can be adapted, depending on the

specific problems with the data.
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Refraction static corrections Refraction static corrections represent attempts to remove to¬

pographic effects and time shifts due to long-wavelength irregularities in the near-subsurface

(weathering layer). Refraction static corrections are especially crucial for obtaining continuous

reflections in shallow studies and need to be accurately derived (Steeples et ah, 1990; Hatherly

et ah, 1994). Often, sources and receivers are reduced to a common datum within the bedrock

by subtracting the traveltimes of vertically-traveling waves in the weathering layer. For this, the

thickness and velocity of the weathering layer and the velocity of bedrock are required. Although

the near-subsurface can be complex with strong lateral heterogeneities, a single weathering layer

is often assumed (remaining traveltime distortions are corrected by the residual static correc¬

tions). The techniques used for interpreting refraction data can be divided into three categories:

1) basic-formula interpretation methods, 2) delay-time interpretation methods and 3) wavefront

interpretation methods.

1. One of the simplest refraction interpretation methods is the ABC method. This method

assumes that the overburden is essentially homogeneous, the depth variations are smooth,

the velocity contrast is large and the dip is small. Refractor dip is determined from differences

in apparent velocity as seen on reversed profiles. Adachi (1954) derived a method for several

beds with the same strike but different dips. The generalized reciprocal method (GRM)

(one of the most commonly used for refraction static corrections; Palmer, 1981) is capable

of mapping highly irregular refractors using reversed profiles. It is relatively robust for dips

up to about 20°. It is also capable of resolving lateral variations in the refractor velocity

(Palmer, 1986, 1991); this is especially important in engineering (where low velocities may

indicate low rock strengths) and groundwater (where it may indicate high porosity) studies.

The GRM involves selecting several pairs of points (X, Y) and making a series of calculations

that result in determining an optimum distance between them, XYopt, which approximates

the critical distances (Sheriff and Geldart, 1995).

2. The concept of delay time, introduced by Gardner (1939), is widely used in refraction in¬

terpretations, mainly because schemes based on the use of delay are less susceptible to

difficulties encountered with refractors that are curved or irregular. In brief, the delay time

associated with a path from the source along the refractor to the receiver may be decomposed

into a source and a geophone delay time. Many interpretation schemes based on delay times

have been published (Gardner, 1939, 1967; Barthelmes, 1946; Tarrant, 1956; Wyrobek, 1956;

Barry, 1967). The methods described by Tarrant (1956) and Wyrobek (1956) are suitable

for unreversed profiles, whereas that of Barry (1967) works best with reversed profiles.

3. Wavefront recostruction, usually by graphical means, forms the basis of several refraction

interpretation techniques (Thornburgh, 1930; Gardner, 1949; Hales, 1958; Hagedoorn, 1959;
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Rockwell, 1967). For example, Hales' method is useful at locations where refraction trav¬

eltime varies appreciably, a situation often associated with variation of overburden and

refractor velocities. The method requires reversed profiles. Hagedoorn formulated a method

to estimate indirectly intercept time and bedrock velocity based on plus-minus times. This

method requires a particular geometry (coincident raypaths at a station) in order to compute

the plus-minus times. Unfortunately, in practice, raypaths suitable for first-break picking

that are coincident at a station are not always available.

A problem arises when a near-surface model needs to be defined by multiple layers This is

usually the case in areas covered with glacial tills and sand dunes. Several specialized techniques

based on generalized linear inversion (GLI) have been devised for these problems (Schneider and

Kuo, 1985). The GLI techniques are iterative model-based approaches that provide flexibility in

defining near-surface models.

Scaling Geometric spreading corrections are a component of time-variant scaling applied to

compensate for wavefront divergence. A t-squared scaling is a commonly used correction function

(Claerbout, 1985). This correction also boosts ambient and coherent noise, which must then be

suppressed by different techniques.

Deconvolution Besides wavefront divergence, the frequency content of signals changes in a

time-variant manner as they propagate. High frequencies are attenuated more rapidly than low

frequencies. This leads to signal dispersion. The effect of frequency-dependent attenuation must

be removed by broadening the amplitude spectrum of the signal. Deconvolution is one technique

that broadens the spectrum. Different forms of deconvolution compress the basic wavelet in the

recorded seismogram and attenuate reverberations and short-period multiples, thus increasing

temporal resolution. The output of a deconvolution routine is a representation of subsurface

reflectivity.

Briefly, the recorded seismogram can be modeled as a convolution of the earth's impulse

response with the seismic wavelet. The basic wavelet can be considered to comprise many compo¬

nents, including the source signature, surface reflections, other multiples, receiver-array response

and filter response of the recording instrument. The earth's impulse response is what would be

recorded if the wavelet was a simple spike. Three assumptions are made in determining the convo-

lutional model (Yilmaz, 2001): (i) the earth is made up of horizontal layers of constant velocity, (ii)

the source generates a compressional wave that impinges on layer boundaries at normal incidence

and (iii) the source waveform does not change as it travels in the subsurface - it is stationary.

Mathematically, the convolutional model is given by x(t) = w(t) * e(t) + n(t), where x(t) is the

recorded seismogram, w(t) is the basic seismic wavelet, e(t) is the earth's impulse response, n(t)

is the random ambient noise and * denotes convolution. The opposite of convolution is called
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deconvolution, which is a method designed to recover the impulse response (i.e., e(t)). To derive

an inverse relation, n(t) is assumed to be zero and characteristics of the amplitude spectrum and

autocorrelation of w(t) are assumed to be similar to those of x(t). This allows the autocorrelation

of the seismogram, which is known, to be substituted for the autocorrelation of the seismic wavelet,

which is unknown. The autocorrelation is required in designing an inverse filter for deconvolution.

In so-called spiking deconvolution, an attempt is made to determine an inverse filter that converts

a causal minimum-phase seismic wavelet (its energy is maximally concentrated at its onset) into a

zero-lag spike. Such an inverse filter approximately converts an input seismogram into the earth's

impulse response. The zero-lag spike is just one possible output for which an inverse filter can

be designed. General filters for a variety of outputs are called optimum Wiener filters (Yilmaz,

2001).

Single-channel frequency filters Bandpass filtering is employed to boost signal-to-noise ra¬

tios (SNR) by reducing random and source-generated noise (Figure 1.7). Random noise is often

dominated by high frequencies and can be readily reduced by applying suitable low-pass filters.

Source-generated noise, such as surface and guided waves, is dispersive and is predominantly

concentrated in lower frequencies than the reflected signals. It is, however, common for source-

generated noise to have a similar frequency content to that of reflections. In such circumstances,

bandpass filtering would not be effective.

A bandpass filter needs to be designed such that it attenuates unwanted features, while preserv¬

ing signal bandwidth. Low and high frequencies are required for good temporal (depth) resolution.

Filtering can be performed either in the time domain by convolution of the seismogram with filter

coefficients, or in the frequency domain by multiplying the amplitude spectrum of the seismogram

with the amplitude spectrum of the filter operator. The broader the bandwidth, the more com¬

pressed the filter operator; thus, fewer filter coefficients are required. This property follows from

the fundamental concept that the time span of a time series is inversely proportional to its spectral

bandwidth. In many shallow seismic investigations, the usable seismic reflection energy is confined

to a bandwidth of approximately 30 to 200 Hz, with a dominant frequency around 100 Hz. Band¬

pass filters with steeply dipping slopes can introduce ripples to the seismogram. This so-called

Gibbs phenomenon (Bracewell, 1965) results from representing a filter with a limited number of

Fourier coefficients. The Gibbs phenomenon is undesirable, because some of the frequencies in the

passband are amplified, while others are attenuated. Additionally, some frequencies in the reject

zones on either side of the passband are not effectively attenuated. Trapezoidal-shaped filters with

gentle slopes circumvent the Gibbs phenomenon. It is generally recommended that slopes on the

high-frequency side be gentler than those on the low-frequency side of the passband.
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Trace Number

Figure 1.7 a) Raw data showing various types of source-generated noise b) Shallow reflections between

30 and 160 ms become visible after application of spiking deconvolution and bandpass filtering For display

purposes, trace equalization over the entire time window has been applied to individual traces in a) and

b) (Buker, 1998)

Multi-channel filters In situations where bandpass filtering is not effective in removing coher¬

ent noise, multi-channel filters, which can be applied in the shot gather, receiver gather, CMP

or stacked-section domains, may be effective. In the space-time domain (t — x), coherent noise

may be easily identified, but difficult to remove efficiently and effectively in all shot gathers. Even

carefully picked mute functions in the t — x domain may not yield satisfactory results By trans¬

forming the data into a different domain (e.g the / — k or r — p domains), it may be possible to

more effectively separate coherent noise from reflections Furthermore, mute functions in the new

domain can be designed for one shot gather and applied throughout the entire data set Multiple

reflections, guided phases and groundroll are typical candidates for which multi-channel filters are

appropriate

Frequency-wavenumber (/ — k) transformations map linear events in the t — x domain to

radial lines in the / — k domain For example, because of their low phase velocities, groundroll
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and airwaves may be readily rejected in the / — k domain (Yilmaz, 2001), where they are often

associated with energy with high k values. Multiples can also be attenuated in the / — k domain.

This is achieved by NMO correcting CMP gathers with a velocity that is smaller than the primary

velocity, but larger than the multiple velocity. The multiples are undercorrected, whereas the

primaries are overcorrected (i.e. multiples have larger moveout than primaries). In the / — k

domain, the primaries and multiples map into two different quadrants, such that multiples have

negative k values and primaries have positive k values. The negative k quadrant can be muted

and inverse transformation performed (Ryu, 1980; Sengbush, 1983).

Slant-stack transformations (also called linear r — p transformations) involve the application

of linear moveout 'corrections' and summation along the offset axis. As a result of this mapping,

the offset axis x is replaced with the ray-parameter axis p. Application of r — p transformations

allows linear and hyperbolic events in the t — x domain to be mapped into points and ellipses,

respectively, in the r — p domain (Yilmaz, 2001). Note, that r — p transformation itself acts as a

filter when the p values are restricted to a finite range. Application of mute functions in the r — p

domain can be used to attenuate linear events. Based on this approach, Spitzer et al. (2001) have

proposed a technique for removing guided phases that have near-linear moveouts. They define a

reject zone in the r — p domain that practically eliminates the guided phases and then perform

inverse transformation of only the pass region (Figure 1.8). This type of dip filtering in the slant-

stack domain is similar to / — k dip filtering. However, with the slant-stack technique, irregularly

spaced data can be processed. This is not the case for the / — k method of dip filtering, since the

fast Fourier transform requires data with equal trace spacing.

Analagous to slant-stack transformation is the hyperbolic r — p transformation, which involves

application of hyperbolic moveout 'corrections' and summations along the offset axis (Yilmaz,

2001; Spitzer et ah, 2001). Since the mapping function is hyperbolic, a hyperbola in the t — x

domain, such as a primary or a multiple reflection, ideally maps into a point in the hyperbolic

T—p domain. Hence, primaries and multiples can be distinguished in the hyperbolic r — p domain

on the basis of velocity. This can then be used as a criterion to attenuate multiples.

Another useful multi-channel operation is the Karhunen-Loeve (K-L) transformation (Jones

and Levy, 1987; Al-Yahya, 1991). Any two-dimensional data set, such as a CMP gather in space-

time coordinates, can be decomposed into a number of components, the so-called eigenimages.

The first eigenimage contains the highest correlatable events, the next eigenimage is composed of

events with lower degrees of correlation, and the last eigenimage comprises the least correlatable

components. Singular-value decomposition is one way of decomposing a data set into its eigenim¬

ages. By applying NMO corrections to CMP gathers using the velocities of the primary events,

the primaries will be flattened and thus will have the highest correlation from trace-to-trace in the

gathers. Hence, these primaries will map into the first eigenimage of the K-L transform. Summing
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Figure 1.8 a) Synthetic shot gather generated using finite-difference code Source pulse is an integrated
Ricker wavelet with 100-Hz center frequency For display purposes, trace equalization over entire time

window has been applied to individual traces b) As for a), except plotted as reduced traveltime x is

source-receiver distance and 1700 m/s is the reduction velocity c) Result of linear r — p transformation

applied to b) Note dominance of source-generated noise (i e
,
first-breaks and guided phases) represented

by near-horizontal events about zero slowness p Black line outlines pass region of filter designed and

applied in linear r — p domain d) Result of filtering source-generated noise in c), applying inverse linear

t — p transformation and plotting as total traveltime Note strong enhancement of primary reflections A,
B and C relative to source-generated noise (Spitzer et al

, 2001)

the first eigenimage should result, in theory, in a stacked trace that is virtually free of random

and coherent noise.

In principle, these techniques have a good conceptual basis, but their performance on field

data can be disappointing The inexperienced processor can easily create artifacts by using inap¬

propriate multi-channel filter parameters. Reflections should be identified in the raw shot gathers

and tracked through the processing steps to avoid interpreting artifacts or source-generated noise

as reflections (Robertsson et al, 1996a, 1996b; Steeples et al, 1997).

NMO corrections and stacking velocities The difference between the two-way time at a

given offset and the two-way zero-offset time at the same location is called the normal moveout

(NMO) correction Reflection times must be corrected for NMO prior to summing the traces in a

common midpoint (CMP) gather The summing (or stacking) process should improve the signal-

to-noise ratio of primary reflections, because random and some forms of coherent source-generated

noise cancel out. One of the main reasons for using CMP methods is that surface, guided and
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multiply-reflected waves can also be suppressed by stacking. However, when inappropriate NMO

velocities are used, source-generated noise can also stack constructively. The NMO depends on the

velocity above the reflector, offset, two-way zero-offset time of the reflection, dip of the reflector,

source-receiver azimuth with respect to the true-dip direction and the degree of complexity of

the medium above the reflector. Formulas for NMO corrections have been derived for a stack of

horizontal layers (Taner and Koehler, 1969) as well as for several layers with arbitrary dips (Hubral

and Krey, 1980). Although these complicated relationships are useful for research purposes, in

practice simple approximations are used with success. Assuming that offsets are small compared

to the reflector depth and that dips are small (<15°), a simple hyperbolic relation based on the

rms velocity can usually be employed.

In order to flatten reflection hyperbolas in a CMP gather for stacking, appropriate stacking

velocities are required. The goal is to derive stacking velocities that maximize the quality of

the stack. A number of different tools are available for determining velocities, including constant

velocity scans and velocity spectra based on coherency relations (Taner and Koehler, 1969; Neidell

and Taner, 1971). A suitable approach needs to be chosen according to the spread length, stacking

fold, signal-to-noise ratio, bandwidth of the data and complexity of the underground. In areas with

complex structures, constant velocity stacks are especially useful, because stacking velocities are

chosen to produce the best stack response at selected event times. When long offsets are available,

semblance plots provide good velocity discrimination. As a result of applying NMO corrections,

frequency distortion may occur, particularly for shallow events at large offsets. Because excessive

stretching can significantly reduce the dominant frequency of the signal and the quality of the

velocity spectra, care must be taken. This can be circumvented by muting the excessively stretched

zones in the gather (Miller, 1992).

Residual static corrections Since refraction static corrections do not handle well traveltime

anomalies due to local velocity heterogeneities (short-wavelength anomalies), residual static cor¬

rections are required. After application of NMO corrections, residual misalignments of wavelets

associated with reflections in CMP gathers may yield poor stack traces. The goal of residual static

corrections is to estimate time shifts that result in optimum alignment of wavelets and then to

correct for these time shifts. A key assumption in the commonly used traveltime models is that

residual statics are surface-consistent, such that static shifts depend solely on source or receiver

locations at the surface, not on raypaths in the subsurface. Such an assumption is valid if all ray¬

paths, regardless of source-receiver offset, are very close to vertical within the weathering layer.

In practice, two methods are commonly used for the computation of residual static corrections:

traveltime decomposition (Taner et ah, 1974) and stack-power maximization (Ronen and Claer-

bout, 1985). In the former, cross-correlations of CMP traces with a pilot trace over a specified

time gate are important. Time shifts corresponding to maximum cross-correlations are identified.
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This is repeated for all CMP gathers. The next phase involves a least-squares decomposition of

the time shifts into source, receiver, structural and residual-moveout components. Finally, the

source and receiver components are applied to the traces.

The stack-power maximization method is more robust for data that have low fold and poor

signal-to-noise ratios. It is based on minimizing the difference between actual and modeled trav¬

eltime deviations associated with a reflection observed on NMO-corrected gathers. Specifically,

surface-consistent static shifts can be determined by maximizing the power of the stacked traces.

Note, that after application of residual statics, NMO corrections are often removed and the

velocity analysis is repeated to obtain a more coherent stack.

Migration Migration moves dipping reflectors to their true subsurface positions and collapses

diffractions, thus yielding a seismic image of the subsurface. The goal of migration is to make the

seismic image appear similar to the geologic cross-section at depth. Because velocity estimation

based on seismic data may be limited in accuracy, migrated sections are commonly displayed in

time (time migration). When lateral velocity variations are significant, depth migration must

be used to provide depth sections. Migration may be performed on stacked data (most efficient

in terms of computational time) or on unstacked data (most accurate form of migration). In

prestack migration, it is not necessary to make assumptions about dips (arbitrary dips can be

handled correctly) and the computations can be performed directly from the topography, which

may be advantageous in areas with large topographic relief. In 2-D migration, it is assumed that

the data do not contain any energy from outside the plane-of-recording. Otherwise, 3-D migration

must be used. When a stacked section is migrated, migration theory applicable to data recorded

with coincident sources and receivers (zero-offset) is used. The one-way scalar wave equation is the

basis for common migration algorithms, including the integral solution, finite-difference solution

and frequency-wavenumber implementation (Schneider, 1978; Claerbout and Doherty, 1972; Stolt,

1978; Gazdag, 1978; Claerbout, 1985).

1.3.2 Geophysical inversion and tomography

Geophysical inversion (Menke, 1989; Lo and Inderwiesen, 1994) has been used for the past two

decades for deriving physical properties and mapping structural features in numerous small-scale

projects. As examples, geophysical inversion has been used for investigations of landfills (Buselli

et ah, 1992; Whiteley and Jewell, 1992; Tezkan et ah, 1996; De Iaco et ah, 1997; Lanz et ah, 1998;

Beard and Nyquist, 1998; Weller et ah, 1999), assessments associated with radioactive waste

storage (Maurer and Green, 1997; Bühnemann and Holliger, 1998; Wanstedt et ah, 2000), mineral

exploration (Yaoguo 1996; Seebold et ah, 1999; Greenhalgh et ah, 2000; Bellefleur and Choutea,

2001), detection of fracture zones and cracks (Wong et ah, 1983; Olsson et ah, 1992; Vasco et
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ah, 1995; Derobert and Abraham, 2000), studies of aquifers (Clement et ah, 1999; Meju et ah,

2000), cavity detection (Maillol et ah, 1999; El Behiry and Hanafy, 2000) and archeological site

investigations (Kampke, 1999; Herwanger et ah, 2000).

Inversion methodology has been developed for many geophysical methods, including seismic,

georadar, DC resistivity, electromagnetic (these are mostly active methods), magnetic, gravity

and self-potential (passive methods) techniques. In the active methods, energy injected into the

ground propagates/flows/spreads from the source to the receiver. As the energy interacts with the

medium, it acquires information about the physical properties. For example, seismic traveltimes

are primarily sensitive to P- and S-wave velocities and DC potentials are sensitive to the electrical

resistivity. In some cases, more than one physical property may affect the traveling energy. For

example, georadar is sensitive to both the dielectric permittivity and the electrical resistivity. In

the passive methods, potential fields that originate in the subsurface are measured and interpreted.

Recorded data can be used to derive critical information about the physical properties to which

they are sensitive, provided that appropriate mathematical forward models can be determined.

Often, the problem has to be simplified somewhat, so that the forward modeling can be accom¬

plished within an efficient amount of time; it is usually the forward modeling that requires most of

the computational effort. Most geophysical inversions are nonlinear, because the propagation of

energy depends on the very physical properties being derived. To solve these problems, nonlinear

or iterative algorithms must be employed. Here, we focus on ray-based tomographic inversions

applicable to surface seismic and crosshole georadar data.

Traveltimes of first-arriving seismic or georadar waves can be used to derive velocity models of

the subsurface (Gustavsson et ah, 1982; Dyer and Worthington, 1988; Wright et ah, 1988; Pratt

and Worthington, 1990; Chapman and Pratt; 1992; Pratt and Chapman, 1992; Hasegawa et ah,

1993; Pratt et ah, 1993; Williamson et ah, 1993; Williamson and Worthington, 1993; Pratt and

Sams, 1996; Sanny and Sassa, 1996; Maurer and Green, 1997; Vecsey et ah, 1998; Karasaki et

ah, 2000). For surface-to-surface or borehole-to-borehole data, first-arrival waves take the path of

minimum traveltime. These first breaks are often easily identifiable, such that their arrival times

can be readily picked. The first-break energy is computed to propagate along a line or raypath.

The traveltime t of a wave traveling along a raypath S through a 2-D isotropic medium can be

written as

t= / w(r(x,z))rir, (1.2)
Js

where w(r) is the slowness field and r(x, z) is the position vector. The slowness field u(r) may be

approximated by m equidimensional cells, each having a constant slowness Uk(k = l...m), so the

ith traveltime of n observations can be written as

m

tt = ^2hkUk = 'Ltu, (1.3)
fc=i
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where l^ denotes the portion of the ith raypath in the fcth cell. Determination of the matrix

L requires calculating raypaths in 2-D media. Earlier refraction tomography approaches (White,

1989; Zelt and Smith, 1992; Haslinger and Kissling, 2001) use two-point ray-tracing techniques

to compute raypaths and traveltimes. These programs are suitable for media characterized by

relatively smooth slowness variations. Because the shallow subsurface may be very heterogeneous

with significant velocity contrasts, alternative solutions have been proposed.

During the past few years, several fast finite-difference eikonal solvers have been formulated

(Vidale, 1988; Podvin and Lecomte, 1991; Schneider et ah, 1992). They can simulate the prop¬

agation of wavefronts through highly heterogenous media. All relevant propagation modes that

could result in first arrivals are considered in the computations (i.e., transmitted waves, head-

waves, diffractions). These schemes are even effective in shallow subsurface investigations (e.g.

surface-to-surface mode) where large degrees of ray bending may arise (Lanz et ah, 1998).

Equation (1.3) describes a linear relationship between the traveltimes and the 2-D slowness

field. Because the values of l%k depend on the unknown slowness field u, the corresponding inversion

problem is nonlinear and must be solved iteratively. Note, that the inversion problem is linear

only when the rays are straight, which is rarely a valid assumption (velocity contrasts <5%). The

necessary traveltime derivatives with respect to the cell slowness dtt/duk are contained in the

Jacobian matrix L.

Generally, it is not possible to determine completely the model vector u with information

derived from a typical geophysical data set. Some a prion information has to be supplied in the

form of additional constraints:

(1.4)

where M is a smoothing matrix (Constable et ah, 1987), I is the identity matrix and u0 is a vector

of damping constraints (Marquardt, 1970). Equation (1.4) can be written in a more compact form

as

x = Gu. (1.5)

t L

0 = M

u0 I

For the solution of the inverse problem,

u = G"1x, (1.6)

the sparse nature of matrix G needs to be considered. A robust, fast and efficient way of solving

sparse linear systems has been proposed by Paige and Saunders (1982). Although tomographic

inversions have been developed mainly for seismic applications, georadar inversions obey the same

principles, such that the same tomographic algorithms can be applied (Olsson et ah, 1992; Cai
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and McMechan, 1999; Clement and Knoll, 2000; Tronicke et ah, 2001).

Tomographic inversions of amplitudes of seismic or georadar waves are similar to traveltime

inversions (Olsson et ah, 1992; Portsmouth et ah, 1993; Neep et ah, 1996; Valle et ah, 1999;

Fullagar et ah, 2000; Zhou and Fullagar, 2001; Peterson, 2001). It is straightforward to perform

amplitude inversions as long as the source power and radiation characteristics remain constant

over time (e.g. georadar) and the raypaths can be assumed linear or well known from previous

traveltime inversions. Some special aspects do, however, need to be considered. Since the objective

of amplitude inversion is to determine the intrinsic attenuation of the investigated medium, the

effects of geometrical divergence and the source radiation pattern must be removed. The latter

effect can be especially difficult to handle for georadar data sets, because radiation patterns

cannot be accurately computed without knowledge of the physical properties in the vicinity of the

georadar antenna. Simple approximations are often sufficient, but heterogeneities in the vicinity of

the georadar antenna may severly distort radiation patterns (Holliger and Bergmann, 2000, 2001;

Holliger et ah, 2001). In efforts to overcome the need for detailed knowledge of antenna radiation

patterns, techniques that exploit information on wavelet dispersion have been developed (Quan

and Harris, 1997). These methods are useful in situations where significant dispersion is observed,

but the source signature remains constant (e.g seismics; Holliger and Bühnemann, 1996).

A natural next step after typical inversions of single data sets is the joint inversion of two

or more coincident data sets (Vozoff and Jupp, 1975). This area of geophysics is in its infancy,

especially for loosely related data sets (e.g. seismic and georadar data acquired in common bore¬

holes) and for complex structures. In such situations, joint inversions are very difficult to express

in mathematical terms. Moreover, it is quite rare that two sets of physically different data are

collected over the same area or volume, such that a joint inversion can be attempted. Joint inver¬

sions have been made for electrical and transient electromagnetic data (Raiche et ah, 1985; Maier

et ah, 1995; Schmutz et ah, 2000), magnetotelluric and transient electromagnetic data (Tezkan

et ah, 1996), geoelectric and surface wave seismic data (Hering et ah, 1995), and surface and

three-component borehole magnetic data (Li and Oldenburg, 2000). Most of the joint inversions

produced more reliable and robust results than the single inversions, which is encouraging for

future research.

1.3.3 Geophysical techniques applied in permafrost studies

The distinct geophysical properties of permafrost materials are closely associated with their ice

content. Hence, most geophysical properties (e.g. electrical resistivity and seismic velocities) vary

with temperature (below 0°C) as well as the chemical composition of the pore-waters.

Geophysical techniques have been used in permafrost areas to map distributions of ice-bearing

materials and to estimate geophysical properties associated with soil type and ice content. Specific
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applications directed towards oil and gas pipeline route selection and placement of structures in¬

cluded: mapping ice-bearing soils in regions of discontinuous permafrost, mapping of 'talik' (thaw)

zones and 'cryopegs' (saline unfrozen zones) in continuous permafrost, determining ice-content

(including massive ice-lensing), and identification and structural mapping of sub-seabottom per¬

mafrost.

Permafrost can be most easily identified on the basis of its electrical resistivity, electromagnetic

velocity and seismic velocity. Hence, the most common geophysical techniques employed in map¬

ping lateral extents and delineating vertical distributions of permafrost exploit these particular

physical properties.

Electrical resistivity distributions can be delineated using DC resistivity and electromagnetic

methods. In general, the resistivity of permafrost is higher than that of unfrozen unconsolidated

sediments (30-300 O m vs. 10 O m; Todd and Dallimore, 1998). Electrical properties of clay, silt

and sand show significant changes as the percentage of frozen pore water increases with decreasing

temperature. The contrast in electrical resistivity between overburden material at 5°C and -5°C is

large, making the DC resistivity and electromagnetic methods particularly valuable for permafrost

mapping.

In DC resistivity surveying, current is injected into the ground through one pair of electrodes

and the resulting potential differences are measured by a second pair of electrodes. This approach

can be adapted either for lateral mapping (Osterkamp and Jurick, 1980; Sheriff and Geldart, 1995),

depth sounding (King et ah, 1987; Wagner, 1996; Harada et ah, 2000; Aspinall and Gaffney, 2001)

or 2-D/3-D imaging (Loke and Barker, 1996a,b; Hauck et ah, 2002). Imaging combines lateral

mapping and depth sounding to produce 2-D sections or 3-D volumes of subsurface resistivity

structure. Currently, it is quite common to collect data for 2-D imaging, but 3-D imaging still

requires a lot of field effort and data processing, which may be prohibitive for many practical

applications. Electrodes need to be appropriately deployed, such that both short- and long-offset

data are recorded. Whereas short-offset recordings sample the shallow subsurface, long-offset ones

sample the subsurface at greater depths. Although arbitrary electrode configurations are possible,

the so-called Schlumberger and Wenner configurations are commonly used, mainly because of the

extensive experience and knowledge gained using these configurations over the past few decades.

Most electromagnetic methods are based on the same principle. A magnetic field is generated

by sending time-varying electric current through a transmitter coil. The magnetic field can be

varied either by alternating the current (frequency-domain electromagnetics) or by terminating it

(time-domain electromagnetics). In a changing magnetic field, eddy currents are induced in the

subsurface. The eddy currents induce secondary magnetic fields that propagate back to the surface,

inducing currents in a receiver coil located at some distance from the transmitter. The more

conductive the subsurface, the larger the eddy currents and the larger the measured secondary



35

field, which in turn allows the calculation of ground resistivity values (Hoekstra and McNeill, 1973;

Rozenberg et ah, 1985; Dyke et ah, 2000; Kellett et ah, 2000; Hauck et ah, 2001).

Georadar is primarily sensitive to electromagnetic wave velocity contrasts, which in the geo¬

radar frequency range (20 MHz - 2 GHz) are primarily controlled by changes in dielectric per¬

mittivity. The propagation velocity can be more than twice as high in frozen sediments as in

unfrozen ones (0.11-0.14 m/ns vs. 0.036-0.042 m/ns; Robinson et ah, 2000). Mapping the stratig¬

raphy and ice content of coarse-grained frozen sediments represents a near optimum environment

for the application of georadar; the very high resistivities of frozen sediments usually ensure good

signal penetration. As the electrical properties of most surficial materials differ with sediment

type, water content, density and temperature, georadar provides a means to map geologic units,

their internal structures, their water contents and the frozen-unfrozen parts of the ground. With

surface georadar, high-frequency electromagnetic energy is injected into the ground from a trans¬

mitter antenna and reflections from the ground are recorded by a receiver antenna. In surface

georadar profiling, the transmitter and receiver antennae are mounted close together on a sled

or vehicle, which moves slowly along a straight line while the georadar system is in operation.

Hence, georadar methods provide continuous profiles of shallow ground properties for a variety of

permafrost-related applications (Arcone et ah, 1998; Robinson et ah, 2000; Lehmann and Green,

2000).

Seismic techniques are sensitive to velocity contrasts that reflect or refract seismic waves.

Frozen sediments are often characterized by higher propagation velocities than unfrozen sedi¬

ments (~4000 m/s vs. ~3000 m/s; Miller et ah, 2000). As described in previous sections, seismic

reflection techniques require data recorded with short to moderate-length source-receiver offsets,

whereas seismic refraction methods need data recorded with short to long source-receiver offsets

(Timur, 1968; McGinnis et ah, 1973; King et ah, 1988; King et ah, 1992; Carcione and Seri-

ani,1998). Both reflection and refraction techniques can take advantage of the presence of P- and

S-waves. Shear-wave reflection surveying can be employed in permafrost regions to investigate the

effects of differential melting (Skvortsov et ah, 1992). Coincident shallow P- and S-wave reflec¬

tion data sets could address a variety of issues including mode conversion, free gas detection and

static irregularities on conventional data in permafrost regions (Miller et ah, 2000). In addition,

seismic methods are effective tools for determining ice thicknesses and basal topography in cold

and temperature glaciers (Levato et ah, 1999; Benjumea et ah, 2000). Seismic surveys also allow

conditions at the ice-bedrock interface (Nolan and Echelmeyer, 1999), the nature of the bedrock

material, and the degree of bedrock deformation to be established (Smith, 1997).
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1.4 The Muragl Test Site

My investigations were conducted on and within a typical ice-rich creeping permafrost mass, which

has a temperature close to the melting point of ice. The Muragl rock glacier (Figure 1.9), located

in the eastern Swiss Alps, was selected for the following reasons:

• Photogrammetric analyses of its surface between 1981 and 1994 revealed average horizontal

movements of up to 0.5 m/a (Figures 10 and 11; Kääb, 1998). This is a high value compared

to most other rock glaciers, which typically move at only a few cm per year. The high

deformation rate should create significant new structures on the surface and at depth within

the lifetime of the project.

• The Muragl rock glacier was the most extensively investigated rock glacier in Switzerland

(Figure 1.12; Vonder Miihll, 1993; Kneisel, 1998). A comparable amount of information is

available for only a few rock glaciers worldwide.

• The Muragl rock glacier is large enough to pose a significant long-term hazard.

• The risk of a landslide during the experiments was low.

Photogrammetric measurements have yielded information on the surface creep affecting the

Muragl rock glacier (Vonder Miihll and Schmid, 1993; Kääb, 1998; Kääb and Vollmer, 2000).

High-precision aerial photography began in 1981 and was repeated in 1985, 1990, 1994, 1998 and

1999. Figure 1.10 shows average elevation changes mostly in the ±0.1 m/a range between 1981 and

1994. Except for zones with perennial ice patches in the upper part of the creeping permafrost,

where lowering of the surface of up to 0.5 m/a indicates massive loss of ice, the observed pattern

of elevation changes is predominantly influenced by mass advection, especially at the fronts of

individual lobes. Over the period investigated, the Muragl rock glacier crept downwards with

average surface speeds of up to 0.5 m/a (Figure 1.11). Maximum creep rates occur in the steeper

middle part of the creeping mass. The flow field reveals the rock glacier to be a complex system

of several flow lobes.

Vonder Miihll (1993) was the first to employ geophysical methods to study the Muragl rock

glacier. During the summer of 1991, seismic refraction and DC resistivity measurements were made

(Figure 1.12). For the seismic survey, explosives (up to 1 kg per shot) and geophones were inserted

between boulders to improve ground coupling. DC resistivity soundings were accomplished by

using saltwater-saturated sponges as current electrodes.

Five seismic refraction profiles were recorded. Geophones were placed at 5-m intervals on the

crossing profiles and 10-m intervals on profiles parallel to the flow direction of the rock glacier.

Recordings were made with a 24-channel ABEM TERRALOC Mk II. First-arrival traveltimes were

inverted using the generalized reciprocal method (Palmer, 1981). For the active layer, velocities
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Figure 1.9: Elevation of the Muragl rock glacier. Red lines LO, LI and L2 indicate seismic profiles.
Green line indicates georadar profile. Locations of boreholes B1-B4 are marked by yellow stars. Location

within Switzerland is shown by a dot on the inset map.

varied between 1200 and 1300 m/s, whereas for the permafrost region they ranged from 2600 to

4050 m/s. The thickness of the active layer varied from 1 (profile SI) to 7 m (profiles S2, S3 and

S5). For the longer shot-receiver offsets (up to 500 m) along profiles S2 and S4, refracted signals

from bedrock were observed. Bedrock velocity was found to be 4300-5700 m/s and bedrock depth

was determined to be 40-60 m. Figures 13a and 13b show the top of the permafrost layer beneath

the long seismic profiles S2 and S4, respectively. Figure 1.13a also shows the estimated bedrock

depth. These figures, which are based on simplistic 1-D interpretations of the data, only resolve

first-order structures. A 2-D tomographic analysis is required to image better the structure of the

Muragl rock glacier.

Resistivity measurements were carried out with the Hummel-Schlumberger array (King et ah,

1992). This method provides three injection configurations (symmetric, left-side and right-side).

Based on these observations, several four-layer models were derived. According to Figure 1.14,

the upper active layer had resistivities of 12-32 kO m, the highly resistive frozen ground had

resistivities of 80-4000 kO m and the unfrozen bedrock had resistivities of 1-10 fî m. Since the

ice content of permafrost tends to decrease with depth, the middle layer was divided into two:
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Figure 1.10: Average annual changes in surface elevation between 1981 and 1994 as derived from stereo-

photogrammetry. Filled circles indicate upward displacements and hollow circles indicate downward dis¬

placements. Contours indicate elevation above sea level (Kääb, 2000).

one with a higher resistivity (corresponding to the ice-rich cold part) and one with a moderate

resistivity.

1.5 Objectives of the Thesis

The principal goal of the thesis was to determine the structure and physical properties of the

Muragl rock glacier using surface and crosshole geophysical methods. Seismic and georadar meth¬

ods were employed, because only these wavefleld techniques were capable of achieving spatial

resolutions of 2-10 m.

During the spring of 1998, several 50-MHz surface georadar profiles were recorded on the
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Figure 1.11: Average annual surface velocities 1981-1994 as derived from multi-temporal image compar¬

isons using analytical stereo-photogrammetry. Contours indicate elevation above sea level (Kaab, 2000).

Muragl rock glacier. The location of one georadar profile recorded parallel to the rock glacier flow

direction is indicated by a green line in Figure 1.9 and the resultant georadar section is shown

in Figure 1.15. Examination of this and other georadar profiles yielded no useful information.

Consequently, surface georadar methods were not used for further investigations. The failure of

the georadar method is likely due to a combination of factors. The ground coupling of the antennas

was quite poor as the georadar sled was towed over the numerous irregular-shaped boulders.

Moreover, significant scattering of the 50-MHz signal (wavelength of ~2 m) likely resulted in

significant attenuation, such that hardly any coherent energy returned from the subsurface. Hence,

the surface georadar data will not be discussed further.

The second investigation involved acquiring three crossing seismic profiles on the surface of

the rock glacier (red lines in Figure 1.9). Principal objectives of this study were to determine the
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Figure 1.12 Geophysical measurements made on Muragl rock glacier during summer of 1991 Seismic

profiles are indicated by S1-S5 and DC resistivity profiles are indicated by E1-E3 (Vonder Muhll, 1993)

thickness of the rock glacier, identify ice-rich and ice-poor regions and map the bedrock interface

(Chapter 2). To achieve this task, the seismic records were processed as a reflection data set and

the first-arrival traveltimes were tomographically inverted. For the former, the seismic processing

package ProMax was employed. For the latter, an in-house traveltime tomography routine based

on curved-ray theory was used (Lanz et al
, 1998) A full-waveform code (Robertsson, 1996) was

used to generate realistic synthetic seismograms that were compared to the observed seismics

records. On the basis of the seismic results, suitable locations for several boreholes were chosen

Besides logistical constraints for the drilling of the boreholes, the borehole array was to be lo¬

cated in an area where interesting phenomena could be investigated (e g. ice-rich and ice-poor

regions, any shear horizons, any transition zones from active to passive rock glacier, locations of

underground water flow etc.)

Upon completion of the boreholes, crosshole georadar data sets were collected in three planes.

Since our 100-MHz borehole georadar system did not achieve sufficient penetration, a rented 22-
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Figure 1.13: Seismic profiles a) S2 and b) S4. Solid lines indicate topography. Shot positions are

indicated by capital letters. Top of permafrost layer is marked by squares, triangles and circles. Dashed

line in a) outline approximate depth of bedrock (Vonder Muhll, 1993).

MHz system was employed. The quality of the 22-MHz georadar data was sufficiently good that

both traveltimes and amplitudes could be inverted.

Prior to inverting these data, it was necessary to determine a reliable means for inverting

georadar amplitudes. To address this issue, an assessment of synthetic georadar amplitudes was

required (Chapter 3). For trustworthy amplitude inversions, the behavior of georadar antennas

under various scenarios should be known. Typically, an ideal dipole radiation pattern is assumed in

crosshole georadar studies (Olsson et ah, 1992; Valle et ah, 1999), but radiation characteristics can

be strongly affected by the presence of water in the borehole or by nearby heterogeneities. On the

basis of the synthetic study, it was clear that for a 100-MHz georadar system (dominant wavelength

of 1 m in typical rock), the presence of water in the 0.1-m diameter borehole distorts the radiation

pattern and introduces a DC shift in the tomographically-derived attenuation tomograms. For

the 22-MHz georadar data set (dominant wavelength of 5 m in typical rock), the radiation pattern
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Figure 1.14: a) Above: apparent resistivity vs. electrode spacing plots for three electrode configura¬
tions for profile El. Below: corresponding derived four-layer models, b) Above: apparent resistivity vs.

electrode spacing plots for three electrode configurations for profile E2. Below: corresponding derived

four-layer models (Vonder Muhll, 1993).

is likely to be less distorted, such that an ideal dipole radiation pattern is a good approximation.

With knowledge gained from the synthetic study, the crosshole georadar data could be tomo¬

graphically inverted with confidence (Chapter 4). The inversion included a combined analysis of

first-arrival traveltimes and corresponding amplitudes. The same curved-ray code, suitably mod¬

ified for the inversion of crosshole georadar traveltimes and amplitudes, was employed. The com¬

bined analysis provided complementary structural and physical property information that could

be correlated with borehole geological logs. Knowledge of the distribution of various materials

at several locations provided insight into the overall structure of the rock glacier. Full-waveform

modeling allowed the reliability of the tomograms to be assessed.

Crosshole seismic data were also acquired during the course of my project. A pneumatic seismic

hammer source that operated in small-diameter boreholes was developed for this purpose. The

seismic source was designed and built within ETH and was applied for the first time on the Muragl

rock glacier. Unfortunately, the strength and coupling of the source to the borehole walls were

insufficient; no usable seismic data were recorded in the Muragl boreholes (Figure 1.16). Hence,

the borehole seismic data will not be discussed further here.

Due to this setback, the surface seismic data could not be complemented with higher resolution

crosshole seismic information. This also prevented the possibility of performing a joint inversion

of crosshole seismic and georadar data, the methodology of which was to be developed as part of

this project. Furthermore, it became clear during my study that a general joint inversion scheme

for two 'unrelated' data sets (e.g. seismic and georadar) would be very difficult. To make some
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Figure 1.15: Georadar profile (location shown by green line in Figure 1.9) recorded parallel to the flow

direction of the rock glacier. For display purposes, trace equalization over the entire time window has

been applied to individual traces.

progress on this front, a new technique for joint inversion has been developed and implemented

(Chapter 5). Rather than using a continuous range of parameter values in the inversions, a discrete

set (e.g., two or three) of a priori parameter values may be used, thus allowing common structures

to be estimated. The method couples parameters of known material properties. For example, in

searching for air-filled cavities using seismic and georadar methods, the known velocities in air

(300 m/s in seismic and 0.3 m/ns for georadar) are coupled, such that if a cell in the seismic model

has the velocity of air, the equivalent cell in the georadar model should also have the velocity of air.

Similar arrangements apply for water-filled cavities. Although this approach is most appropriate

for cavity detection, other realistic applications are possible (e.g. exploration for ore bodies). The

algorithm has been tested on a suite of synthetic ray-based and finite-difference-based seismic and

georadar data sets.

1.6 Composition of the Thesis

In addition to this introductory chapter, my thesis comprises six chapters. Chapters 2-5 are

self-contained manuscripts that describe the results of research outlined above. Results of the

Muragl surface seismic experiments decribed in Chapter 2 have been accepted for publication

in Geophysics subject to minor revision. The study of georadar antenna radiation patterns of

Chapter 3 has been published in the Journal of Applied Geophysics (I have performed the majority

of the calculations.). Results of the Muragl crosshole georadar investigation presented in Chapter 4

have been submitted for publication in Geophysics. The joint inversion results of Chapter 5 have
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Figure 1.16: Source gather for source located at 23 m depth for plane between boreholes B4 and B3.

Geophones are located at 2-m depth intervals. For display purposes, trace equalization over the entire

time window has been applied to individual traces. High-frequency noise at early times corresponds to

crosstalk from the receiver directly attached to the pneumatic source.

been submitted to the Geophysical Journal International. Chapter 6 contains an outlook for

potential future research.
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Chapter 2

SHALLOW SEISMIC

SURVEYING OF AN ALPINE

ROCK GLACIER

Geophysics, submitted

2.1 Abstract

To map the internal structure and lower boundary of an alpine rock glacier, we have recorded three

shallow seismic profiles and drilled four ~70 m deep holes through to the underlying bedrock.

Although analysis of the seismic data using standard reflection processing schemes did not yield

conclusive results because of the dominantly low-frequency returned signals and the presence

of strong source-generated noise, tomographic inversions of first-arrival times were successful in

mapping several critical subsurface features. A thin low-velocity layer of loose boulders, air voids

and snow was found to extend across the entire surveyed area. Below this layer, two distinct

velocity regimes superimposed on a general increase in velocity with depth were identified. A

broad regime of high velocities was interpreted to contain boulders with numerous ice-filled voids,

whereas an adjacent regime of relatively low velocities was explained in terms of boulders with

air- and water-filled voids. This latter region of degraded permafrost, which was unexpected, may

be an early result of global warming. The transition from rock glacier to gneissic bedrock was

delineated approximately by the 4300 m/s isovelocity line. Although poorly resolved, its depth

varied from ~35 to ~70 m beneath the surface of the rock glacier. The tomographic inversion

results also provided an explanation for the occurence of strong source-generated noise in our

data. Using the derived velocity distributions as input, synthetic shot gathers were calculated
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using a finite-difference viscoelastic scheme that accounted for surface topography. The resultant

synthetic data were dominated by the overwhelming effects of back- and side-scattered waves from

shallow heterogeneities and high-amplitude guided phases that originated from the thin surficial

low-velocity zone. Had the guided phases not been correctly identified and eliminated during

processing, they would have appeared as reflections in the stacked sections. Since low-velocity

layers overlying heterogeneous media are common features of the shallow subsurface, our findings

may have implications for a broad range of engineering-scale seismic investigations (e.g., studies

of landfills, rockslides, moraines, talus slopes, alluvial fans etc.).

2.2 Introduction

Large areas of high mountains are covered by rock glaciers, a form of permafrost in which year-

round ice binds together unconsolidated rock material ranging in size from fine-grained sediments

to large boulders. Rock glaciers commonly form on shady mountain slopes, have thicknesses of

tens of meters, and extend laterally over thousands of square meters.

During a typical yearly climatic cycle, rock glaciers may slip short distances down-slope. Al¬

though such movements have been postulated to occur at the lower boundaries of ice-rich layers

(e.g., Wagner, 1992), the mechanisms controlling slip are poorly understood. Small increases in

average temperature may lead to melting of the buried ice, which in turn may cause mechanical

instabilities that result in catastrophic rock avalanches. Since average global temperatures are

expected to rise 2-6°C over the next few decades, rock glaciers have been identified as major

natural hazards in populated mountainous regions (e.g., Haeberli, 1998).

Generally, the structures and mechanical properties of rock glaciers are either unknown or

inadequately determined. Moreover, there is a lack of effective methods for investigating their

physical characteristics and a dearth of efficient procedures for monitoring their temporal behav¬

ior. To address these issues, a combined geophysical-geotechnical-glaciological study of the rapidly

moving Muragl rock glacier in the eastern Swiss Alps is being undertaken. According to the results

of repeated geodetic surveying (Kääb and Vollmer, 2000), creep rates of this rock glacier vary spa¬

tially with average maximum values of ~0.5m/year. Our multidisciplinary study involves surface,

borehole, and laboratory measurements complemented by long-term observations of subsurface

temperatures and deformations, and by numerical modeling of géomorphologie features.

The surface geophysical surveys were designed to yield three-dimensional information on the

internal structure and depth extent of the Muragl rock glacier. Motivated by the excellent re¬

sults of georadar surveying across a neighboring rock glacier (Lehmann and Green, 2000), several

georadar profiles were recorded across the Muragl test site at the beginning of the project. Unfor¬

tunately, strong scattering from the highly heterogeneous rock-ice melange dominated the Muragl

georadar data, such that no useful subsurface information could be extracted from them. We
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then recorded three shallow seismic reflection/refraction profiles (Figure 2.1a). The acquisition,

processing, and interpretation of the seismic data are the principal themes of the present article.

We have attempted to use relatively standard reflection processing techniques and a 2-D refraction

tomography method (Lanz et ah, 1998) to resolve structures in this highly heterogeneous envi¬

ronment. To compare information provided by the reflection- and refraction-based approaches,

synthetic shot gathers have been computed from the tomographic images using a full-waveform

algorithm (Robertsson, 1996). Our interpretations of the seismic data have been constrained by

knowledge provided by four boreholes drilled through the entire rock glacier and portions of the

underlying bedrock. In addition to supplying key details on the structure of the Muragl rock

glacier, the results of our study have provided general insights into the capabilities and limita¬

tions of seismic reflection and refraction techniques for resolving highly heterogeneous shallow

structures.

2.3 Muragl Test Site

The Muragl valley contains a number of moraines, a small glacier superimposed on discontinuous

alpine permafrost, and a well-developed rock glacier. As shown in Figure 2.1a, the Muragl rock

glacier flows from a small cirque into the main valley. It is approximately 150 m wide and

extends over a distance of 750 m from an elevation of ~2800 m above-sea-level (ASL) to ~2500 m.

Conspicuous features are the pronounced flow lobes with transverse furrows and ridges. The

irregular pattern of the flow lobes may be the result of periodic mass movements, perhaps reflecting

several generations of rock glacier evolution. Bedrock beneath the rock glacier is a gneissic rock

mass.

2.4 Field Experiments

Since the Muragl test site cannot be accessed by motorized vehicles, equipment had to be flown

in by helicopter. Deployment of the shooting and recording equipment was complicated by the

extremely rugged terrain (Fig. lb).

Locations of the three seismic profiles LO, LI, and L2 are shown in Figure 2.1a. Established

along the axis of the rock glacier, profile LO was distinguished by large elevation changes. It

was acquired in June 1998, when the surface was only partially covered with snow. Because the

quality of data recorded along profile LO was highly variable and it was expected that coupling of

sources and receivers would improve in the presence of continuous packed snow cover, acquisition

of profiles LI and L2 was postponed until January 1999. These two profiles trend perpendicular

to profile LO. Each was recorded at an approximately constant elevation.

The seismic experiments were designed primarily for reflection surveying, but with the intention
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of extracting near-surface velocity information from analyses of first-arrival times. This resulted

in the use of short near-offsets and short source and receiver spacings for reflection processing

and the longest possible source-receiver offsets for the inversions of the first-arrival data (profiles

longer than those shown in Figure 2.1 were not logisticaUy feasible). Since reflected and refracted

waves travel along different paths, analyses of the two types of waves were expected to provide

independent and possibly complementary subsurface information.

Recording parameters are summarized in Table 1. For profiles LO and LI, 120 geophones were

planted in the ground/snow at 2.5 m intervals along profiles of ~300 m length. For logistical

reasons, profile L2 was recorded with only 96 geophones spaced 2 m apart. It had a length of

~200 m. To obtain sufficient depth penetration in the heterogeneous subsurface, small explosive

charges (0.4 kg) were detonated at depths of 1 m (wherever possible). A 'shooting-through-the-

spread' strategy was adopted, with 5 m source spacing along profiles LO and LI and 4 m source

spacing along profile L2. This approach resulted in a maximum fold of 60 for profiles LO and LI

and 48 for profile L2.

2.5 Data

Being distant from populated areas and power lines, ambient noise levels on the Muragl rock

glacier were low. Weather conditions were also favorable during the field campaigns.

A typical raw shot gather from the middle of profile L2, shot gather 25, is shown in Figure 2.2a.

The high signal-to-ambient-noise ratio is evident in traces across the entire shot gather. As will be

shown later in the paper, the quality of first arrivals is excellent, so that preprocessing to enhance

these events was not required. Asymmetry of the shot gather is the result of significant topographic

variations and heterogeneity in the subsurface. Large topographic variations complicate reflection

processing, because a number of approximations and assumptions must be made (Yilmaz, 2001).

An abundance of low-frequency events is observed in Figure 2.2a, with many having linear or

nearly linear moveouts. Frequencies in the raw data are surprisingly low, in the 20-80 Hz range

(thin line in Figure 2.3). Multiple scattering and attenuation in the shallowest layers (i.e., packed

snow and boulders) are the main reasons why the high-frequency content is severely limited. A

prominent feature in the shot gather is the airwave, symmetric about the shot and dipping at

about 300 m/s. Linear events that follow closely and nearly parallel the first arriving waves

are likely to be guided waves (GW in Figure 2.2a; Robertsson et ah, 1996a, 1996b; Roth et ah,

1998). Numerous linear events later in the record probably correspond to back- and side-scattered

surface-wave energy (SW in Figure 2.2a). Autocorrelation functions demonstrate that multiple

energy due to reverberations contaminates most parts of the shot record (e.g., Figure 2.2b).
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2.6 Data Processing

2.6.1 Reflection processing

The three profiles LO, LI, and L2 are analyzed using a relatively standard reflection processing

sequence (Table 2). Selected results of the processing applied to profile L2 are presented here. For

reasons evident from the following discussion, results of processing profiles LO and LI are omitted,

because they do not contribute additional information.

Steeples et al. (1997) and others have suggested that shallow reflections should be recognized

on shot or CMP gathers before they are accepted as bona fide reflections on stacked sections.

A careful examination of all 47 raw shot records acquired along profile L2 did not yield any

obvious candidate reflections. Four representative shot gathers (e.g., shot gather 25 in Figure 2.2a)

were, therefore, selected for determining suitable spectral-balance and frequency-filter parameters.

Based on plots of various bandpass-filtered data and spectra (e.g., thin line in Figure 2.3), we chose

20-100 Hz for the spectral balancing and 20-30 - 80-100 Hz for the frequency filtering. The upper

frequency limit was chosen to minimize the effects of random noise, and the lower frequency limit

was then determined by the need to have sufficient bandwidth to avoid ringing.

Application of spectral balancing succeeded in substantially increasing the frequency content

above 40 Hz (see thick line in Figure 2.3) relative to that in the spectrum of the raw data.

Shot gather 25 after spectral balancing and frequency filtering is shown in Figure 2.4a and its

autocorrelation is displayed in Figure 2.4b. Note the marked reduction of multiple energy in

Figure 2.4 compared to Figure 2.2. Since the airwave is not removed by spectral balancing and

frequency filtering and it has very high amplitudes, we suppress it by applying an eigenvector

filter that targets signals with specified apparent velocities (Figure 2.5).

We have attempted to remove other linear signals using a r-p transform approach (Yilmaz,

2001; Spitzer et ah, 2001). For example, shot gather 25 was r-p transformed over a slowness

range of 0-4 ms/m, corresponding to apparent velocities of infinity to 250 m/s. Upon removal

of p values above 2 ms/m (i.e., apparent velocities < 500 m/s) and inverse transformation, the

resultant shot record contained numerous artifacts, some of which resembled reflections. After a

series of exhaustive tests, the r-p filter approach was discarded. Because of the strength of the

linear events, we judged that other multichannel filters would have produced equally poor results.

At this stage of the analysis, there was still no obvious evidence for reflections in our data.

To determine suitable velocity functions, we generated semblance plots together with a series

of constant velocity scans. These analyses demonstrated that velocity discrimination was low at

20-100 ms and virtually nonexistent at later traveltimes. As examples, maximum normal-moveout

(NMO) corrections for a constant velocity of 2000 m/s varied from 12 ms at t=100 ms, x=100 m

to less than 2 ms at t=900 ms, x=100 m, and the NMO correction for a velocity of 3000 m/s was
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only 5 ms at t=100 ms, x=100 m. Lacking evidence for meaningful reflections in the semblance

plots and constant velocity scans, to stack our data we used a constant velocity of 3000 m/s,

a value consistent with the velocity tomograms introduced later in the paper. Stacked sections

that resulted from using this velocity contained as many "coherent events" as stacked sections

produced with any other tested velocity function.

The data were stacked using the three mute functions defined in Figure 2.5. Mute function 1

was considered conservative (defined here as the small mute). It only removed pulses immediately

following the first onsets. Such a muting strategy is standard in many high-resolution seismic

reflection projects, but is a highly questionable practice. Mute function 2 removed the package

of energy following the first breaks judged to be source-generated noise (medium mute). Mute

function 3 removed all signals that arrived before and including the air wave (large mute).

To determine static corrections, combinations of conventional topographic-, refraction-, stack-

power- and trim-static correction routines were tested. The stack-power-static routine is based

on a method in which source and receiver statics that maximize CDP stack power are selected,

whereas the trim-static routine optimizes trace alignments within a CDP gather (Cox, 1999).

Application of the latter routine yields non-surface-consistent static corrections. In computing

the stack-power- and trim-static corrections, a maximum 10 ms shift was allowed and a 50-400 ms

time window was employed. Figures 2.6 to 2.8 show stacks with the three mute functions and the

different combinations of static corrections applied. The reference altitude (2630 m above-sea-

level) is the highest point sampled in the field and is used throughout the analysis. Note, that

refraction static corrections effectively included the elevation-static corrections.

Figure 2.6 shows data from profile L2 stacked using the small mute function. It is evident that

the sections are dominated by low-frequency source-generated noise. Note how the different static

correction routines result in quite different stacked sections. The stack-power-static correction

routine enhances significantly the alignment of this noise (Figures 2.6a and 2.6b), overwhelming

the effects of the elevation and refraction static corrections. The trim-static correction routine

results in even more pronounced alignments of the signal-generated noise (Figure 2.6c).

On applying the medium mute function (Figure 2.7), most of the source-generated noise early

in the record is removed. Coherency is primarily enhanced by the trim-static correction routine

at later times (Figure 2.7c). However, there is no compelling evidence for reflections on any of the

three sections. Similar comments apply to the stacked sections that result from application of the

large mute function (Figure 2.8); only random noise and remnants of source-generated noise are

aligned.

The series of stacked sections presented in Figures 2.6-2.8 demonstrates the potential dangers

of applying residual-static routines without proper care. Reflection-like events are easily gener¬

ated within the time windows of interest. We have applied the same processing scheme to data
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recorded along profiles LO and LI. Due to the dominating effects of source-generated noise, no

reflections could be confidently identified on the resultant sections. Furthermore, except for cor¬

relations of 'random events', which are expected when comparing sections of band-limited data,

no meaningful correspondences were observed between stacked sections LO and LI and LO and L2

at their respective crossover points, regardless of the mute function applied.

2.6.2 Tomographic inversion

In Figure 2.9, the general quality of first arrivals is shown by the high-gain version of raw shot

gather 25 from profile L2 (this scaling causes clipping of later arriving waves). Apart from the

absence of high frequencies, which tends to broaden the signal wavelets, their quality is quite good.

Initially, an automatic routine was used to pick the first onsets. The automated picks were then

adjusted manually to improve accuracy and consistency. We estimate that the average accuracy

of picked traveltimes is ~1.5 ms.

A tomographic inversion scheme (Lanz et ah, 1998) is used to derive P-wave velocity models

from the first-arrival times. It includes a finite-difference eikonal forward solver (Schneider et ah,

1992) for computing traveltime fields on a regular grid. Incident angles of wavefronts at each grid

point are also computed. Because rays are perpendicular to wavefronts, the angle information can

be used to reconstruct raypaths between sources and receivers. In matrix notation, the inverse

problem may be expressed as:

t = Lu, (2.1)

where t is the vector of traveltimes, L is the Jacobian matrix containing raypath lengths, and

u is the vector of slowness values. To decrease the number of unknowns and at the same time

account for decreases in ray coverage with increasing depth, inversion cells are increased in size in

lower parts of the model (smallest cells are about 1.5x1.5 m and largest cells are about 15x15 m).

Furthermore, smoothing and damping regularization constraints are included in the Jacobian

matrix L to reduce ill-conditioning and improve stability of the inversion (Lanz et ah, 1998).

Because the inverse problem is nonlinear, the Jacobian matrix is re-computed after each in¬

version. Iteration is terminated when the average root-mean-square (RMS) misfit between the

observed and synthetic traveltimes falls below 1.5 ms (i.e., the average accuracy of traveltime

picks) and the average model change is less than 1%. Convergence for our data typically occurs

after 10-15 iterations.

Reliable determination of velocity at any subsurface point required the intersection of rays at

different angles (e.g., Lo and Inderwiesen, 1994). To ensure good initial ray coverage, the starting

model was one-dimensional (1-D) with linearly increasing velocities with depth. The input model

in Figure 2.10a was chosen by trial and error to ensure that (i) the calculated traveltimes matched

approximately the trend of observed traveltimes, and (ii) ray coverage within most of the velocity
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model was approximately homogeneous. Since the same initial model was used for all tomographic

planes, Figure 2.10a is also applicable to lines LI and L2. Use of other plausible input models

resulted in tomograms essentially identical to those presented in Figures 2.10 to 2.12 (see also

Lanz et ah, 1998).

Topographic relief is modeled by setting the velocities of cells above the irregular surface to

that of air and fixing them during the inversions. All tomograms are referenced to a height of

2630 m above-sea-level (ASL) and, unless otherwise stated, all depths mentioned in the following

discussion are relative to the surfaces shown by the white dots in the tomograms of Figures 2.10

to 2.12.

2.7 Results

2.7.1 Description of the tomograms

The resultant velocity tomogram for profile LO is depicted in Figure 2.10c. Velocities vary laterally

throughout the upper 20 m. Nevertheless, the tomogram has a dominating 1-D velocity structure.

The near-surface layer (0-10 m depth) contains velocities in the range ~1500-3000 m/s (dark blue

to light blue). This layer is relatively continuous over the horizontal extent of the tomogram.

From ~10 m depth to the dashed line, velocities increase from ~3000 to ~4300 m/s. Beneath the

dashed line, velocities increase gradually from ~4300 to >5500 m/s. Figure 2.10b demonstrates

that velocities in the shallow subsurface (0-20 m depth) are quite well constrained by dense

intersecting rays. Traveltimes of individual ray bundles in deeper parts of the model require

relatively high velocities (i.e., >4000 m/s), but there is no lateral resolution in these poorly

covered areas. Velocities along the left and right edges of the tomogram are not constrained.

A number of interesting features are apparent in the velocity tomogram derived from profile

LI data (Figure 2.11b). It has much more structure than the L0 tomogram. Velocities vary by

~2000 m/s or more over short distances. A shallow subsurface layer (0-10 m depth) with velocities

<3000 m/s is again continuous across the tomogram. From ~10 m depth down to the dashed

line, velocities are highly heterogeneous, but generally increase to ~4300 m/s. Within the area

outlined by the dashed line, there are two distinct velocity regimes. Between lateral positions 140

and 250 m, velocities are similar to those observed in the same depth range along the length of

tomogram L0. In contrast, velocities between 80 and 140 m are anomalously low. Outside of

the dashed line, high velocities >4000 m/s extend to the base of the surficial low-velocity layer.

Below the dashed line, velocities gradually increase to >5500 m/s. The upper ~60 m of the

surface is well covered by intersecting rays. At greater depths, the ray coverage decreases, but

is still significant. In this depth range, velocities must increase with depth. Again, any deep

lateral velocity variations are not resolved and features along the extreme left and right sides of
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the tomogram are not meaningful.

As for the other two profiles, the velocity tomogram for profile L2 (Figure 2.12b) contains a

shallow low-velocity layer that extends across the entire tomogram. Below this layer southwest

of lateral position 65 m, velocities are similar to those observed along the length of tomogram

LO, whereas velocities to the northeast have the same low values as determined for the anomalous

zone of tomogram LI. Shallow high-velocity blocks (~4500 m/s) are present at three locations.

Below the dashed line, velocities increase almost linearly to >5500 m/s.

2.7.2 Reliability of the tomograms

The reliability of the tomograms can be judged qualitatively on the basis of the ray distributions.

Velocities in the top ~20, ~60 and ~20 m of tomograms LO, LI, and L2, respectively, are relatively

well constrained by large numbers of crossing rays. Although ray coverage is sparse below these

upper regions, especially in tomograms LO and L2, the data require the existence of velocities

>4300 m/s at depths >35-70 m. Unfortunately, there are insufficient intersections of rays in

these deeper regions of the model to resolve lateral velocity variations. For example, note how

rays propagating over the furthest source-receiver offsets travel subhorizontally over long distances

near the bases of their trajectories (Figures 2.10-2.12). Velocities determined near the bases of the

respective raypaths (e.g., those marked by arrows in Figure 2.13) likely represent 'average' values

for the deep regions traversed.

A comparison of the independently determined velocity-depth functions at the intersection

points of the profiles provides another reliability check (Figures 2.13b and 2.13c). To compensate

for the different snow conditions under which the three profiles were recorded, the velocity-depth

functions in Figure 2.13 are appropriately shifted. It is noteworthy that the depth ranges of

well-resolved velocities are quite different for the three profiles (see ray coverage diagrams in Fig¬

ures 2.10-2.12). Nevertheless, the agreement between the velocity-depth functions at the crossover

points varies from excellent to good. Velocity-depth functions for profiles LO and LI in Figure 2.13b

practically overlap from the surface to a depth ~55 m. Divergence between these functions at

greater depths is not surprising: rays simply do not sample deeper parts of tomogram LO at the

cross-over point with tomogram LI (Figure 2.10). Velocity-depth functions for profiles LO and L2

in Figure 2.13c agree reasonably well over their entire depth extents.

2.7.3 Geological logs

Geological logs from the four boreholes that penetrate the rock glacier (Arenson and Springman,

2000; e.g., Figures 2.13a and 2.13b) demonstrate the presence of ubiquitous loose boulders mixed

with generally increasing amounts of fine sediment with depth. In three of the boreholes (e.g.,

B2 in Figure 2.13b), ice binds together the boulders and fine sediments in the upper 3 to 20 m
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(Figure 2.13b), whereas in the fourth (Bl in Figure 2.13a), no ice was encountered. Depth to

the water-table is surprisingly variable. It increases laterally from ~16 m (~2519 m ASL) in

borehole Bl to ~29 m (~2509 m ASL) in B2. By comparison, bedrock depth decreases from

~51 m (~2484 m ASL) in borehole Bl to ~38 m (~2500 m ASL) in B2.

2.7.4 Interpretation of the tomograms

To understand our interpretations of the tomograms, it is useful to review the P-wave velocities

expected of material within and below the rock glacier. Pockets of air with a velocity of ~300 m/s

occur at various locations within the shallow subsurface down to the water-table. P-wave veloc¬

ities in water and ice are ~1500 and ~3000 m/s, respectively. Unconsolidated glacial sediments

are likely to have velocities ranging from ~500 to ~3000 m/s and boulders, which comprise the

bulk of the rock glacier, have velocities of 4000-5500 m/s. We emphasize that appropriate mixing

relationships between the different constituent components of rock glaciers have yet to be deter¬

mined. Finally, shallow zones of fractured and weathered bedrock, which at one time would have

been exposed, are likely to have velocities 10-30% lower than the >5500 m/s estimated velocity

of unfractured gneissic bedrock.

All three tomograms have a surface low-velocity layer (Figures 2.10-2.12). In the case of profile

L0, this layer comprised loose boulders and numerous air voids. Lateral variations of velocity were

likely caused by different proportions of boulders and air voids. For profiles LI and L2, a third

constituent in the shallow subsurface was snow, which was up to 3 m deep and undoubtedly filled

some shallow voids. It is conceivable that ice existed in this depth range during periods of sub-zero

temperatures.

Below the surface low-velocity layer, we will describe the rock glacier in terms of the velocity

regimes introduced earlier in the text. Along the entire length of tomogram L0 and on the

southwest sides of LI (within the area outlined by the dashed line) and L2, there is a mixture

of boulders, fine sediment, ice, air voids, and water. Borehole B2 in this part of the rock glacier

contains ice in the depth range 3.5-17 m. Ice-rich zones are represented by velocities ~3500 m/s

or higher. High-velocity anomalies >4000 m/s are interpreted as large boulders (e.g., the three

features resolved in tomogram L2), whereas low-velocity anomalies likely contain greater volumes

of air/water and proportionally smaller amounts of ice.

Low velocities are observed in the central to northeastern part of the region outlined by the

dashed line in tomogram LI (Figure 2.11) and in the northeastern region of tomogram L2 (Fig¬

ure 2.12). On the basis of information from borehole Bl (Figure 2.13a), we interpret this regime as

containing a mixture of boulders and fine sediments with large air- and water-filled voids. These

regions of degraded permafrost, in which ice has been replaced by air or water, were totally unex¬

pected. The dashed line in Figure 2.1a connects the southwestern edges of degraded permafrost
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delineated on profiles LI and L2 (marked D in Figures 2.11 and 2.12). Degraded permafrost along

the northern edge of the rock glacier is probably related to increasing global temperatures, and,

compared to neighbouring areas, relatively higher levels of sun exposure throughout the year. The

northern edge of the rock glacier receives direct sun radiation not only during the summer months

when the sun passes overhead, but also during the winter months. In contrast, because of shading

provided by nearby high mountains, other parts of the rock glacier receive little direct radiation

in the winter months.

Depth to bedrock is not represented by a discrete velocity increase on any of the tomograms

(Figures 2.10-2.12). Nor are there any abrupt changes in the gradients of the traveltime-distance

curves that would require such discrete velocity increases. Fortunately, correlations of the velocity-

depth functions with the geological logs in Figures 2.13a and 2.13b suggest that the upper surface

of bedrock is defined by the 4300 m/s isovelocity line. Consequently, our interpreted bedrock

interface follows this isovelocity line (i.e., the heavy dashed lines in Figures 2.10c, 2.11b, and

2.12b). Towards the northeastern and southwestern boundaries of the rock glacier beneath profile

LI (marked G in Figure 2.11), the dip of the 4300 m/s isovelocity line (bedrock interface) increases

sharply. On the southwestern side, bedrock crops out at its predicted intersection with the surface

(Figure 2.1a), thus supporting the tomographic results. On the northeastern side, the bedrock

interface is hidden beneath a thin layer of sediments. The velocity-depth profiles that characterize

the shallow bedrock surface (i.e., velocities increasing from ~4300 to >5500 m/s over depth

ranges of 20-50 m) are typical of near-surface exposures of crystalline rock (e.g., Hajnal and

Stauffer, 1975). Relatively low velocities in the shallowest regions are likely the result of significant

fracturing due to stress release and frequent freezing and melting of water that fills the pores

and fractures. Velocities increase rapidly with depth as the number of open pores and fractures

decreases.

2.8 Full-Waveform Modeling

To gain an understanding of the complexity of the raw shot gathers, we have generated synthetic

shot gathers from the derived tomographic models. The code used to generate the seismic sections

was based on a 2-D finite-difference viscoelastic algorithm capable of handling irregular topography

(Robertsson et ah, 1994; Robertsson, 1996). A 50-Hz Ricker wavelet was found to be a reasonable

approximation for the source-time function. Our code required velocities and Q factors for P- and

S-waves and densities on a regular grid. The P-wave velocity information was extracted from the

tomograms, whereas the remaining parameters were roughly estimated. S-wave velocities were

taken to be 0.5 times the P-wave velocities. This approach yielded plausible values for boulders

mixed with ice-, snow-, and air-filled voids. Synthetic sections that resulted from using S-wave

velocities of 0.3 and 0.7 times the P-wave velocities were found to be inappropriate. Densities were
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determined from the Nafe-Drake relationship for P-wave velocities and densities (Sheriff, 1989).

They were in the range 1500-2800 kg/m3. A Q factor for P-waves was estimated using the spectral-

ratio method (Tarif and Bourbie, 1987). P-wave velocities were assumed to be independent of

frequency, a valid approximation for Q^l. The spectral-ratio method involves calculating the

amplitude spectra of first-arrival wavefields at two different source-receiver offsets and simply

plotting their logarithmic ratio as a function of frequency. Q is derived from the slope of the

resultant curve. Several combinations of receivers from various shot gathers yielded an average Q

value of 50. The same value of Q was assumed for the S-waves. These Q values may not be very

accurate, but they were not critical for the portions of seismograms that were analyzed.

For consistency with earlier parts of the manuscript, we present the results of full-waveform

modeling profile L2. Since the tomographic analysis did not delineate any strong discrete velocity

contrasts below about 10 m, the depth to the lower boundary of the near-surface low-velocity

layer (e.g. Figures 2.12b and 2.13c), the synthetic sections should not contain any reflections

below 10-20 ms. Figures 2.14a and 2.14b display shot gather 25 and the corresponding synthetic

shot gather, respectively. As expected, the observed and synthetic first-breaks (both sets are

shown by solid lines on the respective gathers) match well (first-breaks were used to determine

the input P-wave velocity model). Note, however, that the air wave was not modeled, because the

medium above the surface was input as a vacuum (Robertsson, 1996).

A number of features common to Figures 2.14a and 2.14b are apparent. In particular, attention

is drawn to the events marked by the arrows. Their linear moveout indicates that they are

not reflections. They are likely to be guided phases that are dominated by energy trapped in

the shallow (~8 m thick) low-velocity layer. As shown by Robertsson et al. (1996a, 1996b)

and Roth et al. (1998), guided waves occur in environments where shallow low-velocity layers

overlie material with markedly higher velocities. At such locations, high-amplitude guided waves

propagate long distances due to their low degree of geometrical attenuation. This source-generated

noise may overwhelm weaker reflections. Most energy appearing later in the synthetic shot gather

of Figure 2.14b corresponds to back- and side-scattered surface waves generated at relatively minor

topographic irregularities and numerous shallow heterogeneities.

To investigate further the hypothesis of guided phases, a simple two-layer model with the orig¬

inal topography is generated. Its 10 m thick upper layer follows the topography. The underlying

halfspace is represented by a simple vertical velocity gradient that resembles the velocity structure

of the resolved parts of the tomogram shown in Figure 2.12a. Results of the modeling are shown

in Figure 2.14c. First-arriving energy matches well the observed data on the right side, but less so

on the left. This is the result of omitting the large low-velocity feature (see Figure 2.12a) from the

simple model. It is remarkable that many features of the later arriving signals are in reasonable

agreement with the observed shot gather of Figure 2.14a, indicating that the topography and the
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thin low-velocity layer are sufficient to explain much of the linear energy recorded in the observed

shot gather.

2.9 Discussion and Conclusions

2.9.1 Why the seismic reflection method failed on the Muragl rock

glacier

When this project was first initiated, knowledge concerning the physical properties of rock glaciers

(e.g., their characteristic velocities and expected thicknesses) was either non-existent or meager.

Nevertheless, by combining high-frequency energy sources (small explosives) with numerous closely

spaced receivers, we anticipated being able to image structures within the rock glacier and at the

bedrock surface using high-resolution seismic reflection techniques. Unfortunately, several factors

contributed to the failure of this approach:

• Despite our use of energy sources rich in high-frequencies, the subsurface returned unexpect¬

edly low-frequency signals; even the shortest wavelength components (~50 m assuming the

highest possible frequencies of ~80 Hz traveling with velocities ~4000 m/s in the 30-50 m

depth range) of the returned signals were rather too long for imaging features within the

rock glacier and near the bedrock surface.

• Strong guided waves generated within the near-surface low-velocity layer masked all shallow

reflections.

• The extremely heterogeneous nature of the rock glacier resulted in high levels of anelastic

attenuation and scattering; the returned scattered energy was a significant source of noise

on the recorded shot gathers.

• Absence of high-frequency energy in the returned signal was probably the result of anelas¬

tic attenuation, scattering and the low-pass frequency-filter effect of the near-surface low-

velocity layer (Robertsson et ah, 1996a).

2.9.2 Information extracted from the velocity tomograms

In contrast to the poor results of the seismic reflection processing, the tomographic inversions of

first-arrival times and information extracted from the four boreholes provided key new knowledge

on the structure and state of the Muragl rock glacier. A shallow low-velocity (1500-3000 m/s) layer

of loose boulders, air voids, and snow was found to overlie the entire survey area. Beneath this

0-10 m thick layer were two distinctly different velocity regimes. An extensive southern regime

of generally high velocities (3000-4300 m/s) contained boulders bound together with ice. The
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more limited northern regime with markedly lower velocities (1500-4300 m/s with a strong bias to

values in the 1500-3000 m/s range) included boulders with numerous air- and water-filled voids.

The discovery of this latter regime of degraded permafrost, which was probably the result of global

warming, was unforeseen. The depth to bedrock, which varied from ~35 to ~70 m beneath the

surface of the rock glacier, was delineated approximately by the 4300 m/s isovelocity lines in the

tomograms.

2.9.3 Implications of the full-waveform modeling for other studies

The full-waveform modeling demonstrates that energy trapped within thin low-velocity zones and

scattered waves from near-surface irregularities may dominate shallow seismic data. Low-velocity

layers and heterogeneous media are ubiquitous features in the near-surface. Obvious examples

of shallow low-velocity layers are sands and gravels overlying clays and silts, non-saturated zones

above the water-table, and unconsolidated sediments above shallow bedrock. Examples of highly

heterogeneous media are landfills, rockslides, moraines, talus slopes, and alluvial fans. In such

environments, refraction tomography may be the most appropriate seismic method for exploring

the upper 50 m of the subsurface.
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Profiles LO and LI L2

Seismic source 400 g dynamite at 1 m depth 400 g dynamite at 1 m depth
Number of shot points 67 and 52 47

Source spacing 5 m 4 m

Geophone type 30 Hz vertical 30 Hz vertical

Number of receivers 120 96

Receiver spacing 2.5 m 2 m

Seismograph BISON 24120 BISON 24120

Sampling interval 0.25 ms 0.25 ms

Maximum fold 60 48

Table 2.1: Recording parameters employed in acquiring seismic profiles L0, LI, and L2.

Geometry definitions

First-break picking
Static corrections

Scaling (AGC)
Spectral whitening

Bandpass filtering

Muting
CMP sort

Velocity analysis
NMO corrections

Residual-static corrections

Stack

Table 2.2: Applied processing sequence.
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a)

b)

Figure 2.1: a) Aerial photograph of Muragl rock glacier. Note direction of north-facing arrow. Three

seismic profiles LO, LI, and L2 are shown on surface. White dots identify locations of four boreholes,

two of which are marked Bl and B2. North of thin dashed white line is region of interpreted degraded

permafrost. Rock glacier is outlined with thick dashed white line. Location within Switzerland is shown

by dot on inset map. b) Photograph of rock glacier surface in summer.
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GW

AW

b)

80 -60 -40 -20 0 20 40 60 80 100

Figure 2.2: a) Typical raw shot gather (number 25) from middle of profile L2 with 150 ms AGC applied
for display purposes. AW - air wave; GW - possible guided waves; SW - back- and side-scattered surface

waves, b) Autocorrelation of above seismic record.

60 80 100

Frequency [Hz]

160

Figure 2.3: Average power spectra of raw shot gather 25 (thin line) shown in Figure 2.2 and spectral-
balanced and frequency-filtered data (thick line) shown in Figure 2.4.
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400

b)

400

Figure 2.4: a) As for Figure 2.2 after application of spectral balancing (20-100 Hz) and bandpass filtering

(20-30 - 80-100 Hz), b) Autocorrelation of above seismic record.

NE Distance [m] SW

-80 -60 -40 -20 0 20 40 60 80

Small mute

Medium mute

Large mute

Figure 2.5: As for Figure 2.4a after airwave suppression. Thick lines indicate three alternative top mute

functions.
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f 20 40 60

Distance [m]

80 100 120 140 160 180
SW

Figure 2.6: Stacked seismic sections for profile L2 with small mute (see Figure 2.5) and a) elevation-

static and stack-power-autostatic corrections, b) refraction-static and stack-power-autostatic corrections,

c) elevation- and trim-static corrections. For both stack-power-autostatic and trim-static corrections,

window of 50-400 ms was used. Topography is indicated by solid line.
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f
Distance [m]

60 80 100 120 140 160 180
SW

60 80 100 120 140 160 180

20 40 60 80 100 120 140 160 180

Figure 2.8: As for Figure 2.6, but with large mute (see Figure 2.5) applied.
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Figure 2.9: As for Figure 2.2, except time window and gain have been set to emphasize appearance of

first arrivals.
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2000

P-wave velocity [m/s]

3000 4000 5000

200

NW

50 100 150 200

Distance [m]

250 300

Figure 2.10: a) Initial ray coverage superimposed on input linear-gradient velocity model of profile LO.

Depths shown are relative to 2630 m above-sea-level. White dots denote receiver positions on surface.

Also displayed are crossover point with profile LI and location of borehole B2. b) Final P-wave velocity

tomogram for profile L0 with associated raypaths from all source points to all receiver points, c) Final P-

wave velocity tomogram for profile L0. Vertical solid line is borehole, on which upper white line delineates

depth of water-table and lower white line identifies bedrock. Black dashed line indicates interpreted depth
to bedrock based on P-wave velocities. Velocities at edges of tomogram, including region sampled by
borehole B2, are not well determined.
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P-wave velocity [m/s]
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Figure 2.11: a) Final P-wave velocity tomogram for profile LI with associated raypaths from all source

points to all receiver points. Depths shown are relative to 2630 m above-sea-level. White dots show

receiver positions on surface. Also displayed are crossover point with profile L0, boreholes Bl and B2,

glacier boundaries G, and interpreted southwest limit of degraded permafrost D. b) Final P-wave velocity

tomogram for profile LI. Vertical solid lines are boreholes, on which upper white lines delineate depths
of water-table and lower white lines identify bedrock. Black dashed line indicates interpreted depth to

bedrock based on P-wave velocities.
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Figure 2.12: a) Final P-wave velocity tomogram for profile L2 with associated raypaths from all source

points to all receiver points. Depths shown are relative to 2630 m above-sea-level. White dots show

receiver positions on surface. Crossover point with profile LO and southwest limit of interpreted degraded

permafrost D are indicated, b) Final P-wave velocity tomogram for profile L2. Black dashed line indicates

interpreted depth to bedrock based on P-wave velocities.
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Figure 2.13: a) Velocity as function of depth extracted from profile Ll at location ~2 m from borehole

Bl with corresponding geological log. Top of borehole is 2535 m above-sea-level, b) Velocities as functions

of depth at crossover point of profiles L0 (thin line) and Ll (thick line). Information from borehole B2,
which is ~8 m from crossover of profiles L0 and Ll, is also shown. Top of borehole is 2538 m above-sea-

level, c) Velocities as functions of depth at crossover point of profiles LO (thin line) and L2 (thick line).
In all diagrams, depths are below surface, thin lines denote velocity-depth functions of initial models,
final velocity-depth functions are solid down to lowest points of dense ray coverage in final models, and

arrows indicate depths of isolated intersecting rays (thick for profiles Ll and L2 and thin for profile LO).
Borehole log information provided by Lukas Arenson (personal communication, June, 2000; Arenson and

Springman, 2000).
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Distance [m]
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Figure 2.14 a) Shot gather 25 from profile L2 (see Figures 2 2-25 and 29 b) Corresponding synthetic
shot gather generated from tomographic model in Figure 2 12b c) Synthetic shot gather generated from

simple two-layer model (an upper 10-m thick layer with 1500 m/s velocity overlying a half-space with

uppermost velocity of 3000 m/s and velocity gradient of 32 s_1) Picks of flrst-arrivmg waves determined

from observed and synthetic data sets are indicated by solid lines Arrows indicate some common features
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Chapter 3

RAY-BASED AMPLITUDE

TOMOGRAPHY FOR

CROSSHOLE GEORADAR

DATA: A NUMERICAL

ASSESSMENT

Klaus Holliger, Martin Musil and Hansruedi Maurer

Journal of Applied Geophysics, published

3.1 Abstract

Analyses of traveltimes and amplitudes of crosshole georadar data provide estimates of the elec¬

tromagnetic velocity and attenuation of the probed media. Whereas inversions of traveltimes are

well established and robust, ray-based inversions of amplitudes depend critically on the complex

directive properties of the georadar antennae. We investigate the variations of radiation patterns

in the presence of water-filled boreholes and/or changes of electrical material properties in the

vicinity of the transmitters or receivers. To assess the implications of such complicating factors

for ray-based georadar amplitude tomography, we generate crosshole georadar data for a suite of

canonical models using a finite difference time domain (FDTD) solution of Maxwell's equations

in cylindrical coordinates. The emitting dipole-type antenna is approximated by an infinitesimal
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vertical electric dipole, whereas a corresponding receiving antenna is emulated by recording the

vertical component of the transmitted electric field. Inversions of the amplitudes of these synthetic

data demonstrate that the presence of water-filled boreholes as well as changes in the material

properties along the boreholes may cause substantial artifacts in the estimated attenuation struc¬

ture. Furthermore, our results indicate that ray-based amplitude tomography of crosshole georadar

data is unable to constrain absolute values of attenuation. Despite these inherent limitations, the

method is surprisingly robust at detecting and constraining relative changes in attenuation. In

particular, we find the method to be highly effective for locating conductivity contrasts that are

not associated with corresponding changes in dielectric permittivity, and hence, cannot be located

by traveltime tomography alone.

3.2 Introduction

Borehole georadar is an increasingly popular method for probing the shallow subsurface. Tomo¬

graphic inversions of crosshole georadar traveltimes and amplitudes provide information about

the electromagnetic velocity and attenuation structure, respectively (Olsson et ah, 1992; Valle et

ah, 1999; Fullagar et ah, 2000; Zhou and Fullagar, 2001; Peterson, 2001). Combined inversions of

georadar traveltimes and amplitudes may thus allow the effects of dielectric permittivity and elec¬

tric conductivity on electromagnetic wave propagation to be separated (Sena and Toksöz, 1990;

Zhou and Fullagar, 2001). This, in turn, could allow the distribution of important engineering

or exploration parameters, such as water content, clay fraction, or ore grade within the probed

region to be estimated (Topp et ah, 1980; Annan, 1996; Zhou and Fullagar, 2001).

Whereas tomographic inversion of georadar first-arrival travelimes is identical to the well-

established seismic velocity tomography, ray-based inversion of the amplitudes requires a priori

assumptions about the radiative properties of the borehole georadar antennae. The most com¬

mon approach is to assume that the antenna amplitude radiation pattern corresponds to that

prevailing in a homogeneous medium (Olsson et ah, 1992; Valle et ah, 1999; Peterson, 2001; Zhou

and Fullagar, 2001). It is, however, not clear to what extent this assumption is justified in the

presence of air-filled or water-filled boreholes and/or heterogeneities near the boreholes (Holliger

and Bergmann, 2000,2001). In particular, it is not clear, how the estimated attenuation structure

is affected by distortions of the actual antenna radiation pattern with respect to the assumed

radiation pattern.

To address this problem, we compute synthetic crosshole georadar data for a suite of canonical

models. This allows us to isolate and characterize the sources of radiation pattern distortions as

well as their implications for the tomographic reconstruction. Forward modeling is based on a

numerically advanced finite difference time domain (FDTD) solution of Maxwell's equations in

cylindrical coordinates (Bergmann et ah, 1999; Holliger and Bergmann, 2000,2001). The emit-
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ting and receiving dipole-type borehole georadar antennae are emulated by infinitesimal dipoles.

Inversions of the resulting amplitude data allow us to assess systematically the reliability and

applicability of ray-based amplitude tomography schemes for crosshole georadar data.

3.3 Ray-Based Amplitude Tomography

A typical setup for a crosshole georadar experiment consists of a transmitting dipole-type antenna

located in a borehole and a corresponding receiving antenna in a neighboring borehole (Davis and

Annan, 1989; Sato and Thierbach, 1991). Using constant depth increments, measurements are

taken for all possible combinations of transmitter and receiver positions. This ensures that the

medium between the boreholes is sampled by a large number of rays with a sufficient angular

coverage. In the far-field, the amplitude of the electric field E radiated from an antenna decays as

E{r) oc v-yr-
, (3.1)

Jo ds

where r is the distance along the ray, a the attenuation of the medium, 0 the amplitude radiation

pattern of the antenna as a function of the ray angle <j> relative to the horizontal, and ds is the

increment along the raypath. In the georadar regime, the relation between the attenuation and the

electric material properties can be approximated as a « 0.188<j/ye/ëo [m-1], where a [mS/m] is

the electrical conductivity, and e and eo are the dielectric permittivities of the considered medium

and a vacuum, respectively (Davis and Annan, 1989).

It is often assumed that velocity variations are relatively small, such that the wave energy

propagates dominantly along straight rays (Olsson et ah, 1992; Peterson, 2001; Zhou and Fullagar,

2001). The amplitude of the electric field recorded in a crosshole georadar experiment can thus

be estimated as

E,s =

A0exp(-ar)Qe((j))@r((f>)

r

where ©e and Or are the amplitude radiation patterns of the transmitting and receiving antennae,

respectively, and Aq is a normalization factor that depends on the combined effects of transmitter

and receiver gain and antenna efficiency. Aq is generally unknown, but is commonly assumed to

be constant for a given survey (Olsson et ah, 1992; Peterson, 2001; Zhou and Fullagar, 2001).

Typical borehole georadar transmitters and receivers consist of half-wave dipole-type antennae.

For vertical boreholes, the quantity measured by the receiving antenna is thus the vertical com¬

ponent of the electric field. To a first approximation, the full-space amplitude radiation pattern

of a well-tuned half-wave dipole-type antenna can be approximated by that of an electric dipole

(i.e., ©e « Or « cos0), or some basic modification thereof (Jackson, 1999, pp. 416-418).

To obtain a linear relationship between the georadar amplitudes E, the normalization factor
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Aq, and the attenuation a, equation 3.2 needs to be modified. Taking the natural logarithm and

rearranging terms yields

-ln(-
E(r)r

"Qe(<t>)®r(<t>)'

Defining the modified amplitude A' as

A' = -ln(

-ln(Ao) + ar.

E(r)r

0e(^)0r(<^'

and the modified normalization factor A'0 as

(3.3)

(3.4)

A'0 = -ln(Ao), (3.5)

results in the linear relationship

A' =ar + A'0.

For a suitably discretized model, we can rewrite equation 3.6 as

A[ = J2RvaJ+A'o>

(3.6)

(3.7)

where A't is the modified amplitude function along the ith. ray and a3 is the attenuation in the jth

cell of the medium between the boreholes (Figure 3.1). The matrix element Rt] holds the segment

length of the zth ray in the jth cell. Taking the partial derivatives of equation 7 yields

da-,

dA'
^3 and

QJT
1. (3.8)

The system of linear equations to be solved can now be written as

Gm = A', (3.9)

where m = (A'0,ai,a2, )T is the model vector, which contains the normalization factor A'0 and

the attenuation values a3. G is the design matrix comprising the partial derivatives described

in equation 3.8. To stabilize the numerical inversion of equation 3.9, damping and smoothing

constraints need to be included. This can be achieved by simply augmenting the above system of

linear equations in the following manner

(3.10)

G A'

S m = 0

D m0

S is the smoothing matrix (Constable et ah, 1987), D is the damping matrix (Marquardt, 1970),
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and mo is a vector containing initial estimates of the attenuation structure and the normalization

factor. The system of equations in Eq. 3.10 can be solved with any inversion algorithm. Since

the matrices G, S and D are generally sparse, we employed the LSQR solver proposed by Paige

and Saunders (1982).

3.4 Choice of Models, Numerical Simulations, and Setup of

Inversions

To assess the validity of the amplitude tomography scheme outlined above, we apply it to synthetic

crosshole georadar data computed for a suite of canonical models (Figures 3.1, 3.2, and 3.3). All

tomographic planes are 10 m wide and 20 m high and transmitters and receivers are placed at 0.5 m

intervals along the left-hand and right-hand edges, respectively. This yields 1681 rays crossing the

model at angles between ±63° with respect to the horizontal. Synthetic radargrams are generated

using a staggered-grid FDTD solution of Maxwell's equations in cylindrical coordinates, which

exhibits fourth-order numerical accuracy in both space and time (Bergmann et ah, 1999; Holliger

and Bergmann, 2000,2001).

The use of a cylindrical coordinate system implies that our models are rotationally symmetric

with respect to the z-axis (i.e., the left-hand model edge). This assumption is accurate for lay¬

ered models and can thus be expected to be a good first-order approximation for many surficial

environments. Moreover, the use of cylindrical coordinates is computationally efficient, correctly

accounts for the radiative properties and the 3D geometric spreading characteristics of the electro¬

magnetic wavefleld, and is the most effective way to explicitly discretize small-diameter boreholes.

The assumption of cylindrical symmetry does, however, imply that the transmitters can only be

located on the symmetry axis and that the borehole axis always coincides with the symmetry

axis. For this reason, only the transmitters can be approximated explicitly by vertical electric

dipoles, whereas the corresponding radiative properties of the receivers have to be approximated

implicitly. The latter is achieved by considering only the vertical component of the transmitted

electric field. Because of this simplification distortions of the receiver radiation patterns due to

water-filled receiver boreholes and/or nearby heterogeneities cannot be accounted for. This does

not affect the fundamental significance of our results, but implies that we are underestimating,

rather than overestimating, the effects of radiation pattern distortions on ray-based amplitude

tomography. For all our inversions, we therefore assume 0e0r = cos2(p for the product of the

source and receiver radiation patterns (equation 2), which is fundamentally consistent with current

practice (Olsson et ah, 1992; Peterson, 2001; Zhou and Fullagar, 2001).

The reference model consists of a homogeneous full-space with a dielectric permittivity of

e = 9eo, a magnetic permeability of /i = /iq ,
and a conductivity of a = 5 mS/m, where eo
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and Mo denote the dielectric permittivity and magnetic permeability of a vacuum, respectively

(Figure 3.2a). These electric material properties are typical, for example, for a moist sandy soil

(Daniels, 1996, pp. 32ff). The attenuation of this medium is 0.31 m_1 and the quality factor

Q = 27r/oe/<7 is 10 for the center frequency /o=100 MHz. This implies that a 100 MHz signal is

attenuated to e_7r -times, or about 4%, its initial amplitude after travelling for ten wavelengths,

or about 10 m in our case. For the second model, the electric dipole sources are located in a

water-filled borehole (Figure 3.2b). The borehole has a diameter of 10 cm, which is quite typical

for shallow boreholes. The water filling the borehole has dielectric permittivity of e = 80eo, a

magnetic permeability of m = /io, and a conductivity of a = 5 mS/m. The purpose of this

model is to assess the effects that a water-filled borehole has on the tomographic inversion of

the amplitudes. We also consider a corresponding model with an air-filled borehole, which is not

depicted here. The third model contains a water-filled borehole along the left-hand edge and

the surrounding material has a horizontal interface at 10 m depth, across which the electrical

conductivity changes from 5 to 10 mS/m (Figure 3.2c). This example allows us to assess the

effects of radiation pattern distortions due to antenna-interface coupling. To study the effects of

the Earth's surface on amplitude tomography, the fourth model contains a vacuum above 5 m

depth and a water-filled borehole in a homogeneous medium below (Figure 3.2d). Note that no

transmitters or receivers are located in the vacuum and thus the total number of source and

receiver positions is correspondingly reduced.

The last two models that we consider contain a conductive inclusion with a rectangular cross-

section and either no borehole or a water-filled borehole (Figure 3.3a) along the left-hand edge

(Figure 3.3b). The purpose of these models is to assess how accurately spatial variations in the

attenuation structure can be resolved through ray-based amplitude tomography in the absence or

presence of a water-filled borehole. The inclusion is 2 m wide and 4 m high and centered within

the models. The height of the inclusion is thus about twice the diameter of the first Fresnel

zone for center frequency of our source signal. The material properties of the embedding medium

correspond to those of the reference model (e = 9eo, M = Mo, o~ = 5 mS/m). The inclusion has

the same dielectric permittivity and magnetic permeability as the embedding material (e = 9eo,

M = Mo)i but has a higher conductivity of 10 mS/m.

For the FDTD simulations, all models are discretized using a uniform grid spacing of 2.5 cm.

The time-dependence of the source pulse is that of a zero-phase 'Ricker' wavelet with a center

frequency of 100 MHz and a bandwidth of 2-3 octaves. This results in about 5, 15, and 45 grid

points per minimum wavelength in the water-filled borehole, in the probed medium, and in the

air-filled borehole, respectively. For this level of discretization, our FDTD algorithm is highly

accurate and exhibits only very minor grid dispersion (Bergmann et ah, 1999). In order, to avoid

interference between first arrivals and potential reflections from the model edges, we extend the
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FDTD models by 2 m at the top, bottom, and right-hand side with respect to the size of the

tomographic plane and apply first-order Mur (1981) absorbing boundary conditions along these

edges. For the tomographic inversion, we use a uniform cell size of 0.5 m side length, which results

in a total of 800 cells. Various tests revealed that the corresponding inversion problem is fairly

well-posed and hence only small damping and smoothing constraints need to be applied to solve

equation 3.10. We have chosen the relative weights of data, damping and smoothing constraints

to be 95%, 2.5% and 2.5%, respectively.

As input to the tomographic inversion procedure, we picked the maximum first-cycle am¬

plitudes of the synthetic radargrams. There is a number of alternative ways to determine the

amplitude of the transmitted signal, such as taking root-mean square value or the integral of the

first-cycle (Peterson, 2001). We found that the inversion procedure is not very sensitive to the

way the amplitude of the transmitted is determined, as long as this is performed in a consistent

manner. Convergence achieved with the tomographic inversion procedure was excellent. For all

synthetic datasets, relative misfits achieved were of the order of 0.1-0.5%. This indicates that the

inversion problem is inherently underdetermined and hence possible discrepancies between true

and inverted attenuation structures must be attributed to ambiguities in the model space. This

also indicates that there is little hope to simultaneously invert for the attenuation structure and

potential distortions of the radiation patterns.

3.5 Results

Figures 3.4, 3.5, 3.7, and 3.8 show (a) examples of experimental and analytical radiation patterns,

(b) the resulting attenuation tomograms, and (c) the actual attenuation structure for the suite

of models presented in Figure 3.2. Figure 3.6 shows the radiation pattern only for a model

analogous to that shown in Figure 3.2b, but with an air-filled instead of a water-filled borehole.

The experimental amplitude radiation patterns were determined by storing a snapshot of the

vertical component of the simulated electric field, transforming these data into polar coordinates,

and tracing the wavefront along its first-cycle maximum. The analytical amplitude radiation

pattern corresponds to the vertical component of the electrical field radiated from a vertical

electric dipole in the far-field. All amplitude radiation patterns are normalized with respect to

their maximum values. Following common practice (Olsson et ah, 1992; Peterson, 2001; Zhou and

Fullagar, 2001), the analytical radiation pattern for a homogeneous full-space was used to invert

the observed amplitude data (i.e., 0e = 0r = cos<f> in equations 3.2 through 3.4).
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3.5.1 Numerical effects

In Figure 3.4a, we see that the radiation pattern of the simulated data (red) agrees very well

with the analytical radiation pattern (blue) of a vertical electric dipole in a homogeneous medium

(Figure 3.2a). The largest deviations between the two radiation patterns are of the order of 1% and

occur at angles between about ±20 and ±50° with respect to the horizontal. These discrepancies

reflect the compounded effects of minor systematic inaccuracies in the numerical calculations, in

particular grid dispersion, grid anisotropy, and inaccuracies due to the discrete approximation of

the cylindrical symmetry condition along the left-hand model edge.

The tomographic inversion yields an average value of 0.29 m_1 for the attenuation, which

is about 6% below the actual attenuation of 0.31 m_1 (Figures 3.4b and 3.4c). Repeating the

inversion procedure with the numerically determined radiation pattern yields an average atten¬

uation value that is very close (within less than 1%) to the true value. This demonstrates that

the discrepancies between true and inverted attenuation structures are largely due to the small

deviations between the analytical and numerically determined radiation patterns.

3.5.2 Effects of water- and air-filled boreholes

Many shallow boreholes are partially or completely water-filled. The electromagnetic velocity of

water is about three times lower than that of common soils, which causes parts of the source

energy to be trapped, propagating as guided waves along the borehole (Ebihara et ah, 1998). In

water-filled boreholes, such waveguide effects are always present, however, the concentration of

energy in the borehole decreases as the ratio between the wavelength and the borehole diameter

decreases. Evidence from experimental and numerical studies (Holliger and Bergmann, 2000,2001)

and asymptotic dielectric waveguide theory (Cronin, 1995) suggests that waveguide effects are

significant as long as the dominant wavelength of the georadar signal is less than about five to ten

times the diameter of the borehole. For most borehole georadar experiments, waveguide effects

must therefore expected to be relevant (Holliger and Bergmann, 2000,2001).

Guided electromagnetic waves in water-filled boreholes propagate with a velocity similar to

that of the surrounding material and thus continuously radiate energy into the part of the wave-

front propagating along the borehole (Dubois, 1995; Ebihara et ah, 1998; Holliger and Bergmann,

2000,2001). This effect is evident in the amplitude radiation pattern for the model shown in Fig¬

ure 3.2b. Compared to the analytical reference pattern the amplitude radiation pattern from a

water-filled borehole shows substantially higher values, particularly at intermediate angles with

respect to the horizontal (Figure 3.5a). We found that the radiation pattern varies somewhat

as a function of the diameter of the water-filled borehole but retains its overall shape. On the

other hand, we found the radiation pattern to be largely independent of the dielectric permit¬

tivity and electrical conductivity of the medium surrounding the water-filled borehole (Holliger
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and Bergmann, 2000,2001). It should, however, be noted that these findings are based on the

assumption of an infinitesimal electric dipole source and are not necessarily valid for finite-length

georadar antennae.

The resulting average attenuation is 0.19 m_1, which is about 40% below the correct value

(Figures 3.5b and 3.5c). Again, this effect can be explained by deviations between the observed and

theoretically predicted amplitude radiation pattern. Using the numerically determined radiation

pattern for the inversion yields an average attenuation of 0.30 m_1, which is very close to the

correct value of 0.31 m_1. Therefore, the discrepancies between Figures 3.5b and 3.5c are solely

due to the different shapes of the radiation patterns in Figure 3.5a and not due to the systematically

increased observed amplitudes in the presence of water-filled boreholes. Our results thus indicate

that the primary effect of systematic radiation pattern errors on ray-based amplitude inversion

is to shift the inferred attenuation by a constant amount with respect to the actual value. This

finding is consistent with observations made on observed borehole georadar datasets (Peterson,

2001).

Figure 3.6 shows the radiation pattern for an analogous model containing an air-filled borehole

instead of a water-filled borehole. The distortions of the experimental radiation pattern compared

to the analytical radiation pattern are virtually identical to those arising from purely numerical

effects in a fully homogeneous model (Figure 3.4a). The corresponding tomographic reconstruction

of the attenuation structure is largely identical to that in Figure 3.4b and therefore is not shown

here. This result is consistent with Holliger and Bergmann (2000,2001) who found that, within

a realistic range of borehole diameters and signal frequencies, an air-filled borehole does not

distort the radiation pattern an infinitesimal vertical electric dipole. This result is again valid

for infinitesimal electric dipoles and cannot necessarily be generalized to finite-length borehole

georadar antennae (Hertel and Smith, 2000).

3.5.3 Effects of horizontal interfaces

When an electric dipole is located near an interface across which there is a change in the electrical

material parameters, it becomes coupled to the interface. This causes its amplitude radiation

pattern to change fundamentally with respect to the corresponding full-space radiation pattern

(Engheta et ah, 1982). This effect is evident in Figure 3.7a, which shows the radiation pattern for a

dipole source located at depth of an interface associated with a change in the electric conductivity

from 5 to 10 mS/m (Figure 3.2c). Since this interface is not associated with a change of the

electromagnetic velocity, our assumption of straight ray paths remains valid. Note that despite

this small change in electrical conductivity, which could for example be due to minor increases of

the pore water salinity and/or the clay fraction (Daniels, 1996, pp. 33ff), the overall nature of

the amplitude radiation pattern changes dramatically with respect to that of the reference model
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(Figure 3.4a) or the homogeneous model containing a water-filled borehole (Figure 3.5a). The

effect of the dipole-interface coupling is expected to be pronounced within a range of about one

dominant wavelength from the interface (Engheta et ah, 1982). Beyond this distance, the radiation

pattern will approach that of a vertical electric dipole located in a water-filled borehole surrounded

by a homogeneous medium (Figure 3.5a). Given the severe distortion of the radiation pattern in

the vicinity of the interface, it is surprising that the resulting attenuation tomogram resolves this

interface quite well (Figures 3.7b and 3.7c). Moreover, the estimated average attenuation contrast

of 0.29 m_1 across the interface agrees reasonably well with actual contrast of 0.31 m_1. As in

the previous example, the absolute attenuation values are, however, systematically too low due to

the distortion of the radiation pattern by the water-filled borehole.

3.5.4 Effects of the earth's surface

The Earth's surface (i.e., the soil-air interface) is associated with an unusually strong contrast in

electrical properties and hence dipole-interface coupling effects are particularly severe. To some

extent, the effects of this interface are present in most crosshole georadar surveys. Figure 3.8a

shows the radiation pattern for the corresponding model (Figure 3.2d) with the dipole source

located at the soil-air interface. Evidently, this radiation pattern has little in common with the

corresponding full-space radiation pattern. Furthermore, the presence of the soil-air interface will

cause refracted head waves that travel along the surface and may interfere with the direct wave.

This is not consistent with the straight ray approximation used in this study.

It is therefore not surprising that the resulting attenuation tomogram shows some significant

artifacts particularly in the uppermost few meters and along the diagonals (Figure 3.8c). They

are caused primarily by the distorted radiation patterns and to a lesser extent by the refracted

waves. Such artifacts must be expected to be particularly severe and pervasive in borehole-to-

surface or surface-to-borehole georadar experiments. Since our cylindrical symmetry forward solver

allows only the transmitter radiation pattern to be modeled explicitly, the artifacts in Figure 3.8c

are asymmetric. For real data, the corresponding artifacts are expected to be symmetric. It is

important to note that these kinds of artifacts can be largely avoided by ensuring that transmitters

and receivers are always located at least one dominant wavelength away from the Earth's surface.

3.5.5 Effects of a conductive inclusion

The purpose of this last experiment is to assess how reliably ray-based amplitude tomography can

detect and resolve an isolated conductive structure. Note that that in our models (Figure 3.3)

there is no difference in the electromagnetic velocities of the embedding medium and the inclusion

and hence our assumption of straight ray paths remains valid.

There are three main factors that may limit the resolution of an isolated structure, namely
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the aperture of the experiment (i.e., the source-receiver geometry), the band-limited nature of

the georadar signals, and the presence of a water-filled borehole. Effects of the source-receiver

geometry can be studied by calculating ray-theoretical amplitudes using equation 3.7. Given

perfect aperture (i.e., densely spaced sources and receivers surrounding the anomalous structure),

such a dataset should also provide a perfect inversion result. Apart from the artifacts along the

diagonals, the reconstruction of the conductive anomaly is indeed excellent (Figures 3.9a and 3.9b).

These artifacts are caused by the inherently limited aperture of crosshole georadar experiments

(i.e., the lack of transmitters and receivers along the top and bottom edges of the model), and

hence are of the same magnitude as in all the tomograms derived from full-waveform amplitude

data.

Figures 3.9c and 3.9d show the resulting attenuation tomograms for data obtained from the

FDTD simulations of the inclusion model in the absence or presence of a water-filled borehole

(Figures 3.3a and 3.3b). Both tomograms locate reliably the inclusions. For the two tomograms,

the estimated attenuation contrasts do, however, deviate substantially from the actual attenuation

contrast of 0.31 m_1. Moreover, the height of the anomaly is somewhat underestimated. In

agreement with Figure 3.5, we again observe that the presence of a water-filled borehole causes the

inferred average attenuation to be biased towards values that are significantly too low. However,

the shape of the anomaly and the relative attenuation contrast are similarly well resolved as in

absence of a borehole. Comparable results were obtained when the rectangular inclusion was more

resistive than the embedding medium.

The discrepancies between Figure 3.9b and Figures 3.9c and 3.9d are due to the band-limited

nature of the FDTD data and wave propagation effects that are accounted for by ray-theory.

To illustrate these effects we plot normalized amplitude data for a source located at 8 m depth,

adjacent to the upper edge of the conductive anomaly. The solid line in Figure 3.10 displays

the ray-based amplitudes, whereas the corresponding data picked from the FDTD simulations

are plotted with a dashed line. The effect of a water-filled transmitter borehole on the FDTD

amplitudes is shown with the dotted curve (Figure 3.10). As expected from the radiation pattern

in Figures 3.4a and 3.5a, the decrease of amplitudes with increasing take-off angles is smaller than

for the FDTD amplitudes calculated without a borehole. This causes the estimated attenuation

structure to be biased towards too low values. Both in the presence and in the absence of a

water-filled borehole, the FDTD data show a more gradual fall-off of the amplitudes due to the

conductive structure than the ray-based amplitudes. This is due to diffraction effects and causes

the height of the conductive anomalies to be systematically underestimated in the tomographic

reconstructions. The resolution of the tomographic inversion is governed solely by the band-limited

nature of the FDTD data. The presence of a water-filled borehole does not affect the resolution of

the tomograms, but only causes the estimated attenuation structure to be biased towards values
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that are significantly too low.

3.6 Discussion and Conclusions

To assess the reliability of ray-based amplitude tomography, we have calculated synthetic cross-

hole georadar surveys for a suite of canonical models. The maximum first-cycle amplitudes of

these datasets were inverted tomographically for the attenuation structure following the common

assumption that the radiation pattern corresponds to that of an electric dipole in a homogeneous

medium. Our results indicate that there are substantial discrepancies between the assumed and

the actual radiation patterns resulting from the presence of a water-filled borehole as well as from

heterogeneities along the borehole. Even for homogeneous models, small discrepancies between

the assumed and the actual radiation patterns cause systematic errors in the estimated average

attenuation structure. The fact that the amplitudes of the simulated data could always be fit

within the picking accuracy, regardless of the discrepancy between the actual and the assumed

radiation patterns, indicates that the inversion problem is inherently underdetermined. This in

turn suggests that distortions of the radiation pattern cannot be accounted for by simultaneously

inverting for the radiation pattern and the attenuation structure.

We find that the presence of a water-filled borehole causes the inferred average attenuation to

be significantly too low and that the distortions of the radiation pattern occurring near the air-soil

interface may cause severe artifacts throughout the entire tomogram. On the other hand, we found

that ray-based amplitude tomography for crosshole georadar data is a reliable and robust means

to detect changes in attenuation and that the presence of a water-filled borehole does not affect

the resolution of the tomographic reconstruction. In particular, ray-based amplitude tomography

is able to locate changes in conductivity that are not associated with corresponding changes in

the dielectric permittivity and hence could not be detected by traveltime tomography.

Major simplifications made in this study were (i) that only the radiation pattern of the emit¬

ting antenna was accounted for explicitly and (ii) that the emitting and receiver antennae were

approximated by infinitesimal electric dipoles. Given the inherent reciprocity of the problem, the

first simplification primarily causes us to underestimate, rather than overestimate, the effects of

distortions of the radiation pattern. Approximating the radiative properties of half-wave dipole-

type borehole georadar antennae by infinitesimal vertical electric dipoles is a valid first-order

approximation, which does not affect our overall conclusions. However, in order to understand

the more intricate physical aspects of crosshole georadar, such as the frequency dependence of the

radiation pattern, realistic antennae designs need to be incorporated explicitly into the modeling

procedure. Another topic, which we did not address in this study, but which we consider to be of

great significance for improving the quality of crosshole georadar attenuation studies, is to assess

the effects of random fluctuations of the electric material parameters along the borehole on the
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radiation pattern.
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| : transmitter (electric dipole)

1 : receiver ("virtual" electric dipole)

Figure 3.1: Schematic illustration of the numerical crosshole georadar experiments carried out in this

study. The models are cylindrically symmetric with respect to the z-axis. The transmitters are infinitesi¬

mal vertical electric dipoles located on the symmetry axis. The receivers are located along the right-hand
model edge and have no directive properties. 'Virtual' electric receiver dipoles are emulated by recording
the vertical component of the transmitted electric field.
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Figure 3.2: a) Homogeneous reference model (e = 9eo, M = ßo, u = 5 mS/m). b) same as model a),
but with 10 cm-diameter water-filled borehole along its left edge, c) same as model b), but containing a

horizontal interface where the conductivity changes from 5 to 10 mS/m. d) same as model b), but with

air-soil interface. Note that in model d) there are no transmitters or receivers above air-soil interface. All

models are cylindrically symmetric with respect to their left-hand edge. This implies that transmitters

are located on the symmetry axis and that the borehole axis always coincides with the symmetry axis.
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Figure 3.3: Models containing an inclusion with a rectangular cross-section (2 m wide and 4 m high) that

is more conductive than the embedding medium. The dielectric permittivity and magnetic permeability
is constant throughout the model, a) Model containing no borehole, b) model containing a water-filled

borehole.
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Figure 3.4: a) Comparison of the simulated (red) and analytical (blue) amplitude radiation patterns

for the full-space model shown in Figure 3.2a. The dipole source located at 10 m depth, b) Attenuation

tomogram for synthetic radargrams calculated for model 2a. c) actual attenuation structure.
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Figure 3.5: a) Comparison of the simulated (red) amplitude radiation pattern for the model shown in

Figure 3.2b and the corresponding analytical full-space radiation pattern (blue). The dipole source located

at 10 m depth, b) Attenuation tomogram for synthetic radargrams calculated for model 2b. c) actual

attenuation structure.
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Figure 3.6: Comparison of the simulated (red) amplitude radiation pattern for a model containing an

air-filled borehole and the corresponding analytical full-space radiation pattern (blue). The model contains

an air-filled borehole with a diameter of 10 cm, but is otherwise identical to the one shown in Figure 3.2b.
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Figure 3.7: a) Comparison of the simulated (red) amplitude radiation pattern for the model shown in

Figure 3.2c and the corresponding analytical full-space radiation pattern (blue) with the dipole source

located at 10 m depth, b) Attenuation tomogram for synthetic radargrams calculated for model 2c. c)
actual attenuation structure.
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Figure 3.8: a) Comparison of the simulated (red) amplitude radiation pattern for the model shown in

Figure 3.2d and the corresponding analytical full-space radiation pattern (blue). The dipole source located

at 5 m depth (i.e., at the soil-air interface), b) Attenuation tomogram for synthetic radargrams calculated

for model 2d. c) actual attenuation structure.
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Figure 3.9 Inversion results for a conductive inclusion a) True attenuation structure b) attenuation

tomogram using ray-theoretical amplitudes c) attenuation tomogram using amplitudes picked from syn¬

thetic radargrams calculated for the model in Figure 3 3a d) attenuation tomogram using amplitudes

picked from synthetic radargrams calculated for the model in Figure 3 3b
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Figure 3.10: Normalized amplitude data for the models shown in Figures 3.3a and 3.3b. The dipole
source is located at 8 m depth. The solid line denotes the ray-based amplitudes used to calculate the

tomogram in Figure 3.9b, the dashed line denotes the FDTD amplitudes used to calculate the tomogram
in Figure 3.9c and the dotted line denotes the FDTD amplitudes used to calculate the tomogram in

Figure 3.9d.
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Chapter 4

INTERNAL STRUCTURE OF

AN ALPINE ROCK GLACIER

BASED ON CROSSHOLE

GEORADAR TRAVELTIMES

AND AMPLITUDES

Geophysics, submitted

4.1 Abstract

Rapid melting of permafrost in many alpine areas is increasing the probability of catastrophic

rock slides. In an attempt to provide critical structural information needed for the design and

implementation of suitable mitigation procedures, we have acquired crosshole georadar data from

within a fast-moving rock glacier, an important form of alpine permafrost. Since the various

types of material found in high alpine areas (i.e., ice, rock, water, and air) have very different

dielectric permittivities and electrical conductivities, the georadar method should be well-suited

for investigating the structure and state of rock glaciers. A non-linear technique that incorporates

the effects of variable antenna coupling is used to invert the georadar first-arrival traveltimes

and amplitudes. Ray diagrams and resolution matrices allow the resolution provided by the

resultant velocity and attenuation tomograms to be assessed. For selected shot gathers, computed

first-arrival traveltimes, amplitudes, and synthetic sections based on the derived tomograms are
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shown to match closely the observed data. Our interpretation of the crosshole georadar data is

constrained by geomorphological observations, geological logs obtained from the four boreholes,

and the results of a surface seismic survey. The georadar data reveal the existence of a shallow

7-11 m thick ice-rich zone distinguished by high velocities (0.14-0.17 m/ns) and low attenuations

(0.04-0.09 m_1). It extends uninterrupted between three of the four boreholes, but diminishes to

zero in the direction of the fourth. Beneath the ice-rich zone is a thin ice-free zone characterized by

moderate velocities (0.11-0.12 m/ns) and low attenuations (0.04-0.09 m_1). This zone is underlain

by a prominent band of high velocities (0.14-0.17 m/ns) and moderately high attenuations (0.10-

0.20 m_1) associated with unconsolidated glacial sediments and numerous large air-filled voids,

which in the past were likely filled with ice. At greater depths, the variably dry to water-saturated

sediments are represented by generally lower velocities (0.08-0.10 m/ns) and higher attenuations

(0.16-0.24 m_1). Between three of the boreholes, the bedrock surface is represented by an abrupt

~0.03 m/ns increase in velocity. We speculate that the disappearance of ice, both laterally and

with depth, is a relatively recent (decades to years) phenomenon.

4.2 Introduction

Rock glaciers are an important form of alpine permafrost. They consist of unconsolidated rock

material ranging in size from fine-grained particles to large boulders, bound together with ice.

The presence of ice ensures the stability of most rock glaciers, even on moderately steep slopes.

As a result of global warming, it is expected that the ice content of rock glaciers will diminish

markedly (Haeberli, 1998). This in turn will reduce the stability of rock glaciers and increase

the possibility of rockslides, posing significant natural hazards to many inhabited alpine regions.

To design appropriate mitigation measures, improved knowledge of the physical state and of the

physical processes that control the evolution of rock glaciers is essential.

In an attempt to resolve the internal structure of a fast moving rock glacier, a variety of geo¬

physical and geotechnical investigations have been undertaken on the Muragl mountain in the

eastern Swiss Alps (Figure 4.1). The geophysical experiments comprised seismic and georadar

measurements. Tomographic inversions of surface-based seismic recordings have led to the de¬

lineation of the underlying bedrock topography and the outlining of critical zones of degraded

permafrost, in which the ice has almost completely melted (Musil et ah, 2002). These inversions

did not allow the fine structure of the rock glacier to be determined. Surface-based georadar mea¬

surements were not successful, probably because of strong scattering from numerous near-surface

heterogeneities. Promising results were, however, obtained from crosshole georadar measurements.

By taking advantage of four boreholes drilled into the Muragl rock glacier (Arenson and Spring-

man, 2000), we have recorded crosshole georadar data that sample three different tomographic

planes. Crosshole georadar tomography has the potential to resolve the internal structures of rock
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glaciers because their principal constituent components have significantly different georadar veloc¬

ities: ice ~0.17 m/ns, rock material ~0.1 m/ns, water ~0.03 m/ns, and air ~0.3 m/ns. Such large

velocity differences will result in strong curvatures of the raypaths, thus precluding the application

of commonly used (in georadar investigations) straight ray tomographic methods (e.g., Olsson et

ah, 1992; Zhou and Fullagar, 2001). Fortunately, the effects of curved raypaths are accounted for

in various nonlinear inversion schemes that are widely employed in seismic tomography (e.g., Lo

and Inderwiesen, 1994).

In addition to the traveltimes, which are mainly controlled by spatial variations of dielectric

permittivity, we also invert the amplitudes of the transmitted georadar signals (Peterson, 2001;

Holliger et ah, 2001). Since the resulting attenuation tomograms are mostly influenced by the

electrical conductivity, they provide valuable complementary information on the subsurface struc¬

tures. The dependability of the velocity and attenuation tomograms is assessed by examining

the ray diagrams, resolution matrices, and residual plots and by computing full-waveform source

gathers. Our interpretations of the tomograms are constrained by geomorphological observations,

information contained in the borehole logs, and the surface-based seismic velocity tomograms.

4.3 Muragl Test Site

The Muragl mountain valley contains a number of moraines, a small glacier superimposed on

discontinuous alpine permafrost, and a well-developed rock glacier (Figure 4.1). The Muragl rock

glacier flows from a small cirque into the main valley. It is approximately 150 m wide, 750 m long,

and extends from an elevation of ~2800 m to ~2500 m. Pronounced flow lobes with transverse

furrows and ridges are clearly observed in the aerial photograph of Figure 4.1. The irregular

pattern of the flow lobes may be the result of periodic mass movements, possibly reflecting several

generations of rock glacier evolution. Repeat geodetic measurements indicate maximum average

flow rates of ~0.5 m/year (Kääb and Vollmer, 2000).

Information on the depth extent and gross internal structure of the rock glacier was previously

obtained from surface-based seismic data (Musil et ah, 2002). The velocity tomogram derived

from seismic refraction data recorded along a profile that crosses the width of the rock glacier

(location shown in Figure 4.1) is displayed in Figure 4.2. In this tomogram, a conspicuous low-

velocity zone within the rock glacier and the topography of the bedrock are well resolved. The

low-velocity zone has been interpreted as a region of degraded permafrost, in which the ice has

recently melted, leaving large air-filled voids.

Subsequent to the seismic surveys, four boreholes were drilled through the rock glacier into

the underlying bedrock (Bl, B2, B3, and B4 in Figure 4.1; Arenson and Springman, 2000). After

geologically logging the boreholes, they were cased with PVC tubes. Boulders were encountered

in the upper few meters of all boreholes (Figure 4.3). These were underlain by a sequence of
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unconsolidated sediments. Ice was found in the upper 20 m of boreholes B2, B3, and B4. As

expected from the seismic refraction tomogram in Figure 4.2, no ice was observed in borehole

Bl, which penetrates the region interpreted to contain degraded permafrost. Beneath the ice-rich

zones, numerous voids were intercepted in boreholes B2, B3, and B4. In boreholes B3 and B4,

these voids lie within a zone of boulders. The water-table beneath the ice-rich zone was found to

exhibit pronounced spatial and temporal variability (Figure 4.3).

4.4 Data Acquisition and Pre-conditioning

Initial crosshole georadar test measurements using a commercial 100-MHz antenna system yielded

data with unsatisfactorily low signal-to-noise ratios. For this reason, a powerful special-purpose

22-MHz borehole antenna system was employed. This system provided good signal propagation

over distances up to 70 m. It allowed us to acquire data between boreholes B4 and Bl, B4 and

B2, and B4 and B3.

For all recordings, the transmitting antenna was pulled up borehole B4 at 1-m increments.

The receiving antenna was pulled up boreholes Bl and B2 at 1-m increments and up borehole

B3 at 2-m increments. This experimental procedure ensured a large number of crossing raypaths,

an important prerequisite for successful tomographic reconstructions. The data were sampled at

1272 MHz over a 800-ns time window. Depending on the data quality, the number of vertical

stacks for each transmitter-receiver configuration varied between 32 and 128. The acquisition of

the total data set required six measurement days.

Examples of source gathers for each of the three borehole pairs are presented in Figure 4.4.

The sketch in the center of the figure shows the relative surface locations of the boreholes. Other

sketches outline the transmitter-receiver configurations used for the displayed gathers. As ex¬

pected, data quality depends on the propagation distances and take-off angles of the rays. Data

quality is excellent for all traces in section B4-B3, whereas small parts of sections B4-B2 and

B4-B1 are not useful.

It is the first arrivals of the transmitted wavefleld that are usually employed in traveltime

tomographic investigations. This approach is universally valid for crosshole seismic data, but

may be problematic for very shallow crosshole georadar data. When the transmitter and receiver

antennae are both close to the surface, the first arriving energy may have traveled as a refracted

wave along the air-soil interface (Figure 4.5). If the signal-to-noise ratio is reasonably high, the

direct wave traveling through the rock material may be identified as a secondary phase (e.g.,

Figure 4.5). To ensure that only energy traveling through the rock mass was considered, the

traveltimes were manually picked. From the 8560 recorded traces, 6681 traveltimes could be used

for the tomographic inversions.

For the amplitude tomography, we chose the amplitudes of the first positive direct-wave pulses.
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Due to the limited dynamic range of the recording system (16 bits), some data recorded at short

distances were clipped; they were discarded. Useful amplitude information could be extracted

from 6224 of the 6681 traces selected for the traveltime tomography.

4.5 Traveltime Tomography

A nonlinear tomographic inversion scheme that accounts for the curvature of ray paths is used

to derive the electromagnetic velocity structure between the boreholes. This inversion scheme is

based on a finite-difference eikonal forward solver for computing traveltime fields on a regular grid

(Schneider et ah, 1992). By computing the incidence angles of the wavefronts at each grid point, it

is possible to construct the raypaths that are required to formulate the linearized forward problem

^3 =^2LtjkUk, (4.1)
k

where tt] is the traveltime from the ith. transmitter to the jth receiver, and Lvk and Uk are the

length of raypath and slowness in the kth cell, respectively. A cell size of 1 x 1 m is suitable for our

computations. At this discretization level, cells are crossed by a sufficiently large number of ray¬

paths and, given the dominant ~4 m wavelength of the georadar waves, reasonably small features

are resolved. The tomographic inverse problem is solved using an algorithm that accomodates

both damping and smoothing constraints to compensate for the underdetermined components of

the problem (Lanz et ah, 1998).

Cells that extend along the length of boreholes are generally poorly resolved due to the scarcity

of suitable crossing rays. To enhance the continuity of structural features in the vicinity of borehole

B4, the tomographic planes B4-B3 and B4-B2, and B4-B3 and B4-B1 were merged into two

composite planes, B3-B4-B2 and B3-B4-B1. Although rays do not cross borehole B4, smoothing

constraints operated across the merged planes, thus enhancing the continuity of structures.

A homogeneous starting model with a uniform velocity of 0.12 m/ns was used to initiate

the linearized tomographic inversions. Essentially the same results were obtained by using a

wide variety of plausible starting models. Iterations were terminated when the root-mean-square

(RMS) misfit between the observed and computed traveltimes was smaller than the estimated 6-ns

accuracy of the traveltime picks. Convergence was typically achieved after 15-20 iterations.

Figures 4.6a and 4.6b show the resulting velocity tomograms for the two composite planes. As

expected, the derived velocity structures between boreholes B4 and B3 are virtually identical in

Figures 4.6a and 4.6b. Cells not crossed by rays are blanked during plotting. In the following, the

referenced depths are with respect to the undulating dipping surface topography. In Figure 4.6a,

there is a laterally continuous high-velocity (~0.16 m/ns) region within the upper 15 m of the

subsurface and a thin high-velocity (~0.14-0.17 m/ns) layer at 20-25-m depth. Below the deeper
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of the two high-velocity layers, an abrupt decrease in velocity to 0.09-0.11 m/ns is evidence for a

significant change in water content and/or rock type.

The shallow high-velocity zone between boreholes B4 and B3 extends into the region between

boreholes B4 and Bl at 0-10-m depth. It thins as it approaches borehole Bl. In contrast, the thin

high-velocity layer at 20-25-m depth is not observed between boreholes B4 and Bl. The relatively

low velocities (~0.1 m/ns) observed between boreholes B3 and B4 at about 30-m depth extend

in the direction towards borehole Bl, but they appear to fade-out at ~40-m horizontal distance

(Figure 4.6b).

4.6 Amplitude Tomography

Assuming a homogeneous medium, amplitudes recorded in a crosshole georadar experiment are

given by (e.g., Holliger et ah, 2001)

a(r) = -2
, (4.2)

r

where clq is a normalization factor that depends on the combined effects of transmitter and receiver

gain and antenna efficiency, a is the unknown attenuation of the medium, r is distance between

transmitting and receiving antennae, and V is a term representing the combined directionality of

the transmitting and receiving antennae. In general, attenuation a represents a combination of

two principal effects: (i) intrinsic attenuation primarily due to the finite electrical conductivity of

the traversed material and (ii) attenuation caused by multiple scattering at numerous subsurface

heterogeneities.

For typical borehole diameters and georadar transmitter frequencies, waveguide effects in

water-filled boreholes may significantly distort the radiation patterns (Holliger et ah, 2001; Hol¬

liger and Bergmann, 2001). Fortunately, full-waveform modeling using a finite-difference solution

of Maxwell's equations (Bergmann et ah, 1999; Holliger and Bergmann, 2001) demonstrates that

waveguide effects are insignificant for the low frequencies (dominant frequency of ~15 MHz) and

slim borehole diameters (5.7 and 6.8 cm) employed in our study. It is, therefore, reasonable to

assume that the transmitting and receiving antenna radiation patterns correspond to those of

well-tuned half-dipole antennae within a homogeneous medium (Balanis, 1982, pp. 130-132)

cos2(f cos(0))

sin2(0)
(4.3)

where 0 is the take-off angle of the ray with respect to the vertical. To formulate the amplitude

inversion as a linear inverse problem, we substitute

a'(r) = -ln(Ä) (4.4)
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and

a'0 = -ln(a0), (4.5)

and rewrite equation 4.2 as

a'(r) = ar + a'0. (4.6)

Using the notation introduced in equation 4.1, the corresponding discrete equation may be

written as

a[3 = "^2 Lvk<Xk + a'o-, (4-7)
k

where a' is the modified amplitude (equation 4.4) for the zth transmitter and jth receiver and

ctk is the attenuation in the fcth cell. Equations 4.1 and 4.7 are formally identical. The modified

normalization correction factor a'0 (equation 4.5) corresponds to zero-time to in the traveltime data.

Note, that r in equation 4.2 is replaced by the computed ray length in our amplitude inversion

scheme. After each iteration of the traveltime inversion, the resulting ray length matrix L was used

for the inversion of the amplitudes. This procedure was employed because the damping constraints

make the amplitude inversions nonlinear, such that a single inversion using rays traveling through

the final traveltime model would be insufficient.

Initial attenuation tomograms for composite planes B3-B4-B2 and B3-B4-B1 are shown in

Figures 4.7a and 4.7b, respectively. These tomograms were obtained after using a homogeneous

starting model with a uniform attenuation of 0.15 m_1.

The tomogram in Figure 4.7a is characterized by a 20-m thick upper layer of low attenuation

underlain by a more variable region of distinctly higher attenuation. The transition between the

low- and high-attenuation regions coincides with the upper boundary of the thin high-velocity

layer in Figure 4.6a. Unusually high attenuation is shown adjacent to boreholes B4 and B2 and

in the deepest parts of the tomogram.

Between boreholes B4 and Bl (Figure 4.7b), a thin low-attenuation zone follows closely the

shallow region of high velocities in Figure 4.6b. At greater depths between these two boreholes,

there is an alternating sequence of low- and high-attenuation zones. The deepest sampled volume

is distinguished by low attenuation. This causes a sharp discontinuity along borehole B4, which is

likely an artifact of the tomographic inversion. Other discontinuities of questionable significance

are observed in the vicinity of this borehole (Figures 4.7a and 4.7b).

Inappropriate initial models could result in artifacts. Based on the results of the traveltime

tomography, we have constructed an initial two-layer model that has 0.1 m_1 attenuation within

the upper 20 m layer and 0.2 m_1 at greater depths. The corresponding inversion results are

shown in Figures 4.7c and 4.7d. By introducing a second layer, the average relative residuals

(100x (observed amplitude - computed amplitude)/observed amplitude) decreased from 27.2% to

24.9% for the composite plane B3-B4-B2 and from 18.3% to 17.1% for the composite plane B3-B4-
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Bl. However, probable artifacts near borehole B4 are not greatly altered by changing the input

model (compare Figures 4.7c and 4.7d with Figures 4.7a and 4.7b).

Unless accounted for, variable antenna coupling along the boreholes could also result in arti¬

facts. Up to this point in our analysis, antenna coupling a'0 (equation 4.7) was assumed to be

constant. For variable coupling conditions, equation 4.7 needs to be rewritten as

a'v = "^2 Li3k&k + acfl + acfj, (4.8)
k

where acfl and acfr are amplitude correction factors (ACF) for the ith transmitter and jth

receiver position, respectively. The ACF's can thus be incorporated as additional unknowns in

the inversion process. It should be noted that the ACF's may not only account for variable antenna

coupling conditions, but they may also accommodate other sources of inconsistency, such as those

due to 3-D effects.

Tomograms resulting from inversions with variable ACF's are displayed in Figure 4.8. We note

that the questionable discontinuities along borehole B4 in Figures 4.7b and 4.7d are much less

pronounced in Figure 4.8b. This supports the hypothesis that antenna coupling is not constant

along the boreholes and that variable ACF's should be accounted for in the inversion process.

Further support for this assertion is found by comparing the region between boreholes B4 and

B3 in Figures 4.8a and 4.8b. Since these parts of the attenuation tomograms represent the same

subsurface region, they should be identical, which, like the velocity tomograms in Figures 4.6a

and 4.6b, is now practically the case. It is no surprise that the introduction of the ACF's has

led to a marked reduction in the average relative residuals (24.9% to 14.1% for composite plane

B3-B4-B2 and 17.1% to 10.1% for composite plane B3-B4-B1).

The ACF values obtained from the tomographic inversions shown in Figure 4.8 are displayed

in Figure 4.9. As expected, the ACF's for the B4 transmitter and B3 receiver positions, which

are common in Figures 4.8a and 4.8b, are virtually identical in Figures 4.9a and 4.9c (transmitter

ACF's) and in Figures 4.9b and 4.9d (receiver ACF's). In contrast, the transmitter ACF's vary

according to the location of the borehole containing the receiver antenna (Figures 4.9a and 4.9c),

indicating that the ACF's are a function of geology between the transmitter and receiver antenna

(the radiation patterns of the borehole antennae should be cylindricaly symmetric).

4.7 Quality Assessment

We have shown that the input models do not greatly affect the inversions of our data (e.g., com¬

pare Figures 7a and 7b with Figures 7c and 7d). Nevertheles, before interpreting the velocity and

attenuation tomograms, their reliability needs to be assessed. Here, we present information that

allows the dependability and quality of our results to be judged. Ray diagrams and resolution ma-
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trices provide measures of the ability of the data to resolve anomalous velocities and attenuations,

whereas residual analyses and full-waveform modeling demonstrate the quality of the tomograms.

4.7.1 Ray diagrams

A simple approach for assessing the trustworthiness of a tomogram is to plot all raypaths that

cross the model domain. As shown in Figure 4.10, strong curvature of rays prevents the upper few

meters of the subsurface from being resolved. In addition, the density of ray coverage is somewhat

reduced in the upper 20-25 m of ground and adjacent to boreholes B4 and B3, and the large

number of nearly parallel rays along the top and lower parts of the tomograms indicates that only

spatially averaged velocities and attenuations have been resolved there. The remaining regions

between the boreholes are generally well covered with rays, thereby indicating good resolution of

velocities and attenuations.

4.7.2 Resolution matrices

A more quantitative technique for judging the reliability of the tomograms is to compute the

corresponding model resolution matrices (e.g., Menke, 1989, pp. 61-65). They describe the in¬

dependence and interdependence of values computed for neighbouring cells. For our purposes,

it is sufficient to consider the formal resolution given by the diagonal elements of the resolution

matrix. Figures 4.11a and 4.11b show the formal resolutions for the amplitude inversions (these

are nearly identical to the corresponding figures for the traveltime inversions). In both composite

tomographic planes, the formal resolutions are quite uniform. Approximately 65% of all cells have

values greater than 0.5. The highest values are observed along the borders of the high-velocity

zones, where the rays tend to be bundled (Figure 4.10). Conversely, in areas distinguished by

non-intersecting parallel rays, the formal resolutions are low.

By introducing variable ACF's, the number of unknowns is increased, which in turn may lead to

an increase in the underdetermined components of the inversion problem. Of particular importance

is the interaction between the ACF's and the attenuation values. If the attenuation values were

to exhibit tradeoffs with the ACF's, the corresponding formal resolution values would be low.

Figures 4.11c and 4.lid display the differences between the formal resolutions computed using

a constant (Figure 4.7) and variable (Figure 4.8) ACF's. Some notable differences are observed,

but they are limited to cells along the boreholes. Formal resolutions computed for the ACF's

themselves lie between 0.2 and 0.8, which also indicates that the tradeoffs are not significant.

4.7.3 Residual analysis

So far, only root-mean-square differences between observed and predicted traveltimes and am¬

plitudes have been considered. Further information on the quality of the tomograms may be
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obtained by analyzing individual source gathers. Figure 4.12 shows observed (blue lines) and

predicted (green lines) traveltimes and amplitudes for the source gathers displayed in Figure 4.4.

The traveltimes and amplitudes computed for the initial models (black lines) are shown for ref¬

erence. Generally, there are excellent matches between the observed and predicted values. Only

in the shallow part of the tomographic plane B4-B1 are minor traveltime discrepancies evident

(Figure 4.12c), indicating that velocities in the upper right corner of the tomogram in Figure 4.6b

are somewhat underestimated.

4.7.4 Full-waveform modeling

A powerful means of evaluating the estimated velocity and attenuation structures is to use both

suites of tomograms as input to a full-waveform forward modeling algorithm and to compare

the resulting synthetic source gathers with the observed ones. Our finite-difference algorithm

(Bergmann et ah, 1999; Holliger and Bergmann, 2001) requires the distributions of dielectric

permittivity e and electrical conductivity a to be defined on a regular grid. These values were

determined from the tomographically derived velocities v and attenuations a as follows:

1 a2
(4-9)

and

v2/i0 wVo

/ 2a2
(T = we./(_if_ + l)2_i) (4.10)

V uAefj>o

where to is angular frequency and eo and Mo are the dielectric permittivity and magnetic perme¬

ability of free space, respectively.

The estimated values of dielectric permittivity and electric conductivity ranged from 4-12eo

and 0.001-0.005 S/m, respectively. Our georadar antennae had a nominal tuning frequency of

22 MHz, but the dominant frequency of the recorded data was centered around 15 MHz. To

model the transmitter antenna, we simulated a vertical electric dipole excited by a Ricker wavelet

with a center frequency of 15 MHz. A dipole-type receiver antenna was emulated by computing

the vertical component of the received electric field.

Observed and synthetic source gathers generated by a transmitter antenna situated at a depth

of 23 m in borehole B4 and receiver antenna located in boreholes B1-B3 (see also Figures 4.4

and 4.12) are displayed in Figure 4.13. Traces are normalized with respect to their respective

maximum amplitudes. In each example, the synthetic source gather matches well the observed

data.

The upper parts of the observed and synthetic source gathers in Figures 4.13a-d show waves

that have mostly traversed the shallow thick high-velocity layer (Figure 4.6). Energy reflected at

the surface (labeled R) is present in the upper few traces. Between 20 and 30-m depth, the early
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arrivals A have traveled through the thin high-velocity layer and the later arrivals G represent a

combination of waves that have mostly traveled through the thin low-velocity layer between ~18-

20-m depth and through the broad deeper region of much lower velocities at ~24-28-m depths.

Below ~30-m depth, the source gathers contain first arrivals that have mostly passed through the

deeper region of low velocities. Not only are the times and relative amplitudes of all significant

arrivals reasonably well simulated, but so too is the complex multi-cyclic character of some events.

In Figures 4.13e and 4.13f, the complex shallow zone of relatively high velocities is responsible

for the multi-cycle features marked M. Otherwise, these source gathers are dominated by simple

direct arrivals that have crossed the extensive region of moderate to low velocities shown on the

right side of Figure 4.6b.

We have picked the arrival times and amplitudes from the synthetic source gathers and com¬

pared them with the observed values in Figure 4.12. Again, the agreement between the observed

and synthetic curves is good. The amplitudes of the synthetic source gathers are, in some regions,

closer to the observed amplitudes than those predicted by the ray-based inversion routine. This

observation suggests that full-waveform inversions of the data sets may further improve the quality

of the tomograms.

4.8 Interpretation and Discussion

In principle, the significant constituent components of alpine rock glaciers (i.e., ice, rock, water,

and air) should be identifiable on the basis of their electromagnetic velocities. However, these

materials are expected to occur as mixtures and since the relevant mixing scales are generally well

below the resolution of crosshole georadar data, the interpretations of our velocity tomograms are

somewhat ambiguous. It is, therefore, essential to consider complementary information provided

by the: geomorphological observations, surface-based seismic velocity tomograms, and attenuation

tomograms. Although attenuation in the individual materials may vary considerably, under certain

circumstances the significance of our attenuation estimates may be qualitatively assessed on the

basis of the corresponding range of conductivities: awater > arock > alce > aatr (note, that water

within a mountain environment is likely to contain considerable amounts of ionized particulate

matter). Unfortunately, at many locations the observed amplitudes are not only affected by

intrinsic attenuation, but also by scattering. Large amounts of scattering in areas characterized

by boulders and large voids will result in high levels of attenuation.

Figure 4.14 shows our interpretation together with information from the borehole logs super¬

imposed on the velocity and attenuation tomograms. We note that large variations in georadar

velocities are likely controlled by the number and size of voids and by the type of material that fills

them. Ice- and air-filled voids will result in anomalously high velocities, whereas water-filled voids

will result in anomalously low velocities. To a first order, the velocity and attenuation tomograms
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contain an upper region dominated by the effects of ice- and air-filled voids (high velocities and low

attenuations) and a lower heterogenous region distinguished by more compact dry and saturated

sediments and saturated bedrock (low velocities and high attenuations).

We have subdivided the subsurface into several distinct zones (Figure 4.14). Zone A comprises

the upper 3-10 m of the underground, where boulders and numerous air voids are known to occur.

This depth range is largely unresolved in the tomograms. The underlying zone B is 7-11 m thick

and is distinguished by high velocities of 0.14-0.17 m/ns. On the basis of these velocities and

information contained in the borehole logs (Figure 4.3), zone B is interpreted as an ice-rich layer.

Although the ice-rich zone extends across the complete region sampled by the composite plane B3-

B4-B2, two bands of particularly high velocity, one between boreholes B4 and B3 and one between

boreholes B4 and B2, may be evidence for higher ratios of ice to rock. The thickness of the ice-

rich zone decreases to zero towards borehole Bl, in which no ice is encountered. Attenuations are

uniformly low (~0.04-0.09 m_1) throughout zone B, consistent with the ubiquitous presence of

ice- and/or air-filled voids and the absence of water.

Zone C is characterized by moderate velocities of 0.11-0.12 m/ns. The B3 and B4 geological logs

reveal an ice-free region in the appropriate depth range. Although zone C clearly extends across

the entire composite plane B3-B4-B2, the ice-free region is not apparent in the B2 geological

logs (Figure 4.3). However, since the logs were established on the basis of drill cuttings, it is

possible that some information is incomplete or inaccurate. The moderate velocities in zone C are

associated with low to very low attenuations (0.04-0.09 m_1), which extend uninterrupted from

the overlying zone B.

Between 20 and 25 m depth, a conspicuous zone D of high velocities extends across the com¬

posite plane B3-B4-B2 (Figure 4.14a). The geological logs suggest that these anomalously high

velocities are the result of numerous large air-filled voids. Support for this interpretation is avail¬

able from the attenuation tomograms. The upper boundary of zone D coincides with a noticeable

increase in attenuation that may be a consequence of strong scattering at the numerous air-rock

interfaces. Zone D ends abruptly at borehole B4 in the composite plane B3-B4-B1 (Figure 4.14b).

Zone E is characterized by low velocities of 0.08-0.10 m/ns and attenuations up to ~0.20 m_1.

This area of the rock glacier is infiltrated by downward flowing water. Repeat measurements show

that the depth to the water-table is highly variable, both spatially and temporally (Figures 4.3

and 4.14).

Between boreholes B4 and Bl, the E' zone is characterized by several bands of relatively low

(~0.09 m/ns) velocity. These low-velocity bands are likely associated with preferred paths of

shallow water flow (note the uniformly shallow water-table depth in borehole Bl; Figure 4.14b).

This interpretation is supported by the coincident band of high attenuations (0.19-0.22 m_1)

displayed in Figure 4.14d.
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The deepest zone F comprises the bedrock. Its upper boundary is defined by a marked

~0.03 m/ns increase in georadar velocity in the composite plane B3-B4-B2 (Figure 4.14a). By

comparison, the bedrock boundary is not well delineated on the velocity tomogram between bore¬

holes B4 and Bl. Velocities on either side of the bedrock boundary penetrated by borehole Bl

are practically the same.

The bedrock interface is generally poorly resolved in the attenuation tomograms. In the com¬

posite plane B3-B4-B2, the transition between zones E and F is characterized by an increase in

attenuation. In contrast, attenuation decreases in crossing the interpreted bedrock interface be¬

tween boreholes B4 and Bl. As for zones E and E', bedrock velocities and attenuations exhibit

pronounced spatial variations. Some variations may be associated with distinct structural hetero¬

geneities. For example, the low velocity (~0.1 m/ns) - high attenuation (~0.24 in-1) region / in

Figures 4.14a and 4.14c may correspond to a highly fractured water-saturated block of rock.

The distribution of ice, rock, water, and air permits critical inferences to be made concerning

the past and current state of the Muragl rock glacier. The existence of a thin layer with numerous

large air-filled voids at 25 m depth (zone D) provides evidence for ongoing melting within the rock

glacier body. Since it is difficult to preserve large empty voids in this depth range (with time,

the voids would be filled with stones and small particles repositioned as a result of water flow

and movements of the rock glacier), the ice must have disappeared relatively recently (decades to

years). It is also noteworthy that the B4-B1 tomograms differ significantly from the others. In

this less active area of the rock glacier (Figure 4.1) where the amount of ice is greatly reduced, the

melting process may have started decades earlier. This may explain the absence of large air-filled

voids (i.e., zone D) in much of the region between boreholes B4 and Bl (the voids have already been

filled). This result agrees with information provided by the surface seismic refraction tomogram

in Figure 4.2, in which the prominent seismic low-velocity zone on either side of borehole Bl is

interpreted as a region of degraded permafrost (Musil et ah, 2002).

4.9 Conclusions

Tomographic inversions of traveltimes and amplitudes have been performed on crosshole georadar

data collected on the Muragl rock glacier in the eastern Swiss Alps. Raypaths were found to be

curved by the strong velocity variations. As a consequence, it was necessary to employ nonlinear

inversion methods. The computation and application of variable correction factors improved the

amplitude inversions.

An examination of ray diagrams and resolution matrices demonstrated the relatively high

resolutions obtained in most areas covered by the velocity and attenuation tomograms. Computed

traveltimes, amplitudes, and synthetic source gathers were shown to match closely the observed

data.
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Tomographie traveltime and amplitude inversions yielded complementary information that

allowed ice-rich, ice-poor, and water-saturated zones within the rock glacier to be delineated. Our

interpretation suggests that large air-filled voids exist within the rock glacier as a result of ongoing

melting of the ice.
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Figure 4.1: Aerial photograph of Muragl rock glacier. White dots indicate locations of boreholes (Bl,
B2, B3, B4) and white line denotes seismic profile shown in Figure 4.2. Location within Switzerland is

shown by dot on inset map.
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Figure 4.2: Seismic velocity tomogram corresponding to seismic profile indicated by white line in Fig¬
ure 4.1 (after Musil et al., 2002). Dashed line delineates the interpreted depth to bedrock, which is

constrained by information provided by boreholes Bl and B2.
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Figure 4.4: Source gathers for transmitter located at 23 m depth for planes B4-B3, B4-B2, and B4-B1

(clockwise from upper left). Each trace is individially normalized. Relative locations of boreholes are

shown in center.
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Figure 4.5: Source gather for transmitter located at 2-m depth for plane B4-B2 indicating refracted air

wave (blue line) and direct transmitted wave (red line). Each trace is individually normalized.
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Figure 4.6: a) Velocity tomogram for composite plane B3-B4-B2. Transmitter and receiver positions are

indicated by stars and open circles, respectively. Unresolved areas are white. Thick black line indicates

surface topography. RR denotes average relative residual, b) Same as a) for composite plane B3-B4-B1.
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Figure 4.7: a) Attenuation tomogram for composite plane B3-B4-B2 using constant correction factor

and homogeneous starting model. Transmitter and receiver positions are indicated by stars and open

circles, respectively. Thick black line indicates topography, b) Same as a) for composite plane B3-B4-B1.

c) Attenuation tomogram for composite plane B3-B4-B2 using constant correction factor and two-layer

starting model, d) Same as c) for composite plane B3-B4-B1. In all panels, RR denotes average relative

residual.



112

20 40

Distance [m]

Attenuation [m-1] 20 40

Distance [m]

0.04 0.09 0.14 0.19 0.24

Figure 4.8: a) Attenuation tomogram for composite plane B3-B4-B2 using variable amplitude corrrection

factors and two-layer starting model. Transmitter and receiver positions are indicated by stars and open

circles, respectively. Thick black line indicates topography, b) Same as a) for composite plane B3-B4-B1.

In both panels, RR denotes average relative residual.
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Figure 4.9: Amplitude correction factors vs. depth for transmitters and receivers. Straight solid black

lines indicate initial value. Straight dashed black lines indicate final value for constant correction factor.
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Figure 4.10: a) Traveltime tomography raypaths for composite plane B3-B4-B2. Thick black line in¬

dicates surface topography, b) Same as a) for composite plane B3-B4-B1. c) Amplitude tomography

raypaths for composite plane B3-B4-B2 (these raypaths are a subset of those shown in a)), d) Same as c)
for composite plane B3-B4-B1.



114

20 40

Distance [m]

Formal resolution

20 40

Distance [m]

Difference formal resolution

20 40

Distance [m]

20 40

Distance [m]

0.15

Figure 4.11: a) Formal resolution values for traveltime tomogram for composite plane B3-B4-B2. Un¬

resolved areas are white. Thick black line indicates topography, b) Same as a) for composite plane
B3-B4-B1. c) Difference formal resolution values for amplitude tomography using variable and constant

correction factors for composite plane B3-B4-B2. d) Same as c) for composite plane B3-B4-B1.
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Figure 4.12: a) Traveltime-depth curves for transmitter position at 23-m depth for plane B4-B3: blue -

observed, green - ray-based calculations for final model, black - ray-based calculations for initial homoge¬
neous model, and red - finite-difference-based calculations for final model, b) Same as a) for plane B4-B2.

c) Same as a) for plane B4-B1. d) Amplitude curves for transmitter position at 23-m depth for plane
B4-B3: blue - observed, green - ray-based calculations for final model, black - ray-based calculations for

initial two-layer model, and red - finite-difference-based calculations for final model, e) Same as d) for

plane B4-B2. f) Same as d) for plane B4-B1.
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Figure 4.13: a) Observed source gather for transmitter at 23-m depth for plane B4-B3. b) Equivalent

synthetic gather for plane B4-B3. c) Observed source gather for transmitter at 23-m depth for plane
B4-B2. d) Equivalent synthetic gather for plane B4-B2. e) Observed source gather transmitter at for

23-m depth for plane B4-B1. f) Equivalent synthetic gather for plane B4-B1. Circles labeled A, G, M and

R indicate refracted, guided, multi-cycle and surface-reflected energy, respectively.
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Figure 4.14: a) Velocity tomogram for composite plane B3-B4-B2. b) Velocity tomogram for composite

plane B3-B4-B1. c) Attenuation tomogram for composite plane B3-B4-B2. d) Attenuation tomogram
for composite plane B3-B4-B1. Short black horizontal fines along boreholes mark bedrock. Short green

horizontal fines along boreholes indicate range of water-table. Features A-F are marked on lithological

logs in Figure 4.3. Zone A is characterised by mixture of boulders and air voids. Zone B is interpreted as

an ice-rich layer, more pronounced in composite plane B3-B4-B2 than in composite plane B3-B4-B1. Zone

C consists of unconsolidated sediments with little or no ice. Zone D has numerous air voids as a result

of ice depletion; it is missing in plane B4-B1. Zones E and E' contains water-saturated unconsolidated

sediments. Zone F comprises bedrock. Inclusion f may be zone of fractures. Question marks indicate

uncertainties in interpretation.
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Chapter 5

DISCRETE TOMOGRAPHY

AND JOINT INVERSION FOR

LOOSELY CONNECTED

PHYSICAL PROPERTIES:

APPLICATION TO

CROSSHOLE SEISMIC AND

GEORADAR DATA SETS

Geophysical Journal International, submitted

5.1 Abstract

Tomographic inversions of geophysical data generally include an underdetermined component. To

compensate for this shortcoming, assumptions or a priori knowledge need to be incorporated in the

inversion process. A possible option for a broad class of problems is to restrict the range of values

within which the unknown model parameters must lie. Typical examples of such problems include

cavity detection or the delineation of isolated ore bodies in the subsurface. In cavity detection,

the physical properties of the cavity can be narrowed down to those of air and/or water, and the
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physical properties of the host rock either are known to within a narrow band of values or can be

established from simple experiments. Discrete tomography techniques allow such information to

be included as constraints on the inversions. We have developed a discrete tomography method

that is based on mixed-integer linear programming (MILP). An important feature of our method

is the ability to invert jointly different types of data, for which the key physical properties are only

loosely connected. Joint inversions reduce the ambiguity in tomographic studies. The performance

of our new algorithm is demonstrated on several synthetic data sets. In particular, we show how

the complementary nature of seismic and georadar data can be exploited to locate air- or water-

filled cavities.

5.2 Introduction

Tomography is a widely used geophysical technique for determining three-dimensional spatial

variations of physical properties (e.g., Menke, 1989). Energy generated by numerous seismic or

electromagnetic sources propagates through the media of interest to be registered by arrays of

sensors placed at the surface or within boreholes. Tomographic inversion of the recorded data

provides the required subsurface information. Successful applications of tomography have been

reported for whole-earth investigations, hydrocarbon and mineral exploration, engineering projects

and natural hazard studies.

Because source and receiver arrays are usually restricted to the surface or a small number of

shallow boreholes, critical parts of the target media may be only sparsely sampled, resulting in

ambiguities in the tomographic inversions. To compensate for limitations of the recorded data,

additional constraints are generally required. One option is to assume that spatial variations

of the subsurface physical properties are smooth. This may be implemented using an inversion

algorithm that minimizes the curvature of the model space (Constable et ah, 1987). A potential

disadvantage of such a procedure is that the resultant images may be blurred and important small-

scale features may remain unresolved. Another way to compensate for sparse data is to introduce

a priori information in the form of damping. In this approach, model parameters are not allowed

to deviate greatly from a given starting model (Marquardt, 1970). Clearly, this requires that the

starting model be a close representation of the true subsurface structure.

Although smoothing and damping are powerful mathematical tools, it is much better to min¬

imize the ambiguities by applying appropriate data constraints. This has led to the concept of

joint inversions, whereby different types of data are inverted simultaneously (Vozoff and Jupp,

1975). A necessary requirement for a joint inversion is to have a factor that is common to the

two data sets. The most straightforward approach is to invert data sets that are sensitive to the

same physical property. For example, direct-current electrical resistivity and electromagnetic data

are both sensitive to electrical resistivity. A variety of studies have demonstrated the substantial
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reduction in ambiguity that may result from joint inversions (Vozoff and Jupp, 1975; Jupp and

Vozoff, 1977; Raiche et ah, 1985; Sandberg, 1993; Maier et ah, 1995; Schmutz et ah, 2000).

Jointly inverting data sets that are sensitive to different physical properties is a more difficult

problem. Coupling of the two data sets must involve common structural elements. In 1-D applica¬

tions, the common elements may be layer thicknesses (e.g., Hering et ah, 1995). This concept can

be extended to two- and three-dimensional (2- and 3-D) data sets, as long as the targets can be

represented by different physical models with common geometries (Lines et ah, 1988). Haber and

Oldenburg (1997) employ a Laplacian operator in combination with a non-linear structure oper¬

ator to relate curvatures of models derived from coincident seismic and geoelectric data sets (see

also Zhang and Morgan, 1997). By minimizing data misfits and differences between the seismic

velocity and electrical resistivity structures, they achieve a joint inversion.

Besides smoothing, damping and joint inversion, there exists a further option for reducing

model ambiguity: a priory knowledge may enable the model parameters to be restricted to a few

narrow ranges of values. An important and highly topical example would be cavity (e.g., caves,

mines and tunnels) detection, in which the physical properties of the cavity are known (either

those of air- or water-filled) and those of the host material can be assumed to lie within a well-

defined restricted interval. If this type of information can be included in an inversion algorithm,

the model space and thus the ambiguities can be significantly reduced relative to standard least-

squares inversions that allow the model space to be continuous and unlimited.

Discrete tomography is a possible option for tackling problems characterized by variables that

can only assume values within very limited ranges (Herman and Kuba, 1999). This tomographic

method has been used to map molecules in discrete lattices, reconstruct the shapes and dimensions

of industrial parts (Browne et ah, 1998) and determine approximate binary images from discrete

x-rays (Gritzmann et ah, 2000). To our knowledge, discrete tomography has not been applied to

seismic and georadar traveltime tomography.

In this contribution, we present a new discrete tomography algorithm based on mixed-integer

linear programming (MILP). An important advantage of our MILP formulation is that it lends

itself naturally to the concept of joint inversion. Indeed, it allows all options for reducing ambigu¬

ities (i.e., smoothing, damping, joint inversion and discrete parameter intervals) to be considered

simultaneously.

We begin by reviewing traveltime tomography and the commonly employed least-squares Li-

norm minimisation procedure (conventional approach). Since our MILP algorithm is based on

linear programming and L\ norm minimisation, the necessary theoretical background for these

concepts are outlined. After showing how the MILP technique can be applied to discrete to¬

mography problems, we present an extension that makes it amenable to joint inversion problems.

Possibilities and limitations of our approach are demonstrated on synthetic traveltime data gen-
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erated from simple models with relatively high velocity contrasts. In a second suite of examples,

we simulate realistic full-waveform seismograms and radargrams for typical cavity detection prob¬

lems. In these latter examples, we deal with very high velocity contrasts that generally cause

difficulties in conventional tomographic inversions.

5.3 General Traveltime Tomography

Traveltimes of first-arriving seismic and georadar waves can be used to derive velocity models of

the subsurface (e.g., Nolet, 1987 and references therein). Since first breaks are readily identifiable

and their arrival times easy to pick on high-quality data, this technique has been used successfully

in surface seismic refraction studies (e.g., Zelt and Smith, 1992; Lanz et ah, 1998) and in seismic

and georadar crosshole investigations (e.g., Dyer and Worthington, 1988; Chapman and Pratt,

1992; Williamson et ah, 1993; Maurer and Green, 1997; Musil et ah, 2002b).

The traveltime t of a seismic wave traveling along a raypath S through a two-dimensional

(2-D) isotropic medium can be written as

t= f w(r(x,z))dr, (5.1)
Js

where w(r) is the slowness (reciprocal of velocity) field and r(x, z) is the position vector. The

slowness field w(r) is represented by M cells, each having a constant slowness u3 (j = 1...M), so

the ith traveltime can be written as

M

U = ^hjUj = LjU, (5.2)
3= 1

where ltJ denotes the portion of the zth raypath in the jth cell. To determine the matrix L,

calculation of raypaths in 2-D media is required. In strongly heterogeneous media, this can be

achieved by first computing the traveltime fields using a finite-difference approximation of the

Eikonal equation and subsequently reconstructing the raypaths (e.g., Lanz et ah, 1998).

Equation 5.2 describes a linear relationship between the traveltimes and the 2-D slowness field.

In principle, the slowness vector u may be obtained by inverting the system of equations 5.2. In

practice, it is generally not possible to determine u unambiguously without introducing a priori

information in the form of smoothing and/or damping constraints:

t L

0 = A

uo I

where A is a smoothing matrix (Constable et ah, 1987), u0 is a vector of damping constraints
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(Marquardt, 1970), and I is the identity matrix. Equation 5.3 can be written in a more compact

form as

d = Gu. (5.4)

The smoothing and damping constraints cause the system of equations 5.4 to be overdetermined.

Because the values of L depend on the unknown slowness field u, the inversion problem is nonlinear.

Consequently, equation 5.4 must be solved iteratively (e.g., Menke, 1989).

5.4 Continuous L^ Norm Minimisation

Algorithms that employ "L2 norm minimisation" attempt to minimize the squared sum of the

prediction error

N M

1=1 3= 1

where N is the number of traveltimes plus the additional constraints (see equation 5.4). There are

several options for solving classical least-squares problem. Popular choices include accumulation of

the normal equations and inverting the resultant Hessian matrix, and singular value decomposition

of G (e.g., Menke, 1989). For very large data sets, the conjugate gradient methods (e.g., LSQR)

of Paige and Saunders (1982) prove to be particularly efficient. All of these methods involve a

directed search in the model space. They can only be applied when the model parameter range is

continuous.

5.5 Continuous Li Norm Minimisation

Algorithms that employ "Li norm minimisation" attempt to minimize the absolute difference of

the prediction error

TV M

1=1 3= 1

Linear programming is typically used for this purpose (Dantzig, 1963; Menke, 1989; Press et ah,

1992). The overdetermined system of equations 5.4 must be converted into an appropriate form
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for Li norm minimisation. Following Menke (1989), we set

M

J^GyM, + xt - at = dt

3=1

M

/ \-J 17 til f tfy
j

| tX^ tJj'l

3 = 1

ut>0 (5.7)

at > 0

a;8 > 0

^ > o.

Through linear programming, we attempt to minimize the objective function 5Z«=i af Note,

that x% — at and —a;' + at represent the errors in fitting equations 5.7. Since they are differences

between positive quantities, these errors can be positive or negative. If X^=i ^vu3 ~d% is positive,

the first set of constraints requires that at > X^?=i ^vu3 ~ dt since xt cannot be negative. The

second set of constraints can then always be satisfied by choosing appropriate positive values of

x[. By comparison, if ^21=1 GnUj — d% is negative, then the first set of constraints can always be

satisfied by choosing any appropriate xu but then the second set of constraints requires that at >

— X^=i Gt3u3 +dt. Taken together, these two sets of constraints require that a% > | X^7=i Gt3u3 ~

d%\. Minimizing X^=i ai ls-> therefore, equivalent to minimizing X^=i S7=i \^vu3 ~ dt\- In this

form, the equations can be solved directly over a continuous range using the Simplex algorithm

(Press et ah, 1992).

5.6 Discrete Tomography

When Li norm minimisation is combined with linear programming, a variety of options for con¬

straining the elements of u can be implemented. In particular, their application in discrete tomog¬

raphy is facilitated by the ability to add inequality constraints, such that values of u are restricted

to a few narrow ranges. For the case of two ranges of values, this can be achieved by extending
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the system of equations 5.7 with the following template for all M elements of u

yl+y23 = 1

-a\y) +z]>0

-a\jy) +zj <0

-a\y] + z) > 0 (5.8)

-aly) + z] < 0

—Uj + z^ + z2} = 0,

where y\ and y1 are dummy binary variables that can be either 0 or 1, zl and z2 are dummy

continuous variables, and [a\, a\j] and [a|, a\j] define the two ranges of values (L - lower bound

and U - upper bound). For the case of three ranges of values, two more equations would need to

be added for each element of u.

The discrete aspect of the solution is introduced through the binary variables yj and y2. By

definition, such a formulation falls into the category of mixed-integer linear programming (MILP)

problems (Floudas, 1995), because the objective function and the constraints are linear and some

variables are integers (binary in our case). The computational time to solve such problems grows

exponentially with size.

Treating the inversion as a MILP problem requires linear programming software with the

added capability of handling integer values. We have used ILOG CPLEX 7.0 (ILOG, 2000),

which includes a branch-and-cut algorithm (Land and Doig; 1960; Grötschel and Holland, 1991;

Padberg and Rinaldi, 1991; Floudas, 1995). Although it is beyond the scope of this paper to

discuss details of branch-and-cut algorithms in detail, the Appendix includes a simple example

that helps explain the basic idea of the method.

For traveltime tomography, the MILP algorithm has to be applied in an iterative fashion

(Figure 5.1). Starting with an input homogeneous velocity model based on the estimated velocity

of the host medium and straight rays, the MILP algorithm attempts to minimize the objective

function subject to the constraints described in equations 5.7 and 5.8. The resultant solution of

velocity values is used to recompute the rays (now curved) and the MILP algorithm is restarted.

This scheme is repeated until a convergence criterion is reached (i.e., when the data misfit is below

a predefined value, determined on the basis of traveltime pick accuracy). If during the course of

the inversion process a solution occurs twice in a row, a random perturbation is made to the

model to allow the inversion to escape from local minima and to continue. In our algorithm, we

simply set the velocity of a certain number of randomly chosen cells back to the value of the input

homogeneous model. Note, that this latter step merely causes the inversion program to explore

other parts of the model space. It does not guarantee success. Nevertheless, it was found to be a
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dependable process for all tested models.

5.7 Joint Discrete Tomography

Our discrete tomography formulation for a single data set can be readily extended to joint inver¬

sions of two or more data sets that are sensitive to different physical parameters. For example, in

searching for air-filled cavities using the seismic and ground-penetrating radar (georadar) methods,

the known seismic and georadar velocities in air are ~300 m/s and ~0.3 m/ns, respectively. Since

the seismic and georadar velocities of the host rock may be of the order of 3000 m/s and 0.1 m/ns,

respectively, seismic waves experience major decreases in velocity at rock-air interfaces, whereas

georadar waves experience major increases. Contrasts of opposite sign occur at air-rock interfaces.

Yet the shape of the cavity is practically identical for both methods (assuming wavelengths of the

two wave types are comparable), a property that is exploited in our algorithm.

The approach outlined below is formulated for the cavity detection problem using a combi¬

nation of the seismic and georadar methods, for which only two discrete physical properties are

relevant. Extensions to other methods and additional physical properties are straightforward.

As a first step, the two systems of equations for the individual inversion problems are incor¬

porated into a single combined system

Gi 0

0 G2

Ul

u2

where the indices 1 and 2 refer to seismic and georadar parameters, respectively. The model

discretisation for the slownesses must be identical for both types of data, but the distribution of

sources and receivers may be different. In a second step, the combined system of equations is

transformed into a linear programming form according to equations 5.7. Finally, the following

template of equations, which is analogous to that introduced for single discrete inversions in

di

d2
(5.9)
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equations 5.8, is added for all M pairs of slownesses

yl+y23 = 1

-a\y) +z]>0

-a\jy) +zj <0

-a\y] + z) > 0

-avy) + z] < 0

-b\y) + z] > 0 (5.10)

-bhy) + A < 0

-blv23 + z] > 0

-bhy, + *t < o

—

Mj + ^ + z2 = 0

-MJ+M + Z* + Z^ = 0,

where yl and j/? are dummy binary variables, z^, z2 zz and z^ are dummy continuous variables,

and [a\, ajj], [a2L, a2j], [b\, bjj] and [6|, b2j] define the two ranges of values for the seismic (a's)

and georadar (b's) slowness values, respectively. For the case of three discrete ranges of values,

four additional equations are required. The slowness vectors ui and u2 are merged into a single

vector, where u2 (j = 1... M) are the seismic slownesses and u2 (j = M + 1... 2M) are the

georadar slownesses.

5.8 Synthetic Tests with High Velocity Contrasts

5.8.1 A single body embedded in quasi-homogeneous media

To test the MILP inversion algorithms, a generic 20x20 unit model with a single 6x6 unit inclu¬

sion in the center was created. Initially, two versions of the model were considered: a low-velocity

inclusion within a high-velocity homogeneous medium (Figure 5.2a; velocity ratio of 4/6) and a

high-velocity inclusion within a low-velocity homogeneous medium (Figure 5.2b; velocity ratio of

6/4). A combination of these two models could represent an ice lens within a crystalline host

rock, such that the ice lens appears as a low-velocity anomaly to seismic waves (e.g., 3000 versus

4500 m/s) and a high-velocity anomaly to georadar waves (e.g., 0.17 versus 0.11 m/ns). Random

velocity fluctuations of <5% superimposed on both models introduced traveltime fluctuations of

~1%. Using 11 sources along the left edge and 11 receivers along the right edge of the model,

asymptotic ray theory was used to generate synthetic traveltimes for both types of wave. To high¬

light the effects of the two velocity anomalies, relative reduced traveltimes (RRT) were computed
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as follows

fcalc j-homo

RRT = 100 ; , (5.11)

where tcalc were the traveltimes calculated using the models in Figures 5.2a and 5.2b and thomo

were the traveltimes calculated using models with either a velocity of 4 (Figure 5.2a) or a velocity

of 6 (Figure 5.2b). The RRT's for each model are shown in Figures 5.2c and 5.2d, and the raypaths

for all source-receiver pairs are plotted in Figures 5.2e and 5.2f.

The mostly positive RRT's of Figure 5.2c are caused by the rays that curve around the low-

velocity body. In contrast, the mostly negative RRT's of Figure 5.2d are caused by rays being

channeled through the high-velocity body of Figure 5.2d. It is noteworthy that the RRT's asso¬

ciated with the low-velocity body lie between -1 and 6% (Figure 5.2c), whereas those associated

with the high-velocity body are as negative as -13% (Figure 5.2d). The ray distribution in Fig¬

ure 5.2e suggests that the rough location and shape of the low-velocity body may be delineated

in an inversion process, but the actual anomalous velocity values are unlikely to be resolved. The

concentration of rays through the high-velocity body (Figure 5.2f) causes gaps above and below

the anomaly that may introduce resolution problems at these locations.

All inversions were carried out with a cell size of lxl unit. The smoothing and damping

constraints were chosen by trial and error and the initial models were homogeneous with the

velocity set to that of the host medium. Since the solution space in the discrete tomography is

restricted to two or three a priori known ranges of values, it is appropriate to initiate the inversion

with the velocity of the host medium, or an approximation thereof.

Conventional velocity tomograms The low-velocity body is detected on the conventional

(least-squares) tomogram, but its aspect ratio is distorted and the anomalous velocities are

strongly overestimated (5.1-5.4 versus 4.0; Figure 5.3a). Even with these moderately low ve¬

locities, the fastest rays are those that circumvent the anomalous body. Note how few rays enter

the low-velocity body in Figure 5.3e, with only one ray traversing it. The high-velocity anomaly

is somewhat better resolved than the low-velocity one, but the velocity contrast is underestimated

(4.8-5.1 versus 6.0; Figure 5.3b). For both cases, the slightly asymmetrical tomograms are largely

the result of the ray-tracing program and the small random traveltime fluctuations.

There is a good match between the RRT's in Figures 5.3c and 5.3d and between the RRT's in

Figures 5.2c and 5.2d, indicating that the inverted models explain the data well. The degree of

agreement between true ttrue and predicted tpre traveltimes is further quantified by the average

relative residual (ARR) defined as

ABR=—Ylt> ,"*' y (5.12)
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As indicated in Figures 5.3a and 5.3b, the ARR's (0.25 and 0.34%) are well below the 1% traveltime

variations caused by the random velocity fluctuations.

The ray diagrams in Figures 5.3e and 5.3f are similar to those in Figures 5.2e and 5.2f, except

the smoothing constraints enable a few rays to enter the low-velocity body (Figure 5.3e) and travel

through the regions above and below the high-velocity body (Figure 5.3f). These same smoothing

constraints cause the anomalous bodies to appear somewhat blurred in Figures 5.3a and 5.3b.

Discrete velocity tomograms For the discrete tomography, it is assumed that the velocities

of the host material and anomalous bodies are approximately known; velocities are forced to lie

between either 3.8 and 4.2 or 5.7 and 6.3. The resultant tomogram of Figure 5.4a shows the correct

location and velocity of the low-velocity body, but its shape is distorted in a similar fashion to

that of the conventional tomogram of Figure 5.3a. Features of the high-velocity body are quite

well resolved (Figure 5.4b). The RRT patterns of Figures 5.4c and 5.4d are close to those of

Figures 5.2c and 5.2d, respectively, and the ARR's (0.45 and 0.32%) are again well below the

random traveltime fluctuations. Since the velocities are restricted to lie within two narrow ranges

about the true values, the raypaths in Figures 5.4e and 5.4f are close to the true raypaths in

Figures 5.2e and 5.2f.

Joint discrete velocity tomograms Excellent reconstructions of both the low- and high-

velocity bodies are achieved using the discrete joint inversion algorithm (Figures 5.5a and 5.5b).

Considering the good fits, it is not surprising that the RRT patterns of Figures 5.2c and 5.2d are

well produced in Figures 5.5c and 5.5d, and the ARR's (0.15 and 0.30%) are again well below the

random traveltime fluctuations. The improved results are not only due to the effective increase

in data (242 instead of 121 traveltimes), but they are also the result of improved ray distribution

(Figure 5.5e); all parts of the model are now reasonably well covered by crossing rays. Note,

that simply adding more sources and receivers along the same length of boreholes would not

substantialy improve the tomograms shown in Figures 5.3a and 5.4a.

Convergence characteristics Although the discrete tomograms (Figures 5.4a-5.4b, and 5.5a-

5.5b) are superior to the conventional ones (Figures 5.3a-5.3b), convergence of the MILP algorithm

is more erratic than that of the least-squares approach. Figure 5.6 shows the ARR's as functions

of iteration number for the conventional and single discrete inversion runs that resulted in Fig¬

ures 5.3b and 5.4b. The form of the ARR function for the least-squares inversion is fairly standard,

with a rapid decay followed by gradually decreasing values. In contrast, the equivalent curve for

the discrete inversion falls rapidly to a minimum, then oscillates over ~20 iterations before falling

to reach a slightly lower minimum. The numerous local minima are likely due to non-linear effects

introduced by the binary variables: in continuous inversions, the velocities are modified gradually
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from one iteration to the next, such that raypaths change gradually, whereas in discrete inversions,

large velocity contrasts are created in the model domain, such that raypaths may change abruptly

from one iteration to the next. For large velocity contrasts, many iterations may be required

before an acceptable data misfit is obtained.

Using the model of Figure 5.2b as an example, we now wish to explore the robustness of our

solutions. Least-squares methods are known to be fairly robust when applied to high-quality

dense and well-distributed data that contain moderate amounts of random noise. They converge

to similar solutions from different starting models. Moreover, there exist a number of means

to test the reliability of conventional tomograms (e.g., resolution matrices and singular value

spectra; Menke, 1989). By comparison, it is unclear how the non-linear influence associated with

restricting some variables to be binary affect the robustness of the MILP results. A simple method

to test the dependability of MILP-based models is to repeat the inversions several times. Since

MILP algorithms include random components, the resulting models should scatter about the most

probable solutions in the model space. Figure 5.7 shows discrete velocity tomograms resulting from

runs with the same suite of traveltimes generated for the velocity model of Figure 5.2b, but with

different start models (velocities of initial homogeneous models varied by ±5%) and different

random " seeds". Differences between the tomograms are a measure of the dependability of the

reconstructions. For this and other examples shown in this paper, very similar solutions and

ARR's are obtained, regardless of the random perturbations. As a rule, this testing procedure

(i.e., several runs of the discrete tomography program) should be followed for the inversion of all

data sets.

5.8.2 Two separate bodies of the same material type embedded in quasi-

homogeneous media

To gain further insight into the behavior of our discrete tomography algorithm, additional tests

with more complex models have been performed. As for the first example (Figures 5.2 to 5.5),

stochastic velocity fluctuations of <5% were superimposed on the basic model values (e.g., two

bodies with anomalous velocities embedded in homogeneous media).

Results for models with two embedded inclusions of the same type are shown in Figure 5.8. In

the conventional tomograms, the two square low-velocity bodies appear as horizontally stretched

structures with velocities that are too high (5.5-5.7 versus 4.0; Figure 5.8c), whereas the two

square high-velocity bodies are smeared diagonally with velocities that are too low (4.8-5.3 versus

6.0; Figure 5.8d). The discrete tomograms identify two separate bodies with the correct velocities

(Figures 5.8e and 5.8f), but their shapes are not well reproduced. By comparison, the joint

discrete inversion produces tomograms that reveal nearly square bodies at their correct positions

(Figures 5.8g and 5.8h). In all cases, the ARR's are below the 1% random traveltime fluctuations.
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This indicates that all models are numerically equivalent; improvements are only possible by

increasing the source and receiver apertures.

5.8.3 Two separate bodies of distinct material types embedded in quasi-

homogeneous media

For the next suite of tests, three discrete velocity values were used. In Figure 5.9a, high- and

low-velocity bodies were embedded in a homogeneous medium of velocity 4.6. Again, stochastic

velocity fluctuations of <5% were superimposed on the basic model values. In Figure 5.9b, the

bodies were interchanged and different random fluctuations superimposed; because the sources

and receivers are symmetric, Figures 5.9a and 5.9b show two realisations of essentially the same

model.

In the conventional tomograms of Figures 5.9c and 5.9d, the anomalous bodies are barely

recognisable, with velocities that are too low (5.1-5.3 versus 6.0) or too high (4.4-4.6 versus 3.8).

The discrete tomograms reveal two separate bodies with the correct velocities (Figures 5.9e and

5.9f), but their shapes and positions are incorrect. Note how the low-velocity bodies in both

discrete tomograms are somewhat horizontally elongated. In contrast, the joint discrete inversion

produces tomograms that show nearly square bodies at their correct locations (Figures 5.9g and

5.9h) and lower ARR's.

5.8.4 Two connected bodies of distinct material types embedded in

quasi-homogeneous media

The fourth suite of tests is similar to the third one (homogenous medium of velocity 4.6 with em¬

bedded high- (6.0) and low-velocity (3.8) bodies and superimposed stochastic velocity fluctuations

of <5%), except the anomalous bodies are smaller and joined together (Figures 5.10a and 5.10b;

note, we are again showing two realisations of essentially the same model).

As for previous results, the conventional tomograms are characterized by symmetric patterns.

The low-velocity bodies are just barely distinguishable and the velocities of the high-velocity

bodies are underestimated (Figures 5.10c and 5.10d; 5.1-5.3 versus 6.0). Considering the strength

of the artefacts (e.g., the smeared high velocity values on either side of the high-velocity body),

it is unlikely that the low-velocity body would be identified as significant in a field data set.

Lack of resolution in the low-velocity regions is caused by focusing of rays through the high-

velocity bodies. Since this type of ray coverage imposes inherent limitations on resolution, it is

not surprising that the discrete inversions fail to detect the low-velocity body. The individual

discrete tomograms only reveal the correctly reconstructed high-velocity bodies (Figures 5.10e

and 5.10f). For this recording configuration, a low-velocity body adjacent to a high-velocity body

is effectively invisible. As a result of the complementary nature of the two traveltime data sets,
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the joint discrete inversion reconstructs both bodies approximately correctly (Figures 5.10g and

5.10h). Similarly low ARR's (0.19-0.32%) are obtained for all inversions.

5.9 Cavity Detection with Seismic and Georadar Methods

To test the discrete inversion algorithms on more realistic data, appropriate finite-difference al¬

gorithms (Robertsson, et ah, 1994; Holliger and Bergmann, 2001) are used to generate synthetic

seismograms and radargrams for models of a rock mass containing a cavity. Velocities within

the cavity are either those of air (seismic - ~300 m/s; georadar - ~0.3 m/ns) or water (seismic -

~1600 m/s; georadar - ~0.03 m/ns), whereas the velocities of the host rock are set to typical sed¬

imentary rock values (seismic - 3300 m/s; georadar - 0.11 m/ns). Both the seismic and georadar

velocity contrasts in these models are much higher (factors of 2 to 10) than those in the previous

suites of models. Such high velocity contrasts are particularly problematic for most conventional

tomographic inversion routines.

The model dimensions are 20x20 m with a cell size of 1 m. Stochastic velocity fluctuations of

<5% are, again, added to the host medium. The source-receiver geometries are the same as those

employed in previous examples. First-arrival traveltimes are picked from the synthetic traces. We

estimate that the traveltime picks have an accuracy of about ±2%.

5.9.1 An air cavity embedded in quasi-homogeneous host rock

Our first example is a single air-filled cavity within a host sedimentary rock (Figures 5.11a and

5.11b). Seismic and georadar sections for sources located at 10-m depth are presented in Fig¬

ures 5.12a and 5.12b. The seismic section is mainly characterized by first arrivals that circumvent

the cavity. They have highly variable amplitudes with the weakest signals recorded at receivers

in the shadow of the cavity. The georadar section contains several prominent phases: first ar¬

rivals that pass once through the cavity, and strong secondary arrivals that comprise direct and

diffracted waves that travel entirely within the host material (dominant secondary phases recorded

at the upper and lower receivers) and waves that are doubly-reflected within the cavity (i.e., a

form of multiple; dominant secondary phases recorded at the central receivers).

Conventional inversions perform rather poorly (Figures 5.11c and 5.lid), probably because

of the large velocity contrasts involved. The cavity is hardly visible in the seismic tomogram

(Figure 5.11c) and although the georadar tomogram includes a high-velocity anomaly at the

correct location (Figure 5.lid), the estimated velocity contrast is far too small for an air-filled

cavity.

For the discrete inversions, we assume that the cavity could be either air- or water-filled.

This requires consideration of three different velocities (air, water, host rock). For the model
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geometry shown in Figure 5.11a, a ~20% negative velocity contrast is sufficient to ensure that

the first-arriving energy travels entirely around the anomaly. Consequently, on the basis of the

seismic data alone it is not possible to distinguish between air- and water-filled cavities (see ray

diagrams in Figures 5.13a and 5.13b). It is, therefore, not surprising that the discrete inversion

of the seismic data suggests the presence of a water-filled cavity (Figure 5.lie). By comparison,

the georadar tomogram resolves well the location and shape of the cavity and yields the correct

velocity (Figure 5.1 If).

Significantly improved models are obtained from the joint discrete inversion (Figures 5.11g

and 5.llh). As a result of the seismic and georadar air velocity coupling (equation 5.10), the

location and shape of the cavity are well reconstructed and all velocities are recovered correctly.

Although all ARR values are well below the ±2% traveltime reading accuracy, the ARR's for the

discrete inversion of the georadar data are uniformly higher (1.00-1.19%) than the others. It is

also noteworthy that the ARR's are similar for the discrete seismic tomograms in Figures 5.lie

and 5.11g, but the characteristics of the resultant anomalous structures are quite different. This

indicates an inherent lack of information in the seismic data.

5.9.2 An air cavity half-filled with water embedded in quasi-homogeneous

host rock

The second example corresponds to a cavity half-filled with water and half-filled with air (Fig¬

ures 5.14a and 5.14b). Seismic and georadar sections for sources located at 10-m depth are pre¬

sented in Figures 5.15a and 5.15b. Two promiment phases are present in the seismic section: first

arrivals that circumvent the cavity and waves that pass through the water-filled part of the cavity.

The georadar section is similar to that derived for the totally air-filled cavity (Figure 5.12b); high-

velocity waves travelling through the air-filled part of the cavity dominate the georadar section

(Figure 5.15b).

Again, the conventional inversion of the seismic data produces rather poor results (Figure 5.14c).

The conventional georadar tomogram reveals the presence of the air-filled part of the cavity, but

the estimated velocity is much too low (0.18 versus 0.3 m/ns). Considering the inadequacies of

the conventional tomograms, the low ARR's (0.46-0.57%) are surprising.

The discrete inversion of the seismic data yields a vertically elongated anomaly with the velocity

of water (Figure 5.14e), whereas the corresponding georadar tomogram resolves the air-filled part

of the cavity (Figure 5.14f). On the basis of these results, it would be concluded that a cavity exists.

As mentioned for Figure 5.lie, the seismic data require the presence of low-velocity material, it

can be water and/or air. The ray distribution for the georadar tomogram (Figure 5.16b) indicates

that the water-filled part of the cavity is difficult to resolve with this type of data, because rays

focus in the adjacent high-velocity air-filled part of the cavity. Tomograms that result from the
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joint discrete inversion (Figures 5.14g and 5.14h) map well the air-filled part of the cavity, but

they do not delineate the water-filled part. This is due to the fact that the seismic and georadar

data do not complement each other in this environment; in both models, the water-filled part of

the cavity has lower velocities than the host rock.

5.10 Discussion and Conclusions

We have introduced a discrete tomography technique for individually or jointly inverting seismic

and georadar crosshole data. The technique is applicable to a broad class of problems for which

the propagation velocities are restricted to a few narrow ranges of values. If sufficient a priori

information concerning the velocities exists, the tomographic inversions should be reliable. In

cases for which only approximate information is available, wide velocity ranges would have to be

chosen. This would result in only limited advantages over conventional least-squares approaches.

Besides the cavity (e.g., caves, mines and tunnels) mapping problem discussed in this paper,

the technique may be used for detecting ice lenses in permafrost research, ore bodies in mineral

exploration, gravel lenses in hydrological projects, and anthropogenic features in archeological

prospecting.

Under a variety of conditions, the joint discrete inversions were found to be more robust

than the individual discrete inversions. The complementary nature of the jointly-inverted data

sets allowed less ambiguous tomographic reconstructions to be achieved. This was due to the

substantially improved model constraints provided by the combined ray coverage of the two data

sets (Figures 5.3-5.5, 5.8-5.16). Such enhanced ray coverage for either the seismic or georadar

data sets would not have been obtained by simply increasing the number of sources and receivers

along the limited lengths of the boreholes, because first-arriving energy tended to circumvent

the low-velocity regions. In cases where complementary ray coverage was either very limited

or not available, joint discrete inversions did not provide improved models (e.g., Figure 5.14).

Furthermore, despite the restrictions on the ranges of values, a certain degree of ambiguity for all

of our results remained because 400 slowness cells were being derived on the basis of 121 and 242

data values in the single and joint discrete inversions, respectively.

Compared with least-squares inversions, the MILP approach is computationally much more

demanding. Typical run times for our test cases are ~ 5 minutes for the least-squares inversions

and ~5 hours for the discrete inversions. This currently limits the applicability of the method

to relatively small-scale problems. However, the efficiency of linear programming algorithms is

improving rapidly (for a particular problem, CPLEX 1.0 (1988) took 57840 s and CPLEX 6.5

(1999) took 165 s) and computer performance is continuously improving. This may facilitate, in

the near future, applications of the method to more realistic problems with thousands of data and

unknowns.
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Figure 5.2: Velocity models comprising constant-velocity media with superimposed random fluctuations

(<5%; note, that the random fluctuations are difficult to see in the dark blue regions) and a) an embedded

low-velocity body and b) an embedded high-velocity body, c) and d) show relative reduced traveltimes

(RRT = 100-—-j0f-a ) for velocity models in a) and b), respectively, e) and f) display raypath distri¬

butions for all transmitters to all receivers for models a) and b), respectively.
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Figure 5.3: a) and b) are conventional velocity tomograms determined from the two suites of traveltimes

computed for velocity models in Figures 5.2a and 5.2b, respectively. Solid lines outline the true boundaries

of the embedded bodies. Average relative residual (ARR =

tomograms, c) and d) show relative reduced traveltimes (RRT :

loo v^JV
n 2^a=i

'

100^%

f—-) is shown for both

for velocity models in a)
and b), respectively, e) and f) display raypath distributions for all transmitters to all receivers for models

a) and b), respectively.
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Figure 5.4: a) and b) are discrete velocity tomograms determined by individually inverting the two suites

of traveltimes computed for velocity models in Figures 5.2a and 5.2b, respectively. Solid lines outline the

f^rf—- ) is shown

— ) for velocity

true boundaries of the embedded bodies. Average relative residual (ARR = ^M ^j=1

for both tomograms, c) and d) show relative reduced traveltimes (RRT = 100-—-

models in a) and b), respectively, e) and f) display raypath distributions for all transmitters to all receivers

for models a) and b), respectively.
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Figure 5.5: a) and b) are discrete velocity tomograms determined by jointly inverting the two suites

of traveltimes computed for velocity models for Figures 5.2a and 5.2b, respectively. Solid lines outline

the true boundaries of the embedded bodies. Average relative residual (ARR = ^ J2^=i ' .ini«'—)

is shown for both tomograms, c) and d) show relative reduced traveltimes (RRT = 100-—-^ ) for

velocity models in a) and b), respectively, e) Combined raypath distribution for velocity tomograms of a)
and b).
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N ZZ as functions of iteration number

for conventional tomography (solid line) and discrete tomography (dashed line) applied to traveltime data

computed for velocity model in Figure 5.2b. Average relative residual at "iteration 0" was calculated for

input homogeneous model.
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Figure 5.7: a)-d) Discrete velocity tomograms resulting from runs with the same suite of traveltimes

computed for the velocity model of Figure 5.2b, but with different start models and different random

"seeds" (see text).
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Figure 5.8: Velocity models comprising constant velocity media with superimposed random fluctuations

(<5%; note, that the random fluctuations are difficult to see in the dark blue regions) and a) two em¬

bedded low-velocity anomalies and b) two embedded high-velocity anomalies, c) and d) are conventional

velocity tomograms determined from the two suites of traveltimes generated by ray-tracing through the

velocity models shown in a) and b), respectively, e) and f) are discrete velocity tomograms determined by

individually inverting the two suites of traveltimes. g) and h) are discrete velocity tomograms determined

by jointly inverting the two suites of traveltimes. Average relative residuals (ARR = ^ J2i=i '

ttrue'—)
and boundaries of true velocity anomalies are shown on each tomogram.
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Figure 5.9 Velocity models comprising constant velocity media with superimposed random fluctuations

(<5%, different for each model, note, that the random fluctuations are difficult to see in the dark blue

regions) and symmetric a) high- and low-velocity anomalies and b) low- and high-velocity anomalies c)
and d) are conventional velocity tomograms determined from the two suites of traveltimes generated by

ray-tracmg through the velocity models shown in a) and b), respectively e) and f) are discrete velocity

tomograms determined by individually inverting the two suites of traveltimes g) and h) are discrete

velocity tomograms determined by jointly inverting the two suites of traveltimes Average relative residuals

(ARR:
100

N £f= \t\r
and boundaries of true velocity anomalies are shown on each tomogram
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Figure 5.10 Velocity models comprising constant velocity media with superimposed random fluctuations

(<5%, different for each model, note, that the random fluctuations are difficult to see in the dark blue

regions) and a) connected high- and low-velocity anomalies and b) connected low- and high-velocity
anomalies c) and d) are conventional velocity tomograms determined from the two suites of traveltimes

generated by ray-tracmg through the velocity models shown in a) and b), respectively e) and f) are

discrete velocity tomograms determined by individually inverting the two suites of traveltimes g) and h)
are discrete velocity tomograms determined by jointly inverting the two suites of traveltimes Average

relative residuals (ARR = ^ J2i=i
'

ttrue'—'
each tomogram

and boundaries of true velocity anomalies are shown on
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Figure 5.11: Seismic and georadar velocity models representing the same air-filled cavity. Velocity
models comprising constant velocity media with superimposed random fluctuations (<5%; note, that the

random fluctuations are difficult to see in the dark blue regions) and a) a seismic low-velocity (300 m/s)
cavity and b) a georadar high-velocity (0.3 m/ns) cavity, c) and d) are conventional velocity tomograms
determined from the suites of traveltimes picked from finite-difference synthetic seismic and georadar
sections (Figure 5.12) computed for the velocity models shown in a) and b), respectively, e) and f) are

discrete velocity tomograms determined by individually inverting the two suites of traveltimes. g) and h)
are discrete velocity tomograms determined by jointly inverting the two suites of traveltimes. Average

relative residuals (ARR = ^ ^=i ^I'tS^]
each tomogram.

and boundaries of true velocity anomalies are shown on
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Figure 5.12: a) Seismic section for source position at 10-m depth generated from model in Figure 5.11a.

b) Georadar section for source position at 10-m depth generated from model in Figure 5.11b. Traces are

plotted with true relative amplitudes.
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Figure 5.13: a) and b) Velocity models representing air- and water-filled cavities, respectively, and

corresponding seismic raypaths.
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Figure 5.14: As for Figure 5.11, except the lower half of the cavity is filled with water and the upper

half with air.
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Figure 5.15: a) Seismic section for source position at 10-m depth generated from model in Figure 5.14a.

b) Georadar section for source position at 10-m depth generated from model in Figure 5.14b. Traces are

plotted with true relative amplitudes.
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Figure 5.16: a) Velocity model representing a cavity half-filled with water and half-filled with air and

corresponding seismic raypaths. b) Velocity model representing a cavity half-filled with water and half-

filled with air and corresponding georadar raypaths.
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Chapter 6

OUTLOOK

The objective of this thesis was to determine the structure and key physical properties of the

Muragl rock glacier. Several geophysical methods were used with varying degrees of success.

Despite the difficult conditions for surface seismic surveying, refraction seismic tomography

(Chapter 2; Figures 2.10-2.12) yielded quite detailed images of the subsurface. Features of the

order of 10 m or more were resolved (e.g., ice-rich and ice-poor regions, large boulders, bedrock

surface, and rock glacier boundaries). This method was successful because first-arriving energy

could be distinguished easily from noise and later arrivals. Furthermore, the applied tomographic

algorithm was capable of tracing rays through highly heterogeneous media and the least-squares

inversion was robust in the presence of small picking errors. The crosshole georadar method was

also successful, providing higher resolution images than the surface seismic method (Chapter 4;

Figure 4.14). Features of the order of 5 m or more were delineated (e.g., ice-rich and ice-poor zones,

regions containing large air voids, and bedrock surface). A 22-MHz georadar system enabled the

signal to traverse the entire borehole plane. Identification of first arrivals was straightforward and

there were no serious convergence issues associated with the tomographic inversions. Application

of these two geophysical methods increased considerably our knowledge of the Muragl rock glacier

structure and physical properties.

The surface reflection seismic method provided no structural information because of the anoma¬

lously low-frequency content of the data, and the ubiquitous presence of back-scattered surface

and guided waves (Figure 2.2). The dominant 30-m wavelength of the signal was not appropriate

for reflection imaging the upper ~50 m of the subsurface. Unfortunately, the surface georadar

technique was also unsuccessful, primarily because of significant scattering and poor antenna cou¬

pling to the rough rock glacier surface (Figure 1.15). Although there were high expectations for

the crosshole seismic method, the newly developed pneumatic source did not provide sufficient

energy (Figure 1.16).

Building on the accomplishments of the successful investigations and learning from the fail-
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ures, several additional approaches for investigating the Muragl rock glacier are suggested in the

following sections. On the surface, EM (time- and frequency-domain) and DC resistivity methods,

if applied correctly, provide additional options for determining the electrical properties of the rock

glacier. Electrical resistivity information derived from crosshole EM surveys would complement

the crosshole georadar data. With regard to the crosshole seismic method, a few simple techni¬

cal modifications to the seismic source could improve the signal-to-noise ratio of the transmitted

signal. Besides the additional field techniques, further general algorithmic developments could

be made in attempts to extract more information from existing data sets (e.g., full-waveform

inversions) and to reduce nonuniqueness of subsurface models (e.g., joint inversions). Finally, a

suggested general strategy for studying a rock glacier is outlined.

6.1 Alternative Methods for Rock Glacier Investigations

EM surveying may be suitable for investigating permafrost areas, because frozen and unfrozen

ground has significantly different resistivities (Hoekstra and McNeill, 1973; Rozenberg et ah, 1985;

Harada et ah, 2000). Whereas other techniques require mechanical or electrical contact, neither

is required for most EM surveying methods. Rather, the injection of energy and the recordings

are accomplished via inductive coupling. A primary magnetic field induces eddy currents in the

subsurface, which in turn generate secondary magnetic fields registered by the receiver coil(s).

From a logistical perspective, snow-covered rock glaciers may be readily investigated using EM

methods.

Historically, EM surveying has been employed for either lateral mapping (Zablocki, 1966;

Macnae, 1979; Boldy, 1981; Greenhouse and Harris, 1983; Hoekstra and Standish, 1984; Olsson

et ah, 1984; Hauck, 2001) or depth sounding (Daniels et ah, 1976; Koefoed and Biewinga, 1976;

Lienert, 1979; Ästen, 1987; Hauck, 2001). For the former, the goal is to obtain the distribution of

apparent resistivity in an approximately constant depth range along a traverse or across an area.

The EM instrument's settings (e.g., geometry and frequency) are adjusted to target the depth

range of interest. In the latter, the goal is to determine the distribution of resistivity as a function

of depth at a particular location, usually assuming a 1-D earth model. The distinction between the

two approaches becomes blurred when multi-frequency or multi-spacing measurements are made

at short intervals. With significant improvements in algorithms and computing performance over

the past decade, it is now possible to combine mapping and sounding into tomographic imaging,

which can, in principle, be undertaken in two and three dimensions (Oristaglio and Spies, 1999).

Unfortunately, the very long times required to compute forward solutions for general EM models

continue to make the inverse problem prohibitively expensive for all but the very simplest of

subsurface structures.

A special class of the EM method is DC resistivity, in which signals are transmitted and
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received via electrodes coupled to the ground (Chapter 1). As for other EM surveying techniques,

appropriate field configurations for mapping or sounding can be employed. Efficient 2- or 3-D

imaging algorithms for DC resistivity data are commercially available; the forward solutions are

much simpler than for the inductive case.

EM and DC resistivity data sets contain complementary information that can be exploited

in tomographic inversions. In a layered medium, DC currents in the plane of the survey line

generate so-called toroidal magnetic fields with no vertical component, whereas the Slingram

EM technique (Werner, 1947) generates current loops perpendicular to the vertical and so-called

poloidal magnetic fields (Boerner and West, 1989). Toroidal fields are generally sensitive to

resistivity gradients, whereas poloidal fields are sensitive to layers of low resistivity in the medium.

6.1.1 Surface-based frequency-domain EM methods

To delineate lateral distributions of permafrost, the EM mapping configuration would seem to

be appropriate. An EM survey of this type would be most easily conducted using a frequency-

domain system. Many of these systems are portable, making their use in rugged areas especially

advantageous. Typically, they consist of two small loops (~0.1-1 m), one acting as a source and

the other as a receiver (dipolar-loop systems; Nabighian, 1991). Frequencies used in standard low-

energy equipment range from 40 to 56 000 Hz. In a frequency-domain system, weak secondary

fields are measured in the presence of the strong primary field. A widely used frequency-domain

technique is the so-called Slingram method (Werner, 1947; Ward and Gledhill, 1957).

Although portable frequency-domain systems have rather low-depth penetration capabilities,

mapping the lateral extent of permafrost is unlikely to pose problems in rock glacier investigations,

because ice usually occurs a few meters below the surface. To maintain positioning accuracy on a

rock glacier, a short rigidly-connected system would be most suitable. The height of the instrument

should be kept constant above the ground to ensure uniform instrument response. This may be

difficult on steep slopes. Subject to maintaining portability, depth penetration could be varied by

adjusting the length of the rigidly-connected source-receiver instrument and/or varying the signal

frequency. Note, that not all combinations of source-receiver separation and frequency yield useful

independent information (Maurer and Boerner, 1998).

In an effort to map the lateral extent of permafrost, Hauck (2001) recorded frequency-domain

(EM-31) data across a number of rock glaciers. He found the technique efficient for scanning large

areas, even though only the average resistivity of the upper 6 m of subsurface could be determined.

On the Muragl rock glacier, the application of a frequency-domain system could have provided,

for example, additional information on the lateral extent of the degraded permafrost (Chapter 2).
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6.1.2 Surface-based time-domain EM methods

To determine a resistivity-depth function through a rock glacier, the EM sounding configuration

should be employed. For such a survey, a time-domain EM system is most appropriate, because it

can explore to depths in excess of several hundred meters with relatively good lateral resolution.

Transmitting antennas are usually multi-turn loops with diameters of several meters to several

kilometers (large source methods; Figure 6.1;). Receiving antennas are generally ferrite- or air-

cored rigid loops. In contrast to frequency-domain systems, which measure the secondary field

in the presence of a primary field, time-domain systems measure within the interval between

transmitted pulses.

Since rock glaciers tend to be quite heterogeneous and the objective is to determine a resistivity-

depth function over a limited area, the transmitter and receiver should be close together to prevent

spatial averaging. Although this strategy may restrict the energy to a small volume at any

particular location, there will be a certain degree of spatial averaging because current diffusion

is inherently a 3-D phenomenon. Due to the finite turn-off time and finite current decay in the

transmitter coil, very early times of the decay curve are not possible to record; depending on the

resistivity of the ground, the resistivities at depths shallower than a few meters (5-10 m) cannot be

resolved by time-domain methods. However, these shallow resistivity values influence the recorded

data at all decay times.

Time-domain systems have been used to obtain resistivity profiles in several permafrost regions

(e.g., Rozenberg et ah, 1985; Todd and Dallimore, 1998; Harada et ah, 2000; Hauck, 2001). For

example, Harada et al. (2001) applied the method to permafrost profiling in Alaska. They obtained

resistivities of ~1000 fîm for permafrost. In surveying several rock glaciers, Hauck (2001) found

the time-domain EM method suitable for resolving the vertical extent of permafrost down to

~100 m depth.

Figure 6.1: Common time-domain EM survey configuration (after Nabighian, 1991).

A more complete picture of the subsurface may be obtained through imaging. For imaging,
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information along a traverse or across an area is required. Although 2-D profiles of resistivity may

be derived, the results are likely to be affected by out-of-plane interactions. A 3-D tomographic

inversion would be the correct way to analyze EM data recorded across a heterogeneous subsurface

(e.g., a rock glacier).

A 3-D EM survey across a rock glacier would be best conducted in winter, when instruments

could be deployed on compacted snow or possibly mounted on a sled. This would greatly improve

the efficiency of data acquisition, such that only a small crew would be required to make the

measurements. A moderate area of 50x50 m could be surveyed in several days. It is expected

that in such a highly resistive environment, the EM instrument would perform close to its optimum

with respect to depth penetration.

A possible strategy could involve the combined application of frequency- and time-domain

methods over the same area. These two techniques are likely to provide complementary informa¬

tion, with the frequency-domain system being used to map the shallow subsurface (~0-6 m) and

the time-domain system to probe greater depths. Ideally, the subsequent data inversions would be

carried out in a joint fashion. On the Muragl rock glacier, this strategy could be used to delineate

the base of the permafrost and the depths to the watertable and bedrock surface.

6.1.3 Surface-based DC resistivity methods

The DC resistivity method may also be used to determine the presence of ice in potential per¬

mafrost areas. Although it is generally difficult to inject electric currents into resistive ground

and across boulder-covered rock glaciers, some useful data have been acquired across such regions

by immersing the electrodes in salt-water-soaked sponges (Vonder Miihll, 1993; Hauck, 2001). In

principle, either resistivity mapping, sounding or imaging may be employed. However, assuming

1-D resistivity distributions in the sounding configuration may result in misleading interpreta¬

tions in rock glacier environments. Mapping for quick assessments of lateral permafrost extent

and field-intensive acquisition and tomographic inversions for imaging 2- or 3-D distributions of

resistivity would be better options.

Past DC resistivity studies across mountain permafrost have mainly focused on 1-D vertical

soundings using the Schlumberger configuration (e.g., King et ah, 1987; Vonder Miihll, 1993; Ode-

gard et ah, 1996; Wagner, 1996). Hauck (2001) found DC resistivity to be a suitable technique

for tomographic imaging several rock glaciers. Nevertheless, he noted that DC resistivity mea¬

surements are relatively time-consuming and not appropriate for surveying large areas of difficult

terrain.

Having made the above points, the DC resistivity method is unlikely to be practical on the

Muragl rock glacier because poor electrical coupling on the boulder- and/or ice-covered surface

would make it extremely difficult to acquire high-quality data.
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6.1.4 Borehole-based EM methods

Good subsurface coverage may be supplied by surface-to-borehole and crosshole geophysical tech¬

niques, with the degree of coverage being influenced by the survey geometry. Borehole frequency-

and time-domain electromagnetic and DC resistivity systems are commercially available. Bore¬

holes cased with PVC tubes do not pose problems for EM surveys. In principle, similar inter¬

pretation tools apply to surface and borehole EM data. Although they have yet to be employed

in permafrost regions, surface-to-borehole EM systems have been employed for locating an ore

body (e.g., Crone, 1986), and a crosshole EM technique has been used to monitor an oil reservoir

(Alumbaugh and Morrison, 1995; Wilt et ah, 1995).

For surface-to-borehole applications, a large surface source loop with a small downhole receiver

is generally employed (Figure 6.2; Nabighian, 1984). The source loop transmits frequencies in the

10-50 kHz range. Measurements are made as the receiver is pulled up the borehole. The source

loop can be placed at different locations on the surface and the recordings along the length of

the borehole repeated, thus allowing 3-D information to be collected. A rock glacier, in which

only one borehole is available, could be investigated in this manner. Since rock glacier material is

typically very resistive, relatively high frequencies may propagate over long distances, thus yielding

high-resolution data.

In a crosshole mode, a transmitter and receiver face each other in opposite boreholes (Fig¬

ure 6.3). The size of the transmitter is limited by the diameter of the borehole. This restricts the

available power that may be injected into the ground. Early crosshole EM systems that operated

at frequencies in the MHz range (i.e., in the low georadar range) were used to probe highly resistive

rocks, such as salt and granite (e.g., Holser et ah, 1972). In highly conductive environments (e.g.,

oil fields), these systems cannot probe beyond a few tens of meters. Quite recently, low-frequency

systems in the 40-100 kHz inductive range have been developed for probing between boreholes

several hundred meters apart (Osato and Takasugi, 1992; Gasnier et ah, 1994).

On the Muragl rock glacier, an integrated approach using coincident crosshole georadar and

inductive EM surveying would yield both critical electrical properties, dielectric permittivity and

resistivity (Fullagar et ah, 2000). Such information would provide powerful constraints for full-

waveform modeling, which in turn could be used to assess the reliability of the inversion results.

6.2 Technical Improvements of the Seismic Borehole Source

Crosshole seismic experiments were conducted on the Muragl rock glacier. Had the experiments

been successful, the expected high frequency signals (>1000 Hz) would have provided a resolution

of the order of meters for P- and S-wave velocities. Seismic velocities can be converted to critical

mechanical parameters that could be useful for dynamic modeling of creep (Konrad et ah, 1999;
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Figure 6.2: Geoelectric section illustrating a large-loop drill-hole EM method for massive-sulfide explo¬
ration in highly resistive environments. The system consists of a transmitter (Tx), a receiver (Rx) and a

downhole sensor (after Nabighian, 1991).

Agliardi et ah, 2001). This type of analysis might then provide information on the stability and

the likelihood of rock slides. It should, however, be noted that elastic parameters (e.g., shear

modulus) obtained from seismic techniques (i.e., low strain) could vary significantly from those

obtained in high-strain lab measurements (Maurer et ah, 2000).

Whereas arrays of three-component borehole geophones and hydrophones are readily available,

suitable (non-destructive) high-frequency high-energy seismic sources for small-diameter (~10 cm)

boreholes are difficult to construct. The small diameter effectively limits the source power that

can be generated. Furthermore, large parts of rock glaciers are devoid of water, precluding certain

types of source (e.g., air guns and sparkers; Bühnemann and Holliger, 1998). Consequently, seismic

sources that make direct mechanical contact with the borehole walls (i.e., not through water) are

required.

Our seismic hammer source (Figure 6.4) is capable of operating in dry and water-filled bore¬

holes. The 10-cm diameter of the enclosing metal tube makes it suitable for small-scale engineering

investigations (e.g., at construction sites). Through a line from the surface, the control system

operates the hammer and the clamping mechanism that presses the metal tube against the bore-
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Figure 6.3: Sketch of an EM crosshole system (after Oristaglio and Spies, 1999).

hole wall. A surface compressor pumps air (~1 MPa) through a pressure hose into a tank coupled

to the hammer. After opening a valve, the rapid release of the compressed air forces the hammer

to knock laterally on the inner wall of the metal tube, thus generating seismic energy.

Despite vertical stacking, the new seismic source was unsuccessful on the Muragl rock glacier

for four main reasons: (i) the power of the source was too low, (ii) the recorded zero time was not

reliable, (iii) the transmission of vibrational energy from the source to the medium was inefficient,

probably because the borehole casing was either uncemented or poorly cemented to the rock

glacier, leaving large air- or water-filled voids around the boreholes, and (iv) the seismic energy

was severely attenuated by scattering.

To make this source more effective under similar conditions, the first three shortcomings need

to be addressed. Increasing the power of the hammer source can be accomplished by increasing the

operating pressure and by using two pistons rather than one; one pushing and the other pulling

the hammer. In the prototype, the recording system and source were activated by pressing a

button. An accelerometer then recorded the hammer movement. Since there were irreproducible

delays each time the source was activated, due to the finite duration of the hammer movement,

the zero time was inaccurate. In a modified source, the hammer should automatically turn on the

recording system when it hits the inner wall of the tube, i.e. the true zero time. Finally, good

coupling of the borehole casings to the surrounding earth materials (e.g., by using soft concrete

to fill all voids around the borehole casing) would be crucial for ensuring that the seismic energy

efficiently enters the medium.

In addition to mechanical impulsive sources driven by compressed air or internal motors, the
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Figure 6.4: Sketch of the operation of the pneumatic seismic source within a borehole. A - borehole, B

- wire line, C - air tank, D - valves, E - piston, F - weight, G - hammer, and H - clamping mechanism.

so-called piezo electric sources may also be applicable in small-diameter boreholes (Bühnemann

and Holliger, 1998). The main component is a crystal that is mechanically energized by passing a

current through it. The mechanical response is transmitted to the borehole wall. In dry boreholes,

the instrument must be properly clamped to the borehole walls. Such sources can generate signals

with bandwidths of ~100-10000 Hz. The source-time functions are usually pseudo-random or

frequency sweeps (Skolnik, 1990). Although the peak power is likely lower than that for our

hammer source, sufficient signal-to-noise ratios may be achieved by integrating over time.
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6.3 Methodological Improvements

6.3.1 Full-waveform inversions

Our crosshole georadar data have high signal-to-noise ratios (Chapter 4). We were able to derive

velocity and attenuation tomograms by inverting the traveltimes and amplitudes, respectively

(Figure 4.14). Although the traveltimes and amplitudes were inverted separately, the combined

analysis resulted in a more reliable interpretation. For accurate amplitude inversions, the antenna

radiation characteristics and the amount of geometrical divergence should really be known. How¬

ever, the antenna radiation characteristics were difficult to estimate accurately, so that simplistic

approximations had to be made. Moreover, the amplitude inversion scheme combined scattering

and intrinsic attenuation into a single quantity. To take full advantage of this high-quality data

set and reduce the simplistic assumptions, full-waveform inversion methods should be considered.

Although the limited research on this front has focused primarily on seismic inversion of crosshole

data (Pratt and Worthington, 1990; Song et ah, 1995), the theory could be readily modified for

crosshole georadar inversion.

Full-waveform inversion usually requires many time-intensive forward computations in order to

converge (Sambridge et ah, 1991; Pratt, 1999; Pratt and Shipp, 1999). This drawback has made

full-waveform inversion prohibitively expensive for most applications. Nevertheless, with ever-

increasing computing performance and more efficient algorithms, full-waveform inversion may

eventually allow the interpreter to take full advantage of information contained along the lengths

of entire traces. Since more information is used to constrain the model parameters, the ambiguity

should be reduced and multiple parameters (i.e., dielectric permittivity and electrical resistivity)

may be estimated.

Currently, full-waveform frequency-domain inversion schemes are available for 2-D acoustic

models (Pratt, 1999). The limitation of 2-D acoustic methods has two implications on the inver¬

sion: phases that are not modeled (i.e., shear waves) should be eliminated from the data and 3-D

geometrical spreading effects need to be corrected (approximately) via application of a \/t filter.

Furthermore, because later arrivals may contain out-of-plane signals and/or long-path reflections

(e.g., from the free surface), all energy except that falling within a narrow window following the

first breaks should be muted. This windowed coda still contains several phases that increase the

amount of information available for reconstruction.

After preprocessing in the time domain, the data are converted into the frequency domain and

the inversion is carried out using a limited number of frequency components. This may save a

lot of computational effort because fields at only the selected frequencies are computed. Further¬

more, the source signature for each source position and frequency component can be conveniently

included in the inversion. To account for the effects of the radiation pattern, data should either
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be corrected or the radiation pattern included as an unknown in the inversion process. Note, that

this issue is likely to be more critical in georadar inversions than in seismic inversions.

6.3.2 Joint inversions

As discussed in Chapter 5, better constrained models are likely to result from joint inversions of

two or more linked data sets. My joint inversion scheme (Chapter 5) is aimed at loosely related

data sets (e.g., seismic and georadar data), in which the common link is established by limiting the

number of parameters to two or three and forcing known or estimated material property values to

occupy corresponding cells in the two model domains. Clearly, joint inversions are in their infancy,

even for related data sets. Much research is required on this front.

Although full-waveform inversion of crosshole georadar data is a form of joint inversion, dielec¬

tric permittivities and electrical resistivities could be jointly determined more readily by setting

up a combined Jacobian matrix for the traveltimes and amplitudes in a ray tracing scheme (Ernst,

2002). This is possible because velocities and attenuations (i.e., the parameters that influence the

traveltimes and amplitudes, respectively) are related to the electrical properties via a pair of cou¬

pled equations. Hence, partial derivatives of traveltimes and amplitudes with respect to dielectric

permittivities and electrical resistivities can be calculated. However, shortcomings related to the

antenna radiation characteristics would remain and traveltimes are only weakly dependent on the

electrical resistivity distribution. The latter would result in very small values in one quadrant of

the Jacobian matrix, thus limiting the benefit of performing a joint inversion.

Joint inversions of P- and S-wave traveltimes should also be straightforward to implement,

because P- and S-wave velocities are related through the Lamé coefficients. In addition, ray

coverage in the combined analysis would be enhanced relative to that of the individual analyses.

Whereas P-waves depend on both Lamé coefficients, S-waves only depend on the shear modulus.

Assuming that density is not being inverted, this would introduce a quadrant of zeros in the

Jacobian matrix. P- and S-wave traveltimes have not been jointly inverted, probably because of

the difficulty in identifying S-wave arrivals.

The potential benefits of combining EM and DC resistivity data sets stem from the com¬

plementary toroidal/poloidal magnetic fields excited by the two techniques. A joint inversion

methodology is straightforward to implement, because both types of data are sensitive to electri¬

cal resistivity (Maier, 1995). Combined inversions of borehole-based EM and surface DC resistivity

data would be worth exploring.

One means of combining two data sets relevant to a common structure is to design one or more

appropriate mathematical operators in the manner described by Haber and Oldenburg (1997).

Such operators make no assumptions about the actual physical properties, rather they assume

that structural features in the two model domains are correlated. Since correlations can be pos-
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itive (both parameters increase or decrease) or negative (one parameter increases and the other

decreases), the operators make no assumptions about the signs. The operators normalize the

physical property values in the two model domains, so that their magnitude ranges are compara¬

ble. By minimizing differences between two structural measures, one can, in principle, achieve a

joint inversion. This approach is worthy of further study, because it would be a generalization of

the technique developed in Chapter 5.

6.4 A General Scheme for Geophysical Characterization of

Rock Glaciers

On the basis of the Muragl rock glacier and related studies (e.g., Hauck, 2001), a general scheme

for geophysically investigating rock glaciers can be proposed. This suggested template is divided

into four parts in approximate order of increasing field effort. One or more geophysical techniques

would be employed according to the objectives of the survey (Figure 6.5).

For reconnaissance studies, areal photographs may be sufficient for identifying the maximum

lateral extent of an active rock glacier. Photogrammetry may be used to derive a digital surface

elevation model (Kääb, 1996a,b, 1998, 2000). Time-domain EM soundings are likely to provide

good first-order estimates of bedrock topography with moderate field effort (Hauck, 2001). Since

parts of rock glaciers may be melting or devoid of ice, frequency-domain EM mapping may be used

to delineate the lateral permafrost distribution. Using a hand-held device, long (several hundred

meters) traverses may be accomplished relatively efficiently (Hauck, 2001). Both EM techniques

are likely to provide useful information in a wide range of environments.

A more detailed surface investigation would involve 2-D surveying across interesting areas iden¬

tified by the results of the reconnaissance surveys. In at least one Swiss project, georadar profiling

was found to be an efficient method for imaging the internal structure of a rock glacier (Lehmann

and Green, 2000). It provided high resolution information that degraded only moderately with

depth. However, it failed when the subsurface contained numerous large air voids that caused

significant scattering (Figure 1.15). Hence, the success of this method may depend strongly on

the size and type of voids present within the rock glacier.

As complements or alternatives to georadar profiling (with more field effort), DC resistivity

surveying and tomography may be attempted (Figure 6.5; Vonder Mühll, 1993; Hauck, 2001).

Differences between frozen and unfrozen ground should be readily detectable on resistivity to¬

mograms. However, these methods are less sensitive to the presence of air voids, they provide

significantly lower resolution information than georadar techniques, and they are difficult to use

across snow- or boulder-covered areas.

Refraction seismic surveying and tomography are likely to be successful under many conditions,
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Type of investigation on rock glacier Results for rock glacier

Reconnaissance surveys

Areal photographs

Time-domain EM sounding

Frequency-domain EM mapping

Approximate lateral extent

Coarse bedrock topography

Lateral permafrost distribution

Detailed surface surveys

2-D georadar profiling """V

2-D DC resistivity tomography ^^

2-D seismic refraction tomography W

3-D georadar surveying 1

3-D frequency-domain EM 1

tomography

f Detailed bedrock topography

W Major internal features

i
Identification of suitable

V*. borehole locations

1 3-D internal structure

1 Complex structure

Borehole surveys

Single-borehole logging 1

Crosshole seismic, georadar and 1

EM tomography

1 Small-scale internal features

1 Physical properties

Monitoring

2-D DC resistivity tomography

Crosshole georadar tomography

Short- and long-term
ice-content variations

Short- and long-term

groundwater and ice-

content variations

Figure 6.5: A general scheme for geophysically characterizing rock glaciers.

if executed correctly. Resolution is likely lower than that of georadar surveying but higher than

that of DC resistivity surveying. The bedrock topography and major internal features can be

resolved on seismic tomograms (Figures 2.10-2.12) and suitable locations for boreholes identified.

Since the field effort for seismic surveying is quite large, it is only worth considering if the georadar

and DC resistivity methods do not meet the objectives.

Detailed surface surveys for imaging 3-D internal structures would require major field efforts.

Assuming good results were obtained from the 2-D profiles, the most appropriate method would

be georadar surveying, which does not require a large crew to conduct the field work. Accurate

positioning, required for reliable imaging, could be accomplished using a theodolite tracking system

(Lehmann and Green, 1999). If the georadar profile data were not useful, 3-D EM surveying

and tomography could be undertaken, but the resolution would be markedly lower than that of
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georadar.

When boreholes are available, the possibilities for mapping fine structures and deriving physical

property information (mechanical and electrical) markedly increases. Single-borehole methods

such as logging and vertical seismic profiling can be employed for probing the immediate vicinity

of boreholes with moderate field effort (Vonder Mühll and Holub, 1992; Vonder Mühll, 1993).

With two or more boreholes, crosshole measurements and tomography (seismic, georadar and EM;

Figure 4.14) are powerful tools for imaging small-scale structures, even in highly heterogeneous

media. With an array of boreholes, multiple planes could be imaged simultaneously, yielding 3-D

structural information. Again, this would require significant field effort.

To monitor short- or long-term variations in physical properties, DC resistivity surveying might

be suitable, because arrays of electrodes could be permanently installed on the rock glacier surface

(Hauck, 2001). Resistivity tomograms would be useful for monitoring the ice content throughout

the year. A more time-consuming procedure would involve making repeat crosshole georadar

measurements to observe, for example, annual changes in groundwater flow paths.
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Appendix A

MIXED-INTEGER LINEAR

PROGRAMMING

Many combinatorial optimization problems can be formulated as mixed integer linear programming

problems. They can be solved by branch-and-cut methods, which are exact algorithms that

combine cutting plane with branch-and-bound methods (Land and Doig, 1960; Grötschel and

Holland, 1991; Padberg and Rinaldi, 1991; Floudas, 1995; Mitchell, 2000)

The most widely used technique for solving integer problems is the branch-and-bound method.

Subproblems are created by restricting the range of the integer variables. A variable with a lower

bound / and an upper bound u is divided into two problems with ranges I to q and q + 1 to

u, respectively, where q is obtained by rounding the continuous solutions. Lower bounds on

the objective function are provided by the linear programming (LP) relaxation to the problem,

which involves maintaining the objective function and constraints, but relaxing the integrality

restrictions to derive a continuous LP problem. If the optimum solution to a relaxed problem is

integral, it is an optimum solution to the subproblem, and the associated value can be used to

terminate searches of subproblems that have higher lower bounds.

In the branch-and-cut method, the lower bound of the objective function is again provided by

the LP relaxation to the integer problem. The optimum solution to this problem is at a corner of

the polyhedron that represents the "feasible" region. If the optimum solution to the LP problem

is not integral, this method searches for a constraint that is violated by this solution, but is not

violated by any integer solutions. This constraint is called a cutting plane. When this constraint

is added to the LP problem, the old optimum solution is no longer valid, so the new optimum

solution will be different, potentially providing a better lower bound. Cutting planes are added

iteratively until either an integral solution is found or it becomes impossible or too expensive

to find another cutting plane. In the latter case, a traditional branch-and-bound operation is
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performed and the search for cutting planes continues within the subproblems.

To illustrate briefly the basic ideas behind a branch-and-cut algorithm, a simple example with

two variables is presented (after Mitchell 2000). The integer programming problem

min z := —6x1 — 5x2

ubject to 3a;i + X2 < 11

—X\ + 2x2 < 5

xi,X2 > 0,integer

(A.l)

is illustrated in Figure A.la. Possible integer solutions to equation A.l are marked with dots. By

dropping the integer restrictions, an LP relaxation is obtained. Continuous solutions are contained

within the polyhedron outlined by the solid lines.

A branch-and-cut approach first solves the LP relaxation using the Simplex algorithm (Press

et ah, 1992), giving the point (2.43,3.71; A in Figure A.la) with a value of -33.14. There is now

a choice: the LP relaxation can be improved by adding a cutting plane (an inequality that cuts

off part of the LP relaxation), or the problem can be divided into two by restricting a variable to

be above or below appropriate integer values (i.e., branch-and-bound on x\ (below and including

2, and above and including 3) or X2 (below and including 3, and above and including 4)). Note,

that these integers are obtained by rounding the solution to the continuous problem.

If the algorithm branches on x\, two new problems are obtained (Figure A.lb):

min z := —6x1 — 5X2

ubject to 3a;i + X2 < H

—X\ + 2x2 < 5

Xl > 3

xi,X2 > 0,integer

(A.2)
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and

min z := —6x1 — 5x2

ubject to 3xi + X2 < 11

—X\ + 2x2 < 5

Xl < 2

xi,X2 > 0,integer

(A.3)

The optimum solution to the original problem will be the better of the solutions to these two

subproblems. The solution to the LP relaxation of equation A.2 is (3,2; B in Figure A.la) with a

value of -28. This solution is integral, so it solves equation A.2 and becomes the incumbent best

known feasible solution. The LP relaxation of equation A.3 has an optimum solution of (2,3.5; C

in Figure A.la) with a value of-29.5. This point is nonintegral (it does not solve equation A.3), so

that equation A.3 must be attacked further with additional constraints. For problems with many

variables, the strategy would be similar, except the depth of the branching tree may become very

large.

Assume a cutting plane that adds the inequality 2xi + X2 < 7 to equation A.3 (dashed line in

Figure A.la). This is a valid inequality, in that it is satisfied by every integral point that satisfies

equation A.3. Furthermore, this inequality explicitly excludes (2,3.5), so it is a cutting plane. The

resulting subproblem is

min z := —6x1 — 5x2

ubject to 3xi + X2 < 11

—Xl + 2x2 < 5

Xl < 2

2xi + x2 < 7

xi,X2 > 0,integer

(A.4)

The LP relaxation of equation A.4 has an optimum solution of (1.8,3.4; D in Figure A.la) with

a value of -27.8. Since the optimum value for this modified relaxation is larger than the value

of the incumbent solution, the second subproblem must be at least as large as the value of the

relaxation (optimum solution to the continuous problem). Therefore, the incumbent solution

is better than any feasible integral solution for equation A.4, so it actually solves the original
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problem. Note, that if the solution of equation A.4 was lower than that of equation A.2, another

round of branch-and-cut would be performed.

For completeness, the same problem is solved by first branching on X2 (Figure A.2). For

the branch with X2 > 4, there is no solution. For the branch with X2 < 3, the solution to the

LP relaxation is (2.67,3; B in Figure A.2a) with a value of -31. Introduction of a cutting plane

xi + X2 < 5 results in the solution of (3,2; C in Figure A.2a) with a value of -28. This solution is

integral and since there are no additional subproblems, it solves the integer problem. Note, that

the optimum integer solution is found regardless of the sequence of steps. However, one sequence

is likely to converge with fewer computations than the others.

There are several issues that have to be resolved during the search for an optimum solution.

These include the questions of deciding whether to branch or to cut and deciding how to branch

and how to generate cutting planes. It is, however, beyond the scope of this manuscript to describe

these and related issues for general problems. CPLEX is equipped with various algorithms that

are executed throughout the course of the optimisation.
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Problem (Al).
Solution A to relaxation:

(2.43,3.71), z = -33.14

Branch on x,

Problem (A2).
Solution B to relaxation:

(3,2), z = -28

Problem (A3).
Solution C to relaxation:

(2,3.5), z = -29.5

Add cut: 2x,+ x,<7

Problem (A4).
Solution D to relaxation:

(1.8,3.4), z = -27.8

Figure A.l: a) Two dimensional integer programming problem. Region of continuous solution space

is outlined by solid lines. Dots indicate feasible integer solutions. Dashed lines indicate branch-and-cut

constraints, b) Progress of branch-and-cut process applied to the two dimensional integer programming

problem by first branching on x\. Problems A.l to A.4 and solutions A to D are discussed in the text

(modified after Mitchell, 2000).
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b) Problem (Al)
Solution A to relaxation

(2 43,3 71), z = 33 14

Branch on x?

No solution
Solution B to relaxation

(2 67,3),z= 31

Add cut x,+ x,<5

Solution C to relaxation

(3,2), z= 28 j
Figure A.2 a) Two dimensional integer programming problem Region of continuous solution space is

outlined by solid lines Dots indicate feasible integer solutions Dashed and dotted lines indicate branch-

and-cut constraints A-C denote possible solutions b) Progress of branch-and-cut process applied to the

two dimensional integer programming problem by first branching on X2 (modified after Mitchell, 2000)


