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Zusammenfassung

Die Grenze der Afrikanisch-Eurasischen und Arabisch-Eurasischen tektonischen Plat¬

ten zeigt vor allem im zentralen und östlichen Mittelmeer einen sehr komplexen Ver¬

lauf, Besondere Bedeutung kommt dem Gebiet Westgriechenlands, der Ionischen

Inseln und der Ionischen See zu, wo die Afrikanische, Eurasische und Anatolisch/Ägäi-
sche Platte zusammentreffen. Es liegt in der Übergangszone zwischen der Hellenischen

ozeanischen Subduktion und der Kontinent-Kontinent Kollision entlang der Helleni-

den/Dinariden und ist durch sehr hohe Seismizität und eine der grössten in Europa be¬

obachteten Krustenbewegungsraten gekennzeichnet. Im Rahmen eines Forschungs¬
projekts der ETH Zürich werden GPS-Satellitengeodäsie, différentielle Radar-Interfe-

rometrie und seismologische Untersuchungen kombiniert, um den Spannungsaufbau
und die Deformation in der Erdkruste in diesem Gebiet zu erforschen, und um neue Er¬

kenntnisse für die seismotektonische Modellierung der Region zu gewinnen. Die vor¬

liegende Arbeit beschäftigt sich mit dem seismologischen Teil der Untersuchungen,
von der Datenaufnahme bis hin zu 3D Modellen der Geschwindigkeitsstruktur.

In einem Gebiet, das vom Golf von Arta im Norden bis in den Süden des Golfs von

Patras reicht und die Ionischen Inseln umfasst, wurde im Sommer 1995 während dreier

Monate ein dichtes temporäres Messnetz mit 70 seismologischen Digitalstationen be¬

trieben. Für eine zuverlässige Interpretation der Daten ist die Kenntnis der Genauigkeit
des Zeitmess-Systems und der Stationsstandorte essentiell, daher wurde grosser Wert

auf die Bestimmung und Minimierung der Unsicherheiten in diesen Parametern gelegt.
Für 1179 lokalisierbare Erdbeben wurden schliesslich Einsatz-Zeiten von ungefähr
14300 P- und 6100 S-Phasen bestimmt, die durchschnittliche Unsicherheit der Zeit des

P-Ersteinsatzes liegt für diesen Datensatz bei weniger als 0.05 s.

Mit ausgewählten gut lokalisierbaren Erdbeben wurden sowohl für Teilgebiete als

auch für das gesamte Untersuchungsgebiet Minimum ID Modelle berechnet. Die dar¬

aus resultierenden Stationskorrekturen stimmen generell mit der Oberflächengeologie
der Region überein. Für die oberen 20 km ergibt sich eine durchschnittliche P-Wellen

Geschwindigkeit zwischen 6.2-6.5 km/s, wobei die höheren Geschwindigkeiten in den

Regionen dünnerer Kruste im Südwesten zu finden sind. Für die S-Wellen Geschwin¬

digkeiten ergeben sich niedrige Werte, das durchschnittliche Vp/Vs Verhältnis liegt bei

ca. 1.85. Im Westen des Untersuchungsgebiets ist die Seismizität im wesentlichen auf

die obersten 15 km beschränkt, während im Nordosten des Gebiets, entlang der Katou¬

na Störungszone (KFZ, Katouna fault zone), Herdtiefen von bis zu 25 km beobachtet

werden.

Aus der simultanen Inversion von 7300 P- und 3300 S- Einsatz-Zeiten von 490 gut

lokalisierbaren Erdbeben für Geschwindigkeiten und Hypozentralparameter wurde

schliesslich die dreidimensionale Geschwindigkeitsstruktur der Erdkruste im Untersu¬

chungsgebiet abgeleitet. Eine sorgfältige Beurteilung des Auflösungsvermögens des

Datensatzes und der Verlässlichkeit der Lösung mit Hilfe von synthethischen Tests, der

Analyse von Standard-Parametern zur Qualitätsabschätzung und dem Vergleich zweier

verschiedener Verfahren zur Berechnung von Strahlwegen und Laufzeiten (Ray-tracer)

erlaubt es, gut aufgelöste Gebiete bis in Tiefen von 12-15 km verlässlich abzugrenzen.
Im Zentrum des Beobachtungsnetzes ist die Auflösung noch bis zu 20 km Tiefe genü-
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gend.
Die Interpretation der 3D Geschwindigkeitsverteilung zusammen mit den präzise

bestimmten Hypozentren und ersten Herdflächenbestimmungen von ausgewählten Be¬

ben zeigt, dass die Strukturen in den oberen 5 km generell gut mit Informationen aus

der Oberflächengeologie, reflexionsseismischen Profilen und Modellen der Beckenent¬

wicklung in dieser Region übereinstimmen. Die KFZ wird deutlich als Zone erniedrig¬

ter Geschwindigkeiten in den oberen 5 km abgebildet, die sowohl im Westen unter dem

Kalksteinmassiv des Pergandi-Gebirges als auch im Osten unter den Ausläufern des

Pindos von Zonen erhöhter Geschwindigkeit eingegrenzt wird. Die tiefen Erdbeben im

Gebiet der KFZ sind mehrheitlich an eine nach Osten einfallende Zone erniedrigter Ge¬

schwindigkeit gebunden, die sich bis in Tiefen von 15-20 km erstreckt. Unter Kephalo-
nia korreliert die prinzipielle ostwärts gerichtete flache Neigung der

Geschwindigkeitsstrukturen mit nach Osten leicht zunehmenden Herdtiefen, was auf

einen eventuellen Zusammenhang der tieferen Struktur mit der anhaltenden Subduktion

der Ionischen ozeanischen Kruste unter die Ägäische Platte schliessen lässt. Die Viel¬

falt der ermittelten Herdflächenlösungen für diese Beben kann als Indiz für interne De¬

formationen sowohl in der oberen als auch der unteren Platte gelten. Generell ist das

Auftreten von Erdbeben auf das Gebiet östlich des marinen Graben im Westen der Io¬

nischen Inseln begrenzt, der mit der Kephalonia-Verwerfung in Verbindung gebracht

wird. Entlang dieses Grabens finden sich die meisten Beben in Tiefen zwischen 8-15

km und zeigen Abschiebungscharakter mit NE-SW streichenden Herdflächen, für

rechtslaterale Blattverschiebung, wie sie für grossen Erdbeben an der Kephalonia-Ver¬

werfung beobachtet wird, findet sich in diesen Daten kein Hinweis.

In dieser Arbeit werden neue Informationen über die dreidimensionale Verteilung

der seismischen Geschwindigkeiten in einer sich rasch verformenden Region vorge¬

stellt. Die Resultate lassen den vorsichtigen Schluss zu, dass ein grosser Teil der aus

geodätischen Messungen abgeleiteten NE-SW Extension zumindest im nördlichen Teil

des Untersuchungsgebiets durch aseismische Deformation in der mittleren und unteren

Kruste aufgenommen wird. Die Übertragung dieser Deformation auf die obere Kruste

könnte die Ursache für das komplexe Muster interner Verformungen in den oberen 10

km sein, die sich aus dem heterogenen Geschwindigkeitsfeld und der Vielfalt der ermit¬

telten Herdflächenlösungen erkennen lassen.

Das aus der tomographischen Inversion resultierende sehr heterogene Bild der Ver¬

teilung der seismischen Geschwindigkeiten wirft die Frage auf, ob das in dem verwen¬

deten Tomographie-Programm implementierte Ray-tracing Schema (angenähertes 3D-

bending) für so grosse Regionen noch genügend genau ist. Um mögliche Defekte in der

3D Lösung durch fehlerhaftes Ray-tracing zu erkennen, wurde alternativ ein 3D-shoo-

ting Verfahren in das Programm eingebaut. Aus dem Vergleich der beiden Ray-tracer

geht hervor, dass für Strahllängen über ca. 60 km deutliche Unterschiede in den Strahl¬

wegen auftreten. Die Unterschiede in den Laufzeiten betragen bis zu 50 ms, sie liegen
somit im Rahmen der Ungenauigkeit der Ersteinsatzbestimmung. Konsequenterweise
wird der Unterschied zwischen den Ray-tracern für die Inversion in der Resolutionsma¬

trix deutlicher sichtbar als in dem resultierenden Geschwindigkeitsfeld. Diese Resultate

veranschaulichen zum einen die Mehrdeutigkeit der Kriterien zur Beurteilung der Lö-
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sungsqualität tomographischer Inversionen und die Schwierigkeit, die Signifikanz die¬

ser Kriterien zu erfassen. Dass sich die Geschwindigkeitsstrukturen, die aus der

Inversion mit verschiedenen Ray-tracern hervorgehen, gleichen, gibt zum anderen die

Sicherheit, dass die vernünftige Parametrisierung des Modells und Darstellung der Lö¬

sung Artefakte durch Ungenauigkeiten in den verwendeten Algorithmen unterdrückt.

Der Vergleich verschiedener Ray-tracing Verfahren in der Lokalbebentomogra¬

phie und deren Einfluss sowohl auf die Resultate als auch auf die Abschätzung der Lö¬

sungsqualität macht deutlich, dass zukünftige Entwicklungen in der

Lokalbebentomographie dahin gehen müssen, die Abhängigkeit der Resultate und de¬

ren Qualitätsbeurteilung von der Modellparametrisierung und dem Verfahren zur Lö¬

sung des Vorwärts- sowie des Inversionsproblems besser zu verstehen und zu

quantifizieren. Nur dann wird es möglich sein, aus den immer zahlreicher werdenden

qualitativ hochwertigen Datensätzen, die immer grössere Gebiete umfassen, hochauflö¬

sende und verlässliche Abbilder der Struktur des Erdinneren zu erhalten.
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Abstract

The Ionian region (western mainland Greece and the Ionian islands) plays an important
role in the geodynamics of the eastern Mediterranean. At the triple junction of the Af¬

rican, Eurasian and Anatolian/Aegean plates it is located in the transition zone between

the Hellenic oceanic subduction and the continental collision zone of the Hellenides/Di-

narides. This region exhibits a very high seismicity and one of the highest crustal strain

rates observed in Europe. In the framework of an ETH-Ziirich research project, GPS

satellite geodesy, differential SAR interferometry, and seismologic studies were com¬

bined in a detailed investigation of the geodynamic processes in the Ionian region to de¬

tect temporal variations of the stress and strain fields and to contribute to the

seismotectonic modelling in this region. This work reports on the seismological part of

the project, from data acquisition to final 3D structural models.

A dense temporary seismic network of 70 digital stations was operated during three

months in the summer of 1995 in an area from north of the Gulf of Arta to south of the

Gulf of Patras and on the Ionian islands. Great efforts were undertaken to ensure the

accuracy of the timing system and station position determination. For 1179 locatable

events about 14300 P and 6100 S arrival times were determined, with an average onset

time uncertainty less than 0.05 s for P arrivals
.

Well locatable events were used to calculate minimum ID models for subregions
and for the whole study area. Resulting station delays generally reflect the surface ge¬

ology of the area. The average P velocity of the upper 20 km varies between 6.2 - 6.5

km/s, with the higher values in the areas of thinner crust in the southwest. S velocities

are rather low with an average Vp/Vs ratio of 1.85. Seismicity is confined to the upper

15 km in the west, whereas in the northeast of the study area, around the Katouna fault

zone (KFZ), hypocentral depths reach about 25 km.

7300 P and 3300 S observations from 490 well locatable events were finally used

in the inversion for the 3D crustal velocity structure of the Ionian area. Careful assess¬

ment of resolution and reliability, using synthetic tests, standard resolution estimates,

and the comparison of two different ray tracers, allowed to reliably discriminate well

resolved areas in large parts of the study area to depths of 12-15 km. Between 12-20 km

the central part of the network is still fairly well resolved.

The interpretation of the 3D velocity structure together with the accurate hypocent-
er distribution and preliminary focal mechanisms for selected events reveals that in the

upper 5 km structures generally correlate well with surface geology, results from seis¬

mic reflection profiling, and tectonic modelling of basin evolution in this area. The KFZ

is clearly imaged as a zone of low velocities in the upper 5 km, surrounded by zones of

high velocities to the west, beneath the limestones of the Pergandi Mts., and to the east,

beneath the foothills of the Pindus Mts. The majority of the deep seismicity around the

KFZ is connected to an eastward dipping body of relatively low velocities which can be

followed to 15-20 km depth. The deeper structure beneath the island of Cefalonia,

where slightly eastward dipping hypocenters correlate with a general eastward dip of

velocity structures, can probably be linked to the ongoing subduction of the Ionian oce¬

anic crust beneath the Aegean. The diversity of focal mechanisms observed at depths
between 10 -15 km may tentatively be interpreted as expression of internal deforma-
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tions in the upper and lower plate. Earthquake occurrence is confined to the east of the

bathymétrie trench west of the Ionian islands, which is connected to the Cefalonia fault.

Hypocenters along the eastern margin of that trench are mainly confined to 8-15 km

depth and predominantly show normal faulting with NE-SW trending nodal planes. No

indication for strike-slip motion along the Cefalonia fault, as it is inferred from large

earthquakes and geodetic data, was observed in this data set.

This work presents new information on the velocity structure in a rapidly deform¬

ing region. From the results it may be inferred that a large part of the geodetically ob¬

served NE-SW extension is taken up by aseismic deformation of the middle and lower

crust, at least in the northern part of the study area. This deformation may lead to the

complicated pattern of internal deformations inferred from the heterogeneous velocity
structure in the upper 10 km and the diversity of observed focal mechanisms.

From the very hererogeneous velocity structure obtained by the tomographic inver¬

sion rose the question about the accuracy of the implemented approximate 3D bending

ray tracing scheme when applied to a large area. To assess possible defects of the 3D

solution due to erroneous ray tracing, an alternative 3D shooting method was imple¬
mented in the tomography code. A comparison of the two ray tracing schemes revealed

that for rays longer than around 60 km, ray paths can be significantly different, while

the differences in travel times may be as large as 50 ms, which is within the average

onset time accuracy. Consequently, the different ray tracing schemes affect more the

resolution matrix than the velocity solution. On one hand, these results reveal the am¬

biguity contained in resolution estimates for 3D tomography and the difficulty to clear¬

ly define a significance level for these estimates. On the other hand, the similarity of the

velocity solutions obtained with the different ray tracers assures that adequate model

parametrization and solution display suppress artefacts due to algorithmic inaccuracies.

The comparison of different ray tracing schemes in local earthquake tomography

(LET) and their influence on solution and resolution estimates leads to the conclusion,

that future developments in LET are necessary to better access the dependence of solu¬

tion and resolution estimates on model parametrization, forward, and inverse solution

schemes. Only then will it become feasible to treat the increasing number of high qual¬

ity data sets covering large areas and to retrieve reliable high resolution images of the

earth's structure.



Chapter 1

Introduction

Plate Tectonic Overview

The collision between the African and Eurasian plates, which is a consequence of the

difference in sea-floor spreading rates between the southern and the northern Atlantic

Ocean, constitutes the basic background for the geodynamic development of the Al¬

pine-Mediterranean region (e.g. Philip, 1987, Jackson & McKenzie, 1988, Mueller &

Kahle, 1993). Since the onset of relative motion between Africa and Eurasia at about

175 Ma, this plate boundary zone has evolved to a very complex structure, where oce¬

anic subduction, continental collision and large strike-slip faulting form an assemblage
of more or less separately moving and internally deforming crustal microplates, espe¬

cially in the centra] and eastern Mediterranean (Fig. 1.1). This complexity is also appar¬

ent from the distribution of larger earthquakes in the Mediterranean for the last 10 years

(Fig. 1.2).

Over the past decades, numerous studies have been carried out to reveal the details

of plate dynamics in the central and eastern Mediterranean, using seismologic data (e.g.
McKenzie, 1972,1978, Le Pichon & Angelier, 1979, Anderson & Jackson, 1987, Jack-

Figure 1.1 (from Kahle et al., 1995) Plate tectonic framework of the Alpine-Mediterranean

region
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son & McKenzie, 1988, Spakman, 1988, Papazachos et al
, 1991, Taymaz et al

, 1991,

Hatzfeld, 1993), geologic field observations (e g Mercier et al
, 1987, Reuther et al

,

1993), paleomagnetic data (e g Horner & Freeman, 1983, Kissel & Laj, 1988), geodetic

data from triangulation and GPS (Global Positioning System) measurements (e g Bil-

lms et al, 1991, Kahle et al, 1993a, Le Pichon et al, 1995, Oral et al, 1995, Curtis et

al
, 1997, Kahle & Mueller, 1998) and numerical or analog modelling (Hatzfeld et al

,

1997, Meijer & Wortel, 1997)

10'W 0" 10"E 20*E 30"E 40"E

Figure 1.2 Seismicity in the Mediterranean - Alpine region from 1987 to 1997 (NEIC, 1998)

Only events with magnitude larger than 4 5 are shown

From these studies various, partly conflicting, models to describe the driving forces

behind the observed deformation and seismicity emerged In general, these models con¬

centrate on three main factors The westward motion of Anatolia, mostly described as

escape from the Eurasian-Arabian collision, the continental collision between the

Apulian platform (as part of the Adriatic microplate) and NW Greece - Albania, and the

subduction of the African plate below the Hellenic arc, where the overriding Aegean

block exhibits southwestward movement of around 30 - 40 mm/a (Fig 1 1) The main

characteristics of the different models are the following

McKenzie (1972, 1978) attributes the southwestward extension of the Aegean,

overriding the African plate, to the westward push exerted by Anatolia from the east and

the immobile Apulian platform in the northwest Billins et al (1991) support this view

from the analysis of GPS together with triangulation data Oral et al (1995) modify this

picture by stating that the southern Aegean and Anatolia move as a single plate, rotating

counterclockwise with respect to Eurasia, with a pole of rotation in the southeastern

Mediterranean

Le Pichon & Angeber (1979) on the other hand attribute the Aegean extension to a

combination of gravitational spreading (see also Makris, 1977), and slab roll back

along the Hellenic subduction, which leads to strong internal deformation of the

2



Aegean. The significance of slab roll-back forces (Royden, 1993) pulling on the Aegean
in southwestward direction is also emphasized by the numerical modeling of Meijer &

Wortel (1997).

Le Pichon et al. (1995) interpret GPS deformation data in rather the same way as

Oral et al. (1995), assigning more or less rigid counterclockwise rotation to Anatolia

and the southern Aegean, but additionally see clockwise rotation of northwestern

Greece around a pole in the southeastern Adriatic. This is in agreement with paleomag-
netic observations (e.g. Horner & Freeman, 1983, Kissel & Laj, 1988) which gives ev¬

idence for about 40° - 50° clockwise rotation of northwestern Greece since the early

Tertiary, probably split in two episodes. The broken slats model of Taymaz (1991) also

explains the two different senses of rotation in the west and east of the Aegean, although
based on a model of small rotating blocks with strong deformation between them.

New evidence from GPS measurements (Kahle, pers. comm. 1998) seems to sug¬

gest that the counterclockwise rotation is confined to Anatolia, because the residuals of

the observed rates in the Aegean are too large to model them with the same rotation as

Anatolia. The crustal motion in the Aegean can better be modeled as a clockwise rota¬

tion with respect to Eurasia around a pole in Apulia (SE Italy).
The age of the Hellenic subduction is another matter of debate where estimates

range from around 5 Ma (McKenzie, 1978) or 13 Ma (Le Pichon & Angelier, 1979) to

about 30 Ma (Spakman, 1988). This last value is deduced from tomographic images of

the mantle beneath the eastern Mediterranean, which show a slab penetrating to depths
of around 600 km, in contrast to the ~200 km assumed by the other authors from the

extent of seismic activity.

The Ionian Region

The Ionian region, comprising the western mainland of Greece, northwestern Pelo¬

ponnesus and the Ionian islands, plays an important role in many of the models. It is

composed of four isopic (= of similar facies) zones of the outer Hellenides (Jacobs-

hagen, 1978). From east to west these are the Pindus-, the Gavrovo-, the Ionian- and the

pre-Apulian zones, which are separated by generally NNW-SSE striking thrust faults

(Fig. 1.4). The formation of the Hellenides (Fig. 1.3) took place during the Alpine orog¬

eny, and overthrusting advanced progressively from east to west, from the Pindus thrust

to the Ionian thrust.

At present the Ionian region constitutes the boundary zone between the Eurasian

and African plates and the Adriatic and Aegean microplates (Fig. 1.3). Here the active

oceanic subduction along the Hellenic arc changes to continental collision between

Apulia and continental Greece. Le Pichon et al. (1995) propose that the Ionian Islands,

northwestern Peloponnesus, and southwestern mainland Greece constitute a 'Ionian

block' which undergoes faster clockwise rotation than the rest of northwestern Greece.

They suggest that this is caused by the dextral shearing along the Cefalonia Fault (CF,

Fig. 1.3), which is a right-lateral transform fault joining the continental collision and

the oceanic subduction and is connected to a prominent bathymétrie trench (e.g. Ander¬

son & Jackson, 1987). In this model the Gulf of Arta and the Trikhonis lake would act

3



Figure 1 3 Simplified tectonic structure of the east central Mediterranean region (modified

from Reuther et al
, 1993, Hatzfeld et al

, 1995, Mantovani et al, 1996, Armijo et al
, 1996) 1

front of accretion zone, 2 subduction, 3 continental collision, 4 mesozoic passive margin, 5 strike

slip fault, 6 normal fault NAF North Anatolian Fault (western continuation), CF Cephalonia Fault,

GA Gulf of Arta KFZ Katouna Fault Zone, TrTnkhonis Lake LLefkas CCefalonia, ZZakynthos

Solid grey circles are earthquakes with magnitude > 4, reported from NEIC (1998) during 1987

1996 The Ionian Region discussed in the text is outlined

as pull-apart basins, connected by sinistral strike slip along the Katouna fault zone, and

represent the northeastern border of the Ionian block This roughly N-S extension fits

the models of Brooks et al (1988) and Clews ( 1989) of Neogene basin formation Man¬

tovani et al (1997) suggest a model where the Ionian region and the Peloponnesus are

made up from a number of southward moving crustal wedges, where the N-S extension

is larger to the east This then would imply dextral strike slip on the Katouna fault zone

North of the Gulf of Arta the continental collision results m compressional tectonics,

which is observed on focal mechanisms (eg Papazachos et al
, 1991, Baker et al

,

1997) and modeled after field observations by King et al (1993)

Fault plane solutions from microearthquakes as reported by Hatzfeld et al (1995)

do not show any distinct separation between the regions north of the Gulf of Arta and

south of it, and they do also not allow to ascribe a well-defined sense of motion to the

Katouna fault zone In the Ionian islands dextral strike slip prevails around Lefkas and

the CF, on Cefaloma mainly reverse faulting is observed, implying E-W compression

The Ionian channel (Fig 1 4), east of the Ionian islands, appears aseismic in their study,

as is also evident from the NEIC events shown in Figure 1 3
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Figure 1.4 The Isopic zones

of the outer Hellenides of NW

Greece (from Brooks et al.,

1988)

The recent deformation pattern inferred from detailed GPS observations in the Io¬

nian region north of the Gulf of Arta shows negligible motion with respect to Eurasia

(Kahle et al., 1995,1996). South of it and on the Ionian islands general SW movement

is observed, with a southward increase in amplitude. If a regional trend is removed

(Kahle et al., 1993), the displacement vectors in this area show a rather complex pattern,

indicating significant internal deformation on top of the general SW motion. Evidence

for internal deformation is also presented by Stiros et al. (1994), and Underhill (1989)

from surface observations of fault traces. It is probably linked to the Plio-Quarternary

diapirism of Triassic evaporites (B.P. Co Ltd, 1971, Underhill, 1988), which are ex¬

posed across the whole Ionian zone. The influence ofdiapirism on the structural evolu¬

tion of the Ionian region is also emphasized by marine seismic reflection data (Hirn et

al., 1996, Kamberis et al., 1996).

Initiation ofa combined geodetic and seismological experiment

In the frameworkofan ETH-Ziirich research project, GPS satellite geodesy, differential

SAR interferometry and seismologic studies are combined in a detailed investigation of

the geodynamic processes in the Ionian region. The goal of these combined efforts is to

determine the strain- and stress-fields in the region, to detect the temporal variations of

the stress accumulation in the boundary zone between the Adriatic and Aegean micro-

plates, and to contribute to the seismotectonic modelling of the study area. This work

describes the seismological part of the investigations, from the experimental setup and

data aquisition to the three-dimensional picture of crustal velocities and focal mecha¬

nism studies.
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Goals of the Seismologic Study

Spatial variations of deformation in the study area as obtained by GPS observations oc¬

cur over distances in the range of tens of kilometers (Kahle et al., 1993,1995). This de¬

fines the resolution desired for seismotectonic studies, so that changes in seismic

velocity structure or earthquake mechanics can eventually be consistently interpreted

together with results from geodetic studies.

Recently active reflection and refraction seismic experiments were conducted

across the Ionian Island front (Hirn et al., 1996, Kamberis et al., 1996), which yield high

resolution images of the top 15 km of the crust. Within the last decade a couple of re¬

gional tomographic studies have provided information on the structure of the mantle

(e.g. Spakman et al., 1993), and the velocity distribution in the crust on a regional scale

(e.g. Papazachos et al., 1995, Alessandrini et al., 1997). Seismotectonic studies and lo¬

cal earthquake tomography can provide information in a depth range which is not

reached by the active seismic studies and resolve details of the crustal structure which

are not accessible with regional scale studies.

For these purposes high precision earthquake locations are an imperative prerequi¬
site. Not only do they provide the spatial resolution to relate seismicity to known geo¬

logic and tectonic structures and constrain the location and sense of motion of active

faults, but they are also necessary to obtain tomographic images of the crustal velocity

structure with a spatial resolution matching the scale of geodetic deformation patterns.

The experiment is therefore aimed at collecting a data set which allows the precise
location of earthquakes and at the same time contains enough data which adequately

sample the crust in terms of crossing ray paths, so that tomographic studies can be un¬

dertaken. The quality assessment of the results is important for a meaningful interpre¬

tation. Detailed analysis of hypocentral location accuracy as well as resolution and

reliability investigations of the tomographic inversion process are, therefore, an integral

part of this study.

Agenda

In Chapter 2 the experimental setup and the data handling are discussed. The required
dense station spacing, the number of available instruments and the logistic limits in sta¬

tion maintainance place boundary conditions on the possible dimensions of the net¬

work. The necessity of recording enough data to allow for tomographic invesions then

constrains the possible network location and geometry. Determination of station para¬

meters (location and timing accuracy) are discussed in detail, as the knowledge of the

error introduced in the data from inaccuracies of the station parameters is important for

later resolution estimation and quality assessment of seismotectonic results.

Chapter 3 describes the process of inverting for a minimum ID velocity model with

station corrections. As the experiment was organized in two sub-networks, separate

minimum ID models are calculated for the sub-networks before the data set is merged
and a final minimum ID model for the study area is obtained. As a side-effect, the cal¬

culation of a minimum ID model provides very good control on the quality assessment

of the data set. With a minimum ID model precise hypocenter determination is possible,
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and a series of tests is carried out to assess the accuracy of earthquake location and or¬

igin times. The interpretation of station corrections to the minimum ID model and the

comparison of the different models allow a first estimate on the three-dimensional crus-

tal velocity structure.

The inversion for the three-dimensional crustal velocity structure with local earth¬

quake delay-times is described in Chapter 4. After briefly introducing the theoretical

concept of local earthquake tomography with delay time data, tomographic results for

the northern part of the study area are presented, which show a highly heterogeneous
crustal velocity distribution. These results provoke the question about the accuracy of

the implemented forward-solver (ray-tracer), a 3D pseudo-bending method, especially
if the tomographic inversion shall encompass the whole study area. A 3D shooting
method is implemented in the inversion routines, and the different methods of forward

ray tracing are evaluated. The tomographic inversion of the full data set provides a 3D

crustal velocity model of the Ionian region. The different ray tracing approaches and

synthetic tests are used to evaluate the quality of the solution and the significance level

of standard resolution estimates. Thereby well resolved regions can be discriminated,

where the inferred velocity structure may be used for geodynamic interpretations.
In Chapter 5 the results of the previous chapters are summarized in an interpretation

of the recorded seismicity. The connection to the 3D velocity structure allows to iden¬

tify seismically active faults and reveals information about their location and extent in

depth. For selected events focal mechanisms are computed from P-wave first arrival po¬

larities. An interpretation of results from this study together with results from active

seismic expriments in the southern part of the network in the frame of the Hellenic sub¬

duction is presented.

Finally, some conclusions are drawn from the results of the comparison of two dif¬

ferent ray tracing schemes for local earthquake tomography in Chapter 6. Based on the

summary of the results of Chapter 4 and 5, an outlook to possible future work is given.
Limitations and possible improvements in local earthquake tomography, especially re¬

garding the implementation of the second ray tracer, will be discussed, and the possi¬
bilities of comparing the seismotectonic results with geodetic studies will be evaluated.

From these evaluations some suggestions arise for future seismologic studies in the ar¬

ea.
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Chapter 2

Seismic Experiment

Some Introductory Remarks on Quality ofEarthquake Data

A record of a seismic signal principally consists of three quantities which contribute in¬

formation: the geographic position and the time at which the signal is recorded, and the

signal vector at that time. The signal vector is the displacement, velocity, or accelera¬

tion of the ground, from which either only the vertical component or all spatial compo¬
nents are measured, depending on the recording instrument. These three measurable

quantities are affected by measurement errors, and in order to work with this data the

magnitude and distribution of these errors must be known as accurate as possible.
In the following text the term timing error will be used for the known or assumed

error in the timing system of the recording instrument. Picking error will denote the

time-uncertainty in identifying a seismic arrival on the waveform, and together these

errors contribute to the onset time accuracy of an observed seismic arrival. The term

position accuracy will be used to describe the quality of the geographic coordinate es¬

timation for a station position. Amplitudes of the seismic signals were only used for

magnitude estimation, and then only from the Mars88 instruments, for which the instru¬

ment and seismometer response was reliably known. Polarity information, however,

was obtained from all stations and used to determine focal mechanisms. Timing error,

position accuracy and amplitude or polarity information accuracy are summarized as

station parameters and are dealt with in greater detail in Section 2.2.

2.1 Experiment Design

Network Layout and Operation

The field experiment in the summer of 1995 was aimed to record local earthquake ac¬

tivity in the Ionian region of NW Greece and to provide a dataset which would allow

high precision earthquake location and permit the inversion for the three-dimensional

crustal velocity structure. Hatzfeld et al. (1995) provide information about the distribu¬

tion of microearthquakes in the region from an experiment in 1989. This information

was used to plan the network location, based on a recording period of three months

which was imposed by logistic reasons. From the previous study and the logistical
framework it was decided that the network should be installed around the Gulf of Arta,

covering an area of about 100 km by 80 km (Figure 2.1). One of the main targets of this

study was the Katouna fault, a N-S trending transform structure which is supposed to

play a key role in the regional microplate tectonics. The sense and rate of motion on this
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fault are still debated (e.g. Hatzfeld et al., 1995). In order to be able to link this experi¬

ment to the 1989 experiment of Hatzfeld et al., some station positions from that exper¬

iment were reoccupied (within ±1 km). The experiment was conducted by the Institut

für Geophysik, ETH Zürich, in collaboration with the Laboratoire de Géophysique In¬

terne et Tectonophysique (LGIT) Grenoble, the Institute of Geophysics and the Seismo-

logical Observatory of the University of Thessaloniki, and the Institute of Geophysics

of the University of Athens.

Two types of recording instruments were used, 18 Mars88 from ETH Zurich

equipped with Lennartz Le3D 1Hz three-component geophones and 21 TAD from

LGIT Grenoble equipped with Mark L22-D 2Hz vertical component geophones. An av¬

erage station spacing of about 10 km was projected in order to yield good control on

hypocenter locations, where the three-component stations should be evenly distributed

among the vertical-component stations in order to obtain reasonable coverage of S-

wave recordings. 37 sites were finally occupied. In a late stage of field experiment plan¬

ning it became clear that for a period of 6 weeks in August / September a deployment
was planned on the Ionian islands and around the Gulf of Patras as a follow-up on the

STREAMERS-project (Hirn et al., 1996, Sachpazi et al., 1998). It was decided that for

this deployment 12 ETH stations would be moved from the network around the Gulf

of Arta to enlarge this network (Figure 2.1). In the following, the network around the

Gulf of Arta will be called northern network and the network on the Ionian islands and

around the Gulf of Patras southern network. In the northern network a TAD and a

Mars88 were operated parallel at the location LSAL / SALA (geophones ~1 m apart)
until the Mars88 was moved to the southern network. This parallel operation enabled a

direct comparison of the performance of the two station types (signal shape, triggering

and timing system). At the location LSTR / STRO the Mars88 was replaced by a TAD

(moved from ARCH) when the Mars88 was moved to the southern network.

The southern network consisted of 33 stations, 11 Mars88 from the Institut de Phy¬

sique du Globe de Paris (IPGP), 12 Mars88 from ETH and 10 OBS from ORSTOM

Villefranche-sur-Mer. The experiment logistics (except for the 12 ETH stations) and

data processing was done by teams from IPGP, the National Observatory of Athens

(NOA) and the ORSTOM.

Instrument Characteristics

Northern Network

Data storage on the Mars88 instruments from ETH Zurich was done on magneto-optic

(MO) disks with approx. 200 mb / side capacity. The sampling frequency was 250 Hz,

which yields a usable frequency range of -1 Hz to 100 Hz, in which the transfer func¬

tion of the recording system (1Hz geophone + recording instrument) is more or less lin¬

ear. The recording instrument has a dynamic range of 120 dB, and the scale was set

according to a LSB value of 2 u.V. With the automatic gain ranging applied the signal

was never saturated nor clipped. The stations were operated in triggered mode with a

recording window of 20 s before and 40 s after the trigger, and powered by 55 Ah car
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Figure 2.1 Network map of northern and southern network. White symbols denote northern

network stations, black symbols southern network stations. White symbols with thin borders

denote stations that were moved from the northern to the southern network.
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batteries.

The TAD stations from LGIT Grenoble use 4 mb flash-cards for data storage. They

were recording with 100 Hz sampling frequency, and as they use an analog integrating
circuit they retain a usable frequency range of ~2 Hz to 100 Hz (D. Hatzfeld, pers.

comm., 1995). The recording resolution was initially set to ±1024 points with a LSB

value of 1.2 (iV. The gain was self-adapting on a 3 hour time window (either doubling
or halving the resolution if upper or lower amplitude thresholds were hit), but still sig¬
nals on stations near the epicenters were often clipped. Stations were operated in trig¬

gered mode with recording windows from 10 s before to 30 s after the trigger. Power

was supplied by by solar panels buffered with a battery. Table 2.1 summarizes the main

operation parameters for the stations.

As the timing system for both station types emerged to be the most important
source of error it is discussed in detail below.

Southern Network

In the southern network 11 ocean-bottom seismometers (OBS) from ORSTOM, 11

Mars88 from IPG and the 12 Mars88 from ETH were deployed. The Mars88 from ETH

operated in the same mode and configuration as those of the northern network except

for two which were equipped with Le-3D 5 s sensors and recording continuously with

a sampling frequency of 50 Hz. The Mars88 from IPG were again equipped with Le-3D

1Hz seismometers, recording in triggered mode with a sampling frequency of 125 Hz,

using DCF as external time. The OBS from ORSTOM had 4.5 Hz 3-channel geophones,

operating with 100Hz sampling frequency in triggered mode. The time was set from

GPS at deployment and again on retrieval, and internal clock corrections were applied
due to the accumulated shift.

Number

of

stations

Seismo.

eigenfrequ.

recording
channels

&frequ.

operation
mode

timing

system

northern network

Mars88 ETH 18 [6] 1Hz 3 250 Hz triggered GPS /DCF

TAD LGIT 21 2 Hz 1 100 Hz triggered DCF

southern network

Mars88 ETH 10

2

1Hz

5s

3 250 Hz

3 50 Hz

triggered
continuous

GPS/DCF

Mars88 IPGP 11 1Hz 3 125 Hz triggered DCF

OBS ORSTOM 10 4.5 Hz 3 100 Hz triggered GPS

Table 2.1 : Summarized operating parameters for the seismic stations

12



Field data handling

The TAD stations had to be serviced (flash-cards exchanged) every three days in order

to avoid them running out of recording memory, so for logistical reasons also the

Mars88 stations were serviced every 3 days. These frequent station services enabled the

fast detection of possible station malfunctions, which kept data loss low. Data was cop¬

ied from the recording media to harddisk and from there to either MO- disks (TAD) or

DAT (Mars88). In that process the TAD data was converted to the SISMALP format,

and the Mars88 data was written in the Lennartz database format. In a second step of

field processing the data was checked for quality and underwent rough cleaning, where¬

by non-seismological signals were deleted. For the 12 ETH-stations in the southern net¬

work the data was only downloaded, quality-checked and saved, no rough cleaning was

done in the field.

Trigger parameters on the Mars88 were set at the beginning according to the pa¬

rameters used by the Seismological Observatory of Thessaloniki. Within the first weeks

of the experiment it became clear that the triggering was not very well adjusted to the

local situation, as the TAD which were working with a pure short-term average / long-
term average (STA/LTA) trigger recorded significantly more seismic signals. Trigger

parameters for the Mars88 were then adjusted over time by a trial and error approach.
A satisfying set of trigger parameters was found after a while, but the TAD triggered
still better for very small events. From this experience the design of a trigger-simulation

program (in Matlab) was motivated which now can be used to determine appropriate

trigger parameters for the Mars88 (Appendix B.2).

Experiment summary

The TAD recorded a total of 650 Mb of data with roughly 300 Mb left after the cleaning,

consisting of about 32,000 seismic traces. The Mars88 in the northern network recorded

3.5 Gb of data with 1 Gb left after cleaning, consisting of about 31,000 seismic traces

(about 10,300 three-component records). This dataset from the northern network en¬

compasses more than 1000 seismic events: 25 from teleseismic distances, 441 locatable

local events (not more than 50 km outside the network, see Chapter 3) and more than

500 from regional distances. Data processing until phase picking and first earthquake
localization for the southern network was done by the IPGP, resulting in 660 locatable

local events. For this study, only the local events from both networks are considered fur¬

ther, of course including all cross-network records (events within the southern network

recorded on the northern network and vice versa, Section 3.1).

The dataset recorded during the summer of 1995 is the first high quality digital da¬

taset to be collected in this area. Due to the dense station spacing and the large number

of recorded local events it provides a good basis for a detailed seismotectonic study of

the area.
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2.2 Determination of Station Parameters

Station Coordinates

Requested Station Position Accuracy

The accuracy of the station position has a direct influence on the error in the location of

earthquakes. How large this influence is, absolute and in relation to other sources of er¬

ror, depends on the specific situation. For a detailed study of the local seismicity with

a network of short period stations and a sample rate between 100 s and 250 s one

should be able to pick the first arrival with an error of only a few samples. This means

that the onset-time accuracy is in the order of a few tens of milliseconds. With an aver¬

age upper crustal P-velocity of about 6 km/s (to take just a general value) this corre¬

sponds to a distance of around 200 m. The station position accuracy should be better

than that in order not to loose again the information gained by using short period instru¬

ments with high sampling rates.

GPS Single Point Measurements and GPS Position Errors

During the fieldwork station coordinates for the stations in the northern network and the

ETH stations in the southern network were taken with the GPS instruments used for the

timing system of the stations. Two different instruments were used - a Precitel GPS

Time System unit which is part of the MARS88 Data Aquisiton System and a LEAS

unit which belongs to the TAD stations. The Precitel gives its output in degrees and

minutes to three decimals, the LEAS GPS in degrees and minutes to two decimals. Be¬

tween three and ten single measurements were taken at each station during the three

months of the campaign.
When selective availability is imposed (which is normally the case for the civil us¬

er), the 2a value of a single GPS measurement is approx. 100 m in the plane (Schrödter,

1994). Due to this artificially introduced inaccuracy, the position measurements should

follow a Gaussian distribution around the true value (measurements can be taken to be

independent when the time interval between successive fixings is greater than one day).

Theoretically this should yield a standard deviation of ( 1 /Jri)- a, where n denotes the

number of independent measurements and a the standard deviation of one measure¬

ment.

During the processing of the coordinate readings much larger deviations from the

mean than expected were found. The reason for this is unknown, further tests at ETH

confirmed this behaviour, not only for the GPS receivers used in the experiment but also

for newer generation instruments.

At nine stations the exact positions were determined by the Geodesy and Geody-
namics Lab (GGL), ETH Zürich (Y. Peter, pers. comm. 1995). These exact positions
have error values ^ 1 m and are further referred to as geodetic positions. To obtain in¬

formation about the accuracy of the mean position values derived from the single GPS
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measurements, these were compared to the geodetic positons of the same station. At

first the sets of single GPS measurements were cleaned from obvious reading errors.

The standard deviations for the mean values of the remaining measurements vary be¬

tween 10 m and 79 m (see Table 2.2).

Station # measuerments lat-error [m] Ion-error [m]

KATO 4 71.1 30.9

LKAT 4 30.1 37.6

LSAL/SALA 10 78.4 46.7

XSIM 4 26.4 46.1

XARA 5 35.5 53.2

XVAL 3 13.9 14.7

XVOL 3 29.1 7.1

XKAS 5 27.8 65.3

XVAK 6 22.0 37.8

Table 2.2: Number of single GPS measurements and standard deviations for locations which

have also geodetic positions (see Figure 2.2)

From Figure 2.2 it can be seen that the geodetic positions are always within or very

close to the cloud of points of die single GPS measurements. If an error of ±100 m is

assigned to the mean values of the single GPS measurements, all the geodetic positions

lie within this error (for seven of the nine stations the geodetic positions lie within ±50

m of the single measurement means). This allows to expect that a position accuracy of

±100 m can be achieved for all stations by taking the mean value of the single position

measurements.

Two stations have to be regarded separately. The six single point measurements for

station LPET show a much larger scattering than the other stations, with no statistically

significant outliers. For station LEMP only three single GPS measurements have been

taken with a scatter larger than normal. One reason for the large scattering of the single

GPS measurements at these sites might be the extreme topography (narrow valleys)

which constrains satellite signal reception.
Due to the extreme and thus recognizable topography, the positions of these sta¬

tions could be located very precisely on the map. Comparing these map readings and

the mean values of the single GPS measurements, a position accuracy of ±200 m is con¬

cluded for these two stations.

Map Readings and Transformation to WGS84 Coordinates

Coordinates for all stations installed during the experiment were additionally taken

from topographic maps with scale 1:50,000 (Hellenic Army Geographic Service).
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These maps are rather old (1953 -1970) and especially the road network, populated ar¬

eas and buildings which could facilitate orientation have changed substantially. There¬

fore site identification can be very difficult, especially as some stations were not

correctly marked on the maps during the field-campaign. This leads to a position accu¬

racy on the map of about ±200 m. For some cases where the station position is clearly
defined by topographic features the uncertainty is reduced to ±50 m.

Another difficulty in interpreting the map coordinates is caused by the map projec¬
tion system. The only information available on the maps states that the European Datum

1950 is used as reference, which then implies a Bessel projection. This was confirmed

by the National Observatory of Athens (M. Sachpazi, pers. comm). Exact projection pa¬
rameters were not available.

But to compare the coordinates taken from maps to the geodetic positions obtained

from GPS measurements, the map readings have to be converted to the WGS84 (World
Geodetic System 1984) system. To do this, without knowing the projection parameters

of the maps, the nine stations for which geodetic positions have been determined and

their corresponding map readings are inverted to obtain the conversion parameters from

the map projection to WGS84. This was done at the GGL with the SKI software (Ver¬

sion 2.1, Leica AG, Heerbrugg, Switzerland, 1996). The differences between the map

coordinates, converted to WGS84 with the set of parameters found in the inversion, and

the geodetic positions are up to 200 m, which is in agreement with the estimated accu¬

racy of the direct positioning of locations on the map. With these conversion parameters

all the map readings were converted to the WGS84 system.

Comparison of Coordinate Determinations and Final Coordinates and Coordinate Er¬

rors

Comparing the GPS single point mean values and the converted map readings with the

geodetic positions for the nine stations where they were taken (Figure 2.2) shows that

the GPS mean values are closer to the geodetic position than the map readings.
If an error of±200 m is assigned to the converted map coordinates, the error ellipses

of these positions and of the mean values of the single GPS measurements overlap for

47 stations. At four stations, where the map coordinates are believed to be less accurate,

the difference between map readings and the GPS mean values are larger, the largest
deviation of a map reading from a GPS mean value is 457 m.

This justifies to rely on the GPS single point mean values and assign to them an

error of ±100 m for the stations where no geodetic positions are available. For the two

stations where the GPS single point measurements show much larger scattering man
usual the mean value of these measurements is still taken as the station position, but an

error of ±200 m is assigned to it. This error-ellipses then include the map readings.
Table 2.3 shows the final station coordinates and coordinate errors used in the fur¬

ther processing. Altitude values are taken from the maps (with the map coordinates) ex-

ept for the stations with the geodetic positions which also have altitude values with

errors below 1 m. The elevation errors for the other stations are, regarding the position

accuracy, taken to be ±50 m. Coordinates for the non-ETH stations in the southern net-
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work were provided by IPGP. For the land-stations they were also determined from a

set of GPS measurements, the OBS coordinates were taken at deployment time from the

on-board navigation system of the deployment vessel. For these stations again a hori¬

zontal position accuracy of ±100 m is assumed.
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Figure 2.2 Comparison of single measurement mean values, geodetic positions and

transformed map readings for the 9 locations for which geodetic positions were determined. Solid

dots are single GPS measurements, the cross denotes the mean and standard deviation (values

given in Table 2.2). The grey asterix is the geodetic (=exact) position, and the open diamond

denotes the position read from the map and transformed to WQS84 (see text). Station names

(see Table 2.3) are indicated. Annotation is °E (in x) and °N (in y).
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Table 2.3: Final station coordinates for all stations (WGS 84 reference system)

Station longitude [°E] latitude [°N]
altitude and

uncertainty [m]

horizontal

uncertainty [m]

northern network

AETO 21 0943 38 7198 280 ±50 1100m

Aien 20 8051 38 8895 100150 1100m

ALEX 20 6815 38 7511 440150 1100m

AMOR 21 3596 38 8634 300150 1100m

ARCH 21 0228 38 6928 300150 1100m

BAMB 21 1301 38 6102 250150 1100m

CHRI 211576 39 1017 480150 1100m

FYTI 21 1863 38 6854 340150 1100m

KALI 21 2355 38 9654 340150 1100m

KAMP 21 2551 38 8712 430150 1100m

KAMR 20 8645 38 9514 040150 1100m

KATO 21 09614 38 78914 35811 11m

LANP 21 4788 38 8087 480150 1100m

LBAM 213227 38 8164 220150 1100m

LEMP 213404 39 0203 460150 1200m

LKAL 209204 39 0754 005150 1100m

LKAT 21 16508 38 99738 24911 11m

LMYT 20 7084 38 9933 010150 1100m

LPAL 20 9794 38 9159 130150 1100m

LPER 209580 38 7947 800150 1100m

LPET 214224 38 9296 640150 1200m

LSAL = SALA 20 86795 39 03563 7711 11m

LSEL 210499 39 0971 040150 1100m

LSKI 21 4582 38 6546 240150 1100m

LSKO 212649 39 1771 940150 1100m

LSPA 21 1053 38 8944 160150 1100m

LSTA 21 1941 38 8073 160150 1100m

LSTE 20 8251 38 8156 120150 1100m
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Table 2.3: Final station coordinates for ail stations (WGS 84 reference system).

Station longitude [°E] latitude [°N]
altitude and

uncertainty [m]

horizontal

uncertainty [m)

LSTR = STRO 20.8189 39.1283 040 ±50 ±100

LVOU 21.0372 38.8019 320 ±50 ±100

MONA 20.9217 38.8520 210 ±50 ±100

PALE 20.8961 38.7585 260 ±50 ±100

PATI 21.2669 39.1013 740 ±50 ±100

POTA 21.4202 38.7416 240±50 ±100

SALA =LSAL 20.86795 39.03563 77 ±1 ±1

STRA 21.2950 38.7231 180 ± 50 ±100

STRO = LSTR 20.8189 39.1283 040 ±50 ±100

TRIF 21.1021 38.8460 150 ±50 ±100

ZYGO 21.0938 39.2084 550 ±50 ±100

southern network

XAGA 20.7883 37.7080 330 + 50 ±100

XANA 21.4263 37.8065 300 ±50 ±100

XARA 21.39800 38.16163 62±1 ±1

XKAS 21.14160 37.89083 252 ±1 ±1

XLEO 20.6965 37.7831 460 ±50 ±100

XNAF 21.8287 38.4126 370150 ±100

XNEO 21.1989 38.3608 140 ±50 ±100

XSM 21.49761 38.39846 248 ±1 ±1

XVAK 20.62779 38.60750 89 ±1 ±1

XVAL 20.58877 38.17690 431 ±1 ±1

XVAS 20.9456 37.7329 280 ±50 ±100

XVOL 20.65880 37.88516 435 ±1 ±1

vov 20.3833 38.2635 120 ±50 ±100

Uv 20.4188 38.2923 180 ± 50 ±100

car 20.5525 38.3337 410 ±50 ±100

zab 20.5557 38.4200 160 ±50 ±100

ani 20.7812 38.1132 400±50 ±100

fav 20.3997 38.2102 50 ±50 ±100
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Table 2.3: Final station coordinates for all stations (WGS 84 reference system)

Station longitude [°E] latitude [°N]
altitude and

uncertainty [m]

horizontal

uncertainty [m]

efi 20 5827 38 2910 430 ± 50 ±100

Hi 20 5470 38 0972 50 ±50 ±100

xal 20 6023 38 2187 400 ±50 ±100

ath 204153 38 3215 170 ±50 ±100

dal 204893 38 2177 250 ±50 ±100

obi 204695 38 0453 -180 ±50 ±100

ob2 20 6000 38 0002 -180 ±50 ±100

ob3 20 5158 37 8750 -780 ±50 ±100

ob5 20 2583 37 6447 -2800 ±50 ±100

obg 20 3688 37 9412 -1315±50 ±100

obl5 20 1470 38 0415 -1140 ±50 ±100

obl6 20 3005 38 3362 -2750 ± 50 ±100

obl8 20 0748 38 2417 -3160 ±50 ±100

obl9 200147 38 1087 -3410 ±50 ±100

ob20 200852 37 9575 -3500 ±50 ±100

Time System Inconsistencies

Seismotectonic analysis of earthquake data requires that the correct time for each data-

point on a seismic trace (sample) is known with a certain accuracy The kind of analysis
which can be sucessfully undertaken and its quality (resolution) are strongly coupled
with this accuracy

Modern seismological recording systems mostly use an external time signal as ref¬

erence which can come from powerful ground based radio transmitters (Omega, DCF)
or from satellites (GPS) This signal is either saved on the data records directly or used

to control and update an internal clock in the recording unit which is then used to set

the time on the data

The instruments used in this experiment were equipped with external DCF as well

as GPS time signal receivers Figure 2 3 explains the basic principles of the timing sys¬

tem for the TAD and Mars88 instruments
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Figure 2.3 General principle of the timing system for the Mars88 and the TAD stations

For the following discussion the true time is defined as the time which is received

from a GPS satellite, and the lag is the difference between this true time and an internal

time (time of the internal clock of the recording instrument).

One has to be aware that the electronics of the DCF receiver antenna cause an an¬

tenna-dependent delay of the time signal. If the data are to be used together with data

from instruments with a GPS receiver as external time source, this delay has to be taken

into account.

Mars88 Stations

The external time for the Mars88 Stations is either the DCF time code received by

a DCF antenna or a GPS time signal which is transformed by the GPS receiver to a DCF

code signal (Figure 2.3).
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The direct DCF reception worked rather well although the study area is at the limit

of the range of the signal (-2000 km). Times with no reception of the DCF signal were

scarce, and, as the internal clock of the Mars88 is very stable, did not introduce signif¬
icant time lags. The use of both GPS and DCF receivers as time basis for the MARS

stations made it necessary to correct the start times for the data recorded on systems us¬

ing a DCF antenna. For the MARS-DCF antennas used in this experiment the antenna-

dependent delay is between 32 and 53 msec (information from the manufacturer). This

lag is corrected in the program read_mars when converting the MARS data to the GSE

format (Section 2.3 and Appendix B.l.l).

GPS as external time source has the advantage that the DCF-code produced by the

GPS receiver equals the true time, if the base for the DCF code is the GPS satellite time.

As the continuous GPS-reception is very power-consuming, the GPS receiver is run in

intervall mode: principally it runs on an internal clock and every full hour it tries to get

a fix on the satellites to reset this internal clock. The Lennartz GPS receiver keeps this

fix normally for 10 minutes and transmitts a DCF signal only during this time. This in¬

terval of valid true time DCF-code every hour is sufficient to control the internal clock

of the recording instrument.

The Precitel GPS receivers used with the ETH Mars88-stations in this experiment

produce a continuous DCF-code even when operating in interval mode.This continuous

DCF output is controlled by a second internal clock in the GPS receiver (microproces¬

sor clock), as the standard GPS-internal clock is not accurate enough. In order to ensure

an accurate time signal the microprocessor clock must be stable to ± 10 ms/h. It is reset

to the true time once every hour and the GPS fix is not kept after the moment of reset.

The Mars88 writes a value LAG to the header of every data block (if a lag can be

determined, i.e. if there is a valid external time signal), which allows to control the qual¬

ity of the internal timing system. Figure 2.4 shows a plot of these LAG values read from

the datablock headers versus time for one station with a DCF antenna and for one with

a GPS receiver. The DCF - equipped station shows the expected behaviour (no signifi¬

cant LAG), but it is clear on first sight that something is seriously wrong with the GPS

- equipped station. The reason for the large LAG values was quickly found: the GPS-

microprocessor clocks do not meet the required accuracy at all. The exact shape of the

curve is determined by the way the LAG value is computed. LAG is not the value lag

as it was defined above but a filtered interpretation of it. As the Mars88 corrects its in¬

ternal clock on an apparentely wrong external time signal, it is necessary to understand

how this correction procedure works in order to correct these wrong corrections back to

the true time as good as possible.

Figure 2.5 shows the reason for the observed time lags schematically. The GPS -

microprocessor clock has a certain drift relative to the true time. As the microprocessor
clock is reset every hour instantaneously (when the GPS receiver has found a new fix

on the satellites) this introduces a sudden jump in the DCF code sent to the Mars88. The

Mars88 interprets this sudden change in the external time as an error on its side and tries

to correct its own internal clock according to the difference to the external time signal.

The correction of the Mars88 internal clock works in two ways: the time can be shifted

by ±12.5 us every second {phase shift) and the frequency of the internal clock can be
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Figure 2.4 LAG values (dots) for two continuously recording stations. One value per data

block (8s). Plotted are 10 hours of recording, a) Station with a GPS receiver as time basis, b)
station with DCF receiver as time basis. In a the effect of the drift of the microprocessor clock and

the reset every hour can be clearly seen.
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Figure 2.5 Schematic sketch of the origin of the lag for the Mars88 GPS-timing system, a the

true time from the GPS satellite, b the internal time on the GPS receiver which is sent to the

Mars88 internal clock as DCF-code, c the time on the internal clock of the Mars88, trying to

adapt to the time sent from the GPS receiver. In this example the clock in the GPS receiver is too

fast. It gets corrected at every 10-pulse by a fix to the GPS satellite. The internal clock of the

Mars88 then realizes that it is too fast and tries to compensate
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adjusted by ±8-12 ppm (frequency shift), the exact value depending on the circuitry

components which can differ from instrument to instrument.

The problem now is to deduce from the recorded 'LAG' values the real lag between

the Mars88-clock and the GPS-microprocessor clock and the Mars88-clock and the true

time. A program to simulate the behaviour of the 'LAG' value has been developed in

order to model the observed 'LAG' values by adjusting the hypothetic drift of the ex¬

ternal clock. It incorporates the Lennartz-algorithm for the computation of the 'LAG'

value as well as the mechanism of the phase shift. The frequency shift is only roughly

modeled as its influence is smaller than the influence of the phase shift and its exact

simulation would have been very complicated. Input parameters for the modeling are

the assumed drift of the GPS microprocessor clock and the instrument parameters

which control the computation of the LAG and the correction of the internal clock. Fig¬

ure 2.6 shows a results of this modeling together with the real lag values for a station

which recorded continuously. The differences between the modeled and the observed

'LAG' values are within a few ms. The modeling also gives information on the lag be¬

tween the true time and the Mars88 - internal clock. This is the time correction which

has to be applied.
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Figure 2.6 Modeling of the LAG for a station with continuous recording, shown for 4 hours.
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modeled LAG values, and the black crosses 3 are the correction values (true time - Mars88 time).
The drift of the GPS-receiver microprocessor clock has been modeled as 0.0108 ms/h, it is too

fast.
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As almost all the data from the experiment was recorded in triggered mode there is

no permanent information on the LAG values for this data (see Figure 2.7). The crucial

parameters for the accurate modeling are the drift of the GPS microprocessor clock and

the times of the fixes on the satellites, when the microprocessor clock is reset. They

have to be deduced from an arbitrarily sampled distribution of LAG values. Luckily the

fix-times are very regularly, 2±1 minutes after the full hour for all stations. For a max¬

imum drift of the GPS microprocessor clocks of 0.07 ms/s (found for one instrument),

the error of the maximum lag introduced during ±1 minute of drift is 4.2 ms, which is

negligible. The drift of the microprocessor clock can then be derived from the maxi¬

mum LAG values, the difference between two fix-times and some trial and error mod¬

eling.
The shape of the curve of time corrections is a regular sawtooth with its absolute

maximum values at the fix-times, decaying according to the maximum possible correc¬

tion of the Mars internal clock, and its absolute minimum when the LAG reaches or

crosses the zero-line (see Figures 2.6, 2.7). If the drift of the GPS microprocessor clock

is less than the maximum drift which the Mars88 internal clock can compensate, the

LAG remains 0 and the time corrections grow according to the drift (as in Figure 2.6).

If the drift is larger, the LAG grows in the opposite direction and the time corrections

grow according to the maximum correction of the Mars internal clock (e.g. Figure 2.7).

It is now possible to determine the time corrections for each station with a GPS re¬

ceiver to be applied to the data as a periodic function of time, starting at 2 minutes after

the full hour and with a period of 1 hour.

Taking into account the different sources of error and the inaccuracies in the mod¬

eling, an error of ± 10 ms for the corrected times remains. This error is of the same order

of magnitude as the phase picking error (for a sampling frequency of 250 Hz).

Figure 2.7 (next page) Observed and modeled LAG values for a station with triggered

recording. Legend as In Figure 2.6. a) Recorded LAG values for station LBAM, b) Modeled

and observed LAG values and time corrections for a 10 hour time interval at this station. The

drift of the GPS microprocessor clock is modeled as 0.045 ms/s.
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TAD Stations

One major difference between Mars88 and TAD stations is that the internal clock of the

TAD is not corrected with the external pulse (except when no external time pulse is re¬

ceived for more than 2 hours, then the internal clock is reset on the next valid external

pulse). Only the difference between internal and external time (lag) is recorded together

with the internal time. This lag is applied to correct the internal time when processing

the data. Normally no further checks are made and the time information on the trace is

believed to be correct within the specifications of the manufacturer. Nevertheless there

are a couple of possible error sources on the way between the reception of the external

time pulse and the output of the time information to the record.

First suspicions that something was not working as expected arose from comparing

records from 2 stations which were installed at the same site for about 4 weeks. One was

a TAD station with a DCF (SALA) and the other a Mars88 station with a GPS receiver

(LSAL), the geophones were about 1 m apart, buried on limestone. A comparison of the

onset times of clearly identifiable wavelets after the correction of LSAL (see previous

section) on both stations displayed time differences up to 0.7 seconds (Figure 2.8). This

is about one order of magnitude larger than expected. In order to be able to use this data

at all for scientific purpose it is necessary to find a reason for this behavior and quantify

the possible time error on the data, if it cannot be corrected.
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Figure 2.8 Time differences between stations SALA and LSAL for clearly identifiable wavelets

(black dots). The time period is 36 days.

A closer look into the TAD stations revealed a bug in the software which computed

the time lag (D. Hatzfeld, pers. comm. 1996) and also that the reception of the DCF sig¬

nal was apparentely very bad at this station (Figure 2.9). There are long time intervals

27



during which no external time pulse is received. It seems that during the night (mid¬

nights are multiples of 24) the reception was much better than during the day. The be¬

havior of the lag values with time can be split in 3 types:

1. The lag is distributed evenly around 0, with amplitudes normally around ±10 ms

(sometimes up to ±30 ms). This scattering of the correction values could be assigned

to the normal scattering in the reception of a DCF signal, which is around a few tens

of milliseconds.

2. The linearly connected lags form a kind of sawtooth function with peak amplitudes
around 50 ms. After 12-20 hours with no minute-pulse the internal clock is around 50

ms late compared to the external time. This correction drops to normal values at the

next minute. The reason is that if the TAD does not receive any valid minute-pulse for

2 hours, the clock is automatically reset after the next valid minute-pulse. So the first

lag after a period of no external time pulse is compensated at the next pulse (Hatzfeld

1996, pers. comm.).

3. The difference between the minute pulse and the internal time exceeds 100 ms. The

largest difference found in the checked dataset is 1680 ms. The trajectory of the lags is

usually two-sided, but sometimes there are some minutes of normal lag between the

two large deflections. These abnormal lag values are caused by the bug in the system

software mentioned before.

150

260

-215

144 216 288 360 432 504

hours

576 648 720 792 864

Figure 2.9 Lag values between external and internal clock for station SALA (black dots, values

larger than ±150 ms are given as numbers) and time difference on recordings between LSAL and

SALA (values larger than ±150 ms not shown, see Figure 2.8). A lag value is always determined

when the DCF reception is good. Triggers which are later accepted are shown as full grey circles,

those later rejected as empty circles
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The aim now is to find criteria which allow to select records for which the timing

error does not exceed a certain value. The criteria should also be as simple and straight¬

forward as possible, as they can only be veryfied on a very limited dataset. The more

complex the selection criteria are the greater is the danger that they are specialized for

that dataset.

Various tests led to a very simple selection criterion with wich only records with a

time difference of less than 50 ms are selected: the two neighboring correction values

to a recorded signal must be less than 70 ms. Figure 2.10 shows the statistics for this

selection, which results in rejecting 22 out of 66 records.
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Figure 2.10 a) The bias between rejecting good events and selecting bad ones. With the

chosen criterion no bad record is accepted, but 10 good records are rejected, b) The distribution

of time errors before (empty bars) and after (grey bars) the selection process.

A maximum timing error of 50 ms is acceptable (the average timing error for the

shown data is 12 ms), especially as the distribution of errors is sharply peaked around

0 ms (Figure 2.10). Only 6 of the accepted records show a time difference to the Mars88

station greater than 20 ms, which is the uncertainty of the time on the Mars88 after the

correction of the GPS (see previous section).

Fortunately, station SALA is the station with the worst DCF reception of all the

TAD stations, as can be seen from Table 2.4 and in Figure 2.11, where the correction

values for this 36 days for station SALA, ZYGO and PATI together with the finally ac¬

cepted and rejected records are plotted. Records here are not only seismic signals but

any signal that triggered. The whole TAD selection process leads to rejecting 1263 out

of 35363 records (3.6 %, see Table 2.4).
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PATI

Total 785

Accepted 732
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ZYGO

Total: 490

Accepted: 489

:.. ; :;. .:

Rejected- 1

0 72 144 216 288 360 432 504 576 648 720 792 864

hours

Figure 2.11 Correction values (black dots), accepted (circles) and rejected (triangles) records

for the applied selection criterion for the stations PATI, SALA and ZYGO for the time interval 95/7/

14-95/8/30.
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Station
total # of

records
# accepted % accepted

AETO 1671 1668 99.8

AKTI 906 896 98.9

ALEX 1676 1660 99.0

AMOR 2984 2941 98.6

ARCH 1928 1924 99.8

BAMB 1150 1120 97.4

CHRI 1654 1494 90.3

FYTI 1959 1945 99.3

KALI 1422 1331 93.6

KAMP 2338 2332 99.7

KAMR 1030 1024 99.4

KATO 1359 1081 79.5

MONA 1258 1258 100

PALE 1090 1076 98.7

PATI 1791 1703 95.1

POTA 2924 2889 98.8

SALA 895 600 67.0

STRA 3490 3373 96.6

STRO 1272 1221 96.0

TRIF 1117 1117 100

ZYGO 1449 1447 99.8

Total 35363 34100 96.4

Table 2.4: Statistics of the selection process for TAD data
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Polarity Errors and Station Calibration

During the course of the field experiment it became evident on teleseismic arrivals that

some of the TAD systems had reversed polarities. A thorough investigation of this phe¬

nomenon, using lab-tests of the recordings systems and geophones (J. Riepl, pers.

comm. 1995) as well as a careful analysis of all available teleseismic data, revealed that

from the 20 stations 9 consistantly showed reversed polarities relative to the Mars88

stations. These polarity errors are corrected in the program tadlgsel (Appendix B.1.2)

while transforming the data to GSE format.

Every seismograph system acts as a filter on the incoming seismic wavefront, the

effects of the response of the seismometer overlapping with the digitizing process of the

recording unit itself. For some applications, when full waveform information is needed

(e.g. body wave modeling) or simulation of a standard seismograph system is required

(e.g. magnitude estimation), the filter effects of the seismograph system (instrument re¬

sponse) have to be accounted for. For the TAD stations, no reliable instrument response

function was available, so waveform information was not used in the further processing.
Due to the very high oversampling in the Mars88 recording unit (initially 5 kHz), and

the subsequent digitizing scheme the response of the recording unit resembles a high-
cut filter with a very steep decay between 0.4 and 0.5 x the sampling freqency. For a

recording sampling frequency of 250 Hz the response of the recording unit can therefore

be neglected. The filter describing the response for the Lennartz Le-3D 1 Hz seismom¬

eter is shown as GSE1 - poles and zeroes format calibration file in Figure 2.12. This was

used when simulating Wood-Anderson seismographs to compute local magnitudes.

CALl LPER 01_2 sn MARS88 PAZ header line

2 number of poles
-4.39823 4.48709 poles (complex)
-4.39823 -4.48709

3 number of zeroes

0.0 0.0 zeroes (complex)
0.0 0.0

0.0 0.0

0.400000 scale factor

Figure 2.12 Example of a GSE1 - format poles and zeroes calibration file for the

Lennartz Le-3D 1 Hz seismometer
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2.3 Data Processing

Data Processing Software and Data Merging

One major problem in the early stages of this work arose because data from two totally
different recording systems had to be merged in a way that ajoint processing of this data

would be possible For the processing software the decision fell on GIANT (Graphical
Interactive Aftershock Network Toolbox, Rietbrock & Scherbaum, 1998) This soft¬

ware combines several tools for seismological data processing under an easy to use X-

windows based environment, running a powerful database engine in the background
To use this software, the data from both sets of instruments had to be converted to

a common format As international data exchange also becomes more and more impor¬

tant it seemed to be convenient to use the GSE format (Group of Scientific Experts, Ge¬

neva, 1990) as basic data format Routines for the data conversion from MARS resp

SISMALP-ASCII format to GSE1 were developed These programs, read_mars and

tad2gsel are described m Appendix B The routines also already apply the DCF-GPS

time correction on the Mars88 data and adjust the polanties on the TAD The effect of

the GPS-quartz dnft was detected only after the building of the database, the correction

was done within the database The selection of TAD data for valid external time signals

was only done on the phase data extracted from the database

P and S Arrival Time Determination

Arnval times are determined on the waveforms using the interactive processing pack¬

age PITSA, which is a part of GIANT Observation weights are assigned according to

Table 2 5 S arnvals are generally picked on the horizontal components of the Mars88,

only for excellent signal shapes S arnvals are also picked on the vertical component

TAD, assigning them a picking weight of 2 or 3 First motion polarities for P arnvals

are only determined for phases with observation weight 0 or 1, as lower weights indi¬

cate that the identification of the phase onset was not possible Figure 2 13 shows typ¬

ical records of a small local event (ML ~1) from four stations together with the picked

phases, reading weights and polanties

weight
P - pick

uncertainty [ms]
characteristic

S - pick

uncertainty [ms]

0 <20 within the first samples <40

1 20-50 on the first quarter-wave 40-80

2 50 -150 within one wavelength 80 - 200

3 150 - 500 within the first wave¬

lengths

200 - 500

Table 2.5: Weighting scheme for the arrival time determination
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Figure 2.13 Typical records of a small local event at four stations. LSEL is a Mars88

3-component instrument recording at 250 Hz sampling frequency, CHRI, TRIF and SALA are

TAD vertical component instruments with 100 Hz sampling frequency. LSEL and CHRI have

about the same hypocentral distance. The amplitudes for TRIF and SALA are 4 times

exaggerated with respect to LSEL and CHRI. For comparison traces are aligned on the P-pick

and start 1 s before P-arrival. The P and S arrivals determined for these signals are indicated.
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The estimated picking errors given in Table 2.5 do not include the uncertainties re¬

sulting from the timing errors discussed in the previous section, which affect the arrival

times independent from their weight. If the timing error is supposed to have a Gaussian

distribution with zero mean and o = 20 ms, and the upper value of the uncertainty range
is taken as a for the picking errors, this leads to a conservative estimate of the final onset

time accuracies given in Table 2.6.

weight
P onset time

accuracy [ms]

S onset time

accuracy [ms]

0 28 45

1 54 83

2 150 200

3 500 500

Table 2.6: Conservative estimates for final onset time

accuracys (a) combining picking and timing errors

36



Chapter 3

Minimum ID-Velocity Model and High-Precision
Earthquake Location

Locating Earthquakes - a Nonlinear Inverse Problem

Use and interpretation of earthquake data, especially for seismotectonic purposes,

strongly depend on accurate earthquake locations. Determination ofhypocentral param¬
eters is a typical inverse problem, where the model parameters, location and origin time

of the earthquake, are estimated from a set of data, here the observed travel-times. In

principle, little has changed since Geiger (1910) first applied the Gauss-Newton method

to find the hypocentral parameters of an event by simultaneously minimizing the travel

time residuals for all observations, an approach which is since then referred to as Gei¬

ger's method. Travel time residuals AT are the differences between observed arrival

times T°bs and predicted arrival times Tpre calculated for an assumed velocity model

and hypocenter. The use of travel time residuals in Geiger's method and all its deriva¬

tives therefore requires that an (initial) velocity structure and a first guess for the hypo-
central parameters are given. A comprehensive discussion of the earthquake
localization problem can for example be found in Lee & Stewart (1981).

In routine earthquake location, the four hypocentral parameters are the only un¬

knowns, the velocity model is regarded as a priori known. Principally four observations

for one event would be sufficient to solve the problem, as every observation yields one

equation containing the four unknowns. This would lead to an even-determined system

of equations, where the number n of unknown model parameters m equals the number

p of data d. In reality though, the observed traveltimes are physical measurements af¬

fected by measurement errors, as briefly discussed at the beginning of Chapter 2. An

exact solution, where the resulting model parameters precisely predict the observed da¬

ta, can therefore never be found, and to obtain a meaningful estimate of the model pa¬

rameters,p has to be larger than n. But not only is one always facing erroneous data, the

problem itself is also non-linear: the travel time T is a function of the four hypocentral

parameters T=F(tg,x,y,z), and F can normally not be expressed as a linear combination

of independent functions/; which only depend on one hypocentral parameter each. Con¬

sequently the model parameters cannot be independently resolved, the well-known cou¬

pling between depth and origin time is one example for this. Direct solutions of

nonlinear problems are generally not possible. Nevertheless they can be linearized and

solved iteratively, when an initial guess of the model parameters can be provided which

is close to the true solution.

In general vector notation, the non-linear problem can be written as

g(m) = d
. (3-1)
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In the case of earthquake location, d is the data vector containing the travel times, m is

the model (the hypocentral parameters), and g represents the functional which describes

the relation between model and data. If moest is an initial guess of the model, so that one

can assume

m = m0es +Am , (3-2)

g(m) can be linearized by a Taylor expansion, neglecting terms of second and high¬
er order:

g(m)=g(m0est) + G0(Am) (3-3)

where Gq is the Jacobi-matrix of partial derivatives 3g/3m, evaluated at moest. In

this equation g(m) contains the T°bs, and g(m<)est) the Jpre. The goal is to find the model

corrections Am so that the corrected model fits the observed data. For mathematical as

well as physical reasons this is not possible: from a mathematical point of view the non-

linearity of g(m) and the applied linearization prohibit the exact solution of (3-3). From

a physical point of view, the errors on the data and the impossibility to truly represent

the real earth with any digitized model prevent a perfect fit of T?re to T°bs. So (3-3) is

rewritten to

£(m) = g(m) - g(m0est) - G0 • (Am) , (3-4)

where £(m) is called the prediction error. (3-4) is then solved under the codition of

minimizing E(m). This is achieved by iteratively applying corrections to update the

model estimates

est est
A

m, = m,_i +Am,_1

until the prediction error, or the changes in the prediction error between iterations,

is smaller than some threshold value. Menke (1984) gives a detailed description of these

kind of solutions to inverse problems.
It is important to realize that the validity of this iterative solution of the linearized

problem strongly depends on the quality of the initial estimate of model parameters, es¬

pecially as £(m) normally does not have one unique well-defined minimum. Figure 3.1

tries to visualize £(m) as function of the model space. How close to the true value the

initial estimate has to be so that a meaningful solution can be found depends on the spe¬

cific problem (the shape of the model space). For earthquake location with a lot of ob¬

servations with a good azimuth and distance coverage, the initial location may be quite
far off the true one, and still the earthquake can be located faithfully. Generally speak¬

ing and largely simplified, the less non-linear a problem is and the smaller the underde-

termined part of it, the worse the initial model estimate may be, or, putting it the other

way round and citing Menke (1984, p. 155): 'Iterative methods can only find solutions

that are linearly close to the initial guess.'.
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Figure 3.1 The prediction error £(m) as function of the space of possible models m. Starting
with an initial guess at position A will most likely lead to the local minimum solution m,, whereas

starting from position B will end close to the global minimum mg.

An example from earthquake location where this requirement is clearly violated

may elucidate this: with data from a local network most earthquake location programs

will yield a stable solution for locating a teleseismic event within or close to the net¬

work, compensating the wrong distance by depth and origin time. These programs nor¬

mally take a location within the network as initial guess and thus are trapped far away

from the true solution.

The Coupled Hypocenter-Velocity Problem

If enough independent data (observations from a set of earthquakes) are available

it becomes feasible to add more unknown model parameters, like station corrections

and velocities (Crosson, 1976, Kissling, 1988), to the system of linear equations, which

will finally lead to local earthquake tomography (see Chapter 4). But then, following
the above discussion, the initial guess of the model parameters becomes of paramount

importance, not only due to the increasing nonlinearity of the problem, but also due to

the fact that the physical quantities of the model parameters have different units and

span a large range of values with very different physical interpretations. Again an ex¬

ample: for the pure earthquake location the adjustments are calculated for origin time

t0 with the unit [s] and hypocentral coordinates (x,y,z) with the unit [km]. The deriva¬

tives in the matrix G in (3-3) are 1 for t0 (unit-free) and d(AT)/dxt [s/km] for the coor¬

dinates, with numerical values around 0.2 for crustal velocities. A change of 1 s in ta is

in a physical sense equivalent to a change in (x,y,z) of a few km, which both are realistic

values and also have similar numerical properties. When adding velocities and station

corrections to the model, these normally have values of a few [km/s] and some 1/10 of

[s] respectively. Adjustments of station corrections are to be expected within some frac¬

tions of the corrections, velocity adjustments are often calculated as fractional change,
with values on the order of 0.05 ( 5% change). Not only have the values different nu¬

merical properties, a change of the same order of magnitude has now totally different

physical meanings. An adjustment of 1 s for the station correction, for instance, is not
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realistic, while for the origin time it is quite sensible. An adjustment of 0.05 is negligi¬
ble in the hypocentral coordinates, but it is very important for the velocity parameters.

This can partly be accounted for by normalizing the different parameter classes before

the inversion, but the main requirement to obtain a meaningful and stable solution is to

start with a good initial model estimate.

The complexity and nonlinearity of the problem therefore prohibits the coupled in¬

version for hypocentral parameters and a large number of three-dimensional velocity
models right from start, instead a stepwise approach is required (e.g. Thurber, 1983,

Eberhart-Phillips, 1986, Eberhart-Phillips & Michael, 1993, Kissling, 1988, Kissling et

al., 1994), beginning with a one-dimensional (ID) velocity model, via a two-dimen¬

sional (2D) model (depending on the problem), to the three-dimensional (3D) velocity
structure. It should be noted that the inversion for a ID model and a 3D model pose very

different problems, and therefore the inversion for a ID model with routines tailored to

the specific structure of the 3D problem will normally not yield an adequate result.

Why a Minimum ID Model

Kissling (1988) introduced the term minimum ID model to denote this ID model

with corresponding station corrections that leads to the smallest possible uniform loca¬

tion error for a large set of well-locatable events. This minimum ID model is the result

of an iterative simultaneous inversion for hypocentral parameters, station corrections,

and layer velocities, incorporating available a priori information into the definition of

the layering and the initial velocities. The minimum ID model is the optimum model

for earthquake location for the data set from which it is inferred. If the data set adequate¬

ly samples the region of interest, this model may drastically improve routine earthquake
locations (e.g. Kissling et al., 1995). Consequently the minimum ID velocity model has

two major applications: to provide an initial model for 3D tomography and to provide
a model for routine earthquake location with uniformly high accuracy (e.g. Kradolfer,

1989).

The principal characteristics of the minimum ID velocity model are:

• the layer velocities are the best average velocities for the cumulated weighted ray

lengths within each layer,
• the station corrections are the weighted average station delays for all observations

at each station. These corrections incorporate a substantial part of the effects of the

3D velocity structure and the effects of the very local near-surface velocities.

The first point documents why the minimum ID velocity model is the most appropriate
initial ID model for 3D inversion, not only from the point of initial hypocentral esti¬

mates: the true 3D velocity deviations from this model should be evenly distributed

with zero mean. The second point has a couple of implications. First it should be noted

that the absolute values of the station corrections are not really relevant, as on one hand

adding a constant factor to the station correction can be compensated by applying the

same factor to the origin times, and on the other hand, station corrections are strongly

coupled to the velocities in the topmost layers. This can easily be understood if one re¬

alizes that the ray lengths in the topmost layer for one station normally are similar for

all rays to the station, whereas in the other layers the individual ray lengths are much
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more different (Figure 3.2). So again, a change in velocity of the topmost layer trans¬

lates into a more or less constant time-shift for all calculated traveltimes, which in turn

can be compensated by adjusting the station correction. Actually, if there would be no

layerl

layer 2

layer 3

Figure 3.2 Variance of raypath length In the different layers of a 1D velocity model. It can

clearly be seen that the raypath lengths for all events are more or less similar In layer 1,
whereas in layers 2 and 3 the raypath lengths show much larger variation.

events in the first couple of layers (for example if in Figure 3.2 layer 1 would be split
into 4 layers to incorporate a velocity gradient which is a priori known to exist) this rea¬

soning holds of course for the whole set of layers where raypaths are more or less sub-

vertical.

The important parameter for interpreting the station corrections is the relative dif¬

ference between them, which can be compared to the near-surface geology of the study
area and lead to a first insight in the deeper 3D structure. Usually one station is selected

as reference station and assigned a fixed station correction before the inversion. The ref¬

erence station should have a large number of observations with good coverage in azi¬

muth and hypocentral distances. This guarantees that 3D effects on the raypaths to that

station compose a well controlled average, and that the relative differences in station

corrections are meaningful in terms of 3D interpretation. The average station correction

level is then not only coupled to the top-layer velocities but also to the near-surface ge¬

ology at the reference station. This may sometimes give reason to assign a certain ge¬

ology-coupled value to the reference station correction, but the reference station

correction can also be set to zero, or, within a trial-and-error procedure, such that the

average station correction becomes zero.

In this chapter the calculation of minimum ID models for the study area will be de¬

scribed, starting from the collection of a priori information, discussing the data selec¬

tion and evaluating the earthquake location accuracy. This may further enlighten some

of the concepts mentioned above, and augment the reasons for following this approach
towards a three-dimensional crustal velocity model.
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3.1 Computation of Minimum ID Models

In a first step, a preliminary subset of the data from the northern network of this

experiment (Fig. 2.1) has been analyzed together with the data from an experiment in

1989 (Hatzfeld et al., 1995). From the combined data 476 well locatable events with a

total of 6480 P-observations (Fig. 3.5) were selected to compute a preliminary mini¬

mum ID P-velocity model for northwestern Greece. The resulting velocity model then

served as initial location model for the data of the northern network and as the starting
model for subsequent ID inversions of the full northern data set. The deepest event in

this data set occurs at z s 35 km, and the depth of the crust-mantle boundary (Moho) in

this region was inferred at about 40 km (Hatzfeld et al., 1995, Papazachos et al., 1995),

so with this data set the Moho depth and velocity will not be well resolved. A reduced

travel time plot of P-wave arrival times for an event which occured in the south of the

network and was recorded to an epicentral distance of more than 200 km (labeled 'A'

in Fig. 3.5) was therefore used to obtain an estimate of the sub-Moho velocitiy of 8.2

km/s from the slope of the Pn (the Moho-refraction) travel time curve (Fig. 3.3). This

value is also in agreement with results from a recent study by Mêle et al. (1998). Using
this velocity and the ID velocity model from Hatzfeld et al. (1995) as initial informa¬

tion, the inversion for a minimum ID model resulted in the velocity model and station

corrections shown in Figure 3.4 and 3.5. All the minimum ID model computations are

done with the program VELEST (Kissling et al., 1994, Kissling, 1995). A more detailed

discussion of the process to compute a minimum ID model follows below.

>

0.

0 20 40 60 80 100 120 140 160 180 200 220 240

Distance in km

S 100 km

Figure 3.3 a Plot of picked P-traveltimes versus distance for earthquake A (Fig.3.5), azimuth

quadrants indicated by symbols. Focal depth 25 km. Identified as Pn is an interpreted Mono-

refracted phase wich gives a sub-Moho velocity of around 8.2 km/s. b Azimuthal and distance

distribution of stations for earthquake A
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Figure 3.4 The preliminary minimum 1D P-

velocity model for northwestern Greece (solid
line) and the model from Hatzfeld et al. (1995)
(dashed line) which served as initial model for

the 1D inversion, together with the 8.2 km/s sub-

Moho velocity inferred from the travel-time plot
(Fig. 3.3), denoted as grey dotted line. The

dashed grey line denotes the average crustal

velocity (5.9 km/s) of this model.
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Figure 3.5 Well locatable events (black dots) and station distribution of the combined dataset

from Hatzfeld et al (1995) and the northern network for the preliminary minimum 1D model of

Northwestern Greece Station symbols are coded with the station corrections of the minimum 1D

model The reference station (0 s correction) is denoted by the open square with the thick outline

Negative correction values are shown as diamonds and denote true velocities faster than the 1D

model velocities, positive correction values are shown as circles and denote true velocities

slower than the model velocities A marks the event from Figure 3 3
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The data sets from the northern and the southern network are treated separately at

the beginning, as the processing was done in different timeframes and, more important,

by different groups. The calculation of individual minimum ID velocity models allows

to check the internal consistencies of the data sets. The results of the later merging of

the data sets and calculation of a common minimum ID velocity model can then yield

important information on the configuration of the 3D problem.

Minimum ID Model for the Northern Network

The details of the computation and evaluation of the minimum ID model for the north¬

ern network are part of the paper 3D crustal structure from local earthquake tomogra¬

phy around the Gulf of Arta (Ionian Region, NW Greece) (Haslinger et al., 1999)
included in Section 4.2. Here only a brief summary shall be given to allow a comparison
with the minimum ID model for the whole region which follows in the next section.

From the 441 local events recorded with the northern network, 232 well locatable

events with at least 6 P-observations and a gap (the largest angular distance between

two neighboring stations as seen from the epicenter) < 180° were selected to compute

a minimum ID model for the northern network. At first only the 2928 P-observations

from this data set were used, as they provide better spatial sampling due to their larger
number, and higher onset time accuracy than S-observations, and thus the inversion for

a minimum ID P-velocity model and station corrections alone is more stable than that

for combined P- and S-data. Figure 3.6 shows the final hypocenters, the P station cor¬

rections and the P-velocity model resulting from this inversion. S-observations (1101

readings) are then added to the data set, and the inversion is done for the combined P-

and S data, starting from the minimum ID P-velocity model and hypocenters and using
a Vp/Vs ratio of 1.8 for the initial S-velocity model inferred from Wadati-plots. The fi¬

nal P- and S-velocity models and the Vp/Vs ratio are shown in Figure 3.7.

The depth range in which the velocity models are well constrained is determined

by various tests discussed in Section 4.2. The resulting P-velocity model has a constant

velocity of 5.5 km/s in the upper 5 km and then exhibits a more or less constant gradient
between 5 and 20 km depth, where velocities increase from 6.0 km/s to 6.5 km/s. P-sta-

tion corrections indicate that the true velocities in the east of the network are higher than

the model velocities, and lower in the west. S-velocities are low, which leads to an av¬

erage Vp/Vs ratio of about 1.9 between 2 and 20 km. This seems rather high, but also

starting from an initial Vp/Vs ratio of 1.7 leads to the same results. S-velocities inferred

from modeling Rayleigh-wave dispersion (Kalogeras & Burton, 1996) also show values

similar to those obtained here.
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Figure 3.6 Distribution of seismicity and the minimum 1D P-velocity model with corresponding
station corrections. Small full circles on map and depth-sections are well locatable events (gap
<180°, nobsP >6) which have been used to invert for a minimum 1D model. Open circles on the

map view are the remaining local events recorded during the experiment. The final minimum 1D

P-velocity model is shown in the lower right corner. Dark grey crosses and light grey open circles

on the map show the station corrections relative to the reference station obtained with the

minimum 1D model. Negative corrections correspond to true velocities faster than the model,

positive corrections to true velocities slower than the model. Corrections with absolute values

less than 0.05 s are shown as open squares. E-W and N-S depth cross sections show all events

projected on them (vertical exaggeragion approx x2).
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Figure 3.7 The minimum 1D P and S velocity models and the resulting Vp/Vs ratio for the

northern network. The velocitiy model is well constrained from 0.5 to 20 km depth (solid line,

±0.2 km/s velocity uncertainty), the surface layer velocity Is almost arbitrary and below 30 km the

sparse sampling increases model uncertainty.

Minimum ID Model for the Southern Network

The results of the computation of a minimum ID model for the data from the southern

network are described in Sachpazi et al. (1998). P-wave observations from about 200

well locatable events were used in that work, the resulting P-velocity model is shown

in Figure 3.8 for later reference. Seismicity in this dataset is constrained to depths above
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Figure 3.8 The minimum 1D

P-velocity model inferred from

the dataset of the southern

network (Sachpazi et al. 1998).
The model is well constrained in

the upper 22 km (solid line).
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30 km, so the velocity model is well constrained only in the upper 22 km. A priori in¬

formation about Moho depth and velocities was taken from Hirn et al. (1996).

To facilitate the following discussion, from now on the minimum ID model of the

southern network will be called Cepha95-model and the minimum ID model of the

northern network Aka95-model.

Minimum ID Model of the Whole Area

Data Set Merging

The first task in the computation of a minimum ID model for the whole study area

is the merging and cross-checking of the northern and southern data sets (Fig. 3.9). At

first, complete lists of all observed phases (A-lists) were created for each of the sub¬

networks, containing phase data for locatable events as well as phases for which no lo¬

cation could be obtained (because of too few observations). Dummy events were creat¬

ed by taking the earliest observed arrival time - 2 seconds as origin time and the x-y

coordinates of the station at which it was observed as epicenter, the hypocentral depth
was set to 10 km. The A-lists contain P and S phase arrival time observations from local

and regional events, phases from teleseismic events (which are clearly discernible by
their waveform) are not included. These A-lists are then cross-checked against the list

of locatable events (L-lists) from each of the sub-networks. If for a locatable event in

one sub-network no data is found on the A-list of the other sub-net, the wave form data

is re-checked to find any additional recording where phase arrivals can be picked. The

completed A-lists are then merged: If the dummy origin times (i.e. the earliest observed

arrivals) of 2 events from the lists are within 60 s, the respective phases are regarded as

belonging together, taking the earlier of the 2 dummy events as new dummy event for

the combined phases. These events were then located with VELEST in single-event mode

(Kissling, 1995), using a true mix of the two minimum ID P-velocity models and con¬

stant Vp/Vs =1.8 for the location. The resulting events are checked in different ways:

Are all events from the 2 L-lists again in the merged data set, and more or less at the

same location and origin time? How large are the event-RMS values? Do the station re¬

siduals group conspicuously (suggesting that 2 individual events have been merged into

one)? Do all events have a minimum of 4 P-observations? According to these checks

the merged data is edited and relocated. This procedure is repeated until no more obvi¬

ous blunders are found in the merged data set. Table 3.1 summarizes some of the statis¬

tics of this process.

This final merged data set is then scanned for well locatable events, with the criteria

of at least 6 P-observations and an observation gap of less than 180°. The selected 497

events with 7433 P and 3509 S phases will serve as data set for the computation of a

minimum ID model.
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All phases
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create dummy events
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- are all L-list events retrieved

- Number of P-observations per

event

- Event RMS

- Station residual distribution

edit events

Final merged data set of locatable events

Figure 3.9 Sketch of the data merging process

north data set south data set

12651 P+S phases
from 925 events

8446 P+S phases
from 660 events

A - lists

281 events merged merging

21097 P+S phases from 1303 events raw merge

14334 P and 6119 S phases =

20453 phases from 1179 events

edited merge

(final data set)

Table 3.1: Summary of data merging process
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Computation ofa Minimum ID Model

Following the same considerations as stated for the computing of the Aka95-model,

at first only P-phases are used to invert for a ID Vp(z) model with P-station corrections.

Without S readings, 494 out of the 497 events with 7390 P-observations meet the selec¬

tion criteria. The coupled iterative inversion for a minimum ID velocity model, station

corrections and hypocentral parameters is a trial and error process, and it has to be as¬

sured that the model space is sampled adequately by starting the inversion with different

initial models. In this case, where for subsets of the data minimum ID models have al¬

ready been computed, sensible initial models are the respective models for the subsets

and the true mix of the two models, which combines the layerings and takes the average

of the 2 model velocities, weighted with the number of rays, for each layer. A first prob¬
lem encountered here is that the deepest OBS is at 3500 m depth. As VELEST requires
all stations to be within the first layer, this leads to a layer thickness of 5 km for the top

layer, which in turn prohibits the modeling of a velocity gradient in the upper km of the

crust by a set of layers. Husen et al. (1998) show for an even more severe situation at

the Chile trench that in such a case neglecting the station elevations and incorporating
their effect into the station corrections might be necessary to achieve stable solutions

for the inversion, as this then allows a finer layering of the upper crust. In our case no

improvement of the solution was found by neglecting station elevations, and the top lay¬
er of the velocity model is set to incorporate all the stations, ranging from about 1 km

above sea level to 4 km below.

Different layerings of the velocity model at intermediate crustal depths are also

tested, as the combined data set now contains a large number of long raypaths connect¬

ing the 2 networks, and these might be influenced by refractors not imaged in the min¬

imum ID models of the subnets. Figure 3.10a shows the set of initial velocity models

for the ID inversion.

Another problem is the definition of the reference station for the combined inver¬

sion. The rays to the reference station should adequatly sample the structure below the

whole network, and neither one of the reference stations chosen for the modeling of the

sub-networks has recorded sufficient data from events in the other network. After some

tests, station FYTI is selected as reference station for the combined data set, but keeping

its P - station correction value fixed to the value from the Aka95-model.

One advantage of VELEST is its extensive performance output, which allows a very

detailed analysis of the data set. During the first ID - inversions this led to the identifi¬

cation of a number of blunders in the data which were removed. The thus cleaned data

set contains 487 events with 7287 P observations.

In Figure 3.10b the output velocity models from the various VELEST runs, always

using 5 iterations, are shown. Using the Cepha95-model as starting model does not lead

to convergence within 5 iterations, velocities below 25 km stay above the resulting ve¬

locities of the other runs, and the final RMS residual is significantly higher. In general

though, all the models converge to an almost constant velocity of 6.4 km/s between 10

km and 30 km depth. The velocity in the top layer is not that well constrained, as is to

be expected from the previous discussion of the coupling between upper layer velocities

and station corrections. From 5 km to 10 km depth it seems that the velocity gradient is
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Figure 3.10 a) Various input velocity models for the 1D inversion. The thick solid lines denote the

Aka95- and Cepha95 model, the thick dashed line the true-mix of these two. b) Resulting velocity
models after 5 iterations. The output from the Cepha95 model which is not yet a stable solution is

marked.

more important than the exact layering. Table 3.2 and Figure 3.16 show the finally cho¬

sen layering and the final P-velocities of this model, which will be called Ionia95-mod-

el.

Stability tests are again carried out using initial models with higher or lower veloc¬

ities (Fig. 3.11). The stable convergence to the minimum ID model indicates that down

to 30 km depth the inferred velocity model is an adequate ID approximation of the

study area. Earthquake locations are well constrained, as shown by the stability test for

hypocentral parameters using randomized hypocenters as input data, where the loca¬

tions have been shifted relative to the minimum ID locations randomly up to 10 km in

latitude, longitude and depth (Fig. 3.12) before the inversion.

The total RMS residual is reduced from 0.23 s (locations with the true mix of the

Aka95 and Cepha95 models) to 0.12 s for the Ionia95 P-velocity model. Figure 3.13

shows the distribution of event RMS residuals for the true mix model and the final mod¬

el. Additionally the final event RMS residuals for the Aka95- and Cepha95 models are

shown. It is interesting to note that the RMS-distribution of the input data set is distinc¬

tively peaked, more or less at values where the Aka95 and Cepha95 models have their

peaks, but then has a large tail with high values. The final RMS-distribution is much

smoother and significantly reduces the high values in the tail. Although it has its peak
at larger values than the Aka95 RMS-distribution, the smoothness is an indication of

the property of the minimum ID model, to yield the smallest uniform location error.
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Figure 3.11 Stability tests with

high and low input velocity
models Input models and

minimum 1D model shown as

solid lines, output models shown

as dashed lines
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Figure 3.12 Hypocenter stability test. Grey dots: coordinate difference between randomized

input and minimum 1D locations. Black dots: difference after inverting with the randomized input

data. The average remaining shift between the minimum 1D locations and the output of this test

and the variance is given on the right.
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Figure 3.13 Distribution of

event RMS values for the
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sub-networks.

Final P - station corrections to the minimum ID P-velocity model are shown on top

of the geologic map of the area in Figure 3.14. Correlation of the correction values with

surface geologic features is only partly apparent. In general, the center and southeast of

the network are dominated by positive corrections, indicating true velocities lower than

the model velocities. The Ionian islands in general have large negative corrections, here

the true velocities should be faster than the model velocities. It is noteworthy that the

two stations on Cefalonia (ani) and Zakynthos (XVAS), which lie east of the Ionian

Thrust (Fig. 3.20), only show a small negative respectively a positive correction. Com¬

paring the station corrections for this minimum ID model to those obtained with the

Aka95-model (Fig. 3.6) reveals that the values are similar in the eastern and central

parts of the northern network, but the sign of the corrections in the western part has

changed. In the combined data set a large number of rays from events in the south reach

these stations and, as the average velocity of the Cepha95-model (Fig. 3.8) is higher

than that of either the Aka95-model or the Ionia95-model, this is expressed by negative

station corrections.

Figure 3.14 (next page) P-station corrections for the minimum 1D model on top of the geologic

map. Stations with negative station corrections are shown as white circles, stations with positive
station corrections are shown as dark grey pluses. Stations with insignificant station corrections

are shown as grey-framed white squares. The reference station FYTI is marked by a solid

square. Geology digitzed from Seismotectonic Map of Greece (IGME, 1989) by E. Louvari,

Thessaloniki.
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Station corrections to the Minimum 1D P model
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After the inversion and quality control of the minimum ID P-velocity model, S-ob-

servations are added to invert for S velocities, keeping the P-velocities fixed. The edited

data set with P and S observations contains 491 events which meet the selection criteria

and has 7314 P and 3274 S observations. To estimate realistic starting values for S-ve-

locities, P arrival times tp are plotted versus the difference between S and P arrival times

ts.p in the form of Wadati-diagrams (Fig. 3.15) for all events, using all observations with

P weights 0 and 1 and S weights 0, 1 and 2. The slope of the ts.p/tp curve gives an esti¬

mate on the Vp/Vs ratio, from which in turn Vs is computed. Only a rough first estimate

on the S-velocities is requested here, so a detailed analysis of the pitfalls of Wadati-di¬

agrams can be neglected (see e.g. Kisslinger & Engdahl, 1983, Maurer, 1993 for de¬

tails). In order not to violate the assumptions behind the Wadati-diagrams too much,

separate diagrams are plotted for events from different depths and the range of tp is lim¬

ited in a way that most of the rays used in one plot should be upgoing rays. Following
the Wadati-diagrams, a Vp/Vs ratio of 1.8 is used to compute an initial S-velocity mod¬

el.
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Figure 3.15 Wadati-diagrams for a crude first estimate of S-velocities. Diagrams are split
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slopes (grey lines) and the inferred Vp/Vs ratios are indicated.
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The inversion for an S-velocity model reveals that it is not well constrained be¬

tween 30 - 40 km, where velocities tend to shift up and down about 0.1 km/s between

iterations. An appropriate mean value is therefore chosen for this layer and highly

damped in the inversion. Stability tests for the S-velocity model have again been carried

out, starting from Vp/Vs ratios of 1.7 and 1.9 respectively, which show that in the upper

20 km the S-velocity model is well constrained, and has a slightly larger uncertainty be¬

tween 20 - 30 km.

The final P and S velocity models are shown in Table 3.2 and together with the the

Vp/Vs ratio in Figure 3.16. The error estimates given in Table 3.2 are conservative val¬

ues inferred from the various stability tests.

depth [km] Vp [km/s] Vs[km/s]

<4 5.38 ±0.1 2.72 ±0.1

4-7 5.83 ±0.1 3.13 ±0.1

7-10 6.25 ±0.1 3.25 ±0.1

10-20 6.38 ±0.1 3.36 ±0.1

20-30 6.44 ±0.2 3.42 ±0.15

30-40 6.50 ± 0.2 3.70 ±0.2

> 40 *** 8.0 4.44

Table 3.2: P & S velocities in the final minimum 1D model lonia9S.

***) No error estimate given because velocity information is taken

from a priori information.
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A slight shift towards more negative values is observed for the P corrections m the

combined P&S velocity model with respect to the P only model (Fig 3 17) As this shift

is quite uniform for all stations (~ 0 1 s) it is likely due to the systematic part of the shift

in origin times between the locations with and without S-observations (Fig 3 18) The

S station corrections follow the pattern of the P corrections (Table 3 3)

0 20 40 60 80 100 120 140 160 180 200 220 240 260

Number of Observations

Figure 3 17 Stability of P station corrections Black triangles denote the difference between P

station corrections from the minimum 1D P model and the output of the randomized event test

Grey circles denote differences between the minimum 1D P model P corrections and the P

corrections of the minimum 1D P&S model Correction differences are plotted against number of

observations for the station The systematic shift of the corrections for the P&S model to the P

model corrections is clearly visible as well as the larger scattering at stations with only a few

observations

Station corrections can only be interpreted meaningfully m terms of 3D structural

effects for stations which have a sufficient number of observations sampling a large az

îmuth and distance range As can be seen in Figure 3 17, stations with only a few read

ings show a larger variation in correction values

The large positive resp negative correction values for stations XANA in the south

east and obl5 in the west (Fig 3 14) may be caused by the fact that these stations have

not so many observations and those come mainly from nearby event clusters Local ve

locity anomalies in the source region of these clusters can therefore dominate these sta

tion corrections

From the comparison of hypocenters between the minimum ID P model the rand

omized test and the minimum ID P&S model (Fig 3 12 3 18) the average accuracy of

the hypocenter determination can be deduced The horizontal location error is estimated

at ±1 km in each direction, and the depth error around ±2 km

A look at the differences between the locations with the distinct minimum ID mod

els Aka95, Cepha95 and Ioma95 (Fig 3 19) reveals some interesting systematics in

longitude, the events from the southern part of the network (previously located with the

Cepha95 model) shift towards east in the west and towards west in the east This is most

likely caused by the fact that the Ioma95 model is more influenced by the eastern region
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of the study area than the Cepha95 model. Especially for the off-shore events west of

20.5E this may cause a systematic shift. The neo-cluster (see Figs. 3.19, 3.20) which

shows the largest westward shift now has a lot of rays going to stations of the northern

sub-network, which are important for the location. A slight systematic eastward shift is

visible for the events from the northern part of the network (previously located with the

Aka95 model). This may partly be due to the combined effects of differences in the sta¬

tion corrections for the western stations of the northern sub-network and the additional

observations from the southern sub-network. In latitude, the pattern for the southern

events is dominated by the shifts of the neo-cluster, where events move to the south,

and by the kas-cluster (Figs. 3.19, 3.20), where events move northwards. For northern

and southern events a trend is visible to shift the southern events to the north and north¬

ern events to the south. The shift in depth can be mostly attributed to the differences in

the velocity models: The Cepha95 model has on the average higher and the Aka95 mod¬

el lower velocities than the Ionia95 model, so the events in the south shift downward

and those in the north upward. Almost all of the shifts are within the presumed depth

accuracy of ±2 km. Remarkable is the systematic shift to later origin times for all

events. Later origin times fit the shallower depths for the northern events, but for the

southern events one would rather expect earlier origin times.

Principally these systematic shifts, albeit mostly within the inferred location accu¬

racy, indicate a strong lateral heterogeneity of the crustal velocity field. It will be inter¬

esting to see how the locations change within a 3D model.
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station

P-sta coir [s]
S-sta

corr[s]
station

P sta coir [s]
S sta

corr [s]
Ponly P&S Ponly P&S

vov -0 31 -0 23 -0 50 LPAL -016 -0 08 0 07

hv -0 34 -0 27 -0 62 LSTE -019 -011 -013

car -0 31 -0 24 047 LEMP -0 11 0 10 031

zab -0 35 -0 29 -0 63 AKTI 0 03 0 05 0 32

am -0 06 017 0 54 AMOR 0 02 000 0 26

fav 0 26 -017 -0 36 FYTI 019 019 0 23

efi -0 39 0 32 -0 69 KAMR 0 12 0 05 -040

kli -0 30 -0 21 044 KALI -011 004 -004

xal -042 -0 33 -0 68 PALE 0 17 0 08 0 34

ath -0 32 -0 27 0 63 ALEX -0 24 0 17 -0 34

dal -0 35 -0 26 0 59 MONA -0 21 0 13 018

obi 0 59 0 80 097 STRA 0 02 -0 02 0 37

ob2 025 0 38 0 79 TRIF 0 02 0 06 -001

ob3 014 -0 04 -014 AETO 010 013 0 15

ob5 0 22 -0 08 -0 38 POTA 019 016 -0 08

ob8 -0 21 011 0 32 ZYGO 001 007 -0 20

obl5 -0 61 -0 67 -049 KATO 0 03 0 07 0 33

obl6 0 18 024 040 SALA 0 20 -011 011

obi 8 009 0 05 002 CHRI 013 -0 05 -0 40

obl9 -015 -0 11 -0 06 PATI -0 02 0 02 -0 20

ob20 -0 20 -015 -018 BAMB 013 015 0 30

LPER -0 20 -012 0 15 KAMP -0 02 0 01 0 22

LVOU -0 02 0 02 0 20 ARCH 0 07 013 0 54

LANP -0 12 -0 16 0 50 STRO -0 16 011 016

LSKO -019 -015 -0 44 XLEO -0 37 -0 28 -0 62

LSTA 0 01 0 02 -0 22 XAGA -019 -011 -0 33

LKAT -0 14 -0 09 0 38 XVAS 0 23 0 33 0 54

LMYT 009 0 13 071 XNEO 016 015 -0 02

LSEL -0 29 -0 20 0 50 XANA 0 82 0 76 0 88

Table 3.3: Station corrections for all stations for the minimum 1D P and P&S model
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station

P-sta corr [s]
S-sta

cou [s]
station

P-sta corr [s]
S-sta

corr [s]
Ponly P&S Ponly P&S

LSTR -0.16 -0.11 0.16 XSIM 0.32 0.32 0.07

LKAL 0.15 0.21 0.89 XNAF 0.04 0.05 -0.33

LPET -0.10 -0.13 -0.59 XARA 0.22 0.29 0.10

LBAM 0.04 0.01 -0.19 XVAL -0.42 -0.34 -0.73

LSAL -0.20 -0.11 0.11 XKAS 0.26 0.40 1.02

LSPA -0.07 -0.02 -0.09 XVAK -0.19 -0.11 -0.35

LSKI 0.17 0.15 0.01 XVOL -0.30 -0.22 -0.53

Table 3.3: Station corrections for ail stations for the minimum 1D P and P&S model

3.2 Interpretation of ID Velocity Model and Seismicity
Distribution

Local Seismicity for the Recording Period

With the minimum ID P&S model all recorded locatable earthquakes were relocated to

yield an overview of the seismicity of the study area during the experiment. Figure

(3.20) shows the resulting seismicity distribution, including the not so well locatable

events on the map view.

The map view shows a quite homogeneous distribution of seismicity around Ce-

falonia, with no seismicity northwest of the island. The Ionian Channel appears mostly
aseismic. On its margins three distinct earthquake clusters can be observed. Around the

Gulf of Arta the picture has not changed compared to the discussion at the beginning of

the previous section. The area between the northern sub-network and the Gulf of Patras

is less active, even when also regarding the less reliable events. This observed seismic¬

ity is similar to the results of Hatzfeld et al. (1995), except for the clusters around the

Ionian Channel. With respect to the NEIC-catalogue (Fig. 1.2), the patterns are also

concordant, except for the lack of offshore seismicity NW of Cefalonia. But NEIC lo¬

cations are not very well constrained in this area, and it is likely that the confinement

of seismicity to the east of the Cefalonia transform fault (Fig. 1.3) as resulting from this

study reflects the true situation.

The most striking features of the seismicity appears on the cross-sections: seismic¬

ity is clearly confined to the upper 30 km of the crust, and moreover there is a clear dis¬

crimination in maximum event depth between the events occuring in the Pre-Apulian
zone west of the Ionian Thrust and those occuring in the Ionian zone. The events in the
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Pre-Apulian zone (mostly confined to the island of Cefalonia and the southwest off¬

shore region) have a maximum depth of about 18 km, and the lower boundary shows a

slight eastward dip. Seismicity is also mostly confined to a depth range of 10 - 15 km,

with only a few shallow events. In the Ionian zone around the Gulf of Arta seismicity
is evenly distributed in depth down to its greatest depths of about 23 km in the area of

the Katouna fault zone.

Average Crustal Structure Inferred From ID Velocity Model and Station Correc¬

tions

From a comparison of the Aka95 and Cepha95 velocity models (Fig. 3.7 & 3.8), general
lower crustal velocities in the north-eastern part and higher velocities in the south can

be deduced. This is consistent with the fact that the sub-networks are situated on differ¬

ent geological regimes. The Aka95 model shows a relative constant velocity gradient
between 5 - 20 km depth, whereas the combined Ionia95 model has a strong velocity

gradient between 5 -10 km depth and almost constant velocities from 10 - 30 km depth.
Station corrections in the north have been discussed previously. Remarkable is the

change of station corrections between the Aka95-model and the Ionia95-model in the

west of the northern network. This already indicates strong lateral heterogeneities
which may appear with the 3D tomography. The relatively low P-velocities from 20-40

km in the Ionia95-model, also compared to the models for the sub-networks, might be

tentatively seen as the expression of azimuthal P-velocity anisotropy. If one takes into

account that the main difference in the ray-sampling for these depths between the vari¬

ous models is the much larger number of roughly NNE-SSW going rays in the Ionia95

model, this could be the slow direction of anisotropy. A detailed analysis of anisotropy
however is beyond the scope of this work.

Station corrections for the southern stations are consistently indicating crustal ve¬

locities higher than in the Ionia95 model in the Pre-Apulian zone of the Ionian islands,

which is consistent with the difference between the Cepha95 and Ionia95 velocity mod¬

els. In the southwest station corrections are positive, again suggesting an E-W separa¬

tion of the crustal structure along the Ionian Thrust. The combination of the two

networks may not in general provide better constrained hypocenter locations within

each sub-network, but applying the concept of a minimum ID model with station cor¬

rections to the whole area does lead to similar hypocentral accuracy. And only the joint

analysis of the whole dataset allows to obtain information about the structure of the

transition zone between the two regimes
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Figure 3.20 Seismicity distribution in the study area for the recording period. All events located

with the lonia95 minimum 1D P&S-model. Solid circles denote well locatable events used in the

computation of the minimum 1D model, open circles on the map view denote the less reliable

locations. On latitude- and longitude-depth sections only the well locatable events are shown.

The dashed line across the Ionian islands denotes the Ionian Thrust, which separates the Pre-

Apulian platform in the W from the Ionian zone in the E. The dashed lines south of the Gulf of

Arta denote the approximate position of the Katouna fault zone. Station positions are marked by

grey triangles.
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Chapter 4

3D Tomography

In a first order approximation, the earth's structure is radially symmetric. This is the

reason for the success of the approach chosen in the last Chapter, where the seismic ve¬

locities within the earth are treated as a layered ID structure v = v(z). Lateral variations

in this radially symmetric structure are generally of second order. But this lateral he¬

terogeneities often can be interpreted as the result of geologic or tectonic processes,

and, therefore, successfully imaging the 3D velocity structure may improve the under¬

standing of internal processes in the earth.

The ID approach serves well for such tasks as routine hypocenter location: When

applying a minimum ID model, station corrections incorporate a large part of the 3D

effects, thus yielding a hypocentral accuracy for well-locatable events which is suffi¬

cient for most purposes. But the coupled hypocenter-velocity problem, as discussed at

the beginning of Chapter 3, is the same for ID or 3D velocity models, and there exists

no forma] obstacle to interpret the observed travel time residuals as effects of a 3D ve¬

locity structure.

After briefly discussing the theoretical basics for 3D tomography with local earth¬

quake data, a tomographic study using data from the northern part of the network will

be presented in this Chapter and various tools for assessing the quality of a tomographic

image will be discussed. It will become clear that in order to use local earthquake tomo¬

graphy (LET) for the whole study area the validity of the employed forward ray tracing

scheme has to be tested. A different ray tracer is, therefore, implemented, which directly
leads to some considerations on model parametrization. Finally the local earthquake to¬

mography for the whole study area is presented.

4.1 Basic Theory of Local Earthquake Tomography

The work by Aki and co-authors in the 1970s is generally regarded as the introduction

of 3D inversion of travel time residuals into seismology, presenting the since widely
used ACH method (Aid, Christoffersen & Husebye, 1977). Some years earlier, but

without direct consequences on the development in seismology, the use of X-ray inten¬

sities to create 3D images of parts of the human body was introduced into medicine

(Cormack, 1963, Houndsfield, 1973). There the term 'computerized tomography' ap¬

peared, to denote that the 3D image was principally constructed from a combination of

2D slices (greek tomo = slice). In seismology the method was called 'simultaneous in¬

version', indicating that earthquakes were located simultaneously with the inversion for

velocity structure.

Since then, numerous (or innumerable) publications have dealt with theory and ap-
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plications of 3D inversion of travel time residual data, which became known as seismic

tomography. General introductions and detailed descriptions can for example be found

in Nolet (1987), Kissling (1988), Spakman (1988), or Iyer & Hirahara (1993). Although
the principles are the same, different approaches were developed for using either tele-

seismic data or data from local earthquakes. As this work deals with local earthquake
data only, the peculiarities of teleseismic tomography are not discussed further.

For seismic tomography with local earthquake data, the introduction of the Simul

code by Thurber (1983) can be regarded as another milestone. He implemented a meth¬

od of iterative simultaneous inversion for 3D velocity structure and hypocenter param¬

eters, using parameter separation and a 3D approximate ray tracer. Further and ongoing

development by Eberhart-Phillips (1986, 1993), Um & Thurber (1987) and Thurber

(1993) made this code the probably most widely used method in local earthquake tom¬

ography (LET). A recent version of it, which allows to use P and S travel time data and

is therefore called Simulps, is used in this work. In the following, the principle equa¬

tions and problems of LET and of the Thurber-approach will be discussed briefly.

As stated in Chapter 3, the travel time residual is the difference between observed

and the calculated (=predicted from a model) arrival time of a seismic phase at a station:

Ar„ = 2?'-77 (4-1)

where the subscript ij denotes the ith observation for the j'th earthquake. In general
form the arrival time can be written as

T,j = t" + ts,j(x°}, y°, z", v(s), x, y, z), (4-2)

with f. the origin time of the earthquake,

fy the travel time of the seismic wave along a path s, from the

source (x°r y°r z"j) to the station (x,y,z),

v(s) the velocity along the path s.

For TtJPre the (t°j, x°y y°y z°j) are the hypocentral parameter estimates resulting

from the earthquake location procedure, and .s is the path resulting from forward ray

tracing through a given velocity model. In the notation of Chapter 3, the model m now

contains the hypocentral parameters for all earthquakes and all velocity parameters. It

should be emphasized that all parameters of m are unknown. g(m) contains the ob¬

served travel times T,"1" and g(m<)CSt) the predicted travel times T,jpre for an initially

estimated model moest. From the A7y corrections Am to the initial model shall be cal¬

culated. Using eqations (3-1) and (3-3), the linearized system of equations in matrix for¬

malism can be written as

AdsGAm
. (4-3)

To clarify this relation a little, for one observation (4-3) has the form
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t=idxkj 1=1
i

For convenience (x, y, z) is now written as (xlt x2, x3). This equation already implies

a discrete parametrization of the velocity model with L model parameters. The Jacobi-

matrix G contains all the partial derivatives, and Am the A/°,-, Ax°:, and Av(. Equation

(4-3) can be solved for Am by minimizing the prediction error Ad in a least squares

sense.

The 'approximately equal sign is used on purpose in (4-3) and (4-4), to denote that

due to the linearization, the model parametrization, and the erroneous data, a perfect fit

of the Tpre to T°bs cannot be achieved. Actually, this leads to another important ques¬

tion: how much of the delay time Ar can be regarded as 'signal' to be modeled by 3D

structural effects? Or, putting it the other way round, how large is the uncertainty in the

estimation of AT, and where does it come from? In Chapter 2 the sources and magnitude

of errors in the 7° and station position (x, y, z) have been discussed. These clearly have

a direct effect on Ar, as can be seen from (4-2). Similarly, the uncertainties in the hy¬

pocentral parameters (fj, x°j, y"j, z°j) affect A3". And last but not least, the discrete par¬

ametrization of the velocity model and the way how ray path and travel time are

computed on this model will influence Tvce and thus Ar. These latter effects will be dis¬

cussed to some detail later in this chapter. From now on for clarity of notation the '-'

sign will be replaced by '=', but the limits of this equality should be kept in mind.

These uncertainties in AT, together with the limitations imposed by a finite and im¬

perfectly distributed data set, make the problem in (4-3) underdetermined. That means

that at least some of the model corrections Am cannot be resolved independently (nor¬

mally this is true for most of the model parameters) and some may even be not resolv¬

able at all. In the inversion of (4-3) this will lead to some very small or even zero

singular values, which inhibit a numerically stable solution. To find a meaningful solu¬

tion to (4-3) despite these shortcomings, the Levenberg-Marquardt method (Crosson,

1976), also called damped least squares, is applied. Without going into the mathemati¬

cal details, the damped least squares solution to (4-3) is

Am = (GrG + e2I)~1GrAd . (4-5)

T 2 ~t T
I is the unity matrix and e the damping parameter, (G G + e I) G is also called

the stochastic inverse or Levenberg-Marquardt generalized inverse.

To faciliate computational handling of this inversion, Thurber (1983) incorporated

a parameter separation (Pavlis & Booker, 1980, Spencer & Gubbins, 1980), where

GAm is split into a part containing only velocity model parameters and one containing

only hypocentral parameters, without sacrificing the formal coupling of hypocenter and

velocity parameters. (4-3) can be written as

Ad = GAm = HAh + VAv
, (4-6)

69



where HAh contains the hyocentral part and VAv the velocity part. This is actually

done for each single event, for which (4-6) becomes Ad = HAh + V Av, noting that

all terms are partial vectors or matrices from (4-6) except Av. Using the QR-decompo-
sition (Lawson & Hanson, 1974), a reduced set of equations

Ad; = V;Av' (4-7)

is obtained for each event. Replacing (4-3) with the accumulated (4-7) for all

events, (4-5) can be solved for velocity model corrections Av', and the hypocentral cor¬

rections are then estimated with the updated velocity model in a pure earthquake loca¬

tion inversion.

The process of obtaining model parameter corrections has to be repeated iterative-

ly, because of the linearization and the damping, so upon each iteration the model is up¬

dated, new Ad and G are computed, and (4-5) is solved again. This is repeated until a

specified stop-criterion is reached, normally either a maximum number of iterations,

model correction values below a certain threshold or data prediction improvements be¬

low a certain significance level.

From these basic equations the main critical points when applying this approach to

LET can already be seen:

• The strong non-linear coupling of hypocentral coordinates and velocities in the esti¬

mation of travel times 1pre (4-2), which are furthermore calculated with a ray-theo¬
retical approach.

• The linearization of the problem, which constrains the solution to the vicinity of the

initial model.

• The necessity of damping in the inversion (4-5), which reduces the values for the

model corrections even for perfectly resolved model parameters.

In order to obtain meaningful results from a LET, a number of essential requirements

must, therefore, be met:

• Earthquakes used in LET must be well locatable. This can be assured by using only
events with a large number of observations, a small observational gap and for which

the nearest station is not too far from the epicenter. Additionally the initial hypo-

center estimate (a part of moest) has to be close to the true location. Only then will

the iterative inversion reliably converge to the true location (see Fig. 3.1). The prob¬
lem is, though, that close is always relative, depending on the data, the model para-

metrization and the ray tracer. Starting a 3D inversion process with the computation
of a minimum ID model (Chapter 3) will on one hand allow a very good control on

the quality of the data and on the other hand ensure that the initial hypocentral

parameters fulfill the above stated requirements.
• The ray-theoretical approach must be valid for the data and target structure. That

means, for example, that the wavelength of the phase which carries the information

(from which the arrival time is determined) must be smaller than the structures

which are to be resolved. One has also to be aware that ray tracing might result in

ray paths along which only very little energy propagates, and that such arrivals

might be not observable on a seismogram.
• The parametrization of the velocity model must be defined before the inversion.
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The model parametrization must at the same time allow accurate ray tracing, be fine

enough to resemble the structural heterogeneities of the study area which affect the

data, and be coarse enough to lead to well-constrained model corrections Am. As

with the initial hypocenter estimates, also the initial velocity model estimates have

to be close to the true solution.

• The damping value for the inversion has to be selected carefully. Eberhart-Phillips

(1986) proposed a scheme to determine reasonable damping parameters by looking
at the trade-off between data variance (a measure of the final Ad) and model vari¬

ance (measuring the amplitudes of the total Am) for a series of different e. Too

small damping leads to a drastic increase in model variance without significant
decrease in data variance. A posteriori synthetical tests can also reveal a lot about

the influence of the selected damping parameter.

In the past various authors have evaluated different aspects of LET in some detail,

the model parametrization (Toomey & Foulger, 1989), the hypocenter-velocity cou¬

pling (Thurber, 1992), the influence of the initial velocity model (Kissling et al., 1994)

and the ray-tracing method (Le Meur et al., 1997), to name only a few. It has been

shown that, based on careful model design, good knowledge of the properties of the

used data set (arrival time uncertainties), and taking into account the intrinsic effects of

a linearized solution to a highly non-linear problem, results can be achieved which

agree with information from other methods and complement our knowledge and further

the understanding of processes in the earth. As there is up to now no way to directly
retrieve information on the 3D structure of the earth's crust, this is the most important

criterion to validate the primary assumption behind LET: that information on the 3D ve¬

locity structure of the crust can be extracted from travel time residuals of local earth¬

quakes.
The results of a LET will in the best case yield a filtered image of the distribution

of seismic velocities (or another physical parameter, such as attenuation) in the studied

volume of the earth's crust. The filter is the combination of the special set of travel time

data used in the inversion and the method to construct the 3D model, including the for¬

ward ray tracing, model parametrization and inversion scheme. One has to be aware of

this filtering when intepreting LET results, the seismic velocity at one location in the

model is an average velocity over all ray path segments which contribute to the solution

at this location, taking into account their direction and observation weight.
In Simulps, the 3D velocity model is defined on a grid of nodes which can be un¬

evenly spaced, and velocities at any point in space are obtained by linear interpolation

between the eight neighboring grid nodes. Ray tracing in this medium is done with a

two-step approach: In a set of planes with varying dip angles, travel times are calculated

for a series of circular arc ray paths with varying circle radii (approximate ray tracing

(ART), Thurber, 1983). The path with the shortest travel time is then perturbed by pseu-

do-bending (PB, Um & Thurber, 1987), where ray points are moved to locally minimize

the travel time on each ray segment. For the accumulation of the G matrix the partial

derivative contribution of each ray segment is distributed on the eight neighboring
nodes with the same weights as those used in interpolating the velocities.

71



In the next section a paper is presented which describes the process of inverting for

the 3D crustal velocity structure by local earthquake tomography for the data set from

the northern network, including data selection and computation of a minimum ID mod¬

el.

72



4.2 3D Crustal Structure From Local Earthquake Tomo¬

graphy Around the Gulf of Arta (Ionian Region, NW

Greece)

F. Haslinger, E. Kissling, J. Ansorge, D. Hatzfeld, E. Papadimitriou, V. Karakostas,

K. Makropoulos, H.-G. Kahle, Y. Peter

Tectonophysics, in press (1999)

Abstract

During summer of 1995 local seismicity was recorded in the area around the Gulf of

Arta in northwestern Greece by a dense temporary seismic network. Of the 441 local

events observed at 37 stations, 232 well locatable events with a total of 2776 P-phase

readings were selected applying the criteria of a minimum of 6 P-observations and an

azimuthal gap less than 180°. This data set is used to compute a minimum ID velocity
model for the region. Several tests are conducted to estimate model stability and hypo-
center uncertainties, leading to the conclusion that relative hypocenter location accura¬

cy is about 500 m in latitude and longitude and 1km in depth. The minimum ID velocity
model serves as initial model in the non-linear inversion for three-dimensional P-veloc¬

ity crustal structure by iteratively solving the coupled hypocenter-velocity problem in

a least-squares sense. Careful analysis of the resolution capability of our data set out¬

lines the well resolved features for interpretation. The resulting 3D velocity model

shows generally higher average crustal velocities in the east, and the well resolved area

of the eastern Gulf of Arta exhibits a homogeneous velocity around 6 km/s for the whole

upper crust. A pronounced north-south trending zone of low velocities in the upper 5-

10 km is observed in the area of the Katouna Fault Zone (KFZ). At greater depths (be¬

low 10 km) the KFZ is underlain by high-velocity material. E-W profiles suggest a

horst-graben structure associated with the KFZ.

Introduction

The neotectonic regime of the Ionian region of Greece is governed by relative motions

between the Eurasian and African plates and the Aegean and Adriatic microplates (Fig.

1). Africa, the Adriatic and the Aegean form a triple junction in the Ionian sea, where

the dextral strike-slip Cefalonia fault (CF) hits the front of the Hellenic subduction zone

(Sachpazi et al., 1998, in press). On the Greek mainland the boundary between Eurasia

and the Aegean is not well defined. The Ionian region exhibits some of the largest ob¬

served rates of continental crustal deformation accompanied by very high seismic ac¬

tivity. Numerous regional studies have been carried out to assess the geodynamics of

this area from seismological, geodetic and neotectonic points of view (e.g. Hatzfeld et
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Figure 1 Simplified tectonic structure of the east central mediterranean region (modified from

Reutheretal 1993 Hatzfeld etal 1995 Mantovam et al 1996 Armijo étal 1996)

1 subduction 2 continental collision 3 mesozoic passive margin 4 strike slip fault 5 normal

fault NAF North Anatolian Fault (western continuation) CF Cefalonia Fault The more detailed

tectonics of the study area are shown in Fig 2 (area of Fig 2 marked by box)

al
, 1995, Brooks et al, 1988 King et al

, 1993, Melis et al 1995, Kahle et al 1993,

1995, Le Pichon et al 1995, among others)

Active tectonics m the study area (Fig 2) are mostly extensional, due to the relative

motion between the Eurasian Adriatic plates to the north and the fast southwestward

moving Aegean microplate The Gulf of Arta region is interpreted as a north-south pull

apart basin (e g Le Pichon et al, 1995, King et al, 1993) The Katouna fault zone

(KFZ, Fig 2) connects the well documented active extensional graben systems of the

Gulf of Corinth / Gulf of Patras with the Arta basin, requiring sinistral strike slip motion

along the KFZ Hatzfeld et al (1995) however, did not find conclusive seismological

evidence m their earthquake mechanisms for the spreading around the Gulf of Arta nor

for a sinistral motion on the KFZ

Our field experiment was aimed to collect a high quality local earthquake data set

that would allow the derivation of models of the three dimensional (3D) crustal struc

ture and the seismotectonic regime, thereby adding more constraints to define and con

sistently interpret the extent and motion of the crustal blocks in this region Here we

report on first results obtained by high resolution seismic tomography using local earth

quake data
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Figure 2 Map of the study area with topography in grey shading (bathymetry always above

200m) and simplified main tectonic elements The temporary seismic network is represented by

white symbols KFZ Katouna Fault Zone, Pg Pergandi Mountains, Kr Kremaston reservoir.

Tectonic elements compiled from Hatzfeld et al (1995), King et al (1993), Melis et al (1993)

See Fig 1 for fault signature

Method

In a first step a minimum ID velocity model (Kissling, 1988) was computed. A mini¬

mum ID velocity model with corresponding station corrections results from simultane¬

ous inversions of a large number of travel times from selected high-quality events for

both model and hypocenter parameters. It is designed to locate these events with the

smallest possible uniform location error. The calculation of a minimum ID model, fol¬

lowing the routine procedure as defined in the Velest Users Guide (Kissling, 1995) and

Kissling et al. (1994), is a trial and error procedure for different initial velocity models,

initial hypocenter locations, and damping and control parameters for the coupled in¬

verse problem. The term 'uniform location error' denotes that the sum of residuals for

all events is minimized in the joint inversion. In a sense, the location accuracy is then

relative to the full data set (Kissling et al., 1995). Without additional information, like

quarry blasts, the absolute location accuracy can normally not be assessed. For a set of

well-locatable events with an azimuthal gap (the largest angular distance between two

neighboring stations as seen from the epicenter) < 180°, and at least 6 P-observations,

which are evenly distributed within a network, the absolute location uncertainty can be
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approximately estimated by using randomly and systematically shifted hypocenters as

initial locations and by analyzing the differences in final locations. In addition to these

tests of hypocenter location accuracy, several tests have been conducted to assess the

quality of the ID velocity model.

In a second step the same dataset is inverted for the 3D crustal P-velocity structure

by local earthquake tomography (LET). LET denotes the process of iterative simulta¬

neous inversion for 3D velocity structure and hypocenter parameters using travel-time

residuals from local earthquakes. In this work we use a version of the SIMULPS code

originally written by Thurber (1983), which performs the inversion by a damped least

squares approach and implements a grid-parametrization of the velocity model, where

velocity values are defined at grid-nodes and are linearly interpolated between nodes.

To solve the forward problem, approximate 3D ray tracing (Thurber, 1983) and pseudo-

bending (Um & Thurber, 1987) is applied. Hypocenter locations are updated within the

new velocity model at each iteration step.

The minimum ID model is used to derive the initial ID reference velocity model

for LET, since this meets the statistical requirements imposed by the implicit lineariza¬

tion in the inversion scheme (Kissling et al., 1994). Although the minimum ID model

is a layered model with constant layer velocities and the initial ID model for the LET

is a gradient model, Kissling et al. (1994) showed the equivalence of these models when

they are adequately parametrized. To derive the initial reference model from a mini¬

mum ID model yields the most appropriate initial model for LET (e.g. Evans et al.,

1994). For a detailed description of LET methodology the reader is referred to Eberhart-

Phillips (1986, 1993), Kissling (1988) and Thurber (1993).

Local earthquake data

18 three-component (ETH Zurich Lennartz Mars88 equipped with Le3D 1Hz sensors)

and 21 vertical-component stations (LGIT-Grenoble TAD equipped with L-22D 2Hz

sensors) were installed at the beginning of July 1995 around the Gulf of Arta in an area

of about 100 x 80 km (Fig. 2). The network was operated until the end of September

1995, recording 441 locatable local (within -50 km around the network) events (Fig. 3)

encompassing a data set of 5145 P and 1909 S phases. S phases were almost exclusively

picked on 3-component stations, which explains the smaller number of S picks. Data

was recorded with a sampling rate of 100 Hz for the TAD and 250 Hz for the Mars88

stations. The average time uncertainty for P phase-picks for this data set is less than

0.05s. Station coordinates were obtained by GPS measurements and from maps with a

horizontal accuracy of ±100m and a vertical accuracy of ±50m.

Minimum ID model and station delays

At first only P phases were used for the computation of a minimum ID model as

they provide better spatial sampling of the subsurface and have smaller picking errors

and thus will lead to a more stable solution. With the criteria of at least 6 P-observations

and a gap £ 180°, a data set of 232 well-locatable events with a total of 2928 P-obser-
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Figure 3 Distribution of seismicity and the minimum 1D P-velocity model with corresponding

station delays Small full circles on map and depth-sections are well locatable events (gap <180°,

nobsP >6) which have been used to invert for a minimum 1D model Open circles are the

remaining local events recorded during the experiment The final minimum 1D P-velocity model

is shown in the lower right corner Dark grey crosses and light grey open circles on the map show

the station delays relative to the reference station obtained with the minimum 1D model

Negative delays correspond to true velocities faster than the model, positive delays to true

velocities slower than the model Delays with absolute values less than 0 05 s are shown as

open squares E W and N S depth cross sections show all well locatable events projected on

them (vertical exaggeragion approx x2)
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vations was selected (Fig 3) Due to the dimensions of the recording array (approx 80

km by 100 km) and the depth distribution of the earthquakes with almost no seismic ac¬

tivity below 25 km, the Moho is only poorly resolved by our data Therefore, a Moho

depth of about 40 km (Hatzfeld et al, 1995, Papazachos et al, 1995) and a Pn -velocity
of 8 0 -8 2 km/s, as inferred from a travel-time plot for an event of the Hatzfeld '95 data

set (Hatzfeld et al, 1995), was used as a prion information Initial average crustal ve¬

locity was taken from the model obtained by Hatzfeld et al (1995) for a larger region

encompassing our study area We started the ID inversion with a large number of thin

layers (- 2km thick), and during the inversion process combined those layers for which

velocities converged to similar values The final layenng of the minimum ID model

emerged from this process

The final minimum ID P-velocity model (Fig 3, Table 1) and station delays re¬

duced the data RMS residual by 60% from 0 2s to 0 08 s A series of tests to assess the

quality of this ID P-velocity model was then earned out The inversion was started us¬

ing initial models with average velocities significantly higher or lower than the mini¬

mum ID P-model and with event locations which were perturbed randomly in their

three spatial coordinates To create this randomized input data, every hypocenter is

minimum ID velocity model for the Gulf of

Arta region, NW Greece

depth Pan] Vp[km/s] Vs[km/s]

<05* 35 19

05-20 5 47 ± 0 1 27±01

20-50 550±01 2 86 ± 0 1

5 0-10 0 60±02 323±02

10 0-150 62±02 3 24 ± 0 2

15 0-200 648±025 3 40 ± 0 2

200-300 670±04 3 80±025

30 0 - 40 0 ** 6 75 3 81

>40 0*** 80 ~

Table 1 : Tabulated values for the

minimum 1D velocity model for P and S

wave velocities with error estimates *)
No error estimate for top layer, velocities

unconstrained due to strong coupling
with station delays **) Velocities below

30 km are poorly constrained due to the

sparse sampling ***) Pn velocity and

Moho depth based on a priori

information

shifted between ± 6-8 km in each direction (x, y, z), with the actual shift-value drawn

from a random distribution Shallow events, which would thereby be moved above the

surface, are shifted downwards Thus the randomized input data is biased for events in

the upper 8 km towards deeper events compared to the initial data This bias is retained

in the relatively large average depth difference for the output of these tests (+964m for

the P data and +928 m for the P+S data) A part of this systematic depth difference is

compensated by increasing the velocity in the 2-5 km layer (Fig 4) and systematically

enlarging the station delays, +0 05 s on the average In general, though, the hypocenter
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Vp (km/s)
3 4 5 6 7 8

Figure 4 Tests on the

stability of the min 1D P-velocity
model.. The solid black line

shows the mln 1D P-velocity
model. The dashed grey lines

show the input models for the

tests with high and with low

initial velocities and the solid

grey lines the resulting models

after the inversion.

Convergence is good between

0.5 and 20 km depth, fair

between 20 and 30 km depth,
and in the top layer and below

30 km velocities are

unconstrained. The dotted grey

line shows the resulting velocity
model from the inversion with

randomly perturbed

hypocenters as input.

locations are well recovered (Table 2, Fig. 6). With regard to the velocity model, these

tests show (Fig. 4) that - as expected - the top layer (surface to 0.5 km depth) is not con¬

strained by the data since the effect of locally varying velocities may be compensated

by station delays, and systematic shifts in station delays as well as event depths can ac¬

count for different layer velocities. From the second layer down to 20 km velocities are

well constrained, as documented by the results for different input models that converge

to within 0.2-0.3 km/s of the minimum ID P-model. Between 20 to 30 km depth the ve¬

locity uncertainty increases and below 30 km the model is again poorly constrained due

to sparse sampling, as with a few exceptions seismicity terminates at about 25 km. The

final minimum ID P-velocity model (Fig. 3, Table 1) has an average velocity of 6.2 km/

s for the upper 30 km of the crust with a fairly constant gradient from 5 to 20 km depth,
thus resembling a continental crust with perhaps a little faster-than-average velocity but

no unusual features.

Station delays to a minimum ID model primarily depend on lateral variations in the

shallow subsurface although they also map parts of the deeper 3D crustal velocity struc¬

ture. The resulting station delays (Fig. 3), relative to the reference station in the central

part of the area, support the validity of the velocity model by resembling the general

near-surface geology. They show the largest positive values (corresponding to true ve¬

locities lower than the ID model velocities) on the thick sediments in the NW and large

negative values in the E on limestone sequences (Fig. 13). The absolute station delay

values tend to be larger at the outside of the network. This is a combination of the effects

of local geology and the distribution of azimuths and distances of observations at these

stations. Stations in the network center tend to have observations from a wide range of
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azimuths and distances, which leads to averaging of major 3D effects of the velocity
structure. Stations on the network boundaries have a limited range of observation azi¬

muths and distances, therefore effects of the 3-dimensionality of the velocities will have

systematic effects on the station delays.
After inversion for P-velocities, the S phases were included in the process to jointly

invert for a P and S ID-velocity model. Therefore the 441 local earthquakes were relo¬

cated with P and S data using the minimum ID P-velocity model and a constant initial

Vp/Vs ratio of 1.8. This value was inferred from Wadati-diagrams of our data and is in

accordance with other studies in the region (eg. Hatzfeld et al., 1995, Le Meur et al.,

1997). The same selection criteria as for the P data were then applied which yielded 227

events with 2853 P and 1101 S observations. During this joint inversion the P-velocities

were fixed, but station delays for P and S waves, hypocentral parameters, and S veloc¬

ities were left floating. The final RMS residual of 0.09s for P and S data is slightly larger
than the corresponding value for P data only (0.08s), an expected result that correlates

with the larger reading errors for S wave data.

The same tests as for the P-velocity model were performed for the S model, starting
with S velocities corresponding to Vp/Vs =1.7 and 1.9 and using randomly perturbed

hypocenters as input. As for the P-velocity model, velocities are not well constrained in

the top layer and below 30 km. The final minimum ID P and S velocity models (Table

1, Fig. 5) show an average Vp/Vs ratio of 1.85 for the top 30 km, with a negative gra¬

dient in the top 10 km and slightly increasing values for the depth range 10 km to 20

km. These apparently well constrained Vp/Vs values are quite high, and at the moment

no satisfying interpretation can be given. Maybe the low S-velocities are caused by in¬

creased heat-flow in this region of intense crustal deformation, or the presence of fluids

at depth.

V (km/s) Vp/Vs
1 23456789 1.51.82.1

Figure 5 The minimum 1D P and S

velocity models and the resulting Vp/Vs
ratio. The velocitiy model is well

constrained from 0.5 to 20 km depth
(solid line, ± 0.2 km/s velocity
uncertainty), the surface layer velocity
is almost arbitrary and below 30 km the

sparse sampling increases model

uncertainty. See table 1 for tabulated

values of Vp and Vs.
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For seismotectonic interpretations, high-precision hypocentral coordinates and re¬

liable error-estimates are crucial. As we do not have any documented quarry blasts re¬

corded with our network to provide an independent estimate of die location accuracies

and uncertainties, we used the output of the tests with randomly perturbed hypocenters
and the differences between locations using P only or P and S data and between mini¬

mum ID and 3D model locations to verify the accuracy of our hypocentral coordinates

(Fig. 6, Table 2). The average location misfits from the tests with randomized hypocent¬

ers and the comparison of hypocentral differences between the locations with and with¬

out S-wave data and between the locations from the minimum ID and the 3D model

(discussed below) are consistently small. From these tests we estimate a hypocentral ac¬

curacy of about ±500m in horizontal directions and about ±1000m in depth for the well

locatable events.

o[m]

average difference [m]

Ion lat depth

randomized events output P only-
min ID P output

446

123

535

-261

1210

964

min ID P+S output -

min ID P output

441

-229

351

67

992

80

3D P tomography output -

min ID P output

363

190

351

124

852

-293

randomized events output P+S -

min ID P+S output

362

227

459

-232

904

928

Table 2: Standard errors (upper value) and average difference (lower value) for hypocentral
locations comparing the randomized event output for P only, the minimum 1D P+S output to the

minimum 1D P output, the randomized event output for P+S to the minimum 1D P+S output, and

the 3D P-velocity tomography output to the minimum 1D P output.

Figure 6 (next page) Hypocentral uncertainty tests. Open circles: latitude difference, positive
means that min 1D-P location is to the south; full circles: longitude difference, positive means

min 1D P location is to the west; grey diamonds: depth difference, positive means that min 1D P

location is more shallow. The values for o and average difference are given in Table 2, the

approximate size of o for depth and longitude / latitude is shown with vertical bars, a) Differences

between output of randomized input events test (see text) and min 1D model locations for P

phases and model only, b) Same as a) for P+S phases and model, c) Differences using only P

and P+S phases, d) Differences between 3D model locations and min 1D P-model locations.
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Seismicity

The general pattern of recorded seismic activity (Fig. 3, all events relocated with the

minimum ID P-velocity model), is similar to the observations of Hatzfeld et al. (1995)

during their experiment in 1989. In the southern part of our study area, seismicity ap¬

pears mostly clustered; north of the south shore of the Gulf of Arta it becomes more

evenly distributed, but it is mostly confined to the east of the Gulf. The main part of the

activity occurs in the region around the KFZ. There it also reaches its greatest depths,
with the exception of one event on the north shore of the Gulf of Arta. This event has

19 P and 6 S observations and a depth uncertainty of about ± 2 km, inferred from the

difference between P and P+S locations. In general the activity is confined to the top 25

km of the crust. High activity in the top 5 km is observed beneath the Pergandi moun¬

tains (see Fig. 2 for geographic location), with hypocentral depths increasing towards

the east in the direction of the KFZ. The events between the Pergandi Mts. and the KFZ

appear to deepen towards southeast. One large cluster of events at intermediate crustal

depth lies just outside of our network to the east, south of the Kremaston reservoir (Fig.

2), and the locations are therefore not well constrained. Possibly this activity is induced

seismicity linked to the reservoir. Filling of the reservoir is thought to have caused a

magnitude 5.6 earthquake in 1966 (Anderson & Jackson, 1987). During the period July
to September 1995, the Gulf of Arta and the region north of it remained more or less

aseismic, as well as the area southwest of the Pergandi mountains. No comprehensive

magnitude computation has been done so far, but the largest events do not exceed ML

3.5 and the majority of the recorded events have ML between 1 and 2.5.

3D tomography

After relocation of all events with the minimum ID P-model, a selection for gap <180°

and at least 6 P-readings yielded a data set of 220 events with 2766 P-readings, which

were then used in the 3D inversion. No inversion for S-velocities or Vp/Vs is undertak¬

en in this study.

Considering the ray distribution of the selected data, a horizontal grid with 10x10

km node spacing covering an area of 100x100 km was chosen for this inversion (Fig.

7). Vertical grid spacing is between 5-7 km, covering a depth range from the surface to

40 km depth. With this parametrization we can obtain a coarse but reliable image of the

3D crustal structure. The choice of damping values for the 3D inversion was based on

a series of tests on the trade-off between model variance (roughness) and data variance

(Eberhart-Phillips, 1986). For a large range of damping values, one-iteration inversions

were conducted (Fig. 8). A damping value of 50 has been chosen from these tests, as

this leads to a significant reduction in the data variance with only a moderate increase

in model roughness. Regarding the shape of the curve in Fig. 8, a smaller damping
would probably still yield reasonable results. Nevertheless, regarding our grid spacing
and ray coverage, we prefer to use a conservative damping. This will lead to a slightly

overdamped solution, which has to be kept in mind when interpreting.
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38 5

Figure 7 Horizontal grid design for 3D tomography Earthquakes used in the inversion are

shown as small grey circles, stations as empty triangles and straight rays connecting

hypocenters and stations with black lines The position of the grid nodes for the inversion is

shown with grey crosses where the velocities were inverted for and with large grey circles for

nodes where velocities were kept fixed during the inversion Note that nodes with DWS < 2 were

also kept fixed during the inversion Node spacing is 10 km in either direction The fixed

boundary nodes surrounding this grid are outside the map
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Figure 8 Model variance plotted versus data variance after one iteration for damping values

between 500 and 10 From this trade-off curve a value of 50 is selected as appropriate damping

value for the 3D inversion
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A 3D tomographic image is only as good as its resolution estimates, so great care

was taken to assess the resolving power of the data set. One very rough estimate of the

illumination of the model space is given by the hit count, which sums up the number of

rays that contribute to the solution at one node. In SIMULPS the derivative weigth sum

(DWS) is implemented as a more sensitive measure of the spatial sampling of the model

space. The DWS quantifies the relative ray density in the volume of influence of a mod¬

el node, weighting the importance of each ray segment by its distance to the model

node. An even better measure to estimate the quality of the inversion result is the reso¬

lution matrix (R). Each row of R describes the dependency of the solution for one model

parameter on all the other model parameters. As a first order diagnostic tool, the diag¬
onal elements of R (RDEs) can be used, as they show the amount of independence in

the solution of one model parameter: the larger the RDE for one model parameter, the

more independent is the solution for this parameter. For a more detailed discussion on

resolution estimates see e.g. Toomey & Foulger (1989). In this work we choose to de¬

fine the solution as reliable if the model parameter belongs to an area which is well il¬

luminated, as measured by the DWS ( > 1000), and shows uniformly high resolution as

measured by the RDEs (> 0.2). Fig. 9 shows the three above mentioned quality meas¬

ures for grid layers 2 and 3, including a white contour which outlines the inferred region
of reliable inversion results when the aforementioned criteria are applied. Grid layer 1

encompasses the topography ( centered at 2 km above sea level) and is therefore poorly

resolved, as only subvertical rays sample this layer only below stations.

Another way to estimate the solution quality of a tomographic inversion and at the

same time asses the effect of the selected damping parameter on the solution is the in¬

version of data created by forward ray tracing in a synthetic velocity model. We de¬

signed a synthetic model with anomalies similar in size and amplitude to those obtained

from the inversion of the real data (Fig. 10), and calculated synthetic travel times with

the same source-receiver distribution. This data was then inverted using the same par-

ametrization and control values as for the real data. In the resulting velocity model (Fig.

10) the effect of the damping is apparent in the reduced amplitudes of the recovered

anomalies. In grid layers 2 and 3 the structural resolution is good in the areas previously
defined to be reliably resolved by evaluating DWS and RDE, in grid layer 4 the resolu¬

tion in this area is still fair.

According to the synthetic tests and the resolution criteria, the 3D P-velocity struc¬

ture is well resolved in the central part of the study area to a depth of about 20 km. In

Figures 11 and 12 the outline of the inferred region with reliable results is marked by a

thick solid black line. As expected from the chosen gridding and damping, the resolved

velocity pattern is relatively smooth and the computed standard errors for well resolved

nodes are between 0.02 and 0.04 km/s. It is well known (e.g. Eberhart-Phillips, 1986)
that these values tend to underestimate the true velocity error. Regarding the results of

the synthetic test it is obvious that we may underestimate the amplitude of anomalies

by a few percent. From this we tentatively assume an uncertainty in the final absolute

velocity values of +0.1-0.2 km/s in the well resolved areas.
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Figure 9 Hit count (top), DWS (middle) and RDE (bottom) for layers 2 and 3 The

interpretation of DWS and RDE together is used to derive the area with reliable resolution,

surrounded by a white contour It can be seen that hit count alone gives no information about the

reliability of the resolution See text for further explanations
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Figure 10 Synthetic input model (top) on which travel times are calculated, and the result of the

3D inversion for this synthetic data set (bottom)
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Figure 11 Velocity perturbations (%) relative to the initial velocity model for the layers centered

on 2 8 and 15 km depth (top to bottom) Red slower, blue faster than initial model The thick

black contour denotes the limit of reliable resolution (cells with RDE > 0 2 and DWS > 1000, see

Fig 8 and text) The inversion grid nodes (10 km spacing) are marked with crosses Grey
triangles are stations, open circles earthquakes within the layer The positions of the 4 depth-
crossections are shown as thin black lines The arrow on the top plane depicts the location of the

low-velocity anomaly mentioned in the text See text for interpretation
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The scale of the surface geologic structures in the study area (Fig. 13) is on the or¬

der of our grid-spacing and smaller. The tomographic results therefore represent a

somewhat averaged (or low-pass filtered) image of the crustal velocities. Nevertheless

some significant features can be recognized and compared with surface features.

In the upper 10 km we see generally higher P-velocities towards east, below the

foothills of the Pindus mountains (Fig. 11, layer 2, 3, Fig. 12, profile C-C\ D-D'), with

absolute values between 5.8 and 6.2 km/s. Surface geology of this area is dominated by
well exposed flysch (the sedimentary deposits on the flanks of emerging orogens, com¬

posed of marls, shales, muds, sandstones, and conglomerates, of variable consolidation)

(Fig. 13), which normally exhibit much lower P-velocities (between 3.5 and 4.5 km/s,

cf. Gassmann & Weber, 1960). Our results indicate that the flysch cannot be very thick

and is underlain by higher velocity material such as compact limestone, which outcrops

to the west of the flysch and east of the Pindus thrust. In profile B-B' (Fig. 12) the area

east of the Gulf of Arta shows very homogeneous velocities of around 6 km/s through¬
out the well resolved area. The low velocities which penetrate from the south at 5-10

km depth cannot be unambiguously interpreted from these results. They might be the

expression of unplaced triassic evaporites, which are known to exist in this area (e.g.
B.P. 1971). The first subsurface layer of the inversion (layer 2) shows a distinct pattern

of high- and low-velocity zones. Remarkable are the low velocities in the area of the

KFZ south of the Gulf of Arta (depicted by the arrow in Fig. 11), with a sharp boundary
to the high velocities in the E. Below the Pergandi Mountains and east of the KFZ high

velocities are visible from shallow levels to 5 km depth. On profile D-D' (Fig. 12) these

features can be interpreted as a horst and graben structure in the basement overlaid by

thin sedimentary cover on the flanks and thick sedimentary cover in the graben beneath

the area of the KFZ. The low velocity sediments of this trough overlie a zone of high

velocity between 6 km and 18 km depth, also seen on profile A-A'. The general east¬

ward deepening of hypocenters observed in profile D-D' beneath the Pergandi Mts. and

also for the cluster of events east of profile km 60 could be indicating that earthquake

activity is occuring on the eastward dipping listric thrust faults which formed during the

compressional events of the Hellenic orogeny (B.P. 1971, Brooks et al., 1988).

In general, the basement topography in the vicinity of the Pergandi Mts. corre¬

sponds with surface topography but shows only little correlation with surface geology.
This suggests that the expected sedimentary layers are thin, an interpretation in accord¬

ance with geologic models (B.P., 1971). The size (10 km) of our velocity grid, however,

does not allow to represent the 3D subsurface structure in sufficient detail to directly

correlate and compare it with surface geology. For this purpose, a further tomographic

study with a finer velocity grid is planned.
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Figure 12 Depth-crossections through the 3D P-velocity model Absolute P-velocities are color

coded and contoured every 0 2 km/s Hypocenters from ± 5 km around the profile are projected
onto the profile as open circles The thick black contour denotes the limit of reliable resolution

(see Fig 8 and text for explanation) Areas with less reliable resolution are shaded Topography
along the profile is plotted on top (scale 3x exaggerated to depth) The upper two profiles are N-

S, the lower two W-E Crossing points of the profiles are marked with the corresponding letters

Pg Pergandi mountains KFZ Katouna fault zone

90



Figure 13 Simplified geological map of the study area, showing main neogene units. From

Clews, 1989. Additionaly predominant lithologies are indicated in the legend. The boundary of

the tomography planes (grey line) and the location of profile D-D' (Fig. 9,10, black line) are given
for reference. The northern boundary of the tomography planes is about 25 km off the top of the

map. Pg: Pergandi mountains, KFZ: Katouna fault zone (notations of this paper).

Discussion and Conclusion

Data from a three-month field experiment in 1995 was used to compute a minimum ID

P and S velocity model and corresponding station delays for the area around the Gulf

of Arta in northwestern Greece. This velocity model yields high quality earthquake lo¬

cations with average location errors of 500 m horizontally and 1 km vertically. As ID

models are still most commonly used for earthquake location, this model can be used

for comparative studies. Due to the improved velocity model and a denser station spac¬

ing our location uncertainties are about 5 times smaller than those from Hatzfeld et al.

(1995). Seismic activity in the study area was as high as expected from the observations

of Hatzfeld et al. (1995), and the observed microseismicity patterns are similar. The dis¬

tribution of seismicity appeares mostly clustered and apparently is linked to active

faults in the region, notably the Katouna fault zone.

With local earthquake delay time tomography we resolve the 3D P-velocity struc-
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ture of the upper crust. Careful anlaysis of the resolution capabilities of the dataset

shows that the velocity structure in the central part of the study area is well resolved on

a 10x10 km horizontal grid to a depth of about 20 km. E-W oriented depth-cross-sec¬
tions image the basement in the area of the KFZ south of the Gulf of Arta as a horst /

graben structure, underlain by high velocity material. The shallow subsurface in the

KFZ area consists of relatively low velocity material, and the eastern part of the Gulf

of Arta displays a constant velocity of about 6 km/s extending from the top to 10 -15

km depth. Data processing for a dense GPS network operated in 1995 in the study area

(Kahle et al., 1997) is under way, and it will be interesting to see whether the basement

structures inferred from the 3D velocity image is also visible in the relative motion vec¬

tors from GPS observations.

This preliminary study verified the high quality of the local earthquake data set col¬

lected during the Akarnania 1995 experiment. Further studies must be undertaken to ob¬

tain a more detailed picture of the well resolvable central part of this study area, and to

analyze relative locations and focal mechanisms of earthquake clusters to better con¬

strain the position and sense of motion of active faults in this region.
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4.3 Resolution Estimates in Seismic Tomography

In the paper presented in the previous section, the quality of the tomograpic inversion

was estimated by a combined interpretation of three 'classical' resolution measures: hit

count, derivative weight sum (DWS) and the diagonal element of the resolution matrix

(RDE). As already mentioned, these measures are far from being perfect and can lead

to significant misinterpretations. The hit count only sums up the rays which touch the

region of influence of one velocity model parameter, without regard of their length, di¬

rection and observation weight. It therefore is only a very crude measure of the sam¬

pling of the study area with rays. The DWS, as it is currently implemented in SlMULPS,

sums up all geometric weights of the ray segments within the region of influence of one

velocity parameter. It provides a fairly accurate estimate of the information density

(=rays) near one velocity model parameter, but is dependent on the ray segment length,
so the values it provides are relative. Neither of the two measures, however, accounts

for the directionality in the ray distribution. The hit count or DWS value for a model

parameter which is sampled only by sub-parallel rays will be the same as for a model

parameter where the ray directions are evenly distributed. For resolution estimates the

directional distribution of information is crucial. The solution for model parameters
which are sampled by rays showing mainly the same direction will strongly be coupled
to the solution of adjacent model parameters which are sampled by the same rays. The

ray density tensor, as proposed by Kissling (1988) gives a very informative measure of

the directionality, but is for now not available in SlMULPS.

Coupling of the solution between model parameters is generally described by the

model resolution matrix R. Using equations (4-3) and (4-5), and abbrevating the gener¬

alized inverse as G"g, the model resolution is defined by

Am"' = G*Ad = G-*GAm'r"e = RAm'e
. (4-8)

AmeW now are the estimated model corrections which result from the inversion, and

Am"'"* are the unknown model corrections which would solve (4-3). R therefore "rep¬
resents the 'filter' through which the model estimate is obtainedfrom the 'true

'

model"

(Thurber, 1993, p. 577). When G is replaced by its fundamental decomposition G =

UAVr(Lanzcos, 1961, Menke, 1984), R becomes

R = V

A +e I

Vr • (4-9)

Here A is the matrix of singular values, U contains the data space eigenvectors and

V the model space eigenvectors. As V\T= I the diagonal elements of R are

Rdiag
( A2 ^

A2 + E2I
(4-10)
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The full model resolution matrix contains important information on the inverse

problem. R is a mxm matrix, where m is the number of model parameters, and each row

of R describes the dependence of one model parameter on all the other parameters of

the model, hence it is called averaging vector of this parameter. An interprétable dis¬

play of the full resolution matrix would require one 3D image per model parameter and

therefore is quite impossible.
The diagonal elements of R, which are commonly used as the standard parameter

to assess solution quality, depend strongly on the chosen damping value (e.g. Eberhart-

Phillips, 1986). They also depend on the number of model parameters, and therefore,

given the size of a target area, on the spacial density of the model parametrization, as

discussed for example by Toomey & Foulger (1989). For these reasons, the diagonal
elements of R as shown in Section 4.2 have to be interpreted qualitatively, and some

additional measure should be consulted to assess what values of Rjlag denote trustwor¬

thy results.

To condense the information contained in the averaging vector, Toomey & Foulger

(1989) and Michelini & McEviUy (1991) introduce the spread function as a measure of

the resolving width, i.e. from how far in the surrounding model parameters is the solu¬

tion at one model parameter influenced. Following Michelini & McEviUy (1991), the

spread function for one model parameter j is

( m
/? \2 ^

(4-11)

where sjk are the elements of thej'th row of R, \Sj\ is the L2-norm of this row and D,k is

the distance between the model parameters j and k in km. Small spread values therefore

indicate that the information contributing to the solution of this model parameter is con¬

centrated in the near vicinity of this model parameter (the averaging vector is compact),

large spread values indicate that the averaging vector is smeared out.

The spread function is still dependent on the grid spacing, the damping and the

number of model parameters, also it assigns each model parameter one value and does

not contain any information about directional components in the averaging vector. Rey-

ners et al. (1998) propose to contour the averaging vector in order to retrieve informa¬

tion about the spatial direction of the smearing. The averaging vector can be visualized

as a 3-dimensional structure in the same way as the 3D velocity model, but now one

such 3D structure exists for every model parameter. One can define a surface around

the model parameter outside which the values of the averaging vector have decayed be¬

low a certain percentage of the resolution diagonal element for this parameter. In a 2D

slice this surface is then represented as a resolution contour (Reyners et al., 1998). The

shape and spatial extent of this contour then can be interpreted as a measure of the spa¬

tial smearing which influences the model parameter. Figure 4.1 shows the spread values

and resolution contours for a depth slice from the northern data results (Section 4.2).

The non-uniqueness of both spread and resolution contour is apparent for example at

the model parameters y = 0, 10 and z = 8, 15. At z = 8 the spread values are equal but

the resolution contours indicate significantly larger smearing for the model parameter
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at y = 10. On the other hand, at y = 0 the resolution contours indicate similar quality for

both model parameters, but the spread for the parameter at z = 15 is significantly larger,

denoting a much less compact averaging vector. One problem with the resolution con¬

tours is of course that they only provide a 2D view, and no information about the smear¬

ing in the perpendicular direction can be inferred from the plot.
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Figure 4.1 a) Resolution contours for a depth-slice of the northern network data (Section 4.2)

along 21.115° E The contours show the region where the value of the averaging vector element

decays to less than 70% of the RDE value. Black contour lines are used for grid nodes (solid

circles) where all surrounding averaging vector elements are less than this threshold, white lines

are used for grid nodes where at least one neighboring node has a larger value. For grid nodes

with a RDE < 0 05 no contour is plotted. The direction of smearing is apparent from the shape of

the contours. Vertical smearing occurs at the lowermost grid nodes, at the sides of the resolved

area oblique smearing is observed which conicides with the main ray direction in these areas, b)

Spread values for the same depth slice as in a). Low spread values generally are in agreement

with narrow contours, but the correlation is ambiguous for example in the lower right corner and

aty = 0. 10, z = 8, 15 (see text).

Neither the spread value nor the resolution contour exhibit clear information about

the size of the diagonal element of the resolution matrix. The combination of spread val¬

ue, resolution contour and diagonal element will yield a much more complete picture of

the properties of the resolution matrix than any of the resolution estimates alone, with¬

out having to resort to a 3D display for each model parameter (Fig.4.2). The picture is
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not easy to read, but provides a very powerful tool for the quality assessment of the in¬

version results.

70 % of resol. contours + spread x= -10.00 (21.115 E)

40 30 20 10 0 -10 -20 -30 -40 -50 -60

y-coordmate [km]

Figure 4.2 Combined picture of spread value, resolution contour and resolution diagonal
element for the depth slice from Figure 4 1 (same scale for spread values). This combination of

resolution diagnosis elements can help to resolve the ambiguity still existent in Figure 4 1

All the resolution estimation tools discussed above give only information about the

quality of the tomographic inversion using one special design of the problem. The ef¬

fects of the model grid spacing and dimensioning and the distribution of the data on the

imaging of structures can best be tested with realistic synthetic data. A variety of ap¬

proaches for synthetic tests exist. In widespread use are spike sensitivity tests (e.g. Spa-

kman, 1988), checkerboard tests or restoring resolution tests (RRT, e.g. Zhao et al.,

1992). Sensitivity tests like the spike and the checkerboard test primarily 'give a proper

estimate on the image blurring caused by the combined effects ofdata, model and algo¬

rithmic imperfections' (Spakman, 1988, p. 56), while test like the RRT focus on the re¬

liability of the structure resulting from the inversion. In Section 4.2 synthetic tests were

presented for the northern data set where the synthetic velocity model was constructed

in such a way that it resembles the characteristics (amplitudes and dimensions) of the

inversion result with real data, but with modified sign and strike of velocity anomalies

{characteristic model). Tests with such a model will yield information about the reso¬

lution capabilities of the data set for the target structure. An advantage of this approach

over the RRT, which uses the real data inversion result to create synthetic data, is that

inversion of real data may lead to mathematically stable minima in not so well resolved

areas of the model, which then will appear again in the result of the RRT and create the

impression of good resolution. Synthetic tests with a characteristic model will most

probably indicate such areas by not resolving the input structure (and it is highly unlike¬

ly that a constructed characteristic model by chance resembles a mathematical mini¬

mum).
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4.4 Forward Solution and Model Parametrization

The importance of the forward solution calculation for seismic tomography has already
been emphasized at the beginning of this chapter (p. 70ff). Unfortunately it is up to now

not possible to use full 3D wave-theory in seismic tomography. Computation of theo¬

retical travel times is therefore restricted to ray theory, the high-frequency approxima¬
tion of the elastodynamic equation of motion. One should be aware that in

inhomogeneous media the high-frequency approximation is only valid if the velocity

gradient is small comapred to the frequency of the seismic wave. Also, the use of infin-

itesimally thin rays too precisely constrains the location in 3D space from where the in¬

formation (the AT) comes, whereas in reality (wave theory) the information is always

influenced by a finite volume, the Fresnel volume of the ray.

The amplitude of velocity heterogeneities and their spatial extent which can be re¬

solved with 3D tomography therefore depends on the accuracy of the ray theoretical for¬

ward solution (ray tracing) in estimating the correct travel time and path in a given

velocity model. The absolute accuracy of a ray tracing scheme, however, is very diffi¬

cult to assess. One way to determine the influence of ray tracing on tomographic images
is to use different forward solving schemes and to compare the results.

The combination of approximate raytracing and pseudo-bending in the current ver¬

sion of the SlMULPS-code (further referred to as ART_PB ray tracing) is proven to work

well in most LET applications, but is suspected to yield inaccurate results for ray paths

exceeding -40 km length (e.g. Eberhart-Phillips, 1986). Also the ART_PB is still an ap¬

proximate raytracer, which only allows limited deformation of the initially circular ray

paths. The dimension of the Ionia95 network is about 150 km x 150 km, and based on the

results of Section 4.2, velocity variations up to ±15% are to be expected. To assess the

effects of possible inaccuracy of the ART_PB ray tracing for such a problem, a highly ac¬

curate 3D shooting ray tracer, based on Virieux (1991), is implemented in the Simulps

code.

Implementation of an Accurate 3D Raytracer in Simulps

A Short Review ofRay Tracing

As stated above, all ray tracing schemes employ the high-frequency approach to solve

the elastodynamic wave equation. An exhaustive discussion can for example be found

in Aki & Richards (1980), here only some basic equations shall be given.
The scalar equation of wave propagation in an isotropic heterogeneous medium can

be written as

V*0 = I*f
, (4-12)

v dt

where ®(jc,t) is a scalar wave field and v(je) the three-dimensional velocity field. For

high frequencies a harmonic solution of (4-12) can be given as
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<S>(x,t) = A(x)exp[i(0(t-T(x))] , (4-13)

where A(jc) is the amplitude and T(x) the travel time at a point x. This is a high frequen¬

cy solution because only then the amplitude and travel time function will be frequency

independent. Introducing (4-13) in (4-12) the travel time is described by the Eikonal

equation

V2T(x) = u = \ (4-14)
v

where u is the slowness (reciprocal velocity). T(x) = const then describes the wave

fronts, and the normals to the wave front, which define the direction of wave propaga¬

tion, constitute the seismic rays. By introducing a parametrization x = x(s), where s is

the arc length along the ray, one can derive the ray equation

The ray equation can numerically either be solved as initial value problem, where

the ray direction at a starting point is given (shooting), or as boundary value, where the

ray starting point and end point are given (bending). In both cases the solution of (4-15)

will yield a ray path, and integrating over this path will give the travel time for this ray.

Description ofRay Tracing by Hamiltonian Perturbation

The raytracing scheme implemented here is a shooting method, where the ray which

connects station and receiver in the given velocity distribution is found by varying the

initial azimuth (p and take-off angle 6 at the source. For the variation of the initial angles
first order perturbation therory is used. The general theory is described in Virieux et al.

(1988), Virieux (1991) and Virieux & Farra (1991). In the following, a brief summary

of the concept and the fundamental equations is given.

Introducing the slowness vector p = VT the eikonal equation (4-14) can be cast

into a Hamiltonian formalism as proposed by Burridge (1976):

H(x,p,x) = \[p2-u2(x)] (4-16)

x(t) is the position along the ray and T is a sampling parameter along the ray, defined

by dT = pdx = u2di. The eikonal equation implies that H=0 along a ray, and the ray

tracing equations are then given by Hamiltons canonical equations

x = VpH = p

V» K 2
(4-17)



where Vx and V. denote the gradients with respect to vectors x and p, respectively.

System (4-17) has then to be solved forx(x),p(i) with the given initial values (shooting

angles) to find the raypath and, by integrating over/»(T), the traveltime. Shooting nor¬

mally implies that the initial values (first guess) have to be adjusted so that the ray sur¬

facing point reaches the station with a required accuracy. For these adjustments the

concept of paraxial rays proves to be very useful. An already traced ray, described by

xc(x) andpc(r), will be called the central ray. Position and slowness of the paraxial ray

are then given by

x(t) = xc(x) + 8x(t) p(%) = pc(x) + 5p(T) (4-18)

where 8* and ôp are the perturbations of position and slowness of the central ray. These

perturbations have to satisfy the paraxial ray tracing equations, deduced by first order

linear perturbation of (4-17):

PP.

where H and its derivatives are computed on the central ray. In order that a solution of

(4-19) represents a paraxial ray, the additional constraint of 5H = 0 must be fulfilled.

Two paraxial rays, both with &x(0) = 0, one with cjp(O) associated with a change in <p

and one with $p(0) associated with a change in 9, are necessary to update the shooting

angles. From the conditions of these paraxials at the surface and the distance of the sur¬

facing point of the central ray to the station, variations in 9 and <p can be estimated; with

a few iterations of this process convergence on the station is normally reached.

The solution of the ray tracing equations (4-17) and (4-19) require the integration
of a set of differential equations. A fourth order Runge-Kutta solver is used in the nu¬

merical integration. This requires die first order derivatives of the sqared slowness dis¬

tribution to be continuous and a certain smoothness of the second order derivatives to

ensure numerical stability, which is obtained by representing the squared slowness dis¬

tribution with cardinal B-splines of order four. The B-spline representation also allows

very efficient programming of me calculation of the derivatives, which drastically

speeds up computation time. In the following this ray tracing scheme will be abbrevi¬

ated RKP-ray tracing (Runge-Kutta + Perturbation).

Considerations on Model Parametrization

An important prerequisite to allow the comparison of different ray tracers is to ensure

that the physical model (the given 3D velocity structure) is similar within the signifi¬
cance level for each of the ray tracers. This may sound rather trivial, but if one realizes

that more or less every ray tracer requires a different way of parametrization of the 3D

velocity field it becomes evident that this matter has to be treated carefully.
ART_PB ray tracing uses a model where velocities are defined on nodes (intersec-

-V2XH VxVpH

5*

pp.
(4-19)
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tions of grid lines) on a grid which may be irregularly spaced in each direction. For any

arbitrary point x the velocity v(x) is then obtained by 3D linear interpolation on the eight

nearest neighbors (the cube of grid-nodes enclosing x). For the RKP-raytracing the

model has to be parametrized as squared slowness u2, and cubic B-spline interpolation

(see Box) is used to obtain u2(x) for any point jr. For computational efficiency, the u2 -

grid has to be equidistantly spaced in each direction. Also, cubic B-spline interpolation

uses the four next neighbors in each direction for the computation of an interpolated val¬

ue. As can be seen from Figure 4.3b, the B-spline interpolated curve is much smoother

than the lineraly interpolated curve. If the two curves are taken to represent velocity-

depth functions it is clear that one cannot expect that rays with the same start- and end-

point would have similar paths and traveltimes in the different velocity representations.

In order to use the RKP ray tracing with the same velocity model as the ART_PB

ray tracing two problems have to be solved: 1) Values for squared slowness on an even¬

ly spaced grid must be obtained from an unevenly spaced velocity grid. 2) B-spline in¬

terpolation must be modified in a way that remaining differences between linearly

interpolated velocities and B-spline interpolated squared slownesses do not significant¬

ly affect the resulting rays. Note that this need only arises because the main aim of this

study is a comparison of the effect of the two ray tracers. In principle there is no geo¬

physical reason to prefer a linearly interpolated model to a B-spline interpolated one.
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Box: Cubic B-spline Interpolation

The principles of cubic B-spline interpolation can be explained on the ID case, the

extensions to 3D is then straightforward. A thorough discussion can be found in de

Boor (1987).

Given a discrete set of points (Xj, v(xt)), with the coordinate x and the value v(x),

sorted in ascending order, the linear interpolation to obtain v(x0 at any point xA with

x,-. j < xk < Xj can be written as

i — 1, i

For every point i the /,• then is a triangular function which is 1 at xt and 0 at jc,-./,

xj+I. The /,- are called basis functions and as the interpolated value v(xk) depends only

on the two next neighbors, this interpolation is also called linear B-spline of order 2.

A linearly interpolated curve normally has discontinuity in its first derivatives at

each point xt. To obtain interpolated curves which are continuous to the second de¬

rivative, cubic B-spline interpolation of order 4 is used. The interpolated value is

now controlled by the four next neighbors Xj.2, Xj.j, x{, xi+1, and the basis functions

are cubic polinomials. If the four control values are numbered from -2 to 1 (see Fig.

4.3) the interpolation function then is

l

j = -2

For equidistant spacing dx of the xt the basis functions take the form

>-2=gd-")3

/_! = J[4 + 3«2(-2 + «)]

u
Ft"*-!

l0 = i[l+3«(l+«-u2)]
dX

,
! 3

h
=

-6"

Figure 4.3 shows the principle of cubic B-spline interpolation and a set of points

with the interpolated curve.

The extension to three dimensions is sketched in Figure 4.4.
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Figure 4.3 Principle of

cubic B-spline interpolation.
a) From four points

(x[-2, i]> v(x[-2,1])) the value

vfxjj at xk is interpolated.

b) A B-spline curve (solid
black line) inter-polated from

a set of points (solid circles).
The dotted line depicts the

linear interpolation.

Figure 4.4 Scheme for 3D cubic B-spline interpolation. The solid black circles are the

control values (grid nodes) and the grey circle is the target point. 1) Interpolation along z onto

x-y plane of point. 2) interpolation along y onto x-coordinate of point. 3) Interpolation along x

onto point.

-f- -+-

X_2 X.j xk Xq x,
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Implementation

Basis of the implementation of the RKP-ray tracer in Simulps is a code by J. Virieux

(pers. comm., 1998), which has been successfully used in two LET studies, in the Gulf

of Corinth, Greece (Le Meur et al., 1997) and in the northern Tien Shan, central Asia

(Ghose et al., 1998). In this code the initial velocity model is transformed into squared

slowness u
,
which is also the model parameter used for the inversion. Some additional

preparatory work and a couple of changes to the RKP-code are necessary to use the

RKP ray tracing in Simulps:

• The possibility of an unevenly spaced inversion grid is retained. Therefore the veloc¬

ity field for ray tracing has to be resampled on an even grid which will be called ray

tracing grid (RT-grid).
• The RT-grid will be made up of velocities. For every point along a ray the velocity

v(x,y,z) will be obtained by cubic B-spline interpolation. From this v the squared slow¬

ness values u and their first and second order derivatives are then given by

1 JL 2
- _2 ^L

v2 dx, v3 d*i

2
,, -, -< „ (

3' 2
u

dxfix.
f6_ dv_ dv_\
U4' Bx,' dx/

2 8
.2
V

dx.dx.j

(4-20)

This requires additional 24 multiplications, 3 divisons and 6 subtractions to compute

the full system of ir and its first and second order derivatives for each raypoint, which
is about 1/10 of the number of operations needed for the B-spline interpolation.
For the evenly spaced RT-grid a much smaller grid-spacing is used than in the original
velocity grid and linear 3D interpolation is used to derive the RT-grid from the inver¬

sion grid. This will provide nearly identical velocity fields for the two ray tracing
approaches (Fig. 4.5). At the same time the velocity field for the RKP ray tracer can

be rougher than in the original implementation.
The initial shooting angles will be computed with the ART_PB raytracing. Initial val¬

ues close to the 'true' values are crucial for the success of the Hamiltonian perturba¬
tion. The regional search algorithm of the ART and the refinement of the pseudo-
bending have shown to yield much better results than the previously used simple ID-

shooting. Initial angles have to be computed on the first iteration and every time when

(due to the change in velocities or hypocentral coordinates) the Hamiltonian perturba¬
tion starting from previously stored angles fails to reach the station.

Testing on Synthetic Models

RKP ray tracing has already been thoroughly tested by Virieux and co-workers (Vir¬

ieux, 1991, Le Meur et al„ 1997, Ghose et al., 1998), but some things have substantially

changed in this implementation, e.g. the representation of the velocity field and the in¬

itial search for take off angles. Some tests are therefore conducted to assess the perfbrm-
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Figure 4.5 Refined B-spline Interpolation. Solid black circles are the original unevenly spaced

input points, empty circles (and the solid circles) are the evenly distributed points resulting from

linear interpolation. The solid black line is the B-spline interpolated curve from the empty circles,

the dotted line is the linearly interpolated curve from the solid circles. The zoom-in shows the

slight difference at a location where the gradient is changing. In terms of model grids for

tomography x may correspond to depth [km] and y to velocity [km/s]. The dotted line then

resembles the velocities used in ART_PB ray tracing and the solid line those used in RKP ray

tracing.

ance of the ray tracer in the new implementation.
The numerical stability of the computation can be tested by comparison of forward

and reverse ray tracing, where source and receiver positions are exchanged. In Appen¬
dix C.l these tests are described in detail. It is shown that the numerical accuracy of the

ray tracing in this implementation is around 10 ms. This is of the same order of magni¬
tude or better than the assumed onset time accuracy for high quality local earthquake
data (see Chapter 2).

In a second test, ART_PB ray tracing and RKP ray tracing are compared. For a ho¬

mogeneous half-space no differences in travel times or ray path geometries are visible.

For a velocity gradient model with low- and high-velocity anomalies, significant differ¬

ences in ray path and travel time occur for rays exceeding 60 km length (Appendix C.2).

From comparing forward and reverse ray tracing it can be inferred that the difference is

caused mainly by inaccuracies of the ART_PB ray tracing. This confirms previous find¬

ings (e.g. Thurber, 1983, Eberhart-Phillips, 1986) that ART_PB ray tracing should be

regarded with caution for rays longer than ~60 km.

In Figure 4.6 the results of the tests are summarized. For ray lengths up to ~50 km

the travel time differences between ART_PB and RKP ray tracing are within the numer¬

ical accuracy of about 10 ms. For longer ray paths ART_PB yields systematically slow-
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er rays with large differences between forward and reverse ray tracing. This might

probably be due to the hard-wired maximum number of ray-segments in ART_PB ray

tracing which effects longer ray paths more than shorter ones. But no further testing of

the ART_PB ray tracing has been undertaken in this work. RKP rays also show an in¬

creased travel-time uncertainty above 60 km ray length but much less than ART_PB

rays.
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Figure 4.6 a) Travel time différences between forward (fwd) and reverse (bwd) ray tracing for

RKP fwd-bwd (triangles) and ART_PB fwd-bwd (squares). For both ray tracers an accuracy of

-10 ms Is Inferred for ray lengths up to 60 km. For longer rays the RKP shows better

performance than ART_PB. b) Differences between ART_PB and RKP forward (circles) and

reverse (triangles) ray tracing. Up to -50 km ray length the differences are Insignificant (within
the ray tracing accuracy). For longer rays RKP ray tracing gives faster travel times.

Computational Cost

With the advent of more and more powerful computers, the importance of the compu¬

tational cost of solving the forward problem is decreasing. Complementary to that the

growth of data sets used for tomographic studies again takes computational power to its
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limits. As a comparative measure, RKP ray tracing for one ray takes about four times

as long as ART_PB ray tracing if no initial shooting angles are provided (i.e. at the first

time a ray has to be traced) and about 2 times as long when initial angles are available

from previous successful ray tracings. Main reasons for the increase in computation

time is the B-spline interpolation on the velocity field for every ray point, and the in¬

creased number of ray points for RKP rays ( the maximum number of ray points is fixed

for ART_PB ray tracing). As the code was written to allow maximum control on the

performance of the ray tracer there may be some room for speeding up calculations.

In the following LET study for the whole data set, the tomographic inversion is

done using both ray tracers. As RKP ray tracing gives more accurate paths especially
for longer rays, the effect of possible inaccuracies of ART_PB ray tracing on the inver¬

sion result can be assessed. On the other hand, RKP ray tracing may fail (for example
for 2 out of 36 rays in the synthetic model of Appendix C), especially for very hetero¬

geneous velocity structures, which are expected in the study area from the results of

Section 4.2. In the current implementation, ART_PB ray tracing is used in those cases

and a warning message is given. The percentage of ray tracing failures is critical for the

usefulness of RKP ray tracing in LET studies.

4.5 3D Upper Crustal Structure in NW Greece From Lo¬

cal Earthquake Tomography

Input Data and Model Parametrization

The initial data set for the 3D tomographic inversion includes all events that were used

to compute the Ionia95 minimum ID model (Chapter 3). Within the first trial inversions

a couple of events were detected which led to instable locations (mostly shallow events

at die border of the network). Those events were removed from the data set. The final

input data set for the 3D inversion consists of 480 events with 7237 P and 3221 S read¬

ings.
At first a 3D inversion with a coarse regular horizontal grid spacing of 10x10 km

(Fig. 4.7) is undertaken. This will ensure that most of the inner model parameters are

sampled by a large number of rays. The Ionia95 minimum ID P-velocity model is used

as basis to set up the vertical layering and the initial ID velocity model, following the

scheme of Section 4.2. One could argue that the two different minimum ID models

Aka95 and Cepha95 should be used as initial velocity models for the 3D inversion. But

all earthquakes have to be initially localized using all their observations, which come

from stations within the northern and southern part of the network, and the initial ve¬

locity model has to correspond to these locations. Using a common minimum ID model

and earthquake locations with it as initial data for LET has been shown to be the appro¬

priate approach by Kissling et al., (1994) and Solarino et al. (1997). From Section 4.2

it is obvious that almost no indication of the initial horizontally layered structure re-
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mains after the 3D inversion. The Ionia95 minimum ID model velocities represent very

well the average velocity-depth distribution for the whole data set, and 3D velocity de¬

viations from this average can be expected to be evenly distributed. A vertical grid spac¬

ing of 6-7 km is used in this coarse grid (Fig. 4.8). Although no Moho-refracted rays

are observed with the minimum ID model, two closely spaced vertical layers are intro¬

duced at 29 km and 32 km. This enables the possible development of a sharp disconti¬

nuity near 30 km depth, the estimated Moho-depth in the southwestern part (e.g.

Makris, 1977), during the inversion process.

From the ray coverage (Fig. 4.7) it is apparent that a number of model nodes will

never be touched by any ray, so their velocities are kept fixed at the initial value. Addi¬

tionally during the inversion process any model parameter with a DWS (derivative

weight sum, see Section 4.3) less than 5 is kept fixed. The grid dimensions for this first

coarse inversion are 18 x 19 X 9 nodes for each P and S velocities, not including the

boundary grid nodes on every side of the model, which only serve numerical purposes

and are automatically kept fixed
. Actually the inversion is not done for S velocities but

for the Vp/Vs ratio (Eberhart-Phillips 1990, Thurber, 1993), assuming that, given a 3D

Vp structure and unknown Vs, a constant Vp/Vs ratio is a better first order approxima¬
tion than an initially defined Vs. Also, as the resolution capabilities for Vs are worse

than that for Vp, due to fewer S-data and larger uncertainty in S-arrival time picks, not

well resolved areas will then retain the initial Vp/Vs value. As initial Vp/Vs ratio a val¬

ue of 1.85 is used, a rough average inferred from the results in Chapter 3. At first the

inversion is done for P velocities only, then the S-data are included, and starting with

the 3D P-velocity model a joint inversion for Vp and Vp/Vs is done. Table 4.1 summa¬

rizes the number of model parameters and observations for each of these inversions.

data velocity
model

parameters

unknowns inverted for overdeter-

mination

factornobsP nobs S v-model* hypocentral total

Vp 7237 -- 3078 825 Vp 1920 2745 -2.6

Vp +

Vp/Vs
7237 3221 6156

830 Vp
770 Vp/Vs

1920 3520 -3

Table 4.1 : Number of data (phase observations) and unknowns (model parameters) for the 3D

inversion. *) The free velocity parameters vary slightly between P and P+S inversion, because

slightly different ray paths may lead to additional fixed nodes due to the minimum DWS criterion.
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Figure 4.8 The initial 1D P-veloclty
model for the 3D inversion. Depths of

grid-layers where velocities are defined

are marked by solid circles, the velocity
is interpolated linearly in between

nodes, depicted by the black line. The

grey line shows the lonia95 minimum

1D P-velocity model (Fig. 3.16).

Damping of 3D Inversion

The choice of the appropriate damping value for the velocity part of the coupled inverse

problem is one of the critical tasks to ensure meaningful inversion results (see also

Eberhart-Phillips, 1986). Following the same approach as in Section 4.2, a series of sin¬

gle-iteration inversions with different damping parameters are carried out. The goal is

to find this damping value for which the increase in model roughness is justified by a

significant increase in data fit (Eberhart-Phillips, 1986). If the damping is too small, the

velocities will oscillate from one gridpoint to the next without significantly reducing the

data misfit. From the trade-off curves between residual data variance (a measure of data

misfit) and solution variance (roughness of velocity model), the appropriate damping

parameter for the given data set and model parametrization can be chosen (Fig. 4.9).

Here a damping value of 30 is selected for the Vp-inversion. Following equation (4-5),

the damping parameter has the dimension [1/km ], but as the actual values which are

inverted for in SlMULPS are percentage velocity changes, the damping value is dimen-

sionless.
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Figure 4.9 Trade-off curve

for selecting the optimum

damping value for the P-data

set. Data variance versus

model variance after one

iteration are plotted. Damping
values less than 30 lead to an

increase in model roughness
which is not justified by a

decrease in data misfit.

Results of 3D Inversion

Velocity Pattern

In the 3D inversion, model adjustments become insignificant after four iterations and

the inversion is terminated. The resulting 3D P-velocity structure, shown in Figure 4.10

as percentage changes relative to the initial ID model, contains a number of interesting
structures. The most conspicuous anomalies are the high velocities beneath Cefalonia

and northern Zakynthos in layer 2 (labeled 'A' in Fig. 4.10), separated by very low ve¬

locities between the islands. In the north, around the Gulf of Arta, the resolved velocity

structure is similar to that obtained by Haslinger et al. (1999) (Fig. 11, Section 4.2).

Slight differences between the images result from the differences in reference velocities

used for display and from different model parametrizations (the two velocity grids are

shifted approx. S km in north-south direction with respect to each other). That similar

results for well resolved areas are obtained with different data sets, different initial

models, and different model parametrizations is a first strong indication of the stability
and reliability of the solution in these areas. As to be expected, the pattern of velocity
anomalies is different in regions which are not resolved by the northern data set (Haslin¬

ger et al., 1999, Section 4.2). The high velocities which border the area of low velocities

along the KFZ are imaged more clearly in layers 2 and 3, and especially in the west un¬

der the Pergandi Mts. they continue southward in layer 2, contrary to the picture in Fig¬
ure 11, Section 4.2. In layer 3, Cefalonia is divided into a zone of lower or unchanged

velocities to the west, which is confined to the region below the island, and higher ve¬

locities to the east, which continue below the Ionian channel. Low velocities dominate
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Figure 4.10 Percentage P-velocity changes relative to the initial 1D model resulting from

tomographic inversion using ARTPB ray tracing Shown are the four planes for the subsurface

layers centered at 2 km 8 km, 15 km and 23 km below sea level Positions of grid nodes are

marked by points station positions are indicated with open triangles in layer 2 and events within

the main region of influence of each layer are shown as grey circles In layer 5 geographic names

are given for reference GA GulfofArta Pg Pergandi Mts
,
KFZ Katouna fault zone See text for

interpretation
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the southeastern part of the study area in layers 2 and 3. Low velocities in layer 4 dom¬

inate the Ionian channel, contrasting to high velocities in the northeast and southwest

of it. A smooth pattern of low-amplitude anomalies is visible in layer 5, but as will be

shown this layer is not really resolved by our data set.

Resolution and Reliability

The first point which has to be addressed is the reliability and accuracy of the in¬

version results. Standard procedure would be to estimate the reliability of the inversion

results by analyzing RDE or spread values. The discussion in Section 4.3 showed the

ambiguity contained in these resolution estimates, therefore at first a synthetic test with

a characteristic velocity model is presented. Such a test on one hand yields information

on the resolution of target structures, and on the other hand provides important infor¬

mation on the effect of the applied damping. Figure 4.11 shows the synthetic P-velocity
model which is used to create travel time data for all source-receiver pairs of the real

data set. With simple geometric shapes, the main characteristics of the anomaly pattern

of Figure 4.10 are simulated. Synthetic travel times are calculated with ART_PB ray

tracing, and Gaussian distributed noise is added to the data, with increasing variance for

decreasing observation weights (from 0.02s for observation weight 0 to 0.2s for obser¬

vation weight 3). The inversion is performed with the same control parameters as the

inversion for real data. Comparing the results of the inversion (Fig. 4.12) to the input

model, areas with reliable, fair and no resolution can be distinguished. In layer 2, the

area beneath the northern part of the network is well resolved, as are the central and

western part of Cefalonia. Resolution is fair beneath Zakynthos and from there to the

western tip of the Peloponnesus. The area beneath the Ionian channel is not resolved, a

clear indication of lacking ray coverage. Large parts of the central study area are well

resolved in layer 3. Significant smearing occurs along ray paths from events beneath

Lefkas to the westermost OBS. The high velocity anomaly in the Ionian channel is

blurred but generally well resolved. In layer 4 the image is distinctively blurred, but

general features are still fairly well resolved. In the central Ionian channel possible leak¬

age effects are visible in this layer - instead of low velocities northwest of the Pelopon¬

nesus slightly higher velocities are observed. Layer 5 is not resolved at all. The effect

of the damping is principally visible in all resolved areas as a decrease in amplitude of

the recovered anomalies compared to the synthetic model. This decrease is most prom¬

inent for extreme high- or low-velocity anomalies. In layers 2 and 3 amplitudes are still

fairly well recovered whereas in layer 4 anomaly amplitudes are significantly reduced.

Contours are drawn in Figure 4.12 to depict reliably resolved areas. Here 'reliably' de¬

notes that the structure of the 3D velocity distribution is imaged correctly and ampli¬

tudes are recovered to a large extent, at least in layers 2 and 3. Of course, due to the

different velocity structure, ray coverage in the synthetic test may be slightly different

from ray coverage in the real data.
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Figure 4.11 The velocity model used to create synthetic travel time data. Background velocities

are the same as in the initial 1D model. Only layers with velocity perturbations are shown.
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Figure 4.12 Results from the inversion of synthetic travel time data using ART _PB ray tracing.
The true velocity model is shown in Figure 4 11. Solid white contours in layers 2 and 3 depict

reliably resolved areas, the dashed white contour in layer 4 identifies the aerea where structures

are fairly well resolved but amplitudes of anomalies are significantly reduced.
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In order to quantitatively assess the reliability of the tomographic results derived

from the real data set, the results of the synthetic test can be compared with DWS, RDE

and spread values from the inversion of the real data (Fig. 4.13). The contours of the

reliably resolved areas as inferred from the synthetic tests have been plotted into the

layers in Figure 4.13 for reference. From the ray distribution as measured by the DWS

it is confirmed that the lack of resolution beneath the Ionian channel in layer 2 is due to

the poor ray coverage. In the northern part of the network the reliably resolved areas are

mainly consistent with RDE values uniformly above 0.2 - 0.3, and spread values better

(=smaller) than 2. In layer 2 the reliably resolved area in the north might be extended

towards the southeast. In the southern part spread values < 2 are consistent with the

white contours in layers 2 and 3, but the interpretation of RDE values suggests that the

area of reliable resolution is confined to Cefalonia and western Zakynthos in layer 2,

and that the eastern Ionian channel is not reliably resolved in layer 3. In layer 4 both

RDE and DWS indicate that south of 38°N the resolution is poor, whereas the spread
values are homogeneously below 2 in the whole central area. North of 38CN along 21°E

in layer 4, where leakage effects were observed in the synthetic test, DWS and RDE in¬

dicate reliable resolution.

This comparison of the classical resolution estimates in a synthetic test reveals that

it is not possible to simply define threshold values for any of the resolution estimates,

with which one could unambiguously discern between well, fair, and poorly resolved

areas. Moreover, to decide for example how much better a RDE of 0.3 is than a RDE of

0.4, or even if there is any significant difference between these values, seems futile.

From the combined interpretation, however, it seems feasible, for this data set and mod¬

el parametrization, that spread values < 2 together with RDE values > 0.2 for a couple
of adjacent model parameters establish this area as reliably resolved.
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Figure 4.13 (Continued on the following pages) a) DWS, b) RDE and c) spread values for the

planes shown in Figure 4.10. The contours of reliable resolution as inferred from the synthetic
test are shown with white lines.
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Figure 4.13 continued
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Neither the synthetic test nor the classical resolution estimates allow to judge
whether the chosen model parametrization is adequate. One critical point is the influ¬

ence of the surface layer on the tomographic inversion results, especially when station

corrections are not used in the inversion. From the theory of the minimum ID model it

is assumed that station corrections to the minimum ID model mainly are an expression
of the three-dimensionality of the velocity structure. The signal contained in the station

corrections will therefore be mapped into the 3D velocity structure. In the chosen ver¬

tical layering (Fig. 4.8) the main influence range of layer 2, centered at 2 km depth, is

from 0.5 km above sea level (a.s.l) to 5 km below sea level (b.s.l.). This layer therefore

encompasses almost all the stations and a significant amount of the subsurface. Hence

in the solution for this layer very local station effects are mixed with effects of larger
scale shallow subsurface structure. To test this, an alternative layering is used where a

grid layer centered at 1 km a.s.l. (referred to as layer lb) is added. This layer then has

a main influence range from 2 km a.s.l. to 0.5 km b.s.l., encompassing all stations ex¬

cept the deeper OBS west of the Ionian islands, and the main influence range of layer 2

now starts at 0.5 km b.s.l.. If station effects would significantly contaminate the velocity
structure in layer 2, differences should be visible in the solution for this layer between

the model with layer lb and without. In Figure 4.14 the differences in RDE and absolute

P-velocities for layer 2 and 3 (centered at 8 km depth) are shown. The differences in

RDE values vary mainly between ±0.05, with no visible systematic correlation to ve¬

locity changes. Some systematic patterns emerge in the velocity differences. If one

compares Figure 4.14 to the velocity solution in Figure 4.10, it can be seen that ampli¬
tudes of large anomalies in layer 2 are slightly reduced if layer lb is present. This de¬

crease in amplitudes is compensated (for example in the northeastern part of the

network) by increasing the anomaly amplitudes in layer 3. The general pattern of the

3D velocity structure does not change due to these effects.

From these observations it can be concluded that the significance level for differ¬

ences in RDE values is certainly above 0.1. Velocity changes within ±0.1 km/s can not

be resolved, so this can be taken as the general uncertainty in velocity values resulting
from the tomography. Velocity differences up to 0.2 km/s are visible in well resolved

areas, but no significant change in the structural pattern is connected to them. One has

also to take into account that on a grid plane (=layer as displayed here) the largest dif¬

ferences will occur, because of the linear interpolation of velocities between nodes. So

these differences, resulting from different model parametrizations, will have no inter¬

prétable effect on the velocity structure.
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Figure 4.14 Test for station effects with different vertical layering For layers 2 and 3, centered

at z=2 km resp. z=8 km, the differences in RDE (top) and absolute Vp (bottom) are shown For

Vp postive numbers denote higher values for the inversion without layer 1b (see text) The black

contours denote the area of reliable resolution as inferred from the synthetic tests The white

contours in the Vp plots enclose regions with Vp-differences > 0.1 km/s.
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Influence of the Ray Tracing

Not only the model parametrization may have an effect on the solution of the 3D

inversion. Especially for array dimensions as in this study, where ray lengths up to 120

km occur, the accuracy of the implemented ray tracing can affect the results. Figure

4.15 shows the 3D inversion results obtained using RKP ray tracing (Section 4.4). Com¬

paring Figures 4.15 and 4.12, no significant difference in the resulting velocity models

20.0 20.5 21.0 21.5 20.0 20.5 21.0 21.5

-15 -12 -9-6-3-11 3 6 9 12 15

% vp change

Figure 4.15 Results from the inversion of synthetic travel time data using RKP ray tracing The

white contours are the same as in Figure 4 12 The true velocity model is shown in Figure 4 11.
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Figure 4.16 RDE differences (top) and absolute P-velocity differences (bottom) of the real data

inversion between the solutions obtained with ART_PB ray tracing and RKP ray tracing for layer 3

and 4. For Vp positive values denote higher Vp for ART_PB ray tracing, white contours depict

regions with absolute differences > 01. km/s. The black contours again mark the region of

reliable resolution as inferred from the synthetic test.
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is visible. But the velocity model resulting from the real data inversion is still more het¬

erogeneous than the synthetic model of Figure 4.11, and especially for the deeper lay¬

ers, where the influence of long ray paths is large, inaccurate ray tracing could have

strong effects. In the resolution estimates (Fig. 4.16 top, note the different scale with

respect to Fig. 4.14) indeed differences are visible. They are mainly insignificant for

layer 3, but RDE values for the inversion with RKP ray tracing are significantly smaller

in the center of the network in layer 4. In layer 3 the velocity differences (Fig. 4.16 bot¬

tom) appear as scattered single block anomalies and therefore can be regarded as insig¬

nificant. It is interesting to note that for the two model parameters where the largest

changes in RDE occur, no velocity differences are observed. In layer 4 significant ve¬

locity differences are observed in the area of large RDE differences. From the results of

the synthetic tests it would have been inferred that inversions with either ART_PB or

RKP ray tracing yield reliable solutions in this area. A look at the hit count for layer 4

and layer 5 (Fig. 4.17) reveals a possible cause for the observed differences in RDE and

velocity in layer 4: In the area of large velocity differences, fewer rays reach layer 4

with RKP ray tracing than with ART_PB ray tracing. But even more important is the

difference in layer 5, which has a maximum hit count around 1500 for ART_PB ray

tracing: That substanitally fewer rays hit layer 5 with RKP ray tracing means that these

rays all bottom in layer 4 Therefore the cross-firing in layer 4 is much worse with RKP

than with ART_PB ray tracing, where more rays cross layer 4 obliquely.

From these tests it can be concluded that different ray tracing schemes definitely

can affect the solution of the 3D inversion, and that resolution estimates are even more

20.0 20.5 21.0 21.5 20.0 20.5 21.0 21.5

-1200 -800 -400 -100 100 400 800 1200

no. of rays (Vp)

Figure 4.17 Hit matrix differences between inversions with ART_PB and RKP ray tracing for

layers 4 and 5. Positive values denote a larger hit matrix element (more rays sample this model

parameter) with the ART_PB ray tracing.
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inversion using RKP ray tracing See legend of Figure 4 10 for details
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ure 4.18, where the solution of the tomographic inversion with RKP ray tracing is pre¬

sented, to Figure 4.10 shows that this is indeed the case. Slight differences are visible

throughout all layers, but it is not possible to interpret the pictures differently.

The inversions with ART_PB and RKP ray tracing lead to the same final data RMS

value of 0.10 s and a variance of the final velocity model of 0.023 (km/s)2. The data

RMS reduction from the initial data set to the final 3D P-velocity model is shown in

Table 4.2.

initial ID

P-velocity

model

Ionia95

minimum ID

model2

final 3D

P-velocity
model

data RMS [s] 0.2 0.12 0.10

% of initial

RMS
100% 60% 50%

Table 4.2: Data RMS reduction from the initial 1D P-velocity model to the

final 3D P-velocity model. ) As initial 1D P-velocity model here the 'true

mix' of the Aka95 and Cepha95 minimum 1D models together with

station corrections from these models is taken (see Chapter 3).

2) P-velocities and station corrections.

Vp/Vs Ratio

To invert for Vp/Vs the resulting 3D P-velocity model and a constant Vp/Vs of 1.85

are used as initial model. The data set contains less than 50% S-observations compared

to P (Table 4.1), and as S-phases are mainly picked on the 3-component stations, the

spatial sampling of the 3D Vp/Vs structure is significantly worse than that for Vp (Fig.

4.7). Starting the inversion for Vp/Vs with a 3D P-velocity model and a constant Vp/Vs

ratio then guarantees that in areas where there is good S-data coverage, deviations from

the initial Vp/Vs ratio can be resolved, whereas in other areas the Vp/Vs ratio will re¬

main at the average value. A damping of 30 for Vp/Vs and 50 for Vp is used in this in¬

version, as the Vp model is already the result of a tomographic inversion.

The final models for Vp and Vp/Vs are again not significantly different when em¬

ploying the two different ray tracing schemes. Vp anomaly values tend to increase

slightly (both high and low velocities) with respect to the P-only inversion, but the pat¬

terns do not change and the differences are below the significance level. The Vp/Vs in¬

version results obtained with RKP ray tracing are shown in Figure 4.19. For comparison
the contours for Vp/Vs spread values of 2 and RDEs of 0.3 are given in this plot. These

contours are much too detailed (especially in layer 3), regarding the discussion of sig¬
nificance limits for resolution estimates, and should be smoothly interpolated for a rea¬

sonable interpretation. Of course Vp/Vs results will only be meaningful in areas of

reliable Vp resolution, so the contours in Figure 4.18 have also to be taken into account.

On average the resulting Vp/Vs value is slightly higher than the inital value of 1.85. Ex-
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Vp/Vs ratios in layers 2 and 3 conicide with high Vp. Generally higher Vp/Vs ratios are

observed around Cefalonia in layer 3. In layer 4 the seismically active region around

western Cefalonia shows low Vp/Vs ratios, higher values are found along the coast of

mainland Greece, but the resolution in this layer is already quite poor.

To test whether the observed extreme high Vp/Vs ratios are a result of starting from

a 3D P-velocity model, an inversion was conducted starting from the initial ID P-ve-

locity model and a constant Vp/Vs of 1.85. Neither in Vp nor in Vp/Vs any significant
differences in the results are observed. The average Vp/Vs ratios within the layers are

consistent with the ID Vp/Vs distribution obtained in Chapter 3 (Figs. 3.7 and 3.16).

Earthquake Locations

Systematic mislocation of the hypocenters might lead to artificial anomalies in the

Vp/Vs pattern, but no significant differences between locations with and without S-data

show up in Figure 4.20. A small systematic shift towards shallower events for the P+S

locations may be observed, and deeper events tend to have slightly later origin times.

Compared to the hypocentral differences from the ID P and P+S models (Fig. 3.18), the

scattering is greatly reduced.

The locations of the events in the northern part of the network can be compared to

those obtained with the 3D model of Section 4.2, where a different model parametriza-
tion and initial ID model have been used (Fig. 4.21). No significant differences in the

horizontal coordinates are observed, but now events are systematically about 1 km shal¬

lower. This shift in depth is clearly compensated by a corresponding shift towards later

origin times, so it should not affect the velocity structure. Depth instabilities for a few

very shallow events are also taken up by origin time shifts. This result proves that no

systematic defects are introduced into the 3D tomography from starting with a ID mod¬

el for the whole area, even though ID models for sub-areas are significantly different.

A final test on hypocenter accuracy is the comparison of the locations from the dif¬

ferent ID models and the final 3D model (Fig. 4.22), which also may be compared to

Figure 3.19. For the Aka95 events the systematic pattern observed in the horizontal lo¬

cation differences in Figure 3.19 is reduced. As Figure 4.22 shows the different 3D

models lead to the same horizontal locations, consequently the pattern visible in Figure
3.19 must be regarded as an effect of the 3D structure, which is not taken up by the min¬

imum ID model. But it should be remembered that the location differences are all with¬

in the assumed location accuracy. The systematic shift in depth and the corresponding

change of origin times is retained. The conspicuous pattern observed in the horizontal

location differences for the Cepha95 events in Figure 3.19 shows up again. This prob¬

ably indicates significant defects in the Cepha95 minimum ID model. These might have

been caused by the importance of the events of the kas- and neo-clusters (see also Figs.
3.19 and 3.20), which may be systematically mislocated due to their position close to

network boundaries, and probably by effects of the large variations in station elevation

due to the OBS in the southwestern part of the network, which are hard to assess in a

layered ID model.
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Generally it can be concluded that no sign of significant and systematic misloca-

tions connected with the 3D velocity model can be found, which would significantly af¬

fect the observed three-dimensional velocity pattern. The analysis of resolution

measures and synthetic tests allows to distinguish regions where the 3D velocity pattern
is reliably resolved down to about 20 km depth. In the next chapter an interpretation of

these velocity anomalies in combination with the observed seismicity will be undertak¬

en. From the analysis of hypocentral differences it can be concluded that absolute hor¬

izontal location accuracy is about ±500 m. The relative accuracy of hypocentral depth

may be of the same order, but due to systematic shifts the absolute depth accuracy must

be taken to be around 1 - 2 km.
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Chapter 5

Discussion of Seismologic Results

The very heterogeneous velocity structure determined by 3D tomography (Figures 4.18

and 4.19) resembles the lateral variations observed in surface geology of the area (Fig.

3.14). Where lithologies change significantly within the dimensions of one or two mod¬

el grid units, as is the case for this study, tomographic images are hard to interpret. The

investigation on reliability of the tomographic solution in the last Chapter has shown,

however, that in well resolved areas even small scale features (e.g. the low velocities

along the KFZ) are reliably imaged, and therefore some significant features in the tom¬

ographic images can be correlated with known structures and compared to results from

other work.

The strongest anomalies are found in layer 2, and here the most conspicuous feature

is the N-S succession of high - low - high P-velocities across Cefalonia and Zakynthos

(Fig. 4.18). The very low velocity between the islands correlates with a thick sequence

of Plio-quarternary sediments observed along the STREAMERS marine reflection pro¬

file ION-7 to almost 2s TWT (two-way traveltime) (Hirn et al., 1996, see Fig. 5.6),
which could also explain the high Vp/Vs ratio observed here. On Cefalonia, the Vp/Vs

pattern shows more details than the Vp image, and the regions of low Vp/Vs could ten¬

tatively be correlated with known fault ranges such as the Ionian thrust or the Ainos

thrust (Fig. 5.1). The high P-velocities on the islands correspond well with the pre-

Apulian limestones outcropping there. On the edge of the well-resolved area, the

change from these high to relatively lower velocities, apparent beneath southeastern Za¬

kynthos and just east of Cefalonia, seems to correlate roughly with the position of the

Ionian thrust (Figs. 5.1 and 5.2). Very little shallow seismicity (note that only the well-

locatable events are shown in Fig. 4.18) is observed on the islands, compared to the

abundant shallow earthquakes in the northern part of the study area. This could partly
be caused by the less dense station spacing on the islands, which may prohibit to locate

small shallow earthquakes with the required accuracy. Around the Gulf of Arta, pre¬

dominantly high velocities are observed in layer 2, under the Pergandi Mts. in the west

as well as east of the Gulf (see Fig. 5.2 for geographic locations). The area of the KFZ

is imaged as narrow N-S striking zone of low velocities between these two highs (see

also Section 4.2).

In layer 3 (Fig. 4.18) a clear separation of the high velocities east of the Gulf of Arta

to the low velocities in the west is visible. A small area of higher velocities connected

with a dense cluster of seismicity beneath the southeastern corner of the Gulf disrupts
this pattern. As a first-order approximation, lower velocities dominate the western part

of the study area, whereas higher velocities are observed throughout the central north¬

ern part. Seismicity in the south is mainly confined to the western part of Cefalonia,

roughly aligning along the strike of the Cefalonia Fault (Fig. 5.2), with the exception of

133



\»
y X

V \ Û b
Cephalonia f"Y\\

. \ J V \ /ithaki
i

"W\ H

/vV*tjU*
J r\ÄT \

/ IV NX.

vVs\
-3

/ëx^ """""""V
; 38-

Ionian Sea
(ZakynthosS ^5

20km

21
,i

la)

Figure 5.1 Schematic structural pattern
of the wider Cefalonia area, from Stiros et

al. (1994, their Figure 4a). The position of

the 1953 Cefalonia earthquake is indicated

with a star, the focal mechanism is from

McKenzie (1972). IT: Ionian thrust, OPT:

offshore Poros thrust, KAR: Kalon anticline

fault, AEF: Ayia Ephemia fault, AT: Ainos

thrust, AF: Argostoli fault, LT: Livadi thrust,

GAT: Gulf of Argostoli thrust. The profile
labeled 'Fig. 13' Is not discussed in this

text.

one cluster of events at the southeastern tip of Cefalonia. In the north the eastward deep¬

ening of seismicity becomes apparent, and the region beneath the western Gulf of Arta

is aseismic at these depths.

Layer 4 (Fig. 4.18) shows evenly distributed seismicity beneath southwestern Ce¬

falonia. The velocity anomalies in the southern part have quite small amplitudes and are

not consistently interprétable. In the northern part, the zone of high seismicity, which

aligns with the KFZ, is connected to a change of velocities from high in the west to low

in the east.

The Vp/Vs ratio (Fig. 4.19) is fairly well resolved only in parts of the study area,

and therefore only consistent large-scale features may be cautiously interpreted. In the

north the rapid change between very high Vp/Vs of -2.0 and low Vp/Vs around 1.75 in

layer 2 is striking. The transition aligns roughly with the trace of the KFZ, which indi¬

cates a significant change of physical parameters across this fault. But whether this an

effect of lithology, changing stress, or fluid interaction cannot be resolved. On mainland

Greece lower Vp/Vs ratios generally are observed in the east of the study area, whereas

along the coast higher values prevail. The Vp/Vs pattern in the southwest is very heter¬

ogeneous, and offers no clear interpretation. Striking is the low Vp/Vs ratio observed

beneath southwestern Cefalonia in layer 4, which coincides in depth with the transition
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zone between the upper and lower plate of the Hellenic subduction as interpreted by

Sachpazi et al (1998)

The pattern of P-velocities may be interpreted as the expression of a series of gen¬

erally N-S striking, eastward dipping layers This would be m accordance with the E-

W compressional regime of the Hellenic orogeny, as well as with possible effects due

to the Hellenic subduction (e g Sachpazi et al, 1998) Figure 5 2 shows the position of

a series of depth cross-sections (Figs 5 2, 5 5 and 5 7), on which such structures should

be more clearly visible On all cross-sections the velocity structure is color-coded and

contoured in areas with reliable resolution For these tomographic images, reliable res¬

olution is defined by a RDE > 0 2 and at the same time a spread value < 2 (see Section

4 5) This generally corresponds to the outlines inferred from the synthetic tests shown

in Chapter 4

39"

38 5"

38"

Zakynth'

37 5"
2CT 20 5' 21" 21 5"

Figure 5.2 Map of the seven profiles shown (black lines, labeled A to G), together with the

events used in the 3D tomography (dark grey circles) and the recording stations (empty

triangles) Earthquakes are projected onto profiles D G from ±7km around the profiles and

onto profiles A C from ±5 km Schematic position of major tectonic features discussed in the

text is indicated CF Cefalonia fault, IT Ionian thrust KFZ Katouna fault zone GA Gulf of

Arta, Pg Pergandi Mts
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The three profiles across the northern part of the study area are shown in Figure 5.3,

with events from within 5kmof the profiles projected onto them. To be able to better

interpret the distribution of seismicity together with the velocity structure, an attempt is

made to compute fault plane solutions (FPS) for these events using the FPFIT program

(Reasenberg & Oppenheimer, 1985). Azimuths and take-off angles are computed in the

3D velocity field, and at least 12 picked P-polarities are required for the calculation of

a FPS. For 32 events, with an average of 19 P-polarities, reasonably well constrained

FPS are obtained (Fig. 5.4). Reasonably well means that no more than 2 polarities are

not matched (for one event with 28 polarities, 3 are not matched). If significantly dif¬

ferent FPS are determined by the FPFIT grid-search which fit the polarity information

equally well, the solution which is more consistent with solutions for neighboring

events is chosen. The FPS together with the polarity information are given in Appendix
A. Still this is a preliminary study and for a couple of reasons the obtained focal mech¬

anisms should be regarded with caution: All the earthquakes are very small. No consist¬

ent magnitudes have been computed for the set of events, but their estimated range is

between ML 1 and 3. Events of this size do not necessarily show the regional scale

stress field, as they normally occur on small faults which may be rather arbitrarily ori¬

ented. It is also not necessarily the case that the 32 computed FPS are representative for

the seismicity in the area. Furthermore, no attempt has been made to refine the solutions

by including S polarities or amplitudes. If consistent FPS are obtained for a number of

neighboring events, however, this may yield a useful constraint for interpreting the dis¬

tribution of seismicity.
In profile A (Fig. 5.3) the low velocity material beneath the Gulf of Arta can be in¬

terpreted as sedimentary deposits in this pull-apart basin (e.g. Underhill, 1988). Another

trough of low velocity material in the east can be followed continuously through all 3

profiles. It's position is coincident with a topographic low, the Piryi Sincline, where,

according to B.P. Co (1971), 3 - 4 km thick flysch series may be deposited. The east¬

ward dipping zone of low velocities between profile km 45-70 is well resolved to 20 km

depth and contains all the deeper earthquakes in this profile. To the west and east ve¬

locities above 6.5 km/s are observed up to 8 km depth. Earthquakes occur between 5

and 10 km depth on top of the eastern high velocities, one group (profile km 76-80)

aligns suspiciously with a shallow eastward dip. The isolated focal mechanisms for

events on that profile do not allow to derive any consistent direction of motion

Figure 5.3 (following page) Velocity-depth profiles A,B and C (see Fig. 5.2 for positions).

Regions with reliably resolved velocities are color-coded and contoured, other regions are only
contoured. Contour interval is 0.2 km/s. Earthquakes (full and empty circles) are projected onto

the profiles from within ±5km, empty circles denote earthquakes for which FPS are shown in

Figure 5.8. No vertical exaggeration. Topography is indicated above each profile
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Figure 5.4 Focal mechanisms for events in the northern part of the study area. Lower

hemisphere stereographic projection is shown, with compressional quadrants shaded. Shades

are according to 3 depth ranges as indicated in the upper left corner. For reference the profiles A,
B and C (dashed grey lines) and the seismic stations (empty triangles) are shown.

In profile B the southeastern corner of the Gulf of Arta, where the KFZ is split in a

western and eastern segment (profile km 45-60), shows low velocity material above an

area of high velocities. From this profile it seems that these high velocities are probably
not connected to the high velocities in the east, as might have been inferred from the

plane view of layer 3 (Fig. 4.18), but to the underlying high velocities further west. The

focal mechanisms for the events of the cluster at 10 -15 km depth, located at the prob¬

ably westward dipping contact of high and low velocities, show a wide variety of mech¬

anisms with no clear trend. The deep events which seem to mark the bottom of the low

velocities (profile km 60-70) on the other hand show mainly consistent focal mecha¬

nisms, with almost pure thrust faulting. Regarding the more or less horizontal alignment
of these events it is tempting to take the shallow dipping (almost horizontal) plane as

the actual fault plane, which then would indicate relative eastward thrust of the low ve¬

locity body. In the upper western part of profile B very low velocities are observed in a

subsiding area according to the model of King et al. (1993).

In profile C the low velocities in the upper west are also observed, as are the low

velocities in the area of the KFZ. The area beneath the Pergandi Mts. appears as broad

high-velocity zone, in agreement with the contrast between the limestones of this mas¬

siv and the neighboring sediment-filled basins. Focal mechanisms for the events be¬

tween 4 - 6 km depth beneath the Pergandi Mts. (profile km 40) consistently show thrust
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faulting with mainly NNW-SSE striking nodal planes. Together with the eastward dip¬

ping narrow band of seismicity this can be interpreted as expression of E-W overthrust-

ing along a eastward dipping listric fault. The general trend of features in the upper 10

km and east of the Pergandi Mts. is consistent with eastward dipping nappes, but the

shallow seismic activity at the eastern boundary of the low velocities associated with

the KFZ (profile km 58) could also indicate a westward dipping graben-bounding fault.

Without constraints from consistent FPS the nature of the eastern boundary of the KFZ

cannot be resolved. High velocities are again found to underlie the KFZ beneath 10 km

depth. Eastward dipping low velocities can be followed to depth of -15km, where they
terminate against a zone of higher velocities. This boundary is marked by a number of

events (profile km 70), but no FPS are available for them.

It is interesting to note that the well resolved shallow velocity structure east of pro¬

file km 70 is similar in all three profiles, whereas the pattern changes in the west. The

conspicuous absence of seismicity beneath 10 km in the western part of the area makes

it feasible that a large part of the regional NE-SW extension that is inferred from geo¬

detic data (e.g. Kahle et al., 1996) may be taken up by ductile deformation of the middle

and lower crust. Exactly because of this absence of seismicity, the lower crust cannot

be reliably resolved by this data set. In the upper 10 km the velocity structure resolved

by 3D tomography is in general agreement with surface geology and tectonic models of

basin development. For depths beneath 10 km no additional information on assumed

crustal structure is available, except for the estimated Moho-depth at about 40 km (e.g.
Makris, 1977). The interpreted cross-sections from B.P. Co (1971) show a deformed but

more or less continuous top of the basement at 4-8 km depth, which can probably be

correlated with the strong velocity gradient between 6.0 - 6.4 km/s observed in the pro¬

files. In contrast to the continuous top of the basement clear evidence is found for struc¬

tures reaching from the upper crust to depth of 15-20 km. Without additional

information (e.g. high resolution reflection seismics, gravimetry or more and better fo¬

cal mechanisms) an interpretation of these features is quite hopeless.
The profiles across the southern part of the study area are shown in Figures 5.5 and

5.7. Here events from ±7 km are projected onto the profile. The profile locations are

chosen to capture interesting features and to allow comparison with other studies. Some

fault plane solutions for events in this area are reported by Sachpazi et al. (1998) (Fig.

5.8). In profile D, very low velocities are observed along the steep marine slope west of

Cefalonia. Although they appear to be well resolved and cover a couple of grid nodes,

they coincide closely with the position of one OBS, and it cannot be definitely ruled out
that this is an artifact perhaps due to station mislocation. On the other hand, the trench

to the west is supposed to be connected to the Cefalonia fault, and it seems likely that

such a prominent feature may be connected to a strong velocity anomaly. Seismicity on

the western rim of Cefalonia is centered at 10 -15 km depth (see also profile G, Fig. 5.7).

Along profile D the upper 10 km beneath the island show quite homogeneous velocities

between 6 km/s and 6.4 km/s, and no shallow seismicity is observed. Beneath the Ionian

channel resolution is not very good, it may tentatively be assumed that a narrow zone

of higher velocities overlies a large body of low velocities, which probably goes down

to more than 20 km depth. Between profile km 80-100 the high velocities seem to dip
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legend)
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Figure 5.6 Normal incidence stack section along the STREAMERS ION 7 profile (Figure 2

from Hirn et al 1996) Vertical axis is two way travel time The southwestern end of profile F

(Fig 5 5) is at about km 80 on this line The grey bar on top indicates the area of profile F small

numbers on top are profile km for profile F The thick plio quarternary sediments mentioned in the

text are beneath the seaward extrapolation of the Zakynthos anticline (ZA)

eastward A large cluster of events, which is actually confined to a 5x5x5 km cube,

could be interpreted to follow the eastward dip

Profile E strikes SW NE through the seismically active zone southwest of Cefalo-

nia In the area of shallow bathymetry west of the island, low velocities may indicate

thick sedimentary cover West of these low velocities, where bathymetry steepens,

higher velocities are observed The shallow earthquakes at profile km 10 should be re¬

garded cautiously Depth resolution especially for shallow events is bad at the outer

boundary of the network and two of these events would actually lie in the water One

series of shallow events at profile km 46 is close to the trace of the Gulf of Argostoh

thrust as proposed by Stiros et al (1994) (Fig 5 1) Another seemingly vertically

aligned cluster of events is observed just east offshore Cefaloma No clear change in

velocity structure can be connected to these events, except that they are located at the

onset of a general eastward dip It is noteworthy that these two subvertically aligned

eventclusters at profile km 46 and 70 correlate well with the boundaries of the uplifted

block proposed by Stiros et al (1994) for the 1953 Cefaloma earthquake The main seis¬

mic activity occurs between 10 and 18 km depth between profile km 15 50, showing a

slight eastward dip Velocities at this depth are not well resolved, and the structural pat¬

tern shows no clear trend The zone of high velocities at around 10 km depth is inter¬

rupted by a channel of low velocities at profile km 40 50 The high velocities between

profile km 50-90 show eastward dip, probably with a change in dip around profile km

70, and seem to be underlain by low velocity material Focal mechanisms (Sachpazi et

al, 1998, Fig 5 8) show normal faulting with NE-strikmg nodal planes (parallel to the

bathymétrie trench) m the southwest and normal faulting with roughly N-S striking

nodal planes for events below 13 km depth between profile km 30-50 For a couple of

events between 10-13 km depth thrust faulting is observed

Profile F runs along the STREAMERS ION 7 marine seismic reflection line (Hirn
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étal 1996 1 ig S 6) Ihe southwestern end ot piotile h coincides appioximattly with

km 80 on then line I he velocity structuie is only partly îeliably îesolved this lai south

cast, but the visible structuies in the centei of the piofile concspond well with the m-

terpietation of the reflection seismics ITie low velocities in the top layer aiound piofile
km 40 correspond to the plto- quartemaiy sediments already mentioned above In one

model denved Irom ray tiacing foi a wide angle îeliacuon piolile inline with the le

flection line (Hun et al 1996) this structuie is assigned a velocity of ^ 5 km/s down to

almost 4 km depth Seismicity is scaice along this piofile the fFS toi two events at

about 16 km depth show thrust with a strike slip component (at piolile km 20) and pine

thrust (at piofile km 40)

Sachpdzi et al (1998) tentatively interpiet the velocity distnbution and velocity

pattein in this area (as shown on piotiles D b and b) togethei with the îesults tiom seis¬

mic îellection piohhng (Hun et al 1996 Cemobon et al 1996) They înlei that the

castwaid dipping seismicity marks the boundaiy between the subducted Ionian oceanic

crust as the lowei plate and the pie-Apuhan /one in uppei plate position, which is ac¬

tively ovemding the Ionian Normal faulting, seen for deeper events, is interpieted to

occui in the lowei plate which yields to the load of the upper plate and the thrust mech¬

anisms between 10 H km depth aie taken to be the expicssion of internal dcfoimation

in the uppei plate

Piolile G (Figuie 5 7) linally is taken paiallel to the western boundaiy ol eaith

quake occurence, which is at the same time parallel to the western coastline of Ccfalo

ma and the bathymetiic tiench earthquake activity along this piofile is mostly confined

to depths between 8 and 15 km Focal mechanisms show piedominantly noimal taultmg
with NI SW tiending piotile-paiallel nodal planes No evidence loi sinke slip motion

along the Ccfaloma fault is found in this data set
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Figure 5 7 Profile G trending SW NE parallel to the western coastline of Cefalonia Note that

the profile starts in SW See Fig 5 2 for positions and Fig 5 3 for legend
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Figure 5.8 Focal mechanisms for events in the southern part of the study area. Figure from

Sachpazi et al. (1998). Lower hemisphere projection, compressional quadrants shaded. Depth

range indicated by the shading. Light grey: above 10 km, dark grey: between 10 -13 km, black:

below 13 km. An average of 14 P-polarities was used in the estimation of the fault plane

solutions.

A general explanation of the observed anomalies in terms of recent crustal defor¬

mations is probably not feasible with this data alone. One reason is that seismicity tends

to occur in small clusters, which may be linked to very local phenomena. The abun¬

dance of very small earthquakes which show a large variety of focal mechanisms (also

observed by Hatzfeld et al., 1995) seems to indicate that localized internal deformation

is important. In parts of the study area, evidence can be found for low velocity zones

between 10 and 20 km depth, albeit the resolution is mostly poor in this depth range.

Predominantly lower velocities at these depths would agree with the results of Papaza-
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chos et al. (1995) who observed a layer of low velocities between 10-20 km depth in

this area in a tomographic study of the larger Aegean, including the Ionian region.
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Chapter 6

Conclusions and Outlook

Ray Tracing and Model Parametrization in Local Earthquake Tomography

Accurate ray tracing is one of the key issues in high resolution local earthquake tomo¬

graphy. Without reliable information along which path the observed travel time residual

T°bs - Tpre is generated, and how accurate the calculated traveltime T?re is, the inversion

for the three-dimensional velocity structure is impossible. The new implementation of

the Runge-Kutta perturbation (RKP) shooting ray tracer as an alternative to the approx¬

imate ray tracing - pseudo bending (ART_PB) method in SlMULPS provides a powerful
tool to test the effects of different forward solution schemes on the tomographic imag¬

ing process in terms of 3D velocity structure and resolution estimates.

One problem when comparing the two ray tracers has already been mentioned: As

a shooting method, the RKP ray tracing may fail to find a ray which converges suffi¬

ciently close on the receiver position. If this would happen for a significantly large
number of rays, the validity of any conclusion drawn from the comparison of the two

ray tracing schemes is of course questionable. The very heterogeneous velocity struc¬

ture resulting from the 3D inversion of this data set provides a quite severe test case for

the applicability of RKP ray tracing. Table 6.1 gives a statistic for the number of rays

for which RKP ray tracing failed during the inversion of the real and the synthetic data

set. Two details are noteworthy in this statistics: Both inversions start from a ID veloc-

total # obs

(= rays)
7237

inversion iteration

1 2 3 4

ray tracing
failed for # rays

in

location iteration

11213 11213 1(2(3 11213

realP

inversion

46

102153151

81

14911151101

101

202 1 2141 138

147

180 1180 1 179

Synthethic P

inversion

83

255 11311107

194

356 1 247 1 226

238

353 1 2911 242

315

35113551282

Table 6.1: RKP failure statistic for inversion of the real and synthetic P data.

ity model at the first inversion iteration, and 3D effects increase with iterations. This is

clearly reflected in the increasing number of ray failures with inversion iteration. At the

beginning of each inversion iteration, the earthquakes are relocated in the updated ve¬

locity model, and this location process is also iterative. Without going into detail, the
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RKP ray tracing uses the information on initial angles for the successful rays to improve
the initial angles for rays where it failed previously. This explains the decreasing

number of ray tracing failures with location iterations. For the last iteration, the number

of failures corresponds to 4% of the total number of rays. The effects of failure of the RKP

ray tracing should therefore not have any significant effect on the solution. In the current

version of the code the ART_PB ray for this source-receiver pair (which always exists,

as this is a bending method) is used if RKP fails.

To have two different ray tracing schemes available in the same tomographic inver¬

sion code does not only allow to test the influence of the forward solution method on

the inversion results, but to some extent also different ways of model parametrization,
as ART_PB uses a linearly interpolated velocity model whereas RPK uses cubic b-

splines. In this study the main concern was to test the effects of the ray tracing algo¬

rithm, therefore care was taken to parametrize the velocity models such that they are

physically equivalent for both ray tracers. Michelini & McEvilly (1991) have presented
a study where they explicitly compare the results obtained for a linearly interpolated ve¬

locity model and a cubic b-spline interpolated model, both times using ART_PB ray

tracing, but emphasizing the differences in the velocity parametrizations. Interesting re¬

sults can be expected from a combination of these approaches. On one hand, synthetic

tests can be designed where the synthetic travel time data are calculated using one ray

tracer and inverted for using either the same or the other one. On the other hand, by tun¬

ing the velocity model parametrization such that differences between linearly and cubic

b-spline interpolated models become more and more significant, one can try to find the

limit where model parametrization significantly affects the inversion results.

A consequent continuation of this line of arguments leads to a re-evaluation of the

model parametrization approach as a whole: Setting up a model which is suitable to rep¬

resent the 3D velocity structure of a volume of the Earth, one should take into account

a priory information, like geologic boundaries observed at the surface or the steeper ve¬

locity gradient around the Moho, and at the same time respect the physical limits of res¬

olution contained in the data (e.g. the wavelength of the seismic signal). A model which

allows the incorporation of this information will normally have a variable grid spacing,
which describes the 3D velocity distribution, and may be called seismic grid. Note that

the definition of the grid at the same time includes a definition of a rule how to obtain

velocities at arbitrary points from the velocities on this grid. Different ray tracing

schemes often require different parametrizations of the velocity model, so a forward

grid has to be defined, which is suitable for the chosen ray tracer and on which the 3D

velocity structure is physically equivalent to the velocities as defined on the seismic

grid. In many cases (e.g. RKP or finite difference ray tracing) the forward grid will have

to be evenly spaced. Finally, to solve the inverse problem, model parameters should be

adequately sampled. Therfore an inversion grid is needed, which takes into account the

illumination of the 3D volume by seismic rays (raypath distribution and seismic wave¬

length) and allows a stable solution of the inversion (no excessive overparametrization).

This grid, therefore, will be rather coarse and have a variable gridspacing. A first step

towards this approach has been presented by Husen et al. (1997, 1998b) and develop¬

ment is ongoing.
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In the current implementation, the RKP ray tracing is about 3 times slower than

ART_PB ray tracing for a single source-receiver pair. RKP ray tracing also samples es¬

pecially longer rays with slightly more points than ART_PB ray tracing, and these fea¬

tures increase the runtime of the inversion routine. Additionally, quite extensive output

is created during RKP ray tracing for control purposes. For the data set used in this

study, the full inversion took about 15 times longer with RKP ray tracing. This hampers
the standard use of RKP ray tracing to some extent. It is expected that a revised version

of the code will probably improve the run-time ratio to 1:5 for ART_PB versus RKP ray

tracing.

Resolution Estimates in Local Earthquake Tomography

A substantial part of this work has been devoted to assess the reliability of quality esti¬

mates for the results of tomographic inversions. It became apparent that the significance
level of a single resolution parameter cannot be specified without the comparison of dif¬

ferent resolution measures (e.g. RDE, spread) and synthetic tests. Especially the use of

characteristic synthetic models gives good control over the resolution capabilities of the

data set.

As has been shown in Chapter 4, no significant differences in the final 3D velocity

images result from the different ray tracing schemes, if the images are appropriately dis¬

played. On the other hand, the comparison of RKP and ART_PB ray tracing yields sig¬
nificant differences for single rays, and the RDE (resolution diagonal element) values,

a classical resolution estimate, also differ notably. The effects of different ray tracers

are more important for ray paths than for travel times. With appropriate model para-

metrization (large cells) this results in larger differences in the resolution matrix than in

the velocity solution.

From the comparison of the synthetic tests with ART_PB and RKP ray tracing it

can be concluded, that with careful design ofmodel parametrization it is possible to cor¬

rectly represent realistic model earth structures for different ray tracers. Still, ray tracers

in general are physically unrealistic, as waves are approximated by rays. Precision of

calculated travel times and ray paths in relation to true high-frequency ray approxima¬
tion and the effects on inverse solution, however, are important aspects in reliability es¬

timates of tomographic solutions that can now be routinely assessed with the widely
used Simulps.

It will be one of the main tasks in future development of local earthquake tomog¬

raphy to more adequately address the dependence of solution and resolution estimates

on model parametrization, forward and inverse solution schemes, and on result display.

Only then will it become feasible to treat the increasing number of high quality data sets

covering large areas and to retrieve reliable high resolution images of the earth's struc¬

ture.
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Seismotectonics and Geodynamics ofNorthwestern Greece

The data collected during the three-months campaign in the summer of 1995 and inter¬

preted in this work provides additional information on the behaviour of the crust in this

rapidly deforming area. The gross velocity pattern and seismicity in the southwestern

part of the study area suggest that regional scale dynamic processes are governed main¬

ly by the ongoing overthrusting of the Hellenic nappes onto the Ionian oceanic crust,

but the heterogeneous seismic structure and the diversity of focal mechanisms indicate

substantial internal deformation of the upper crust. This can well be related to the pres¬

ence of Triassic evaporites acting as mobilization layers, as reported e.g. by Underhill

(1988) or Stiros et al. (1994). In the northern part of the study area, no evidence for sub¬

duction related tectonics is found. The Katouna fault zone (KFZ) is imaged as an im¬

portant structural feature both by seismicity and velocity anomalies, but no clear sense

of motion along a well-defined fault can be associated with the KFZ. The velocity struc¬

ture in the upper crust corresponds well with surface geologic features. The anomalies

found beneath 10 km depth, together with seismicity and the available fault plane solu¬

tions, indicate that the middle and lower crust may play an important role for the region¬
al strain-field. Internal deformation in the upper crust might be interpreted as response

to deformation below, leading to local compression or extension, probably dependent

on the strength of coupling between the upper and lower regime. The main problem
with this data set, however, is that it is not certain whether the seismicity recorded dur¬

ing three months is represenative for the dynamics of this area, and that the network was

too small to provide well-constrained information on most of the deeper parts of the

crust.

In the framework of an ETH-Ziirich research project, this seismologic studies are

combined with GPS satellite geodesy and differential SAR interferometry in a detailed

investigation of the geodynamic processes in the Ionian region. Recent results from

GPS measurements (Fig. 6.1, Y. Peter, pers. comm., 1998) show a very interesting pat¬

tern of velocity vectors relative to Eurasia. Within our study area, three distinct areas

may be discriminated: In the northeast, in the area of the Gulf of Arta, relatively small

WSW trending rates of crustal motion are observed. Small rates of motion are also

found along the western shore of Cefalonia and on the southwestern tip of Lefkas, but

now in a mainly south- to southwestward direction. A rapid increase of crustal motion

rates occurs between Cefalonia and Zakynthos, where southwestward motion reaches 2

cm/a. Unfortunately there is no GPS site in northwestern mainland Greece, which

would help to deduce where the change in velocity pattern takes place. But it seems

quite possible that the area of the Ionian channel and northwestern mainland Greece

play an important role in this transition. The change of GPS-deduced crustal motion

rates to some extent reflects the observed change in seismicity and P-velocity pattern,

but as no readily identifyable block structure appears from the tomographic images, the

detailed correlation between GPS velocities and seismotectonics cannot be resolved.
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Figure 6.1 Generalized partem of crustal motion relative to Eurasia, inferred from recent

preliminary results of Y. Peter, GQL ETH Zurich (pers. comm. 1998).

Due to the abundant local seismicity, the Ionian region represents a very well suited tar¬

get area for seismotectonic studies, and its geographic location at the boundary between

four plates poses challenging scientific questions. One of the major logistic problems

in this region is the difficulty to realize a sufficiently dense station distribution over a

wide region of which large parts are offshore. The use of OBS in this study has led to

high quality hypocenter locations westward to the onset of the Cefalonia trench. The

lack of stations within the Ionian channel, however, is a serious drawback which should

be sought to overcome in any future seismologic study of this region. Additional infor¬

mation is necessary for a reliable interpretation ofthe structure ofthe deeper crust. This

may be obtained from data of well located regional events with hypocentral distances

of a couple of hundred km, or by high resolution reflection seismic studies.
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we stuck our heads together for some heated discussions about fat and slim rays, nodes

or blocks, and where that @ @@ origin was. Nevertheless he also provided some dis¬

traction apart from seismology, which was always very welcome.

Stefano Solarino drove us off the road. But it was really slippery that time. He made

up for it by always taking responsibility and helping out wherever he could. It was a

pleasure to solve soft- and hardware problems for and with him. Felix Waldhauser in¬

troduced me to Don's, Rosi's and 'being a Ph.D student' here at ETH, and led me into

system maintenance work. Luckily Robert Arlitt came along in time to pass that burden

mainly onto him, besides to reliably taking care of 2 lonely plants during the rare holi¬

days. Sharing an office with Urs Kradolfer was always a pleasure, and in some critical

moments his view of the world helped to clear a clouded brain.

I owe thanks to Nancy and Bill Ellsworth for their hospitality, and to Bill for his in¬

terest and input in my work. Cliff Thurber and Donna Eberhart-Phillips patiently resolved

the secrets of SlMULPS to a novice and could always be bothered with silly questions on
the code.

Yannik Peter, Marc Cocard and Alain Geiger helped with any kind of GPS-related

problems and Yannik, Marc and Bernd Sierk were responsible to provide distraction

when needed. All my co-Ph.D's at the Institute of Geophysics made this sort of life more

bearable, and there are too many to name them all. To replace family life at least partly
was the task of Pia & Frank, Souad, Simon & Tarik, and Lolo, Stephan & Roman. They
did very well.

I am grateful to my parents, who continue to provide the necessary support and means

since more than 30 years. May their efforts bear fruit.

For 43 months I stressed Astrid's patience, but she did not give up. That's more than

I could ever have asked.

I have said enough.
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Appendix A

Earthquake Parameters

A.l Fault Plane Solutions for the Earthquakes Shown in

Figure 5.4

The preliminary fault plane solutions shown in Figure 5.4 were computed with the FP-

FIT software (Reasenberg & Oppenheimer, 1985), which uses a 2-step grid search pro¬

cedure to find the best fitting set of fault planes for a number of P-polarities. Azimuth

and take-off angle at the source were computed in the 3D velocity field during the to¬

mographic inversion. Table A. 1 gives the resulting fault plane solution for the 33 events

shown (strike, dip and rake for one of the two nodal planes), and Figure xy shows lower

hemisphere projecton plots of these solutions together with the picked polarities.

Table A.l : (continued on next page) Fault plane solutions for the 33 events shown In Figure 5.4.

Strike, dip and rake for one nodal plane are given.

date time lat [°E] Ion [°N] z[km] strike dip rake

950708 2214 20.9327 38.8048 1.21 95 60 -30

950715 0329 21.2887 38.9258 19.51 195 80 -70

950719 0239 21.1725 38.8880 11.18 135 15 -120

950721 0047 21.2353 38.7397 11.10 70 65 -160

950722 1245 20.9758 38.8318 1.74 35 65 110

950722 2320 21.1845 38.9037 22.10 100 10 0

950730 2343 21.1953 38.8543 19.67 180 20 120

950731 1813 21.2240 38.8567 14.15 10 75 50

950731 1920 21.2237 38.8575 14.43 -5 65 60

950731 2306 21.2613 38.8432 21.20 175 15 110

950809 0548 21.1725 38.8442 12.80 -55 75 20
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date Urne lat [CE] Ion [GN] z [km] strike dip rake

950810 0817 21 1013 38 7535 4 93 120 75 50

950811 0750 21 2690 38 8280 2142 115 10 10

950811 0755 21 2682 38 8287 2174 10 80 90

950812 1738 210427 38 7775 6 63 120 80 20

950816 0834 21 1842 38 9028 2134 60 85 10

950817 Olli 21 2230 38 8613 13 76 15 90 0

950821 0038 21 1698 38 8353 12 21 45 35 80

950823 1934 21 2235 38 8535 2187 35 90 150

950901 1346 21 2072 38 8442 12 33 45 40 70

950901 1417 21 2030 38 8452 1195 20 35 50

950903 0924 21 1842 38 8570 1165 150 30 90

950905 1726 209673 38 7943 4 57 140 40 80

950906 1702 21 1878 38 8592 1199 25 90 90

950906 1714 21 1862 38 8613 12 23 35 90 90

950906 2028 21 1863 38 8568 12 69 40 80 140

950907 1042 20 9730 38 8025 5 27 25 45 70

950907 1236 21 1763 38 9143 20 24 75 45 110

950907 1245 209725 38 8038 5 08 160 50 120

950907 2113 209727 38 8020 4 74 160 50 110

950909 2139 21 2610 38 8405 2167 125 45 20

950913 2034 21 0853 38 9352 8 95 0 20 90

950916 0051 21 1155 38 8433 9 25 65 15 120
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950708 2214 150722 2320 950610 0817 950821 0038 950906 17 2 950909 2139
38605 20933 12 3« 904 21134 22 1 33 754 21101 49 36 835 21170 12 2 33859 21 133 11 9 38 840 21.281 21 8

950715 0329 950730 2343 950811 0750 950823 1934 950908 1714 950913 2034
39 923 21 269 19 5 38 654 21195 19 6 33 328 21289 214 36 964 21223 218 38 831 21168 12 2 36 965 21686 6 9

950719 0239 «50731 1813 950811 0755 960901 1346 950908 2028 950616 0061
38688 21173 111 38 857 21224 14 1 38626 21.266 21 7 S6J44 21207 123 66657 21186 126 38343 21115 82

950721 0047 950731 1920 950812 1736 960901 1417 950907 1042
33 740 21235 111 36 857 21224 14 4 38 778 21043 6 6 36446 21203 119 36.603 20 673 6 2

950907 1236 «50731 23 6 950816 0834 950903 0924 950907 1245"
38614 21176202 38643 21261212 63903 21164 213 33.667 21164 116 86664 20672 60

Figure A.1 Lower hemisphere stereographic projections of the 33 focal mechanisms shown

In Figure 5.4 and Table A.1. Compressional first P-onset shown with solid circles, dilatational

first P-onset with open circles. P and T axes indicated by 'P' and T should be regarded with

caution, as these are only preliminary solutions. Date and latitude, longitude, depth are given in

the header lines for every solution.
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Appendix B

Software Descriptions

B.l Data Conversion Routines

B.1.1 Program read_mars

read_mars is a C-routine which converts the MARS internal binary data format

into GSEl CM6 format using second differences. It was written by Andreas Rietbrock

(now at GFZ Potsdam) together with the author and contributions from Dieter Stoll,

Lennartz Electronics GmbH, Tübingen and Hansruedi Maurer, Institut für Geophysik,
ETH Zürich.

• Input: Give destination directory of output files and input file(s) (use of wildcards

possible). Input files are data files as they are stored in the /data directory of a MARS

database. The program assumes that each MARS input file consist of the three chan¬

nels from one station for one event, which should always be the case for triggered
data. A file mars.correct has to be present in the current directory containing informa¬

tion about the start time corrections to be applied.
• Output: Every channel from one input file is put to a separate file, the filename indi¬

cating the start time, channel number and instrument identification of the trace. Files

are stored in daily subdirectories under the destination directories.

• Syntax: read_mars -d destination directory> -i <input files>

• Example: read_mars -d greece -i july/data/m_*
This command would read all data files from the directoryJuly/data (relative path)
and put the output files in day to day directories greece/date.

• Program structure:

read one MARS data -file

apply exponent, scale and gain to get values in microvolts

correct start time from correction value file

split into three buffers for n, e, z channels

build output directory (if necessary) and filename

write GSE output files (one per channel)
write header information

compress and write waveform data
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B.1.2 Program tad2gsel

tad2gsel is a C routine which converts the SISMALP ASCII format (one value per

line, one trace per file), in which the data from the TAD stations is available, to GSE1

CM6 format. It was written by the author.

• Input: Give destination directory of output files and input file(s) (use of wildcards

possible). Input files are data files in the SISMALP ASCII format. The program

assumes that each TAD input file consist of 4096 data values for the waveform, one

station per file (vertical component only). A file tad.info has to be present in the cur¬

rent directory containing information for which stations the polarity has to be

changed.
• Output: Every input file is put to a separate file, the filename indicating the start time,

channel number and instrument identification of the trace. Files are stored in daily
subdirectories under the destination directories.

• Syntax: tad2gsel -d destination directory> -i <input files>

• Example: tad2gsel -d greece -i 9507asc/95*

This command would read all data files from the directory 9507asc (relative path) and

put the output files in day to day directories greece/date.

• Program structure:

read one TAD data -file

correct polarity if necessary from info file

build output directory (if necessary) and filename

write GSE output files (one per channel)

write header information

compress and write waveform data

B.2 Mars88 Trigger Simulator

To register in triggered mode, the Lennartz Mars88 data logger allows to set short term

average (STA) and long term average (LTA) time constants, low- and highpass filter

corner frequencies, DC-level (added to LTA), STA/LTA ratio and uptime (the mini¬

mum number of samples for which the trigger criterion has to be fullfilled) as control

values for each channel separately. This results on one hand in a very adjustable trigger,
on the other hand it is quite difficult to determine appropriate control values, as had to

be noticed during the experiment in 1995. To facilitate the adjustment and selection of

trigger values for future field campaigns, a suite of Matlab functions has been written

together with a small script to simulate the trigger on an actual record (available from

the author on request). The functions are:

m88_sta to compute short term average

m88Jta to compute long term average

m88_hifilt to compute hipass filtered trace

m88_lofilt to compute lowpass filtered trace

m88_trigger to simulate the trigger
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AU the functions have trace as the first input parameter, where trace is the vector

of amplitude values. To load in a trace to work with:

• create an ASCII file of a seismic trace; remove the headerline so that the file contains

one amplitude value per line.

• Start Matlab, preferable from the directory which contains the file with the seismic

trace (and the m88_ -functions).
• use

'

1oad fil enamë to read in the seismic trace. If filename has an extension

other than .mat it is automatically treated as ASCII-file. To force Matlab reading the

file as ASCII use'load -ASCII filename'. The data will be put in a vector

with the name filename without extension. Preferably now copy this vector to another

variable, e.g.
• 'X = filename;'

Now the variable X contains the seismic trace as vector.

All the m88_ -functions have a short help, called with 'help m88_*\ which de¬

scribes input and output (general Matlab help: 'help [ funct ion_name ] '). Output
of all functions is a vector containing the result, for m88_trigger this is a trace which

has '0' when the trigger criterion is not met and '(max_amp/2)' when the trigger crite¬

rion is met. To display the seismic trace and the results you can use 'plot'.

Example: A vector X containing a seismic trace is already stored, which was recorded

with a sampling rate of 8 ms (=125 Hz)

p1ot ( X ) ; plots the trace (default: blue line)
hold on ; keeps the trace in the window for overplotting
Tl = m88_trigger(X,0.1,0.001,0.01,0.2,2,2.5,8) ;

simulates the trigger for STA=0.5s, LTA=50s,

highpass =1.25Hz, lowpass=25Hz (simulating a

pass-band 1.25 - 25Hz), using a DC-level of 2

added to LTA, a ratio of 2.5 and an uptime criteri¬

on of 8 samples

plot(Tl, 'g') ; overlays the result from the trigger simulation as a

green line on the trace

[ figure; creates a new figure for additional plots ]

The script simultrig.m uses m88_trigger to simultaneously simulate the trigger on

a number of input traces and display the result in one combined plot.

B.3 SEVIULPS15 Users Guide for RKP Ray Tracing

The implementation of the RKP ray tracing (see Section 4.4 and Appendix C) in the to¬

mographic software package Simulps used the current version SiMULPSl3q (D. Eber-

hart-Phillips, pers. comm., 1998) as base. Final project name of the new version is

Simulps 15. Nothing has changed in the general setup of the inversion, and the reader

is referred to the SIMULPS12 - users manual (Evans et al., 1994) and the explanations in

the header of SiMULPSBq. To use RKP ray tracing in SIMULPS15, the switch 'i3d' in
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the control - file 'CNTL' (4th line, 2nd value) has to be set to '4', and an additional con¬

trol file 'RAYTRAC' has to bee provided The control values are mainly taken from the

code by Vmeux (1991a, see also Le Meur et al, 1997) The parameter in 'RAYTRAC'

are as follows

line 1 - free format

lheter, epsob, epsca, ides, ampr, jmax

lheter max number of ray tracing iterations to reach the station from a source

(suggested values 10 - 30, depending on heterogeneity of velocity model)

lheter = 3, 13 or 23 calculate synthetics (together with nitmax = -1 in

CNTL), lheter = 4 or 14 calculate and output residuals for each observa¬

tion

epsobs precision in km to reach the station within lheter iterations - squared1
If distance between ray surfacing point and station decreases below

sqrt(epsobs) within lheter iterations, iterating is stopped (successful

ray tracing) Suggested values for local earthquake data 0 05 - 0 01 (l e

220m - 100m) Make that comparable to the station position accuracy

epsca tolerance in km to keep the result after lheter iterations -squared If af¬

ter lheter iterations, the ray still is more than sqrt(epsobs ) away from

the station, but less than sqrt(epsca ), the raytracing is taken to be success¬

ful (travel time is anyway adjusted by continuation) Except for tests, it is

recommended to use values similar to epsobs .

ides ides eq 1 descriptive output to file 61

ides eq 2 VERY detailed output to file 61 - huge file, only use for testing

with a few events'

ampr parameter for the integration step along the ray (tau in the hamiltonian)

Units distance * velocity [km**2/s] Jean suggests ampr = 1 for local data

3 max integration parameter for Simpson-rule traveltime integration Used for

testing - not used in current version of Simulpsl5 (see Appendix C)

line 2 - free format

iterrai, irai

iterrai flag to read initial angles (1= calculate angles on first iteration, 2= an¬

gles have to exist in file /angle/angle ne (ne number of eq))
irai flag for output of ray-positions on subsequent location iterations

0 = no, 1 = yes, output in cartesian coordinates, 2 = yes, output in geographic
coordinates Better set to 0 and use kout3 =1 in CNTL

line 3 - free format

dxrt, dyrt, dzrt

grid spacing for the ray-tracing grid (linearly interpolated down from the in¬

put velocity grid) In units of bid (whole km or 1 km)

As development on this code is ongoing, those who whish to use Simulps15 with

RKP ray tracing should contact the author
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Appendix C

RKP Ray Tracer Testing

Cl Numerical Stability of RKP Ray Tracing

Travel times for shooting or bending forward raytracers are computed by summing up

the travel times for all ray segments (a ray segment is defined as the path s between 2

consecutive raypoints r, rj). For RKP ray tracing the travel time for one ray segment S

is computed by Ts^ r
> = ampr u2

,
where ampr is the parameter that controls the

step length for ray tracing (dx = ampr p). ampr is a value around 1, and u2 has signif¬

icant digits to 10
, so summing up Ts for a large number of ray segments may lead to

numerical instabilities. To test this a series of tests are performed using 3 different

methods of computing Ts.

timeI is computed using the slowness value at the midpoint of the current ray seg¬

ment :

timel = \ampr u2{midpoints)
s

time! is computed using Simpson's extended rule :

time! = %Ts{Simpsm)(r, r,)
R

time3 is computed using the trapezoidal rule:

time'i = "Yjampr (u r + u r,)/2
R

Simpson's extended rule integration (Press et al., 1986: Numerical Recipies, pp

105ff) uses the parameter jmax to increase the number of points between r and rj and

so to get a more accurate estimate for Ts than with trapezoidal integration, especially

when there are strong velocity gradients along a path. Foijmax=l, timel and time3 are

equal. With decreasing ampr and increasing jmax the accuracy of the raypath and the

traveltime should increase, but at the same time the computational cost increases. The

effects on the raypath can be neglected (raypaths are similar within a few tens of meters)
with ampr smaller than 2. Thus we look for the largest ampr and smalles jmax which

yield stable travel time estimations and compare this time to the results with timel and

time3; as these are computationally more efficient they are preferable if the obtained

travel time is accurate enough.
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The tests consisted of shooting between three station-event pairs in both directions,

forward from the event to the station and reverse from the station to the event. As the

effect of ampr is much greater than oîjmax, the results are presented in three tables for

ampr values of 0.5, 1.0 and 1.5. The velocity field used for the tests has a vertical gra¬

dient of 0.2 km/s from the surface to 17 km, 0.1 km/s from 17 to 27 km and then again
0.2 km/s. It contains one low- and one high-velocity block with ±15% anomaly respec¬

tively, which only influence the S3/E3 rays.

The raypaths for forward and reverse shooting are similar to within a few tens of

meters for all three station-event pairs, so the differences in travel times between the

two rays are due to numerical effects of the travel time estimation, and can be regarded
as the limit of accuracy which can be achieved.

From the results (Tables C.2 - C.4) it can be seen that for the computation of time2,

a value ofjmax=5 is sufficient to ensure stable travel times in all cases. Also, as expect¬

ed, with decreasing values of ampr the differences between timel, time! and time3 de¬

crease. The differences in travel times for reciprocal shots decrease significantly for S2/

E2 and S3/E3 between ampr=1.5 and ampr=l.0, they increase slightly for Sl/El, but

they are always greater than the differences between the individual timel, timel, timei

values. From the point of stability of computed traveltimes this results justify that a val¬

ue ampr = 1.0 is sufficient for stable travel time calculation in LET problems. This leads

to an average ray segment length of ~200m, which makes sense for velocity parametri-
zations on grids with 1km or larger grid spacing. For very small and detailed models

ampr should probably be reduced. The computation of traveltimes using simple trape¬

zoidal rule integration (time3) is computational the most efficient one and does not pro¬

duce any significant different results to the other methods for ampr = 1.0 or 0.5. time3

is therefore used in the RKP implementation in Simulps.

The travel times shown in the tables are those computed for the actual raypath ob¬

tained from shooting. As shooting lacks a boundary condition at the endpoint of the ray

(i.e. the ray will normally not hit the receiver exactly), the endpoints of the reciprocal

rays are not equal. The maximum endpoint misfit in the tests is ~30 m, and the average

is -20 m. With the paraxial theory a travel-time correction can be computed to account

for these misfits. The correction is within a few milliseconds and the values for the un¬

corrected and corrected times for ampr=l.O (times computed as timei) are given in Ta¬

ble C.5. The correction values are within the error levels concluded previously, so one

could argue whether a correction really is necessary. But the differences between the

reciprocal travel times generally decrease when the correction is applied, and this indi¬

cates that the correction does makes sense and should be taken into account.

From these tests it can be concluded that the absolute accuracy of travel times computed
for RKP ray tracing is around 10 ms. This is of the same order of magnitude as the ar¬

rival time picking accuracy assumed for high frequency local earthquake data with good
S/N ratio. But, considering the various error sources in arrival time estimation and the

resulting cumulative uncertainty, which normally is between 20 ms and 100 ms, travel

times from ray tracing with 10 ms uncertainty are sufficient for almost all LET applica¬
tions.
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endpoint

-starting

point

ray

length

[km]

timel time2 time3

jmax= 1 jmax=5 jmax= 10 jmax= 20

Sl-El 15.202 3.9868 3.9887 3.9875 3.9875 3.9875 3.9887

El-Sl 15.202 3.9893 3.9914 3.9900 3.9900 3.9900 3.9914

S2-E2 43.097 8.7071 8.7090 8.7077 8.7077 8.7077 8.7090

E2-S2 43.080 8.6938 8.6956 8.6944 8.6944 8.6944 8.6956

S3-E3 79.835 14.7235 14.7254 14.7241 14.7241 14.7241 14.7254

E3-S3 79.859 14.7051 14.7069 14.7057 14.7057 14.7057 14.7069

Table C.2: ampr = 1.5

endpoint

-starting

point

ray

length

[km]

timel time2 time3

jmax= 1 jmax=5 jmax= 10 jmax= 20

Sl-El 15.202 3.9823 3.9831 3.9826 3.9826 3.9826 3.9831

El-Sl 15.202 3.9882 3.9891 3.9885 3.9885 3.9885 3.9891

S2-E2 43.097 8.6985 8.6993 8.6987 8.6987 8.6987 8.6993

E2-S2 43.080 8.6983 8.6991 8.6986 8.6986 8.6986 8.6991

S3-E3 79.835 14.7023 14.7031 14.7025 14.7025 14.7025 14.7031

E3-S3 79.859 14.7121 14.7129 14.7123 14.7123 14.7123 14.7129

Table C.3: ampr = 1.0

endpoint

-starting

point

ray

length

[km]

timel time2 time3

jmax= 1 jmax=5 jmax= 10 jmax= 20

Sl-El 15.202 3.9876 3.9878 3.9877 3.9877 3.9877 3.9878

El-Sl 15.202 3.9912 3.9915 3.9913 3.9913 3.9913 3.9915

S2-E2 43.097 8.6984 8.6986 8.6985 8.6985 8.6985 8.6986

E2-S2 43.080 8.7016 8.7018 8.7016 8.7016 8.7016 8.7018

S3-E3 79.835 14.7097 14.7099 14.7097 14.7097 14.7097 14.7099

E3-S3 79.859 14.7174 14.7177 14.7175 14.7175 14.7175 14.7177

Table C.4: ampr = 0.5
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endpoint
-starting

point

time3 [s]
corrected

time3 [s]
uncorrected

difference between shooting directions

corrected [ms] uncorrected [ms]

Sl-El 3.9839 3.9831
-4.4 -6.0

El-Sl 3.9883 3.9891

S2-E2 8.6962 8.6993
-0.6 0.2

E2-S2 8.6968 8.6991

S3-E3 14.7076 14.7031

-6.1 -9.8

E3-S3 14.7137 14.7129

Table C.5: Travel times with and without end-point correction

C.2 Comparing ART_PB and RKP Ray Tracing

After testing the numerical stability of the RKP ray tracing a second test is undertaken

to assess the differences between ART_PB and RKP ray tracing. The synthetic velocity
model and shot - receiver configuration (slightly different from that used in C. 1) for this

test are shown in Figure C. 1. For each shot - receiver pair again forward and reverse ray

tracing is done using ART_PB and RKP. Thus the numerical accuracy of one ray trac¬

ing scheme as well as the differences between the two can be investigated. The ray trac¬

ing results are summarized in Table C.6. For ray length less than -60 km the travel

times from both ray tracers, comparing forward and reverse ray tracing, can be assigned
uncertainties below 10 ms (see also Fig. 4.6a). The differences between the two ray

tracing schemes become larger than 10 ms for ray lengths >50 km (Fig. 4.6b). From the

ray-path plots (Figs. C.2, C.3) it can be seen that for these rays also discernible differ¬

ences in the ray paths exist. Apparently the RKP ray tracing can better adapt especially
to the presence of low velocity zones. Still the differences are rather small and especial¬

ly for tomographic inversions with grid node spacing larger than about 5 km no signif¬
icant effects due to different ray paths should emerge. One drawback of the RKP ray

tracing also becomes visible: as it is a shooting method it can happen that no valid ray

(i.e. a ray which reaches its target within a certain maximal distance) can be found with¬

in the allowed number of iterations. This happens here for the rays (E002 - S003) and

(E002 - S005). Both these rays (calculated from the receiver to the source) touch the

border of the low velocity anomaly shortly before reaching the shot location, and the

adjustment process of the initial angles is not able to accomodate for this.
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rec-shot

pair

ray

length
[km]

ART-PB times [s] RKP times [s]
diffART-PB -

RKP[ms]

forward reverse

diff

[ms]
forward reverse

diff

[ms]

forw

d
revrs

S001-E001 39.42 7.6786 7.6775 1.1 7.6789 7.6803 -1.4 -0.3 -2.8

S0O2-E001 30.41 6.4165 6.4167 -0.2 6.4158 6.4187 -2.9 0.7 -2.0

S0O3-EO01 48.02 9.1432 9.1440 -0.8 9.1327 9.1386 -5.9 10.5 6.4

S004-E001 15.22 3.5410 3.5402 0.8 3.5411 3.5424 -1.3 -0.1 -2.2

S005-E001 34.57 7.1111 7.1111 0.0 7.1088 7.1140 -5.2 3.3 -2.9

S0O6-E001 36.14 7.7072 7.7037 3.5 7.7023 7.7015 0.8 5.1 2.2

S001-E002 42.65 7.9590 7.9591 -0.1 7.9563 7.9587 -2.4 2.7 0.4

S002-E002 27.35 5.4303 5.4303 0.0 5.4289 5.4317 -2.8 1.4 -1.4

SO03-E0O2 56.52 9.9349 9.9325 2.4 9.9155 - - 19.4 -

S004-E002 31.15 6.1127 6.1127 0.0 6.1108 6.1138 -3.0 1.9 -1.1

S005-E002 58.64 10.3209 10.3178 3.1 10.3098 - - 11.2 -

S006-E002 54.43 9.6479 9.6477 0.2 9.6350 9.6397 -4.7 12.9 8.0

S001-E003 17.91 4.2874 4.2908 -3.4 4.2811 4.2843 -3.2 6.3 6.5

S002-E003 36.63 7.5820 7.5868 -4.8 7.5798 7.5812 -1.4 2.2 6.6

S003-E003 80.37 13.7696 13.7990 -29.4 13.7528 13.7685 -15.7 16.8 30.5

S004-E003 36.40 7.4953 7.4953 0.0 7.4900 7.4938 -3.8 5.3 1.5

S005-E003 45.19 8.8864 8.8912 -5.8 8.8826 8.8870 -4.4 4.0 4.2

S006-E003 66.26 12.0506 12.0872 -36.6 12.0365 12.0436 -7.1 14.1 43.6

Table C.6: Results for forward and reverse ray tracing with ART_PB and RKP for the model

shown in Figured.
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Figure C.1 a) Synthetic velocity model

and shot - receiver distribution Shot loca¬

tions (grey diamonds) are marked EOOx, re¬

ceiver locations (black triangles) SOOx

b) v(z) profiles through the undisturbed mod¬

el and the center of the high and low velocity

anomalies Note that the velocity anomalies

decay linearly to the undisturbed model with¬

in 5 km from the shown borders (resp within

1 km at the upper border of the low velocity

model, as also apparent from the v(z) pro¬

files)
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Figure C.2 Horizontal projections of rays resulting from ART_PB (dashed lines) and RKP (solid

lines) ray tracing to stations S003, S006, S005 (from right to left, cf Fig C 1) a) Source E002

b) Source E003 Dotted lines around the velocity anomalies denote region where anomaly de¬

cays to the background model Note the significant differences for rays crossing both velocity

anomalies

Figure C.3 3D perspective plot for the RKP (solid line) and ART_PB (dashed line) rays from

source E003 to receiver S003 Projections of the rays on the bottom xy-plane and the backward

xz-plane are shown with grey lines The RKP ray is 17 ms faster than the ART_PB ray
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